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Preface

This book represents my attempt to synthesize current knowledge on tsunamis.
To keep it small, it was necessary to omit most of the early work on tsunamis.
The book is written primarily for oceanographers and assumes a knowledge of
hydrodynamics, especially water waves. I attempted to utilize a uniform mathema-
tical notation throughout but some repetition of English and Greek symbols was
unavoidable. Because of this repetition, it was felt that inclusion of a table of
mathematical symbols would serve no purpose and the symbols, where they appear,
are fully explained.

The introduction gives a brief nonmathematical description of the various
aspects of the tsunami problem. Section 1.1 introduces the so-called “Ursell param-
eter” to determine under what conditions phase and amplitude dispersions are
important. In Section 1.2 the classical Cauchy-Poisson problem in dealing with
water waves generated from an initial perturbation is introduced. Chapter 2 discusses
the tsunami generation by earthquakes, volcanic eruptions, and nuclear explosions.
In Chapter 3 problems related to the propagation of tsunamis in the oceans, trapping
of long waves by islands, and related problems such as refraction, diffraction, and
scattering, are discussed. Chapter 4 deals with the coastal aspects of tsunamis, namely
tsunami forerunner, tsunami bore, initial withdrawal of water, secondary undulation,
tsunami response and inundation, and such related topics as resonance, Helmholtz
mode, and radiation stress. The laboratory experiments on tsunami generation,
propagation, and coastal problems have been included in Chapters 2, 3, and 4,
respectively. '

Chapter 5 describes tsunamis in various regions on the globe: Japan, USSR,
Australia, New Zealand, Hawaii, other Pacific Islands, Aleutians, Alaska, South
and North America, Atlantic Ocean, Europe, Middle East, and Asia. Seismic and
tsunami instrumentation is described in Section 6.1. Tsunami protection measures
and warning systems of the past and present and sociological problems are treated,
respectively, in Sections 6.2 and 6.3. Sections 6.4 to 6.6 deal with the concept of
acoustic and internal gravity waves in the atmosphere, and disturbances in the
atmosphere generated by earthquakes, tsunamis, volcanic explosions, and nuclear
tests. The concept of the ionospheric detection of tsunamis is fairly new, looks
promising, and is included.

Required background information on seismology appears in the Appendix (in
microfiche form). In this, topics such as structure of the earth, new global tectonics,
concepts of earthquake intensity and magnitude, epicenter determination,
travel-time curves, regional seismicity, and earthquake prediction and control are
briefly discussed.
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Abstract

Murty, T. S. 1977. Seismic sea waves — tsunamis. Bull. Fish. Res. Board Can.
198: 337 p.{

This Bulletin is an attempt to synthesize current knowledge of tsunamis. Although
it is directed primarily to oceanographers, other disciplines are not excluded. The
book deals with phase and amplitude dispersion problems and the “Ursell” parameter,
which delineates various regimes of dispersion. The classical Cauchy-Poisson problem
is also introduced and the subsequent developments in the field of water-wave genera-
tion due to explosions is discussed. Tsunami generation by earthquakes and seismic
sources such as volcanic explosions and nuclear explosions is considered. Some related
phenomena such as landslides and turbidity currents are also included. The propagation
of tsunamis across the oceans is discussed. The influences of refraction, diffraction,
and scattering is examined, and the problem of trapping tsunami energy by islands
and shoals is examined in detail. The coastal tsunami problems such as forerunner,
initial withdrawal of water, secondary undulations, and tsunami bore are included,
as well as the influence of resonance on tsunamis. Tsunamis in various parts of the
world are described. Tsunami warning systems of the past, present, and future are
discussed, as well as tsunami instrumentation and protection measures. Background
information on seismology is in the Appendix (in microfiche form).

Résumé

MurTy, T. S. 1977. Seismic sea waves — tsunamis. Bull. Fish. Res. Board Can.
198: 337 p.

Ce Bulletin tente de synthétiser nos connaissances actuelles sur les tsunamis. Bien
que préparé surtout a l'intention des océanographes, il n’exclut pas les autres dis-
ciplines. Le volume traite des problémes de dispersion de phase et d’amplitude, et
du paramétre d’«Ursell», qui définit les divers régimes de dispersion. On introduit
également le probléme classique de Cauchy-Poisson ainsi que les développements
qui se sont produits par la suite dans le domaine de la génération des vagues causées
par des explosions. Nous examinons la formation de tsunamis par tremblements de
terre et a la suite de phénomeénes séismiques tels qu’éruptions volcaniques et explosions
nucléaires. On y inclut certains phénoménes connexes tels que les glissements de terrain
et les courants de turbidité. On discute de la propagation des tsunamis dans les océans.
L’influence de la réfraction, de la diffraction et de la dispersion est étudié¢e, de méme
que le probléme du harnachement de I'énergie des tsunamis par les iles et les hauts-
fonds, qui est examiné en détail. Ce Bulletin couvre également les problémes des
tsunamis cotiers, entre autres I’onde montante, le retrait initial de I'eau, les ondulations
secondaires, les mascarets, ainsi que l'influence de la résonnance sur les tsunamis.
Nous décrivons les tsunamis dans diverses parties du monde. Nous discutons des
systémes d’alerte passés, présents et futurs, de méme que linstrumentation et les
mesures de protection relatives aux tsunamis. L’Annexe (sous forme de micro-fiche)
contient une information de base sur la séismologie.
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FIG. A. (above) Global Seismicity. Oceanic stable regions, 1-3; oceanic seismic regions, 4-16 (except
7); circumpacific seismic regions, 17-40 and 7; Alps-Himall(lliyan seismic regions, 41-45; continental
1

seismic regions, 46-47; and continental stable regions, 48-65. (Mizoue 1967)
F1G. B. (below) Tide-gage record showing tsunami at Midway Island, Nov, 4-5, 1952, (Zerbe 1953)
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Introduction

ORIGIN OF THE WORD “TsuNam1”

“Tsunami” is a Japanese word meaning harbor wave. It is now used to describe
gravity waves in water bodies mainly due to earthquakes or events connected with
them (e.g. landslides) and to volcanic island explosions or man-made nuclear
explosions. In the past these were called “tidal waves,” which is incorrect because
tsunamis are not caused by tides. Another widely used term is “seismic sea wave,”
but this excludes gravity waves due to volcanic island eruptions and man-made
nuclear explosions. Here 1 will use Van Dorn’s (1968a) definition: “Tsunami is
the Japanese name for the gravity wave system formed in the sea following any
large-scale, short duration disturbance of the free surface.” By this definition, storm
surges (wind tides) and the seiches associated with them are excluded. The Japanese
sometimes spell the word “tunami” but pronounce it as “tsunami.” To avoid confus-
ion, in the English literature only the latter form has been used.

DEFINITIONS OF SOME SEISMOLOGICAL TERMS

The Greek root of the word “seismic” means earthquake, hence, seismology
is the study of earthquakes. Fault is a break in the earth’s structure that may
or may not be visible at the surface but could extend to great depths. Focus or
hypocenter is the point in the earth where rupture first occurs. Depth of focus is
the vertical distance between the focus and the earth’s surface. Epicenter is the
location on the earth’s surface directly above the focus. Foreshocks and aftershocks
are minor, accessory earthquakes that precede and follow an earthquake. Dip-slip
and strike-slip faulting refer to vertical and horizontal displacement between the
two portions of the fault.

Jacobs et al. (1959) used the following classification of earthquakes: shallow
(0-70 km), intermediate (70-300 km), and deep (300-700 km).

GLOBAL SEISMICITY

Figure A shows the distribution of seismic and nonseismic regions (also referred
to as stable regions). About 90% of the world’s large, shallow earthquakes occur
in the circumpacific belt on the periphery of the Pacific Ocean. The percentage
is even higher for intermediate earthquakes and this zone accounts for almost all

deep earthquakes. There are usually around a million earthquakes per year but
most cause no damage.

TsUNAMI PRONE AREAS

The following regions are tsunami prone: Japan, the Asian coast of the Soviet
Union (Kamchatka, Sakhalin, Kuril Islands), Aleutian Islands, Alaska, Hawaii, west
coast of South America, west coasts of USA and Canada, east coast of Canada,
New Zealand, Australia, French Polynesia, Puerto Rico, Virgin Islands, Dominican
Republic, Costa Rica, Azores, Portugal, Italy, Sicily, Aegean Sea Coast, Adriatic
Sea Coast, Ionian Sea Coast, Greece, eastern Mediterranean Coast of North Africa,
Ghana, Middle East, India, Indonesia, and Philippines. The severity and frequency
of tsunami damage varies from place to place.



GENERATION OF TSUNAMIS BY EARTHQUAKES

Current thinking is that tsunamis are generated by a sudden dip-slip motion
along faults during major earthquakes. Although earthquakes that occur along
strike-slip faults sometimes generate tsunamis, they are local and generally do not
propagate long distances. Isacks et al. (1968) pointed out that major earthquakes
along large strike-slip faults near the coasts of Alaska and British Columbia gen-
erated tsunamis that were observable at distances no greater than 100 km.

Tsunamis usually occur following a large shallow earthquake under the sea.
However, there are a number of instances when the earthquake (that produced
the tsunami) occurred inland. Hence, one must deduce that tsunamis can be gen-
erated either by changes of sea bottom (i.e. faulting) or by the seismic surface
waves passing across the shallow continental shelf. The long-period, surface earth-
quake waves (the so-called Rayleigh waves) have a vertical component and transmit
a fair share of the earthquake energy. )

TsunaM1 GENERATION BY NONSEISMIC CAUSES

Probably the best example is the tsunami in the Sunda Strait (between Java
and Sumatra), caused by the eruption of the volcanic island Krakatoa on Aug.
27, 1883. Although turbidity currents and landslides are not directly related to
tsunamis, studies on these topics are considered part of the tsunami literature. A
well-known case of turbidity currents occurred following the Grand Banks earth-
quake of Nov. 18, 1929, which broke several transatlantic cable lines.

An example of water waves generated by landslides is Lituya Bay, Alaska.
On July 9, 1958, part of a mountain broke (following an earthquake) and fell into
the bay, and the water splashed to a height of about 500 m. In Italy on Oct. 9,
1963, a rockslide into a reservoir from an aititude of about 160 m generated a
water wave that killed about 3000 people.

PROPERTIES OF TSUNAMI WAVES

Tsunamis fall under the general classification of long waves. Length of the
waves is of the order of several hundred kilometers, although their amplitude over
the deeper part of the oceans is usually of the order of a meter. Hence, it is difficult
to detect them either from the air or from ships. The waves travel with a speed
proportional to the square root of the water depth. In the deep ocean their speed
can be several hundred km/h.

As the tsunami waves enter the continental shelf, they slow down consid-
erably, but wave height increases. The arrival of a tsunami is sometimes indicated
by a withdrawal of water (see Fig. B), which might be preceded by short-period,
low-amplitude oscillations, known as forerunners. A tsunami consists of a series of
waves that approaches the coast with periods usually ranging from 5 to 90 min.
The wave of greatest height is not usually the first (in Fig. B the third wave is
highest), but mostly occurs among the first 10 or so. The main tsunami waves
are followed by secondary undulations that are mainly due to resonance effects
in the bays that receive energy input from the main tsunami waves. Sometimes
these secondary oscillations are also referred to as tsunami coda.

2



Chapter 1 Dispersion and Initial Value Problem

1.1 Dispersion

Amplitude and phase dispersion relations relevant for long gravity waves, and
the theory of generation of gravity waves by deformation at the bottom (e.g.
earthquake), or deformation at or near the surface {e.g. explosions), will be discussed.

Under the assumption that depth is small compared to a horizontal length
scale, there are three regions of approximation for the long-wave theory (Chen
et al. 1975): (a) linear equations, (b) finite-amplitude equations, and (c) Boussinesq
or Kortweg-de-Vries (KdV) type equations. Three characteristic lengths determine
which equation is most appropriate: water depth, D, wave length, A, and wave
amplitude, 7.

Three nondimensional parameters can be defined:

kToD? (1.1)
U is generally referred to as the “Ursell parameter” and expresses the relative
significance of amplitude and phase dispersion.
In the linear periodic wave theory (see Lamb 1945) the frequency, w, is given
by:
w? = gk tanh (KD) (1.2)

where g is gravity, K is wave number, and the phase velocity, C, is given by:

-
C=x (1.3)
For very long waves, tanh'(KD) can be approximated by the leading term
in its expansion. Then from (1.2) and (1.3):

2 D?
C = \&D {1“75\7} (1.4)
where the wave number, K, is 27/

From (1.4) it can be seen that long waves travel with a speed mainly determined
by water depth but subject to a small negative correction proportional to u. Two
wave components with a slightly different value of y will tend to separate as they
progress; then y is a measure of “frequency dispersion.”

To understand the second type of dispersion, consider the formula for the

celerity of a solitary wave (see Equation (1.39)).

C=Vgb (1+3) (1.5)



The celerity is approximately /gD but is subject to a small positive correction
proportional to the relative amplitude. Thus, € is a measure of the amplitude
dispersion.

One can distinguish among the following three regimes of U:

<<1 Amplitude dispersion can be ignored. Linear long-wave theory is valid.

0(1) Both amplitude and phase dispersions are important. The Boussinesq
equations (to be introduced later) are appropriate. Under certain
conditions these equations reduce to the KdV equations.

>>1 Amplitude dispersion dominates. Finite-amplitude, nonlinear, long-
wave theory is appropriate.

In tsunami studies, both linear and nonlinear long-wave equations have been
utilized. However, for tsunami travel over the continental shelf, neither the linear
nor nonlinear cases might be relevant; indeed, one might have to use the inter-
mediate type, ¢.g. Boussinesq-type equations.

LeMéhauté (1969) pointed out that the Ursell parameter is not wholly satis-
factory in delineating the different regimes. He agrees that when U << 1 the
linear small-amplitude wave theory applies. However, for very long waves in shallow
water (flood waves, bore, nearshore tsunami) the value of U (supposed to be >> 1)
depends on the interpretation given to A. (For very long waves the concept of
wavelength loses its meaning because the wavelength of a solitary wave is «, but
the flow curvature under the crest is that of a cnoidal wave for which a finite
wavelength can be defined.) The relative amplitude, 7/D, is then more relevant
than U for interpreting the importance of nonlinear terms.

Following Broer (1964), the Ursell parameter will be formally developed, and
the problem of treatment of interaction of nonlinearity (or amplitude dispersion)
and dispersion (i.e. phase dispersion) in wave propagation will be discussed. The
Boussinesq Equation (1.6) approximately describes the unidirectional propagation
of finite-amplitude waves on a water layer of uniform depth, when the ratio of
depth to wavelength, although small, is not negligible as in the theory of tides.
The classical form of this equation is:

3% h ?h ., 9 s 1 o 3%h

where 7 is time and x is the horizontal direction of wave propagation. In this
equation, the first term on the right is the nonlinear term due to finite wave
amplitude, and the second term represents the dispersion due to finite depth to
wavelength ratio. Here A (x,?) is the local wave height above the horizontal bottom.

Assuming irrotational flow, the velocity components, ¥ and w, are given in
terms of the velocity potential, ®(x,z,t), by:

9%, - 2% (1.7)

T oz



The potential, ®, satisfies Laplace’s equation

°¢ |, 9
9 Lz _ 1.8
ox? Tz =0 (1.8)
The boundary condition at the bottom is no flow normal to it, i.e.
P
32 =0forz=0 (1.9)

There are two surface boundary conditions. The kinematic condition is (e.g.
Lamb 1945):

oh | od oh od
— 4+ — — = — =
ot ax ox 32 for z = h(x,r) (1.10)

The dynamic condition is:

2 2 '
gh+g;2+%[<g—f>+<%§>}ngforz=h (1.11)

Assuming that & is analytical in x and z (i.e. no singularities), equations (1.8)

(1.9) are satisfied by writing:
2 2 4 4

- _z 0% 2 0
ez =0D " 57 53ty 0 (1.12)
where ¢ (x,f) is the potential at the bottom. From (1.10) (1.11) after using (1.12),
two simultaneous equations for ¢ (x,f) and n (x,?) are obtained.

These differential equations will be of infinite degree in n and infinite order
in 3/0x. To obtain an equation similar to (1.6), one has to truncate equations (1.10)
(L.11). :

However, before this truncation, it is convenient to work with dimensionless
variables. Choose dimensionless variables (denoted by prime) such that:

Lt

x=Lx";z=Dz;r= o =¢ el /gD (1.13)
veDh
Also write
h=D(1+en") (1.14)

where e is the relative wave amplitude defined in (1.1) and n' (x',¢') is so chosen
that its maximum value is unity for some initial or boundary value. This means
the dimensionless slope 3n'/0x" is of the order of unity provided L is chosen
appropriately.

Suppose the dominant wavelength, A, is chosen for L, and noting the definition
of u from (1.1) and from (1.10) (1.11) (1.12), retaining terms of order zero and
one only, then:

a—”+%¢’:—e[ al¢+@ 9—9]+L %9 (1.15)

ax? | dx ox o M 5xa

and

3 3\’ 3
SO B



From (1.15) (1.16) the solutions will depend on the ratio e/u, the Ursell parameter
defined earlier in (1.1).

Lighthill (1958) appears to be the first to coin the words “frequency dispersion”
and “amplitude dispersion” Other authors used the terms “dispersion” to refer
to “frequency dispersion” and “nonlinear effects” to refer to amplitude dispersion.
Frequency dispersion means wave components of different frequencies propagate
with different velocities whereas amplitude dispersion refers to the situation where
greater values of surface elevation propagate with greater velocities to cause steep-
ening of the waves. Situations when phase and amplitude dispersions tend to balance
each other will be discussed.

First, consider the case when the terms with e are ignored in (1.15) (1.16).
The equations then become linear and on eliminating n between them, one obtains:

B9 _ Do _, ¢ ?¢
o T aR TR ae TEH gy (117
express ¢ = exp i (Kx-wf) (1.18)
where i = v/ -1, the following dispersion equation is obtained:
2 1+ LukK?
O - 8 ~ 1 -1 uK? (1.19)

I(2 1+'2L[.1K2

To this order, the exact dispersion relation is in the units used so far. (Gravity
is contained in the nondimensionalization of 7).

wt = — tanh (K\/_> (1.20)
Next, in (1.15) (1.16) ignore the terms with u and define:
-9
u= ax (1.21)

the velocity at the bottom in the x direction. Then (1.15) (1.16) become:

o, 9 _

ria {(1+en) u] =0 (1.22)
9 , du du _

3t + — a7 + eu % 0 (1.23)

In these equations there is no restriction on e because if the expansions leading
to (1.15) (1.16) are continued the terms with €% and higher powers occur always
with u, and these terms drop out when terms with y are ignored.

When terms with both e and p are ignored in (1.15) (1.16), linear equations
without dispersion are obtained. For waves traveling to the right, the solution is:

n=u=nx-1) (1.24)



Hence:
dn , dn_ du , du

x "ot ax Tar 0 (1.25)

REDUCED FORM OF THE BOUSSINESQ EQUATION )
In this nondimensional notation, the Boussinesq Equation (1.6) becomes:

?n _¥n_ 5 3 o, 1 d'n
ar? ax2 T TE52 ()" + 34 ax? (1.26)

However, the left side of (1.26) can be deduced from (1.15) (1.16) and this gives:

n  3q 9% (u? 92 %u

e {Bx (7) 3x-31 (””)} aElolry (1.27)
It is clear that Equation (1.27) is not the same as (1.26) but will reduce to (1.26)

provided (1.24) (1.25) are valid. Actually, due to the approximate nature of (1.15)
(1.16) all one has to assume, instead 0f(l.24) (1.25) are n -u = O (e,u) and

aa 5 = O(ep) (1.28)

The significance is that solutions of (1.15) (1.16) (where the main part is waves
traveling to the right, assuming these exist at least during some time interval) could
be found from the simpler Equation (1.26) under the present approximation. For
waves propagating to the left, the signs in (1.28) can be changed; then also Equation
(1.26) can be obtained from (1.27). Thus, provided (1.28) holds, Boussinesq’s equa-
tion is equivalent to (1.15) (1.16) for unidirectional waves only and not for more
general solutions.

As the principle of superposition cannot be used for the nonlinear equations
dealt with here, it will be useful to at least simplify Equation (1.26) by ignoring
the waves traveling to the left. Provided (1.28) holds and assuming (1.21) throughout
(1.15) (1.16) become:

3

on du_ 3 33u

Y + ax - € (nu) +iu—g a3 (1.29)
o, o ___ o (w), ,, o
ax T 3t € w\2) T TH 5Ty (1.30)

From (1.28) one can write:
an, an _ odu du

at+a—a—t—a=0 (1.31)

Take (1.29) + (1.30) - (1.31) and use (1.28) for the right side to give:

M, 3,5 3, , 1 3n _
ot +ax+4€ ax(ﬂ)"‘sﬂ ax3_0 (132)

This is the reduced equation (from Boussinesq’s equation) that can be used to
understand the interaction between amplitude and phase dispersions.



CNOIDAL WAVES

Solitary wave — To examine the properties of the reduced equation following
Broer (1964), drop the numerical factors in (1.32) and write:

o om0, Pn_
ot Tax T Max THe =0 (1.33)
This equation is suitable for initial value problems in which:
n (0 =F (x) (134)

is given.

Both amplitude and phase dispersions will tend to distort the wave forms;
however, there might be situations when both effects cancel each other for special
wave forms. In this case, the solution is simply:

n = F(x-ar) (1.35)
where a is the speed of propagation of the waves. From (1.33) (1.35) after introducing
t = 0 and integrating with respect to x one gets:

9*F

(I-a) F + T eF* +pu 7wz =0 (1.36)
Multiply this with 9F/dx and integrating again leads to:
2
L(1-a) F? + ¢ eF® + %u(%xli)=b (1.37)

where b is a constant of integration.

Equation (1.37) can be solved in terms of the elliptic functions. As these are
represented by “cn,” the name “cnoidal waves” was coined to refer to solutions
of (1.37). For b = 0, the simple solution is:

- P
F cosh? (gx) (1.38)

where

- -1
p= 2D g = 321

This is the solution for the so called “solitary wave” and the Ursell parameter
becomes e/(3 ) and is independent of @ and p.
The speed of the solitary wave is from (1.36)

2
a=1+%en+%—g?2 (1.39)

If the third term is ignored, and it is taken into consideration that (1.39) is in
nondimensional units, then (1.39) reduces to (1.5).

Before going into some detail of cnoidal waves, solitary waves, and Stokes
finite-amplitude waves (to be introduced later), it is worthwhile to indicate the
relevance to tsunamis of the various waves and approximations to the theories
discussed so far. In deep water, especially in the near-field of tsunami generation,
the linear theory (phase dispersion alone is relevant) is probably adequate; on
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the continental shelf both phase and amplitude dispersions will be important, thus,
cnoidal waves and solitary waves are relevant. In the very shallow coastal areas
(bays, harbors, inlets) the amplitude dispersion dominates.

Both amplitude and phase dispersions will tend to cause a gradual distortion
of the waves. The nature of the distortion produced by amplitude and phase
dispersions need not be the same. The reduced form of Boussinesq Equation (1.33)
will be used to examine this problem. Consider a frame of reference that moves
with unit speed (in nondimensional units). For this define:

S=x-~-1¢ (1.40)
Then (1.33) becomes:
o o, ¥n _
a1 +en 23S +u 33 = 0 (141)

The effects of amplitude and phase dispersions will be estimated qualitatively by
integrating (1.41) with respect to S. However, solutions will be restricted to those
where 7 is either periodic or of the nature of a solitary wave, so that 7 and its
derivatives tend to zero for large [S|. In both cases; the integrated terms can be
discarded after integrating by parts.

Integration of (1.41) gives:

o | nds=o0 (1.42)

Multiply (1.41) by 7, 7%, " gives the following relations after integration:

d
dt

d _ an 3
= I dS=-yu f ( as) ds (1.44)

and the general relation is:

3
gtf"+lds———n(n+l)(n l)uf@g) " * as (1.49)

Differentiate (1.41) with respect to S, multiply by 9n/3S and integrate to give:

d (oY _ _ f an
) (as) ds = -¢ (as ds (1.46)

The integrals on the right sides of (1.44) to (1.46) can be considered as expressing
the asymmetry of the waves. For waves with steep fronts the integrals will be
negative. Thus, these equations show that phase dispersion will tend to heighten
the crests and flatten the troughs. Equation (1.46) shows that the amplitude disper-
sion will increase the averaged square of the slope of the waves.

+n?dS=0 (1.43)

SMALL-AMPLITUDE WAVE THEORIES

The classical, linear, small-amplitude wave theory was originally developed
by Airy (1845) and the main assumption is that the amplitude of the wave is

9



small compared to water depth. Another assumption is % << (%)2 Consider

a two-dimensional vertical plane, xZ. The equations of motion with the neglect
of rotation are:

ou ou ou _ 1 9dp
a MYz T T o e (1.47)
ow ow ow 1 op
—tus— W =g — o :
ar Yax Tz b 3Z (1.48)
The continuity equation is:
ou , ow _
0 Tz =0 (1.49)

and the condition of irrotationality is:
ou _ow _ ' (1.50)

The Bernoulli equation for this situation of uniform density of fluid and irrota-
tionality Is:

—a—¢ b i) + B v gz =0 (1.51)

Because of the small amplitude assumption, the velocity head 3 (u*+w?) can

be ignored compared to the pressure. Hence, the convective acceleration terms

9—15 , W 52 in (.47), and u — and w g—z in (1.47) can be ignored. The boundary

condmons are:

At the surface Z = 0, w = dn/ot (1.52)
pP=p,
At the bottom Z = - D,w = 0 (1.53)

Here p, is the atmospheric pressure acting on the water surface and the origin
of the coordinate system was taken at the undisturbed level of the free surface.
For simple harmonic progressive waves, the solution is:

n (x,t) = a cos (Kx-wi) (1.54)

where a is the wave amplitude, K is the wave number, and w is the frequency.
The solutions for u, w, and p are:

cosh [K(Z+D)]

sinh (KD) cos (Kx~wt) (1.55)

sinh [ K(Z+D)]

oo (Kx-w) (1.56)
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cosh [ K(Z+D)]

=p - pgZ +
P=F = p8Z ¥ P82 — ST

cos (Kx-wr) (1.57)

Here w? = gK tanh (KD) (1.58)

Because the phase velocity, C, is w/K one can write:

c? =§ tanh (KD) (1.59)
For KD either large or small the above expressions reduce to simpler forms.

For deepwater (short) waves, D/ is greater than . Here D is the water depth
and A is the wavelength. For this case tanh (KD) is of the order of unity and
(1.59) becomes:

A

m

g

|

=& = (1.60)

-4
K

v

The particle velocities, # and w, and the pressure field, p, reduce to the following
forms from (1.55) to (1.57):

u=awe? cos (Kx - wt) (1.61)
w=a w e sin (Kx - wit) (1.62)
p-p =~ pgl+ pga eXZ cos (Kx-wr) (1.63)

The particle orbits are closed circles with radius, a4, and frequency, w. The
radius of the orbits decreases with depth. Other important properties of deepwater
waves arc the pressure decays with depth, and at some depth the second term
on the right side of (1.63) can be ignored and then the pressure distribution is
approximately hydrostatic; (1.60) shows that the phase velocity of deepwater waves
depends on wavelength, thus, phase dispersion is an important property of deepwater
waves. D

For shallow-water (long) waves =< 75; then tanh (KD) becomes approximately

A
equal to KD, so that the phase velocity is given from (1.59) by:
C=+/¢D (1.64)

Because the phase velocity is independent of the wavelength or wave period, long
waves are nondispersive. From (1.55) to (1.57) the particle velocities and pressure
field reduce to:

u= %—j cos (Kx—wt) (1.65)

aC .
W= K(Z+D) sin (Kx-wt) (1.66)
pP—p, = PgL + pga cos (Kx-wt) (1.67)

As Z does not enter the expression for # in (1.65), # is the same at all depths.
However, w is dependent of Z. Due to this, the particle orbits are ellipses (not
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circles) with the major axis horizontal. The length of the major axis is the same
at all levels and is equal to 2a/(KD). The length of the minor axis decreases with
depth and is given by 2a(Z+D)/D. Close to the bottom the ellipse almost becomes
a straight line.

Equation (1.67) shows that the time-varying component of pressure is also
independent of the depth. The two conditions that must be satisfied for the shallow-
water .approximation to be valid are a/D << 1 and the Ursell parameter U << 1.
As D/\ < £ for long waves, a/D has to be less than 1/(20)%

FINITE-AMPLITUDE WAVES

The small-amplitude theory is convenient because the surface elevation can
be considered zero, i.e. the motion takes place within boundaries of known positions.
Also, the assumption of linearity allows the determination of complex wave motions
by superposition of elementary wave motions.

Stokes (1847) showed that periodic wave trains are possible in nonlinear disper-
sive systems. For the finite-amplitude case, the convective terms cannot be ignored
and the relevant equations are (1.47) to (1.50). The free surface is defined by:

P(x,n,t) = p, = constant (1.68)
and the nonlinear free surface boundary condition is:
L,

ar "M ax ez (1.69)

Because of the nonlinear terms, closed-form solutions are difficult to obtain -and
Stokes used the method of successive approximations to obtain solutions for waves
(now referred to as Stokes waves). Wiegel (1964) approached this problem somewhat
differently. Equations (1.47) (1.48) together were written in the form of the integrated
Bernoulli equation for unsteady flow:

Dy 30y [(26Y, (20
p =82t 572 Kaz *\az (1.70)
The condition of irrotationality can be written as:

P, V9 _

ot o570 =0 (1.71)

For solutions for the velocity potential, ¢, wave amplitude, n, particle velocities,
u and w, and the pressure field, p, see Muga and Wilson (1970). Other useful
references are Whitham (1974) and Kinsman (1965). These can be viewed as some
solutions for the first order (which gives the small-amplitude waves) and a second
order correction term. The expressions reduce to simpler forms for deep and shal-
low-water waves. Solutions for higher orders are now available. For example,
Skjelbreia (1959) gave solutions for the third order and Skjelbreia and Hendrickson
(1962) for the fifth order.

Based on the second order solution the following conclusions can be drawn
(Muga and Wilson 1970): the surface profile is not sinusoidal but is an elongated
trochoid and the amplitude of the crest is greater than that of the trough. The

12



particle orbits are noncircular and do not close. Thus, there is a net forward
displacement of the particles.
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Fic. 1.1. Amplitude-wavelength diagram for water waves. (Modified from diagram 4 Lighthill 1958)

Figure 1.1 shows the abscissa is A/D and the ordinate is a/X\ where « is taken
as the vertical height between the crest and the trough. Two kinds of breaking
can limit the possible existence of periodic waves. At the deepwater end of the
scale, the wave of greatest height might form which, when it occurs as a stationary
wave on a stream, brings the water locally to rest at its wedge-shaped crest (originally
predicted by Stokes). The waves of intermediate height for which Stokes already
calculated the wave forms are now called Stokes waves.

On the other hand, at the long-wave end of the scale, say for A > 8D, the
existence of periodic waves is limited by amplitude dispersion. That is, there is
a tendency for each value of 7 to propagate with speed +/gn appropriate to the
local depth than the speed /gD appropriate to the mean depth. This dispersion,
and the fact that the particle velocity is forward when 7 is greatest and backward
when 7 is least, will lead to steepening of the wave until it becomes a hydraulic
jump or bore.

If the amplitude is not too large, amplitude dispersion may be balanced exactly
by frequency dispersion in such a way that periodic waves are possible. These
are the cnoidal waves whose existence depends on the fact that the higher harmonics
in the wave travel somewhat slower than the fundamental, which, for particular
wave forms, can just balance the steepening caused by amplitude dispersion. Modifi-
cations of the wave form because of frequency dispersion are proportional to DA%,
whereas the changes due to amplitude dispersion are proportional to ¢/D. Hence,
any given cnoidal wave is possible for a fixed ratio a/A: D¥/A%. The limiting case
is the solitary wave for which a2\*/D®~25. Russel (1844) identified the solitary
wave in laboratory experiments.

13



For amplitudes above that of solitary wave, steepening and bore formation
occurs, whereas for amplitudes just below, cnoidal wave train starts to degenerate
into a sequence of isolated solitary waves. The two curves in Fig. 1.1 for the different
kinds of breaking meet at a point representing the solitary wave of greatest height
computed by McCowan (1894). For recent work on solitary waves see
Longuet-Higgins (1974) and Longuet-Higgins and Fenton (1974).

1.2 The Cauchy-Poisson Problem

THE CLASSICAL PROBLEM

The Cauchy-Poisson (C-P) problem is the initial value problem for surface
waves. The classical C-P problem as described by Lamb (1945) deals with one-
dimensional standing waves in an ocean of infinite depth. Although the classical
problem is hardly suitable for tsunami studies, it is simple and can be used to
introduce certain concepts. Two different initial states are considered: initial eleva-
tion of the free surface with no motion, and a horizontal surface with an initial
distribution of surface impulse.

First consider initial elevation. Taking the origin at the undisturbed level of
the surface, the water level, n, and the velocity potential, ¢, can be written for
simple harmonic standing waves:

n = cos (wt) cos (kx) (1.72)
¢ = QH;——@ ¥z cos (kx) (1.73)
where w? = gk (1.74)
The initial state is given by:
n=f(x)¢o=0 (1.75)
The Fourier double integral representation is:
flx)= #fdkf f(a) cos k (x—a) du (1.76)
0 — o0
From (1.72), (1.73, (1.75), (1.76)
n= %‘ TCOS (wt) dkiT f(@) cos k (x —a) da (1.77)
0 — oo

¢=§7§£‘%‘*’_fl oz dkojf f(a) cos k (x—a) do (1.78)
0 — oo

Lamb assumed that the initially elevated region is small in extent and is confined
to the immediate vicinity of the origin, so that f{a) is nonzero for infinitesimal
values of a. Lamb expressed ¢ and 7 in a series as well as in another form involving
Fresnel’s integrals.

For initial impulse, the initial conditions are:

pdo = f(x)
n=20

(1.79)
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A similar procedure was followed as above.
For large gr?/(4x), the following expressions hold approximately. For initial

elevation: ,
__ &'t gt’ [ g
7 . 12 [cos<4x ) + sin <4x (1.80)

T2 2 2
! cos<£> — sin L (1.81)
£ L3 4x 4x
27 px

One drawback of these solutions is that as the origin is approached the wave-
length decreases monotonically, whereas the wave height increases asymptotically.

o

KELVIN’S METHOD OF STATIONARY PHASE AND AIRY INTEGRAL

Kelvin (1877) suggested that the C-P problem can be studied by more simple
methods than were adopted by Cauchy and Poisson.

Consider the integral:
b
f &(x) ) gy
a

and assume that f(x) varies much more rapidly than in a periodic manner. Kelvin’s
method uses the fact that the various elements of the integral will for the most
patt cancel by annulling interference except in the neighborhood of x, if any, for
which f{x) is stationary. For details on Kelvin’s method of stationary phase see
Jeffreys and Jeffreys (1946) and Stoker (1957).

Consider one-dimensional propagation of a disturbance due to an initial eleva-
tion over the water surface. Following Jeffreys and Jeffreys represent the disturbance
as:

fe)= oi’/;f (K) cos (Kx — wt) dK (1.82)

Then at point x,, at time 7o, the disturbance can be asymptotically represented
by Kelvin’s method of stationary phase as:

f(Ko)
ac. 1+
{ﬂ"‘d% ]

Here the subscript O signifies that the function has to be evaluated for the wave
number, Ko. Also Cg is the group velocity and the T sign should be taken when
d Cg¢/dK is positive or negative.

However, Equation (1.83) is not valid in the following two cases: (a) when
the group velocity is stationary or (b) at the head of a wave train where the long-wave
formula (1.64) holds. In these situations the method of stationary phase should
be carried out to a higher approximation. Then the disturbance could be expressed,

flxo.to) = cos (Kox -wrt 7:—) (1.83)

15



instead of Equation (1.82), in terms of the Airy integral given by:

1 I
Aj(a) = - ~[(;cos <T+at>dt (1.84)

where « is some variable.
If one approximates
tanh (KD) ~ KD - £ (KD)? (1.85)

The group velocity of tsunami waves arriving at any point is:
C, = veD (1——;—K2D2) (1.86)

Let the initial form of the surface be such that: 7 = 1 in the region-L < x < L
and n = O elsewhere. If o is identified with the phase velocity of a long wave,
VgD, the asymptotic form of n near x = af is:

at D?

n~L(m2D2>% A, {M }_ (1.87)

The form of the Airy function is such that it increases monotonically to a
maximum and then oscillates with decreasing amplitude. For positive a, A;(a) can
be expressed in terms of the Bessel functions of imaginary argument, whereas for
negative «, it can be expressed in terms of the Bessel function, J. Based on the
behavior of A;(«) one can deduce that at any given point after the passage of
the head of the wave train succeeding waves must be of the form of a dispersive
wave train. The following asymptotic form is valid for  after the initial few

oscillations.
2 3 1 arD? &
"‘L<arD2> I ( 2 X

(1.88)

KRANZER AND KELLER THEORY FOR RADIAL SYMMETRY

Kranzer and Keller (1959) developed a theory for water waves produced by
explosions either above or below the water surface and assumed a water body
of finite depth. They gave explicit formulae for the height of waves produced by
an arbitrary axially symmetric initial disturbance which could be of any one form
or combination of different forms such as an impulse, an initial elevation, or
depression of the surface. Where the form of the initial disturbance was known
only approximately, upper bounds on the heights of the waves were given.
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The analysis was based on the linear theory for surface waves in water of
uniform but finite depth, D. Symmetry was assumed about the initial disturbance
and, because of this, polar coordinates were used. The surface elevation, 7, due

to an initial impulsive force distributed over the surface is: (See Krazer and Keller
(1959) for details.)

_IVR , r (1.89)
n(rt) BT A sin 27 (T ?\) for r >> R

where r is the radial coordinate and denotes the distance from the origin, ¢ is
time, Io is the initial impulse at the origin, R is the effective radius of the initial
impulse -defined through (1.90), A is the amplitude, T is the period, and X is the

length of the waves.
’ fr Il(r) I
R? = “— ar

1
7 [

(1.90)

The total initial impulse is 7 |1,] R2.

It can be seen from (1.89) that n decreases proportional to the distance, r.
A given portion of the wave pattern travels with a constant speed but different
parts travel with different speeds, with the outer parts traveling faster than the
inner parts, The parameters A, T, A, were expressed in terms of an auxiliary variable
defined as:
27D
A

o (1.91)

which is a function of r/(£+/gD) and is defined as the unique nonnegative root
of the equation.

¢ d
F(o)E%(tanha> L <.° > =— (1.92)
g 2(C05h U)z‘ sinh o t gD
Equation (1.91) essentially defines A in terms of 0. The expression for T is:
P, S— (1.93)
go tanh o
D

The amplitude, A, is 0 for r >t /gD and nonzero for r <¢ gD, and is given
in terms of the zero order Hankel transform I (0/D) of the initial impulse distribution

1(r).
I (—g) = I 1) Jo (%) rdr A (1.94)

For a given value of r/(¢t \/gD), o can be found from the transcendental
Equation (1.92) and A, T, A can be computed knowing o. However, because of
the difficulty associated with transcendental equations, it will be easier to choose
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FIG. 1.2. The wave amplitude |A| as a function of 2D =
Waves are due to the parabolic impulse distribution I(r) =

10 {1—%(&)4 for r < /2R and I{r) = 0 for r > /2R
with R = 2 D. (Kranzer and Kelter 1959)

values of ¢ and compute 7/(r v/gD). Figure 1.2 shows that the amplitude, A, is
zero for 7>t /gD and is continuous at r =t gD although its first derivative
is discontinuous. An important feature of the amplitude curve is the location and
magnitude of the maxima of |A| which depend on the initial impulse distribution.
The following upper bound was put on |A| for any initial shape.

A < 1.40 for £ <2 (1.95)

In table 1 of their paper, Kranzer and Keller (1959) gave the maximum
amplitude A, group velocity Cg . wavelength Ap,x, and period T,y at the
maximum and the total energy for five different impulse distributions I(r). They
also gave diagrams of the wave height, n, as a function of ¢ for a given r, and
as a function of r for a given ¢.

For an initial elevation or depression of the free surface, the wave height is
given by:

R t r
n(rt) ~n, 7 B cos 217(T—X->for r>> R (1.96)
where 7, is the initial elevation at the origin. The effective radius, R, of the initial
- displacement is defined as:

R2

f E(r)r dr
~ (1.97)

£ Ino|
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where E(r) is the initial elevation and wR*|no|is the volume of water initially
displaced. The amplitude, B, is expressed similar to A in zero order Hankel Trans-
form (of the initial elevation E(r) for this case). An upper bound on B valid for
any shape is:

B]< 1.16 for% < 1.64 (1.98)

Although, in general, the wave features of this case (i.e. initial elevation or
depression) are similar to those of initial impulse, important differences exist. In
this case the wave amplitude, B, is not continuous at r = ¢ VgD and a bore precedes
the waves. The dimensionless amplitude and duration of the bore are given by:

_ R’ R’
Bbore =z D R (1.99)
and
1 1
6 .3
o= R (1.100)
ore g7
where
l J;rE(r) dr
R = — (1.10D)
'2‘]7’10|

The amplitude may increase a little behind the bore but falls off gradually to
zero att = oo,

In reality, because of the presence of viscosity, the amplitude is continuous
at r = 1 +/gD and is not exactly zero for r >t /gD . Actually, the bore represents
a rapid change in B from zero to the value given by (1.98). However, with increase
of time it becomes steeper and tends to resemble a discontinuity. If the volume
of the fluid above the undisturbed water surface is exactly equal to the volume
of fluid removed from below it, i.e. if E(0) = 0, then a bore does not occur.

To calculate the actual wave forms produced by explosions, the initial impulse
distribution for the first case and the initial surface displacement for the second
case must first be determined. It is relatively easy to compute the initial impulse
distribution for an explosion above the surface from the shock wave or pressure
pulse, but the initial displacement of the water surface (for the second case) can
only be estimated. For details on providing the initial conditions, see Kranzer and
Keller (1959). Kranzer and Keller’s theory is not valid for short distances from
the origin, due to use of the method of stationary phase.

Whalin (1965) developed a technique to compute the wave motion close to
the source which he took as a parabolic impulse of radius, 2R. His results showed
that indeed, for ¢ < r/+/gD and for » > lOR the initial motion is negligible. Thus,
for such distances the method of stationary phase requiring less computation can
be used. For r < 10R, Whalin’s method is desirable. However, he cautioned that
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F16. 1.3. Wave amplitude as a function of time 10 km from source for a parabolic impulse. Method
of stationary phase (solid line), Whalin’s method (broken line). (Whalin 1965)

for r < 3R, the linear theory used by him breaks down. Figure 1.3 shows the
wave form computed by Whalin at a point 10 km from the origin, as a function
of time.

THE THEORY OF KAJIURA

Kajiura (1963) critized Kranzer and Keller (1959) because of their incorrect
application of the method of stationary phase up to the wave where the Airy integral
should be considered. He considered the problem of surface waves generated by
an arbitrary but localized disturbance of the free surface and gave a solution that
included the effects of initial displacement, velocity, pressure, and bottom motion.

The problem was formulated in the following manner. In a water body of
infinite extent but finite depth, D, the origin of a Cartesian coordinate system,
X, », z, was taken at the undisturbed level of the water surface and irrotational
motion was assumed. The variables were nondimensionalized through defining.

X* E_xﬁ 1*5<£)7 ¢)* = —¢ n
D D(gD)*
R =1 w= P (1.102)
yr= n* = p*=
D D pgD
z
* = =
)

Here 7 is the deviation of the water level from its equilibrium position, ¢ is the
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velocity potential, p is density of water, and p is the deviation of the atmospheric
pressure at the sea surface from its mean value.

Kajiura made the linear approximation, thereby treating the surface elevation
and bottom deformation small compared to the water depth, D, and the wavelength,
A. The joint condition is that the Ursell parameter defined in Equation (1.1) has
to be less than one.

The governing equation is Laplace’s equation and there are two conditions
at the surface and one at the bottom. The water level is now referred to as 7,
the boundary conditions are applied at the undisturbed level of the free surface,
and the asterisks have been dropped for convenience, so the kinematic condition
(1.10) at the surface reduces for this case to:

3 _ o (1.103)
oz or
The dynamic condition (1.11) at the free surface becomes:
09
FYS a4 (1.104)
The condition (1.9) at the bottom becomes:
0
5? =Wy (1.105)

where w;, is the velocity (prescribed) of the bottom deformation.

Kajiura approached the solution to this problem through a time-dependent
Green’s function, G, which is harmonic in x, y, z with a singularity at some point
(x0,Y0,20) introduced at time, #=17. This Green’s function satisfies Laplace’s equa-
tion:

V3G =0for0>z>-1landt>7 (1.106)
In the nondimensional notation, z = 0 is the undisturbed surface and z = —1 is
the bottom. The two surface conditions (1.103) (1.104) become:
3G | oG
—_— _— = = - 7
at2+az Oatz=0 (1.107)

and the bottom condition (1.105) becomes:

oG - _
5, —Oatz=-1 (1.108)
Initially, at# = 7 it is assumed that:

_ 9G _ -
G= py =0atz=0 (1.109)

The following conditions on boundedness should be satisfied: (a) for x and
y tending tow, G and 3G/d7 and their first derivatives with respect to x and

»y must be uniformly bounded for all ¢, and (b) at the point (x,y¢,20), (G — —lli) must
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be bounded, where:

R = [(x ~x0)* + (¥ =y0)? + (2 - 20)? : (1.110)

When these conditions are satisfied, G can be determined uniquely.
Following Stoker (1957), Kajiura wrote Green’s function’in terms of Bessel
functions and hyperbolic functions. Ultimately he arrived at the following expres-

sion:
1

where ds = dxe«dy, and F,, F,, F3 have the following meanings: F, expresses the
contribution from the initial velocity and elevation of the water surface, F, shows
the effect of surface pressure, and F; gives the contribution from the bottom
deformation.

Kajiura (1963) considered five cases of source conditions and in each expressed
the forcing function suitably: (a) an initial elevation, (b) a pressure applied impul-
sively, (c) the bottom deformed instantaneously, (d) the bottom deformation during
a time interval, and (e)the bottom moved impulsively but no net deformation
of the bottom. In all cases, the water was initially assumed to be devoid of motion.

Kajiura’s results can be summarized in the following table taken from his
work.

Initial surface elevation or

Nature of source sudden bottom deformation Surface impulse
q>3 g < qg>3 g <
One dimensional propagation 0 -+ -+ -2
Two dimensional propagation - ~1 -1 -3+

The numerals show the power of the radial distance, r, that gives the loss of decay
with distance of the leading wave of the tsunami. The source is assumed to be
rectangular with major and minor axes, 2x, and 2x;. The parameter, g, is defined
as:

qE

{6___\/1%?}5_ *a (1.112)
: D

If the wave is in the direction of the minor axis of the source, x, should be replaced
by Xp.

PRACTICAL SIMPLIFICATIONS BASED ON KAJIURA’S (1963) WORK

LeM¢hauté (1971) showed that Kajiura’s theory can be simplified for applica-
tion to practical problems. LeMéhauté considered water waves generated by explo-
sions at or near the surface and the term Fj3 in (1.111) is not relevant for his
study. He found that for practical use, the generality of Kajiura’s theory is not
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necessary and one can include the effects of initial velocity and pressure into a
fictitious initial surface deformation, chosen in such a way that the predicted waves
are essentially the same as would be found by actual velocity, deformation, and
pressure.

LeM¢éhauté starts with the following expression, generally referred to as the
Kranzer-Keller solution:

n(r,t) = Tk cos (wr) Jo (kr) {7% (r) 3, (kro) rodrOJ dk (1.113)

where n4(7,) is the initial deformation. For large r and 1, Jy(kr) is replaced by an
asymptotic form and the resulting integral is approximated by the method of
stationary phase. Then

1

kC ’ 1
n(r,z)z7l _a% N cos [)\r—t()\tanh N ] (1.114)
<_E) k=k
14
where
n= f Norg) I(kr ), dr, (1.115)
0
and the group velocity Cg is given by:
c = L (ktanh k)" + K 1 (1.116)
g 2k 2 cosh? (k) (k tanh k)?
and kp is the particular value of K for given values of r and ¢ found from:
c =1 (1.117)

The problem now is to choose n,(r,) in such a way, depending on water depth
and explosion characteristics, that (1.114) can accurately predict such a wave train.

In (1.114) the cosine term represents the individual waves, whereas the re-
mainder of the expression represents their varying amplitude or envelope, given
by:

1
kC ’
g

~ <a’Cg>
dK
where K is the root of (1.117). It can be seen from (1.118) that for any fixed
value of r, the least nonzero value of K, for which dA/dK = 0, is independent
of r. The significance of this is that the maximum of the first wave envelope where

dA/dK = 0 is associated with a constant value of K (hence a constant value of
wavelength and period) throughout its propagation. This constant value of K at

[‘X: (1.118)

~ |31
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the first envelope maximum, Kmax, depends only on the nature of the source
disturbance, 7,(ro), through the factor, n(K). Evaluating A at Kmax one can write:

KC, 7
A r= n ] dcC = constant (1.119)
dK
A K = Kmax

for a particular source deformation n (r,) which means that the amplitude of the
maximum waves is inversely proportional to r.

LeMéhauté (1971, p. 9) gives the justification for replacing A .« bY 7pax
The two constraints he imposed on a choice for n,(r,) are: (a) the resulting wave
envelope shape be quite similar to observed shapes that some fudging of the
numerical coefficients will give an accurate fit, (b) the Hankel Transform of n,(r,)
could be obtained in a closed form. The following form was chosen for n,(r,):

ro \?
i M0 max [2 (E) —1} forrs, < R
n,(ry) = (1.120)

0 forry > R

wheren, - isa coefficient that appears in the following relation:

C ¥

Omax R g
r

y (_ ng)

dK

Thus, the two cavity parameters, Mo, and R, enter into the expression for

the envelope amplitude, A. It is through the empirical determination of these two
parameters that LeMéhauté correlated the theory with experiments (Chapter 2).

nnt)=— J5(KR) cos [k—t(k tanh k)i_ (1.121)

OTHER FFrFeCTS IN THE C-P PROBLEM

Braddock and Van Den Driessche (1971) developed a theory for the C-P
problem when the source is asymmetric with reference to the axis (of a cylindrical
polar coordinate system) with the origin placed at the bottom. The ocean bottom
is assumed to move with the velocity

F(xp,t) = X(x) Y(v) T(¢) (1.122)

Although this separation of variables is somewhat simplistic, some generality is
achieved by expanding X(x), Y(»), T(?), in series of orthogonal functions. This
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type of bottom motion is more general than in the theory of Kajiura.

oo 2
X(x)=2 a, H_ (x)exp <——2> for — oo < x <o
m=20

2

Yo) =¥ oﬁ” H, () exp (-%)f0r~°°<y<°° (1.122a)
n = .

2
T(r) =2 v, L () exp (-—) for 0 < 1 < oo
p=07P"P
Here H,;,(x) is the Hermite polynomial of degree, m, and L,(¢) is the Laguerre
polynomial of degree, p.

The coefficients a,,,, 8, and 7p can be written as follows:

_ 1 * _x?
a, = . j:wX(x) exp ( 2) H (x)dx

_ v _
B, = NG .f;wY(y) exp ( 2> H,(y) dy (1.123)

T, = 71)—‘ YNT(I‘) Lp(t) exp <— %) dt

Because of the presence of factors 2/, m!, n!, p! in the denominators of (1.123),
the coefficients a,,,5, .7, decrease rapidly as m, n, p increase. Hence, in practice
only a few terms will be necessary.

It is possible that the source area for a tsunami could be very close to the
shore such as a shallow submarine earthquake or an underwater nuclear explosion.
In this case, the effect of the sloping nature of the bottom on the tsunami generated
has to be taken into account. Slatkin (1971) used a three-dimensional model to
study this problem.

The origin of a Cartesian coordinate system, X, y, Z, is taken at the equilibrium
position of the free surface with the Z-axis pointing upward. Then the bottom
is given by Z = -D(x,),f) and the free surface perturbation is n(x,y.?). In the linear
shallow-water theory for the nonrotating case, the wave equation is (see Lamb 1945):

2 2
efv-ovn| - 5= 5P (1.124)

where V is the gradient operator. Let the bottom profile be specified as:

D(x,,t) = Do(y) + Di(x.3,0) (1.125)
where D, << Dy and Dy(y) is the bottom profile in the equilibrium state, assumed
to be prescribed in 0 < y < oo. The shore and the infinite extent of the ocean
are represented by y = 0 andeo, respectively.

From (1.124) (1.125) the wave equation to the lowest order is:

92 32 a’D
£ 3y { o(¥) J+gDo gll - Wn =— W_’ (1.126)
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The following boundary conditions must be satisfied at y = 0
0
(£> = 0if D, (0) # 0 or (n)y - o Is finite if Do(0) = 0 (1.127)
y=20

Take the Laplace Transform in ¢ and the Fourier Transform in x of (1.126)
and define:

7 (K,y.8) = fe”‘x fe'Sf n(x.p.t) dt * dx (1.128)
— 00 0
Then:
d : .‘!ﬁ} _ 2 2N o
g dy {DO(J’) dy | (gDok* + S*) 7 = F(k,y,5) (1.129)
where:
= ix [ —s: 9D, _ 3
F(ky,S) = - e e 57 diedx +Sh (kyt=0) (1.130)
oo 0

o _
+ ot (ky,t=0)

The equivalence of the effects of ground motion of finite duration and initial surface
displacement (Hwang and Tuck 1970b) makes the method of solution somewhat
independent of the exact nature of the source.

The following form was assumed for Do ():

Do(y) = Do (1-¢7%) (1.131)

where Dy and « are prescribed. This is finite at  and is analytic in the range
0 < y <. Define:

V=e® (1.132)
Then (1.129) becomes: _
Vi(1-V) Ll + V(1-2V) o
ov? Y
s? K’ | = (1.133)
Zgpy T U7V T
S 1ol
~ a’gDy B, g 0y, 9)
=G(KV, S)

Thus, the problem reduces to solving (1.133) under the following conditions:
(a) nis finite at V = 0, (b) nis finite V = 1, and (c) the radiation condition.

Slatkin (1971) determined the eigenfunctions (different possible wave modes)
of the homogeneous part of (1.133) to solve this problem, and then expanded G
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in terms of these functions. One result is that long waves can be trapped along
the coast and can travel with deep-;:vater wave speed, +/gD, and that the energy
in these waves decays as x 2 rather than as x™', so that more energy would be
observed on this coast than is expected on the basis of deep-water wave amplitudes.
The application of this theory to the Alaskan earthquake tsunami of 1964 will
be discussed in Chapter 2.

THE C-P PROBLEM INCLUDING VISCOSITY

Sretenskiy (1941) considered the transient development of one-dimensional
surface waves on a viscous fluid. Basset (1888) and Lamb (1945) studied the basic
motions and classified them in three categories: (a) damped gravity waves which
represent mainly a balance between gravitational and inertial forces, but with
modification by viscous forces, (b)a diffusive motion which represents a primary
balance between viscous and inertial forces, and (c) a creep wave, which represents
a primary balance between gravitational and viscous forces. The relative importance
of the three types of motion for any initial state depends on the viscous length:

E (1.134)

where » is the kinematic viscosity.

Miles (1968) developed a theory for the C-P problem, including viscosity, with
the aim of applying it to examine a suggestion made by Van Dorn (1968b) regarding
the origin of the concentric circular ridges that surround the crater orientale on
the moon. Miles considered an ocean of infinite depth and took the vertical axis,
z, of the coordinate system pointing downward. The ocean is initially at rest and
is subject to an impulse, p¢ (), and an initial free surface displacement, n,(r),
atf = 0. The pressure, p, and the potential, ¢, are related through:

p(rzt) =p g—(tp (r,z,1) (1.135)

where r is the radial coordinate.
Let r ¥ (r,2,¢) be the Stokes stream function (see Lamb 1945). The radial and
downward components of the particle velocity, W, are:

_ d¢ oy
- or 0z
(1.136)
__ 9% _1 9d
W=7 %2 T 7 o (r¥)

Under the assumption of infinitesimal disturbances, the linearized form of the
Navier-Stokes (N-S) equations in vector form and the continuity equation are,
respectively,

oW __ v(%) ty VW (1.137)

and
V-W=0 (1.138)
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From the above equations:

%p , 1 3¢ 02¢

- 4+ = ¥ Rl A
or* roar T 0z2 0 (1.139)
and

?y 1 oy 1 3’y _ 1 dy 1,140
a 3 or r? w+az2 oy ot (1.140)

The initial conditions are:
1.141
n(r0) = m (") (1141)

The total impulse acting on the surface at# = Ois:

I=2mp ﬂq&o(r)rdr (1.142)

The potential energy associated with the initial displacement is:

pEoznpg7 nz(r)rdr (1.143)
0

where 1, (r) satisfies the condition
f No(r)rdr=20 (1.144)
0

provided the displaced volume is zero.
The kinematic and dynamic boundary conditions (1.10) and (1.11) at the surface
assume the following forms for this situation:

on _
3 w (1.145)
9¢ Z oy, OW
3 +gn- 2w e =90 (1.146)
ou ow
oA
v (i)z 8r> 0 (1.147)

Although, strictly speaking, these conditions should be satisfied at z = 7, rather
than at z = 0, the second alternative is taken because of its simplicity, with the
understanding that the error caused is no more than the linearization of the equations
of motion.

Miles (1968) used Laplace and Hankel transforms to obtain a formal solution
to this problem. He considered two cases: (a) point-impulse problem and (b) initial
cavity problem. In the first problem, it is assumed that the radius of the area
over which the impulse is applied is negligible compared with the viscous length,
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%,defined in (1.134), and that the initial displacement vanishes identically. In the
case of the initial cavity, a nonzero initial displacement is prescribed. Results for
both cases are similar, in that the three different regimes discussed above exist.
Nikitin and Potetyunko (1967) studied the C-P problem with the inclusion of
viscosity, for a water body of finite depth (unlike Miles’ study for infinite depth).
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Chapter 2 Tsunami Generation

2.1 Tsunami- Earthquake Energy Relations, Source Areas

TSUNAMI MAGNITUDE IN RELATION TO OTHER PARAMETERS
lida (1970) followed the earlier work by Imamura (1949) to define tsunami

magnitude, m, in reference to Japan, as:

m= lng Mmax (2'1)

[

where 0,y is the maximum height in meters measured at a coast 10-300 km from
the tsunami origin. Iida (1956) gave the tsunami grade scale based on n (Table
2.1). lida (1970) cataloged the earthquakes of magnitude, M, greater than 5.8
accompanied by tsunamis, in and near Japan from 1900 to 1968. The geographic
distribution of the epicenters of the tsunamigenic earthquakes (classified according
to tsunami magnitude, m) shows that most epicenters lie on the Pacific Ocean
side of Japan (not in the Sea of Japan).

TABLE 2.1. Tsunami grade scale of lida and Imamura. Depending on the requirement, this scale has
been extended occasionally from -3 to 5. (lida 1956)

Grade scale Significance
-1 Minor tsunami with max. wave height (h) less than tm
4} h is of the order of 1 m; no damage
1 h is of the order of 2 m; house damage along coast; ships washed ashore
2 * his of the order of 4-6 m; some destruction of houses; considerable loss of life
3 h is of the order of 10-20 m; damaged area along coast about 400 km
4 h is greater than 50 m; damaged area along coast more than 500 km

Tida (1963b) studied about 100 tsunamigenic earthquakes that occurred from
1700 to 1960 and produced a diagram (not shown here) showing the relation between
tsunami magnitude, m, and water depth, D, at the epicenter. From this diagram,
the following upperbound on tsunami magnitude can be expressed:

m=1.661logD - 1.62 2.2)
where D is expressed in meters.



lida (1963b) also investigated the relation between m and log S where S is
the ratio of the water depth at the epicenter to the distance between the epicenter
and the point on the coast where m is determined. This is expressed as:

log S =0.12m + 2.12 (2.3)

or inversely
"m=833logS - 170 (2.4)

These relations show that tsunami magnitude is proportional to the slope, S, of
the sea bottom at the epicenter and that the water depth, D, at the epicenter has
more influence on m than the distance of the epicenter to the coast.

The tsunami grade magnitude scale discussed above was originally devised
for tsunamis with sources within 600 km of the Sanriku coast. This scale is not
linear, even after the logarithmic transformation. Adams (1974) devised a new
tsunami magnitude scale, based on the logarithm to the base of 2, of the run-up
expected at 1000 km from the epicenter. He called this the “logarithmically linear
scale” of tsunami magnitude. This scale is better than the tsunami grade magnitude
scale, because data are reduced to a fixed epicentral distance, even if not observed
there. The linearly logarithmic scale also includes a correction for geometrical
spreading.

THE CONCEPT OF “TSUNAMI INTENSITY”

Soloviev (1970, p. 152) pointed out the inappropriateness of the usage “tsunami
magnitude” He stated:

“If seismological terminology is applied to description of tsunamis, the grades of
the Imamura-lida scale must be designated as the intensity of the tsunami and not
its magnitude. This is because the latter value must characterize dynamically the
processes in the source of the phenomenon and the first one must characterize it
at some observational point ... the nearest point to the source included.”

Another important point made by Soloviev was the distinction between the
mean height, 7, and the maximum height, n .4, of tsunami inundation. This distinc-
tion is necessary because, although it is the mean height that is relevant for the
estimation of tsunami energy, in older descriptions of tsunamis emphasis was given
to the maximum height. The differences between mean height and maximum height
could be mostly attributed to topography. Figure 2.1 shows the relation between
71 and N . for different tsunamis. )

Soloviev defined tsunami intensity, #, as:

i = logy (v/2 ) (2.5)

Compared to (2.1), (2.5) differs in three respects. First, instead of magnitude, m,
intensity, /, appears. Second, the maximum height, n,,,,, is replaced by the average
height,77. Third, the factor, /2, was introduced to account for the average difference
in the maximum and mean heights of tsunamis of different intensities.

TSUNAMIGENIC AND NONTSUNAMIGENIC EARTHQUAKES
lida (1970) studied the relation between earthquake magnitude, M, and focal
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F1G. 2.1. Correlation between maximum 77 and mean 7
heights of tsunamis (m). 1. Sanriku, 1933; 2. Tonankaido,
1944; 3. Nankaido, 1946; 4, Tokachi-Oki, 1952; 5. Kam-
chatka, 1952; 6. Boso, 1953; 7. Iturup, 1958; 8. Chile, 1960;
9. Urup, 1963; 10. Alaska, 1964; 11. Niigata, 1964. (Soloviev
1970)

depth, H, of submarine earthquakes that occurred from 1926 to 1968 in and near
Japan (Fig. 2.2). The solid line represents the boundary between tsunamigenic and
nontsunamigenic earthquakes, i.e. tsunamigenic earthquakes occur to the right side
of this line. This (lower) limiting magnitude for tsunamigenic earthquakes is ex-
pressed as:

M = 6.3 + 0.005 H (2.6)

where the focal depth, H, is expressed in km. However, there are three tsunamigenic
earthquakes to the left of the solid line (not shown here). If these are included
then the smallest magnitude of a tsunamigenic earthquake is given by:

M=56+001H 2.7

lida (1970) also gave the following relation for the lower limit for the magnitude

of earthquakes which have generated disastrous tsunamis (i.e. tsunamis of magni-
tude > 2):

M=77+005H (2.8)
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This limit is shown by the dashed line in Fig. 2.2.
In the data represented in Fig. 2.2, there were 79 earthquakes with magnitudes

greater than given by (2.6) and yet they were not followed by tsunamis. Of these,
32 were aftershocks and 15 were relatively deep-focus shocks. Both types are unlikely
to produce tsunamis. lida used the concept of faulting to explain the fact that

the remaining 32 earthquakes were nontsunamigenic.
For these 32 earthquakes, lida considered focal-plane solutions. Radiation

patterns from both P and S waves were used, and faulting along the nodal plane
was assumed, to calculate the dip and strike components of the unit vector of
motion because of faulting. The faulting is classified as dip-slip type if the dip
component exceeds the strike component. The reverse situation is called strike-slip.
lida found that for more than 60% of the tsunamigenic earthquakes studied, faulting

was the dip-slip type. )

lida (1970) investigated the relation between earthquake magnitude and tsun-
ami magnitude classified according to the type of faulting. He concluded that
tsunami magnitude is proportional to earthquake magnitude and that most large
tsunamis result from earthquakes associated with dip-slip faulting. For other detailed
studies on Japanese tsunamis see Hatori (1970) and Watanabe (1970). For the

source mechanism of tsunamigenic and nontsunamigenic earthquakes in the north-
west part of the Pacific Ocean see Balakina (1970).

SEismMiC ENERGY VERSUS TSUNAMI ENERGY
lida (1963b) gave the following relation between earthquake magnitude, M,

and tsunami magnitude, m:
m=(2.61+022)M - (18.44 £ 0.52) (2.9)

Gutenberg and Richter (1956) gave the following relation between M and seismic

energy, E_(expressed in ergs):
(2.109)

logE =118+ 1.5M
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From these two equations, one can write:

log E =224+ 0.6 m

or .11

E =E_ X 10%6™
S Q

with .

"E, = 2.5 X 10%% ergs (2.12)

Takahasi (1951) gave the following relation between tsunami magnitude, m,

and tsunami energy, E,:

E, = E X 10%°"7 )13

with (2.13)
E, = 2.5X 10* ergs

In Takahasi’s method, the tsunami energy is estimated from the following relation
(based on symmetry, for example Equation (1.143)):

E,=mpgrveD ()7 (2.14)

where g is gravity, p is water density, r is the distance between the observation
location and tsunami source, D is the water depth at the observation point, 7 is
the average observed height of tsunami, and 7 is the duration of tsunami.

From (2.9) and (2.13)

logE, =214+ 06m =103+ 15M (2.19)
Hence, comparing (2.11) with (2.15)
‘ E.\‘ EO
— =— =10 (2.16)
Et EO

Thus, about a tenth of the seismic wave energy appears as tsunami energy. Table
2.2 supports this statement quite well (actually E;/E, has been observed to vary
over a substantial range with an average value of about 10).

TaBLE 2.2. Tsunami energy, E,, versus seismic wave energy, E;. (lida 1963a)

' Seismic wave  Tsunami energy
Earthquake Magnitude energy (E;) (E)

M) 1023 ergs 1072 ergs
Chile, May 22, 1960 8.5 35.5 3.0
Sanriku, Mar. 2, 1933 8.3 17.8 1.7
Nankaido, Dec. 20, 1946 8.1 89 0.8
Tokachi, Mar. 4, 1952 8.1 89 0.8
Tonankai, Dec. 7, 1944 8.0 6.3 0.79
Aomori, Feb. 10, 1945 7.3 0.56 0.004
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lida (1963a) gave the following empirical relation between earthquake magni-
tude, M, and the area, A, of aftershock activity (expressed in km?).
logA=09M - 3.0 (2.17)
He also deduced that the area over which crustal deformation occurs (which might
lead to tsunami generation) is equal to the area of aftershock activity. However,
care should be taken to treat this as a specific rather than as a universal result.

For Pacific Ocean tsunamis, Soloviev (1970) gave the following relation between
7 (duration of tsunami), its intensity, i, and earthquake magnitude, M:

log7=-06+0.12:+ 024 M (2.18)

Soloviev also deduced the following relation between tsunami frequency, 7, and
tsunami intensity, i:

lOg n= k1 - k2 I (219)

where &, = 0.31. He prepared a table (Table 2.3) and listed the coefficients a

and b (for different geographic regions on the globe) of the following formula

which expresses the relation between earthquake magnitude, M, and earthquake
frequency, N.

log N =4 - bM (2.20)

TasLE 2.3. Data on recurrence of earthquakes and tsunamis in the
Pacific Ocean. (Soloviev 1970)

Zone a b T
Aleutian Is. & southwest Alaska 8.43 0.92 -0.15
Kamchatka & Kuril Is. 8.72 0.96 -0.2
Hokkaido : 8.90 0.82 -0.1
East Honshu 9.21 1.08 -04
South Japan 6.80 0.80 -0.1
Japan Sea 7.07 0.86 +0.1
Ryukyu Is. 7.68 0.92 -0.4
Taiwan 8.24 1.20 -0.6
Luzon 7.84 0.96 0.0
Southwest Philippines 5.27 0.60 +0.1
Philippine Deep 7.05 0.80 -0.1
Talaud & Sangihe Is. 5.52 0.60 -0.1
Banda Sea 6.06 0.70 +0.2
Sulawesi & Kalimantan 7.86 1.00 +0.4
Djawa & Lesser Sunda Is. 8.63 1.10 -0.1
Sumatera 6.23 0.68 0.0
Irian 5.75 0.68 +0.1
New Britain & North Solomon Is.  7.35 0.80 -03
South Solomon Is. 6.67 0.75 -0.1
Santa Cruz & New Hebrides Is. 8.04 0.90 -0.2
Fiji Is. 7.00 0.84 0.0
Samoa, Tonga, Kermadec Is. 10.70 1.30 -0.45
New Zealand, North Is. 7.58 0.94 0.0
Chile & Peru 7.67 0.85 +0.15
Central America & Mexico 7.85 0.84 -0.35
California 7.20 0.90 0.0
Canada 7.94 1.00 0.0
Hawaiian Is. 7.00 0.92 +0.5
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Soloviev also defined the following parameter:

_ log n(0)

T NG 2.2
where n(0) is the frequency of tsunamis with zero intensity, and N(7%) expresses
the frequency of earthquakes with magnitude 74. Soloviev interpreted the parameter,
T, as the ability of earthquakes in a given region to generate tsunamis. Table 2.3
lists values of T for various regions.

According to Soloviev, the difference in tsunami probability among different
regions can probably be accounted for by the peculiarity of tectonics of zones.
In zones of block tectonics with rigid superficial layers and superficial seismic
activity, the probability of an earthquake exciting a tsunami is higher than in zones
of so-called arc tectonics with relatively mild superficial layers and somewhat buried
seismic activity.

METHODS OF ESTIMATING TsUNAMI ENERGY

Generally speaking there are four methods to estimate tsunami energy:
(1) based on propagation of tsunami waves from the generation area, (2) knowing
the vertical displacement at the generation area, (3) from the empirical relation
between earthquake and tsunami magnitude, and (4) knowing the maximum predo-
minant period of a tsunami.

The first (Takahasi) method has been described earlier. In the second method,
the principle that the earthquake causes the sea bottom to move vertically is used,
and the work partly goes into increasing the potential energy of sea water while
the rest goes into generation of tsunami. The work done against the hydrostatic
bottom pressure, pgD, is:

ElipgSEdeS (2.22)

where D is the water depth, b is the vertical displacement of a small portion, 48,
of the sea bottom. The work done that goes into increasing the potential energy
of the water is:

E,=pg gl b(D - %) ds (2.23)

Hence, the energy, E, transformed into tsunami is:

/

E=E1—E2=%pg§b2ds (2.24)

observations showed that E determined from (2.24) is probably an overestimate.
In an average sense, one can write:

T 0% ds = b A (2.25)

where b,, is the average vertical displacement and A is the area of dislocation
at the tsunami origin. From (2.24) (2.25)

E=Lpgb, A (2.26)
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At this stage, lida (1963a) assumed that the area, A, of bottom dislocation is
approximately equal to the area, A, of aftershock activity, which of course is a
highly questionable assumption. He gave the following relation between A and
earthquake magnitude, M:
logA=09M -7 (2.27)
This formula disagrees with the relation he gave in his 1963b paper (Equation
(2.17)). From (2.26) (2.27):
log E=9.69+09M+2log b (2.28)
Here b, is expressed in cm. Table 2.4 lists tsunami energy computed from this
formula.

TABLE 2.4. Tsunami energy estimated from vertical displacement. (Iida 1963a)

Earthquake
Vertical Tsunami
Magnitude displacement  energy

Location (M) (m) (10?2 ergy)
Mar. 3, 1933 off Sanriku 8.3 6.5 18
Nov. 4, 1952 Kamchatka 8.2 10.7 14
Dec. 21, 1946 off Nankaido 8.1 9.5 -8
Mar. 2, 1952 off Tokachi 8.1 6.5 4
Dec. 7, 1944 off Tonankai 8.0 10.0 8

2.1

Nov. 3, 1936 off Sanriku 7.7 7.1

In the third method, the empirical relations between earthquake energy and
tsunami energy were used to estimate the latter (Equation (2.13)).

In the fourth method, the empirical relation between the predominant period,
Tp, of a tsunami and tsunami energy, E,, is used:

log E, = 11.7 + 6.8 log T, (2.29)

The predominant period, Ty, of a tsunami is defined by lida (1963a) as that period
with the maximum spectral intensity which can be determined from tide-gage
records. Table 2.5 compares energy of different tsunamis determined by the four
methods.

Grigorash and Korneva (1970) studied the effect of refraction to estimate .
tsunami energy based on tide-gage records. The tsunami they studied was in the
Black Sea after the earthquake at Anapa July 12, 1966. The small tsunami caused
by this earthquake was recorded at several tide gages on the Crimean and Caucasian
Black Sea coasts. In their analysis, the tidal record from Gelendzhik was mainly
used. They assumed that the average speed of the tsunami was 180 km/h™' and
the period of the tsunami was 38 min. When refraction near the epicenter was
ignored, the energy, E;, of the tsunami was estimated to be 6.5 X 102%ergs, whereas
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when refraction is included, the energy was estimated as 2 X 10'°ergs. Thus, ignoring
refraction, one can overestimate the energy by 30 times.

TaBLE 2.5. Comparison of tsunami energy from five earthquakes. (lida 1963a)

Tsunami energy (10%? crgs)

Earthquake estimated from
Tsunami  Earthquake  Tsunami, Maximum

Location waves magnitude  magnitude period
Mar. 3, 1933 off Sanriku 17 20 16 18
Dec. 7, 1944 off Tonankat 8 8 16 6
Dec. 21, 1946 off Nankaido 8 11 16 6
Mar. 2, 1952 off Tokachi 8 11 4 0.2
Nov. 4, 1952 Kamchatka 13 16 16 13

TsUNAMI SOURCE MOTION

Adams and Furumoto (1970) recognized the binary relation between earth-
quakes and tsunamis. “...either a very large tsunami is generated or none at all....”

Japanese tsunamists have paid significant attention to the association in the area
of tsunami generation and area of aftershock activity (e.g. Hatori 1963). One impor-
tant point made by Hatori is that the tsunami-generating areas are usually elliptical.
Hatori (1970) found that the features of tsunami sources for northeastern and
southwestern Japan are different. In the northeast, sources of small tsunamis are
mostly located in the sea, at depths shallower than 2 km, and sources of large
tsunamis lie on the steep continental stope near the trench. In southwestern Japan,
sources of large tsunamis lie near the coast. The major axes of source areas are
parallel to the island arcs. The dimension of the source area of a tsunami generated
by a deep earthquake is considerably smaller than that from a shallow earthquake.
Watanabe (1970) studied the tsunamigenic earthquakes in and near Japan for
1900-68 and placed special emphasis on the tsunami source, area of aftershocks,
magnitude of earthquakes, and type of faulting. ,

Van Dorn (1964) determined the source mechanism of the Alaskan earthquake
tsunami of March 1964, based on crustal dislocation following the earthquake,
the behavior of the water immediately following the earthquake, and the tsunami
record at Wake Island. He found that enormous areas have undergone relatively
large vertical changes in elevation relative to sea level. Virtually the entire Kenai
Peninsula, from the Turnagain Arm of Cook Inlet, including the Kenai-Kodiak
Ridge, and Kodiak Island itself, appears to have subsided by 0.6-1.8 m (Fig. 2.3).
At the same time, most land areas along the sea coast from the Yakutat area to
the center of Prince William Sound have been elevated by similar amounts. The
axis about which this dipolar movement occurred is shown in Fig. 2.3.

\
N
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FiG. 2.3. Land elevation changes near the epicenter following 1964 Alaska earth-
quake. (Van Dorn 1964)

Regarding the pattern of water movement, Van Dorn stated that there was
relatively little exchange of energy between Prince William Sound and the Gulf
of Alaska, because the Sound is virtually cut off from the Gulf by a group of
islands. Van Dorn analyzed the tsunami record at Wake Island (6052 km from
the epicenter) and concluded that a large fraction of the tsunami energy was
contained in a solitary wave formed in the Gulf of Alaska.

Pararas-Carayannis (1967) studied the source mechanism of the 1964 Alaskan
earthquake tsunami somewhat along the same lines as Van Dorn (1964). Although
his results generally agree with those of Van Dorn, there are some differences.
He estimated the total area of displacement by the earthquake to be 215,000 km?.
Van Dorn has not given any corresponding value, at least explicitly. The energies
of the tsunami were estimated by the authors as 5.88 x 10°! ergs (Pararas-
Carayannis) and 2.3 X 10*'ergs (Van Dorn).
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Pararas-Carayannis also supported the contention of the Japanese tsunamists
that the area of major aftershock activity and the generation area of tsunamis
roughly agree. To support this, he stated that about 52 aftershocks occurred following
the 1964 Alaskan earthquake, the areas agreeing with tsunami source area.

Van Dorn attributed the tsunami to the tectonic movement caused by the
earthquake, but Pararas-Carayannis, although agreeing with Van Dorn about the
tsunami in the Gulf of Alaska, argued that in Prince Willilam Sound waves were
generated by slumping and landslides, in addition to the tectonic mechanism. He
reasoned that if the tsunami was only generated by tectonic movement, then the
first wave would be the highest. However, observations showed that at Uzinki,
Kodiak City, Women’s Bay, and other places on Kodiak Island, the third and
fourth waves were highest. In fact, Pararas-Carayannis identified two different
major tsunamis in Prince William Sound, one at Montague Island and the other
at Port Valdez.

Pararas-Carayannis (1967, p. 308), however, was careful not to attach too much
importance to the second mechanism. He stated:

“Slumps or avalanches, similar to the ones that occurred in Prince William Sound,
are usually localized; they can produce no large tsunamis that would travel across
wide portions of the ocean. According to Wiegel (1954), not more than 2% of the
potential energy of a falling or sliding body is converted into wave energy. In Prince
William Sound however, slumping and sliding when added to tectonic movements
created tsunami waves of very large energy, but their effect was catastrophic only
locally; very little of the energy escaped the Sound.”

Van Dorn (1963) determined the source mechanism of the tsunami caused
by the Aleutian earthquake of Mar. 9, 1957. The principle used was to take the
wave record at Wake Island and calculate its spectrum. By inversion of the
Kanzer-Keller solution (Chapter 1) the spectrum at the source was obtained. He
found that the tsunami source was a circular depression and had displaced a total
volume of 2.3 X 10" m>, About 4% of the seismic energy had gone into tsunami
energy.

Sokolowski and Miller (1970) developed a simple technique for identification
of tsunami source region from a single seismic record. Although this method might
not work universally, it has the merit that (where it works) it can be used in real
time prediction. Sokolowski and Miller (1970, p. 135) described the principle of
their method:

“In selected cases, there appears to be a similarity between seismic records of earth-
quakes which occur within a small source region. This similarity exists only between
the record of a given seismograph station, not between the records of earthquakes
recorded at different stations. If this similarity is consistent, it may be possible to
identify in real time the particular fault system in which an earthquake occurs, assuming
a sufficient amount of reference data exists. As the net ground motion along a given
fault is typically consistent, it should be possible to improve the estimation of tsunami
generation.”

In Chapter 3, the T-waves produced by an earthquake will be considered.
Johnson (1970) proposed a method to determine the rupture length following an
earthquake, by T-phase data. Johnson believed that rupture length is better than
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earthquake magnitude as an indicator of the tsunami-generating potential of an
earthquake. Certainly this presents a different viewpoint and should be seriously
considered.

Johnson and Norris (1968), during their study of a series of Aleutian earthquakes
starting Feb. 4, 1965, showed that T-phase source solutions appeared in groups
about some points along the Aleutian ridge. These cluster points were referred
to as T-phase radiators and, according to the authors, a major earthquake will
excite T-phase radiators in a sequence as the rupture progresses along the fault.
Eaton et al. (1961) proposed that the duration of the T-phase can be used to estimate
the rupture length.

Johnson and Norris (1968) studied the Fox Island earthquake swarm of Dec.
21, 1962, and showed, through study of the T-phases, that each earthquake in
the swarm affected the same region of the ocean floor, but with differing strengths.
They concluded that the region affected was too confined and could not generate
a tsunami and their surmise proved to be correct.

It might not be feasible to collect the T-phase from different stations and
coordinate it properly for practical prediction in the short time available. To over-
come this difficulty, Johnson (1970) proposed that an array of hydrophones be
used at a single station and the azimuth of the signal received could be calculated
through cross-correlation analysis.

There might be some difficulty in determining precisely the duration of the
T-phase (defined as the time between the arrivals of the T-phase from the first
and last radiator excited by the main shock) when aftershocks are present. Johnson
proposed to rectify this by a correlogram that would show a monotonic variation
in the azimuth of the peaks.

Ionospheric recording of Rayleigh waves due to earthquakes (e.g. Yuen et al.
1969} can be used to determine the source mechanism. This method will be especially
advantageous for the real time tsunami prediction problem, because other seismic
methods of determining the source mechanism through P or S wave analysis might
be impractical in the short time available.

Furumoto (1970) proposed that Rayleigh waves recorded by ionospheric
Doppler effects could be studied through the surface wave analysis technique
developed by Brune et al. (1960), to yield information on the source mechanism.
The success of this method will depend on a prior knowledge of the dispersive
properties of the medium between the epicenter and the seismic recording station.
For details of the surface wave analysis see Brune et al. (1960).

2.2 Tsunami Generation by Earthquakes

In Section 1.2 the classical C-P problem and the theories of Kranzer and
Keller, and Kajiura were considered. In this section, the application of the C-P
problem to tsunami generation following occurrence of an earthquake will be
discussed. Special emphasis will be given to numerical models that simulate tsunami
generation much more realistically than analytical models.
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ANALYTICAL MODELS

Modifications to the classical C-P problem — Carrier (1971) developed an
analytical theory for the generation and propagation of tsunamis and applied this
to the 1964 Alaskan earthquake tsunami. Two important results emerged: (1) for
tsunami source areas of considerable breadth dispersion is not important, whereas
for narrow initial displacements it is extremely important; (2) if the statement that
the second or third crest is higher than the first is valid, then the ground displacement
must consist of elevation and subsidence and not just elevation.

Podyapolsky (1970) developed a theory for tsunami generation by treating
the crust of the earth as an elastic solid half-space and treating the ocean as an
elastic liquid in a uniform field of gravity. Displacement of the ocean bottom
following the earthquake was considered small compared to the uniform depth
of the ocean. He concluded that the differences between his theory and the relatively
simpler classical theory are insignificant for periods of the order of 10%s, but for
tsunamis with periods up to 10% s, the classical theory is adequate.

Cherkesov (1965, 1966a, 1968) and Fedosenko and Cherkesov (1968) studied
the effect of inhomogeneity of the ocean on tsunami waves. They showed that
the effect of stratification on tsunamis is not significant. One interesting conclusion
of Cherkesov’s 1965 paper is that secondary tsunamis could be caused by nonunifor-
mity such as depth discontinuities, when a density discontinuity occurs simul-
taneously. Cherkesov (1970) investigated the effect of viscosity on tsunami generation
and propagation and showed that viscosity reduces the maximum wave amplitude
at some point far from the source area; this reduction factor depends on shallow-
water and deepwater depths. Also, viscosity influences low water after the arrival
of the main crest of the tsunami.

NUMERICAL MODELS FOR TSUNAMI GENERATION

Compared to analytical theories available for tsunami generation, numerical
models aimed at simulating tsunami generation are few. Aida (1969a, b) used
numerical modeling to study the tsunamis caused by the 1964 Niigata and 1968
Tokachi-Oki earthquakes. The computed water levels at two stations agreed reason-
ably well with observed levels (Fig. 2.4). Aida (1969a) assumed instantaneous
deformation of the bottom, whereas in his 1969b paper he considered progressive
deformation. These numerical experiments threw some light on the important
question of directivity coefficient, defined as the ratio of the heights of the waves
radiated in opposite directions. The directivity coefficient depends on the speed
of the bottom deformation in the horizontal plane. If the depth decreases in the
direction of progress of the bottom deformation, then the directivity coefficient
increases in that direction.

Hwang and Divoky (1970, 1971, 1972) numerically simulated the tsunami
generation and propagation following the 1964 Alaskan earthquake. Hwang et al.
(1970a) performed numerical experiments to simulate the tsunami generation caused
by the underground nuclear explosions “Milrow” and “Cannikan” and the Rat
Island earthquakes. Hwang et al. (1970b; 1972a, b) simulated the tsunamis due
to the Alaskan earthquake of March 1964, the Chilean earthquake of May 1960,
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Fi1G. 2.4. Comparison between observed and computed wave forms of the Funakawa
and Niigata tsunamis. (Aida 1969a)

and the Andreanof earthquake of 1957.
Hwang et al. (1970a) assumed that a portion of the sea bottom moves as:

Z=-t(xp,1) (2.30)
The continuity equation is:

on ¥\, 3 [ | . 8 ) -
(ar ar>+ ax 1(D 5*’7)UJ * {(D ) VJ =0 (2.31)

where U and V are the vertically averaged velocity components in the x and y
directions, D is the water depth, n is the water level relative to its equilibrium
position, and £ is the displacement of the ocean bottom. The horizontal equations
of motion, with the inclusion of the convective acceleration terms but the neglect
of friction and Coriolis terms (in later models they included Coriolis terms and
spherical polar coordinates), along with the continuity equation, form a set of three
equations for the three variables U, V, and 7.

The finite difference forms of these equations, suitable for numerical integration
in time, were adapted from Leendertse (1967). Each time step was split in half.
In the first half step, n and U were computed implicitly whereas V was computed
explicitly and this process goes from time step n At to (n +%) At. During the
progression to (n+1) Az, n and V are computed implicitly and U is computed
explicitly. Inclusion of the Coriolis terms needs special attention because U term
occurs in the V. momentum equation and vice versa.
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Hwang and Divoky (1970) numerically simulated the tsunami created by the
1964 Alaskan earthquake and prescribed the following bottom displacement: let
(a,b) and (i)) denote the coordinates (with reference to a Cartesian system) of
the epicenter of the main shock and some point in the source region. Then the
vertical motion at (i,f) is assumed to start at time

1

_Bx o _e2l?
LTV (a=0)? +(b-7) (2.32)
b
where Ax is the grid spacing and V, is the velocity with which the rupture

propagates. Platker and Savage (1970) estimated V) to be 3-4 km/s.
The bottom displacement is prescribed as follows:

Qfort<rt. .
S

, (=t ;)
. J
gl_,/_([) = gl.’]. sin? {_?T_J for L <r < t +7 (2.33)

14

Si,j for t > oy +7

Here 7 is a characteristic time scale of ground motion. Berg and Housner (1961)
estimated 7 ~ 10s generally. The parameter E',-'/- is the permanent displacement
ati,j following the earthquake.

Figure 2.5 shows the positions of the leading wave of the tsunami at successive
times (in seconds). The dotted area represents the tsunami source region. For large
travel distances, instead of a Cartesian system, spherical polar coordinates were
used (Hwang and Divoky 1975).

o :
FiG. 2.5. Position of leading disturbance of the Alaskan tsunami at successive times
(in seconds) (region of ground motion shaded). (Hwang et al. 1970b)
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Although use of a spherical polar coordinate system makes the model more
sophisticated, nevertheless, there are some uncertainties in the boundary conditions.
Usually, a condition of complete reflection is adopted at closed boundaries, mainly
for simplicity. This is not a good assumption because limited evidence indicates
tsunami energy is lost at a rate of roughly 60% per shoreline interaction (Munk
et al. 1962). A better condition should incorporate such a dissipative factor into
the model. The condition at-open boundaries is more difficult to specify. The physical
requirement is that the wave be totally transmitted through the boundary, but
this cannot be achieved without computation beyond the boundary. An artifice
sufficiently accurate is to assume that the wave profile travels without change of
form across the final space grid point. Figure 2.6 shows the position of the leading
wave of the tsunami at several times, following the Chilean earthquake of May
1960. The dotted area shows the tsunami source region.

86
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FiG. 2.6. Computed position of leading disturbance at various times, Chile 1960: region of ground
displacement shaded. (Hwang and Divoky 1975)

These numerical experiments also confirmed the phenomenon of energy radi-
ation preferentially directed normal to the major axis of the source. This directivity
of radiation is dependent on the elongation of the source region. It appears that
sources for large tsunamis are typically quite elongated with major axes paralleling
the local coast, trench, or island arc so that generally the dominant flow of energy
is seaward.

Garcia (1972) studied the generation of tsunamis due to motion on the eastern
end of the Mendocino Escarpment near California. He used the complete
Navier-Stokes equations and restricted his study to the first 200 s after generation.
An initial single crest split in two and moved in opposite directions. He verified
his numerical results against his laboratory experiment which will be briefly dis-
cussed later.
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2.3 Tsunami Generation by Nonseismic Causes

Tsunami generation caused by sources other than earthquakes (such as volcanic
eruptions, nuclear explosions, and landslides) will be considered.

APPLICATION OF C-P PROBLEM TO EXPLOSIONS AT OR NEAR THE WATER SURFACE

Terazawa (1915) studied an extended initial disturbance below the surface to
simulate an underwater explosion. He assumed that the water body had infinite
horizontal dimensions and infinite depth. Two different forms of initial conditions
were made: he allowed first an initial surface displacement without an initial
velocity, and second, an initial surface impulse without an initial surface
displacement. Terazawa (1917) also considered the case when an explosion occurred
below the free surface at a finite depth. However, he made at least two unrealistic
assumptions: first, that either the explosion took place at such great depth or was
so weak that it would not break the water surface by ejecting a column of water
upward; and second, that the pressure pulse generated by the explosion was assumed
to travel with infinite speed. The second assumption enabled him to use the method
of images, widely used in electrostatics.

Nomura (1938) extended Terazawa’s work to include water of finite depth.
Unoki and Nakano (1953a, b) applied the C-P problem to the tsunamis generated
by the Myojin volcanic explosions. Keller (1963) showed that a displacement at
the surface is more efficient in producing water waves than an identical displacement
at the ocean bottom. Levy and Keller (1963) considered instantaneous vs. noninstan-
taneous sources, point sources vs. extended sources, and symmetric vs. asymmetric
sources.

TsuNaMis DUE To VoLCANIC ERUPTIONS

The volcanic Myojin Reef (32°N,140°E) erupted several times in September
1952, and generated three different tsunamis (Nakano et al. 1954). The first tsunami
occurred Sept. 16; the second, Sept. 24, and was probably responsible for the
destruction of the survey ship Kaiyo-Maru No. 5, belonging to the Hydrographic
Service of Japan. A third tsunami occurred Sept. 26. Lane (1965, p. 252) stated
that the tsunamis attained maximum heights of 7 m.

When the volcano Sakurajima erupted in January 1914, it proved to be one
of the largest volcanic eruptions in the history of Japan. The tsunami following
the major eruption attained a height of about 3 m. There appears to be an association
between volcanic eruptions and earthquake swarms. One example is the Ebino
earthquake swarm in 1968 and its relation to the Kirisima volcanoes. These swarms
generated tsunamis that caused some damage to the coasts of Miyazaki and Kooti
prefectures.

The volcanic Mount St. Augustin, Alaska, erupted on Oct. 6, 1883, at about
0800 h (local time). Twenty five min after the eruption, a tsunami 7.6 + 0.9m
high invaded Port Graham (Davidson 1884). Two waves 5.5 and 4.6 m high followed
at 5 min intervals.

One of the most powerful volcanic eruptions appears to have occurred around
1450 B.C. (suggested through radio carbon dating). The volcanic island Santorin
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(now called Thera) in the Aegean Sea erupted. The tsunami generated was estimated
to have been over 100 m high and inundated the shorelines of the eastern Mediter-
ranean Sea (Marinatos and Imboden 1972). According to the authors, the Santorin
eruption was more violent than that of Krakatoa (83 km?® of erupted island vs.
21 km?).

A most devastating tsunami due to nonseismic causes occurred when the volcano
Krakatoa (in the Sunda Strait between Java and Sumatra) erupted in August 1883.
The major eruption occurred at 1055 h (Batavia time) on Aug. 27, and was the
largest explosion in recorded history. The tsunamis following this underwater erup-
tion were up to 30 m high and caused extensive damage on the coasts of Java
and Sumatra (Lane 1965). About 36,000 people died, 295 villages and towns were
inundated, and 5000 ships were destroyed. The tsunami appears to have traveled
at speeds from 560 to 640 km/h. The tsunami was noticed at Port Elizabeth (Gill
1883) in South Africa (8045 km away) and there are indications that it might have
arrived in the English Channel (17,700 km from Krakatoa). For details on the
tsunami heights at various locations see Verbeek (1884). The period of the tsunami
varied from 75 min at Negapatam (on the southeast coast of India) to 24 min
at Aden. The wave amplitude varied from 0.56 m at Negapatam to 0.23 m at Aden.
No tide-gage disturbances were observed at Singapore, only one-third the distance
of Negapatam. There appears to be two reasons for this. First, the directivity of
the tsunami was such that its energy was concentrated toward the Indian Ocean
(and not toward Singapore) and second, many shallow areas and islands between
Krakatoa and Singapore could have dissipated the tsunami.

The tsunami was also recorded (Boutelle 1884) at Kodiak, Alaska, and at
Saucelito, near San Francisco. One curious result was that, although Kodiak is
2370 km closer to Krakatoa than San Francisco, it felt less impact of the tsunami.
Also, the tsunami appeared to have arrived earlier at San Francisco than at Kodiak,
which probably can be explained by the different paths traveled by the tsunami.

Earlier explanations of the tide-gage disturbances following the Krakatoa
eruption were based on the travel of the tsunami as a long gravity wave, whereas
later theories also included the important phenomenon of atmospheric-oceanic
coupling. The Royal Society prepared an extensive report on the various aspects
of the Krakatoa eruption (Symens 1888) and this report formed the basis for several
investigations.

Ewing and Press (1953, 1955) explained the tide-gage disturbances through
the concept of coupling between the atmosphere and the ocean. In their 1953 paper
(p- 3) they described some important consequences of the eruption. A barometric
disturbance traveled outward from the volcano and was recorded at many stations
on at least three passages around the earth. Ewing and Press specifically examined
the following conclusions arrived at by Captain W. J. L. Wharton (in the Royal
Society Report) on the tsunami following the eruption: (1) to the north and east
in the Java Sea the waves could be traced for 724 km, then were reduced to small
amplitudes; (2) to the south and east the propagation was limited, not extending
beyond the west coast of Australia; (3) to the west the waves traveled over great
distances, reaching Cape Horn and possibly the English Channel; and (4) distur-
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bances in the Pacific and Caribbean had no connection with Krakatoa, but were
the results of some seismic activities.

Ewing and Press concluded that, whereas the tide-gage disturbances in the
Indian Ocean could be explained as due to the tsunami, disturbances in the other
oceans could be accounted for by the coupling of the barometric disturbance to
the ocean. This latter assumption was based on the fact that the times of tide-gage
disturbances correlated well with arrival times of either the first or second airwave.

Ewing and Press (1953) gave a table listing some stations outside the Indian
Ocean where the tide-gage disturbances were observed, with the local times of
arrival of the airwave, and the expected arrival time of the tsunami generated
by atmospheric coupling. A correction (based on Wharton’s work) was applied
to the travel times to take into account the shallow region near the tide-gage station.
The differences between the observed time of tide-gage disturbance and expected
time of occurrence based on atmospheric coupling were generally less than 1 h.
Only at St. Paul (Kodiak Island) was the difference as large as 4.5 h. Ewing and
Press hypothesized that the Alaskan Peninsula and the mainland of North America,
respectively, could have blocked the first and second waves.

Although Ewing and Press (1953, 1955) proposed the mechanism of air coupling
they did not resolve the subsequent problems their hypothesis raised. They men-
tioned they were investigating whether a free wave in the ocean with a phase
speed of 1100 km/h (the phase speed of the Krakatoa airwave) is possible and
whether significant coupling of atmosphere to ocean could occur even though there
is no resonance.

Press and Harkrider (1966) considered this problem and calculated the acous-
tic-gravity modes (described in Chapter 6) for an ocean of uniform depth of 5 km,
underlying an atmosphere with many isothermal layers. This calculation (Press and
Harkrider 1962; Harkrider 1964) revealed that free waves with phase velocities
close to long gravity waves in the ocean do exist in the atmosphere and these
could efficiently transfer energy to the oceanic modes.

To prove that the atmospheric mode did excite the ocean mode, Press and
Harkrider (1966) plotted the ratio of the water level deviation to the atmospheric
pressure at sea level as a function of the phase velocity, and found resonant peaks
corresponding to all gravity modes.

Garrett (1970), although agreeing with Harkrider and Press (1966, 1967) on
some counts, disagreed on others and offered, in my opinion, a correct explanation.
Garrett (1970, p. 44) questioned the possibility of the airwave having the same
phase speed as the ocean wave generated by the Krakatoa eruption, and elaborated
on his skepticism as follows:

“There are certain difficulties associated with the mechanism proposed by Harkrider
and Press, notably those connected with the difference between the phase and group
velocities of the atmospheric gravity wave, and with horizontal variations in ocean

depth, but it suffices to point out that their theory is inconsistent with many of the
observations”

Garrett proposed that free ocean waves are produced by the atmospheric
pressure pulse at any abrupt change in the depth of the ocean (e.g. the continental
slope), and he satisfactorily accounted for the observed tide-gage disturbances.
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According to the inverse barometer effect, 1 millibar (mb) of surface pressure
corresponds to an amplitude of about 1 cm. The atmospheric pressure wave from
Krakatoa was probably a few mb, but as the tide gages are situated usually in
shallow water, the forced displacement of the sea surface due to the pressure wave
would be much less than 1 cm, and undetectable.

Garrett then considered free waves generated at a depth discontinuity. Com-
pared to the wavelength of the airwaves from the Krakatoa eruption, the continental
slope can be treated as an abrupt depth discontinuity, rather than a gradual variation
of depth. Thus, in the course of traveling over the ocean to the coast with an
amplitude of a few mb, a pressure pulse can produce a transmitted free wave
with an amplitude of several cm and can be detected. Shallowing and resonance,
could amplify this even further.

Before comparison with observed data, the highlights of Garrett’s theory will
be briefly summarized. The atmospheric pressure pulse from Krakatoa could gener-
ate at the continental slope free ocean waves of sufficient amplitude to be detectable
by coastal tide gages. When the airwave arrives from the ocean to the land, the
first sea wave could be thought of as a free wave generated at the continental
slope, but when the airwave travels from the land to the ocean, the sea wave
is hardly detectable (available data indicate this). Sea waves arriving at later stages
may be explained as free waves generated either at the opposite side of the ocean
or at some other major depth changes in the ocean so these depth changes may
focus the long waves at certain places, enhancing their amplitude.

Let #,, #5, and 1, respectively, be the times when the airwaves pass the tide gage,
the travel time of the sea wave from the continental slope to the tide gage, and
the travel time of the airwave from the continental slope to the tide gage. Then
the expected time of the sea wave at the tide gage is 7, + 15 - 7, which is strictly
true only for normal incidence. But as ¢, << /g, the sea wave is expected approxi-
mately at time, ¢;, after the arrival of the airwave. This agrees with the conclusions
arrived at by Ewing and Press (1953) based on Wharton’s data, bearing in mind
that Ewing and Press considered only the first arrivals. Also, some identifications
of the disturbances by Wharton on the tide-gage records are open to doubt, according
to Garrett.

Garrett (1970) was surprised that the extensive Royal Society Report by Symons
(1888) contained no information on the pressure amplitude of the airwaves. However,
Scott (1883) showed that in Europe the first two airwaves (one direct and the other
through antipodes) had an average range of 3 mb. As Europe is roughly 90° from
Krakatoa, the airwave was not the largest. It is quite possible that, with pressure
amplitudes in excess of 3 mb, the airwaves could have caused the observed tide-gage
disturbances.

Another conclusion of Ewing and Press (1953) was that no tide-gage distur-
bances were observed when the airwave traveled from the continents to the oceans.
This is in agreement with Garrett’s theory, because the sea wave in this case should
only have { the amplitude of the reverse situation, at least for normal incidence.
According to Garrett, this wave should disturb the tide gage at 75 + ¢, after the
passage of the airwave over the gage.
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FiG. 2.7. The Devonport tide record following Krakatoa eruption. (Garrett 1970)

Figure 2.7 shows the tidal record for Devonport where the generated sea wave
(when the airwaves traveled from land to ocean) was detectable. In this diagram,
A" and A are the arrival times of the direct airwave and the airwave through
the antipodes. A! is offshore and A™ is onshore and both were approximately normal
to the continental slope. The first arriving sea wave associated with A" is marked
S™ whereas S' is the first arriving sea wave associated with A Garrett explained
that the sea wave at San Francisco which arrived 5% h after the first (onshore airwave)
probably was generated either near the Philippines, or as the airwave was passing
over the Mariana Ridge south of Japan. Some contribution to the San Francisco
record might have come from the refracted free waves generated by airwaves
traveling over the Hawaiian Ridge and the Aleutians. The main sea wave at St.
Paul (Kodiak) arrived some 13 h after the arrival of the first wave and 2 h before
the arrival of the second. This sea wave might have been generated at the Philippines
and then reflected off North America.

TsuNnaMis DUE To NUCLEAR EXPLOSIONS

Garrett (1969, 1970) tried to detect the sea waves arising from the atmospheric
pressure pulse caused by the large Soviet nuclear test on Oct. 30, 1961, over Novaya
Zemlaya, when a 5.7 X 10'® kg bomb was detonated. No significant sea waves were
detected either associated with this test or any other atmospheric nuclear test (un-
derground nuclear tests will be considered later). To understand the energies involved
in nuclear explosions and volcanic eruptions, according to Press and Harkrider
(1966), a surface explosion of 100-150 X 10'® kgm would be required to duplicate
the pressure pulses generated by the Krakatoa eruption.

Van Dorn (1961) made wave measurements at Eniwetok Atoll, Wake Island,
and Johnston Island during the underground nuclear explosions “Cherokee,” “Zuni,”
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FiG. 2.8. Distribution of wave recording stations and great circle distances in kilometers from Bikini
Atoll. Contours give instantaneous positions of wave front originating at Bikini at 20-min intervals.
(Van Dorn 1961)

- “Navaho,” and “Tewa” conducted at Bikini Atoll in 1956. Figure 2.8 shows locations
of the tests and observing stations, and the number below the names of observing
stations are the great circle distances between that station and Bikini Atoll in nautical
miles.

From the analysis of his data, Van Dorn found that the linear theory was
adequate to account for the observed dispersion of these gravity waves as well
as their decay with increasing distance. Van Dorn also studied the dispersion of
the tsunami of Mar.9, 1957, and it was quite similar to that of the explosion-
generated waves. Thus, Van Dorn’s study gave support to the contention that for
a centered wave system phase dispersion does not depend on the nature of the
source. Another interesting result from Van Dorn’s study is that even small islands
can effectively scatter the waves and a correction has to be applied in calculating

Wave Height {cm)
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N

1 1 ] | i
10  Time (min) 20

FIG. 2.9. Waves generated by the underground nuclear test Oct. 1969, Amchitka
Island. (Vitousek and Miller 1970)
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the rate of amplitude decay. For details on the scattering correction see Van Dorn
(1961, fig. 15).

Vitousek and Miller (1970) described an instrumentation system that could
be used to measure tsunami waves in the open ocean. They claimed this system
is capable of functioning to a depth of 6 km. Here, only the measurements made
by this system on the tsunami due to the “Milrow” underground nuclear explosion
on Amchitka Island, Oct. 2, 1969, will be briefly discussed. Figure 2.9 shows the
envelope of waves generated. This test, which had a yield of about 10° kg, produced
waves only with amplitudes of a few cm. The “Cannikan” explosion on Amchitka
Island in 1971, with a yield of about .5 x 10'° kg, did not create a significant
tsunami,

Hwang et al. (1970a) performed numerical experiments to simulate the tsunamis
generated by the underground nuclear explosions “Milrow” and ““Cannikan” Figure
2.10 shows the contours of the water level of the tsunami generated by the Milrow

|- 51°25°

- 51°20°

Wave Elevation Contours
— —~— Region of Subsidence

179°05' 179°10
1 1

FiG. 2.10. Surface displacement contours (in cm) resulting from nuclear test on
Amchitka Island. (Hwang et al. 1970a)

53



test, as simulated by a numerical experiment. In this diagram, the epicenter refers
to the site of the explosion.

TURBIDITY CURRENTS AND LANDSLIDES

Although turbidity currents and tsunamis are not directly related, nevertheless,
both could be caused by earthquakes such as the 1929 Grand Banks earthquake.
This topicis included because it is considered part of the tsunami literature. Turbidity
currents and tsunamis could also be generated by landslides whether or not an
earthquake occurred.

Most submarine telegraph cables from North America to Europe pass south
of Newfoundland (Heezen and Ewing 1952). At about 2032 h GCT, Nov. 18, 1929,
an earthquake of magnitude 7.2 occurred on the continental slope southeast of
the Cabot Trench. This generated a tsunami that caused considerable property
damage and loss of life along the shores of Placentia Bay.

Another important consequence occurred during the 13 h and 17 min following
the earthquake. An orderly sequence of breaks occurred in the telegraph cables
to 483 km south of the epicenter. According to Heezen and Ewing (1952), although
all cables along the continental slope and on the floor of the ocean south of the
epicenter were broken, none on the continental shelf were disturbed. The exact
times and locations of the cable breaks were known, respectively, from the telegraph
records and resistance measurements.

Bucher (1940) hypothesized that erosion in the submarine canyons caused by
the tsunami left the cables unsupported, thus leading to breakage. Heezen and
Ewing (1952) criticized Bucher’s explanation on the grounds that the cable breaks
were too regular in time and the cables were of different ages and breaking strengths.
In turn, they offered the following explanation (Heezen and Ewing, p. 864):

“A severe shock jarred the continental slope and shelf, setting landslides and slumps
in motion. These virtually instantaneous movements affected an area 129 by 241 km
along the continental slope. These mass movements, starting on the relatively steep
continental slope, raced downward, and by the incorporation of water, the moving
sediment was transformed from sliding masses into turbidity currents. Undoubtedly
the pattern of canyons and tributaries caused initial concentrations of the flow, but
as the canyons joined the currents grew larger, quickly becoming so large that they
were not restricted by the submarine canyons and eventually covered the bottom
of the 322-km wide bight which lies between the southern Grand Banks and the

continental slope off Sable Island. The currents had many times the force necessary
to break the cables, and snapped each cable shortly after reaching it

Plapp and Mitchell (1960, p. 983) defined a turbidity current as follows:

“A turbidity current occurs along a sloping bottom in a large body of liquid when
liquid adjacent to the bottom contains suspended sediment that causes the average
density of the mixture to be greater than the density of the surrounding clear water.

The current flows down the slope and may continue to flow for a long distance after

it reaches a relatively level section of the bottom.”

Calculations of the progress of the turbidity current following the 1929 Grand
Banks earthquake was based on the orderly breaks in the cables. The first cables
to break were on the continental slope. In the literature, many more details are
given of this particular turbidity current and the cable breaks.
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A schematic representation of a turbidity current with low and high velocity
isshown in Fig. 2.11.
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FiG. 2.11. Diagrammatic section of turbidity currents. (A) current with relatively
coarse suspended load (or small velocity), (B) current with relatively fine-grained
suspended load (or high velocity). (Kuenen 1956)

Heezen and Ewing (1952) showed rather convincingly that the successive series
of breaks in the telegraph cables following the Grand Banks earthquake of 1929
were caused by the turbidity current generated. Heezen et al. (1954) presented
additional evidence.

Kuenen (1952) agreed that turbidity currents broke the cables, nevertheless,
he wondered whether velocities of up to 100 km/h are possible over hundreds
of kilometers of level ground. The following estimate made by him shows that
these velocities are not unreasonable.

He estimated the size, V, of the turbidity current from the relation:

V = C/msd (2.34)

where C is a constant, s is the slope of the ground on which the current is flowing,
d is the effective density, and m is a hydraulic mean depth. Actually this formula
is normally used to calculate the velocity of flow in a river. As is obvious, the
constant, C, which depends on friction, must be larger for the turbidity current
than for river flow.

According to Kuenen, C could have maximum values to 700 or 800 cgs. He
gave tables of the velocity of the turbidity current for different slopes with C = 400
and d = 0.6. He also varied C from 200 to 600 and d from 0.3 to 0.8. The maximum
velocity of the turbidity current was calculated to be 101 km/h.

Heezen and Ewing (1952) estimated that the velocity of the turbidity current
at the first breaking point was about 101 km/h whereas Kuenen’s (1952) estimate
gave an average velocity of 143 km/h. The initial slide was estimated to be 50 m
thick, but the thickness of the turbidity current was estimated at 270 m, and the
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average thickness of the deposited bed was | m. According to Kuenen, these values
are reasonable and the hypothesis of turbidity current causing the breaks is sound.

Heezen and Ewing (1955) and Heezen (1963) provided some data on the break
of submarine cables in the Mediterranean Sea following an earthquake in Orleans-
ville, Algeria. The cable breaks occurred mainly in the Balearic abyssal plain.

Plapp and Mitchell (1960) developed a steady state theory for turbidity currents
based on the concepts of boundary-layer flow. The driving force for the turbidity
current is the excess density of the fluid in motion over that of the surroundings.
In this situation the Reynolds Number will be such that the flow would be turbulent
and this turbulence keeps the sediment particles suspended.

Plapp and Mitchell identified the following as the important parameters of
the problem: ocean bottom slope, thickness, velocity, and density of the turbidity
current. ,

Benjamin (1968) presented a theory of gravity currents under rather ideal
conditions. He presented schematically a gravity current (also called a density
current) consisting of a head wave followed by a turbulent zone where a heavy
fluid flows along a horizontal bottom (Fig. 2.12A). As the density of the surrounding
fluid is less than the density of the current, the piezometric pressure gradient provides
the motive force.

Benjamin referred to the work of Prandtl (1952), who assumed that the velocity
of the mean flow is greater than that of the front so that a portion of the stream
is deflected up near the front. Benjamin also referred to the work of Von Karman
(1940) (see Fig. 2.12B) where the coordinate system is moving with the denser fluid
(density, p;). Von Karméan used Bernouilli’s theorem for steady irrotational flows
to get the following results: (a) at the forward stagnation point, the angle between
the bottom and the interface is 60°, and (b) the flow velocity is given by:

¢ = \/ﬂfyf—) (2.35)

where H is the asymptotic height of the interface above the bottom as showh in
Fig. 2.12B.

Benjamin argued that although (2.35) is essentially correct, the arguments of
Von Karman leading to it are not, because energy conservation is not possible
in this case. A more appropriate condition is the overall balance of momentum
fluxes against the fluid forces.

Benjamin also made an analogy to the flow past a cavity shown in Fig. 2.12C.
In this setup, a long rectangular box is filled with liquid, then one end is opened;
as the liquid flows out the air cavity travels along the length of the box.

Benjamin gave the following expression for ¢,, to compare the theory with
Keulegan’s (1958) experimental measurements on density currents involving the
movement of saline water into fresh water: ‘

gHAp
P2

¢ = C, (2.36)
where p, is the density of the lighter fluid. Benjamin’s theoretical estimate for C,
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F1G. 2.12. (A) Observed from gravity current, (B) theoretical model proposed by Von Karmin, (C)
illustration of motion when liquid flows from a long horizontal box. (Benjamin 1968)

is 1.414 and Keulegan’s value is 1.20. Benjamin attributed the influence of the
upper boundary to this discrepancy. He also mentioned that Keulegan gave a
universal value of 1.07 for C; applicable for Reynolds numbers larger than 500;
the Reynolds Number being defined as:
¢, H
R, =~
where v is the kinematic viscosity of the stream.

(2.37)

WATER WAVES GENERATED BY LANDSLIDES

There have been numerous instances of very large water waves generated by
huge rock falls and landslides. On July 9, 1958, following an earthquake, a portion
of a mountain fell into Lituya Bay, Alaska, causing an upsurge of water over 518 m
(Miller 1960). Submarine landslides following the 1964 Alaskan earthquake caused
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huge waves with amplitudes to 30.5 m in several places on the coast of Alaska
(Kachadoorian 1965). On Oct. 9, 1963, a great rock slide fell 175 m into a reservoir
in the Vaiont Valley in Italy and crested a wave that wiped out a town and killed
3000 people (Wiegel et al. 1970). In Norwegian fiords there have been numerous
instances of landslides followed by huge water waves (see Miller 1960; Muller
1964).

Noda (1970) developed -a theory for water waves generated by landslides. He
made a distinction between vertical and horizontal landslides: the vertical landslide
could be thought of as a two-dimensional box falling to the bottom at one end
of a semi-infinite channel whereas the horizontal landslide could be modeled by
making a two-dimensional wall move into the fluid.

Noda established the region of validity of his asymptotic solution by comparison
with the solution from a direct numerical integration of the governing equations.
He compared his theoretical results with results from the experiments of Wiegel
et al. (1970). The theoretical results deviate more and more from experimental
values with increasing B/D (where B is thickness of the slide and D is water depth).
This means the linearization used by him is not satisfactory. Based on the analysis
of the experimental data, Noda identified the different regions of wave characteristics
as shown in Fig. 2.13.

Noda applied this theory to waves generated by the vertical landslide in Lituya
Bay, Alaska, on July 9, 1958, and Miller (1960) gave the following data for this
incident: thickness of slide = A ~ 91.5 m, height of fall ~ 610 m, depth of water
~ 122 m, height of largest wave generated ~ 61 m, calculated velocity of free
fall 109 m/s, and B/D equal to 0.75. The relevant value of V for this case is
3.16 and this puts the wave in the solitary wave region, D, shown in Fig. 2.13.
The solution for this case gives a maximum wave height of 91.5 m.

If friction is included and the geometry of the problem might make V = 1.0,
the same solution will be valid and n ax Would be 76.9 m.

Noda essentially proceeded along analogous lines for the horizontal slide
problem, and used the method of stationary phase to approximate the velocity
time-history of the wall, by means of N straight lines. However, there were no
experimental data in the linear range to compare with Noda’s theory, and in the
nonlinear range he compared his theory with the experimental results of Miller
and White (1966) discussed in Section 2.5.

2.4 Inverse Tsunami Problem

Reid and Knowles (1970) and Knowles and Reid (1970) are probably the
first to use the terminology “inverse tsunami problem” to mean the determination
of the deepwater signature of a tsunami based on records made at or near an
island station. The significance of this terminology will be broadened to include
determinations in the deeper water of such parameters as source region, tsunami
signature, and tsunami energy based on recordings made near land, whether a
mainland coast or an island.
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F1G. 2.14. Tide-gage recording at Wake Island for 1964 Alaskan earthquake. Verticle lines over the
trace show arrival times of first 4 crests. (Van Dorn 1970a)

Van Dorn (1970a) determined the source mechanism for the 1964 Alaskan
earthquake tsunami based on the water-level record at Wake Island (Fig. 2.14).
This diagram shows the first crest is the highest of the whole wave train. This
observation led Van Dorn to assume that the displacement caused by the earthquake
was a long-line source. The tsunami wave train generated was distorted subsequently
by refraction.

Van Dorn theoretically (using Airy integral, see Section 1.2) determined the
wave form for three different types of sources: (1) abrupt monopolar uplift, (2)
dipolar motions with zero net displacement, and (3) impulsive sources initiated
from rest. The wave form shown in Fig. 2.14 resembles more the wave form obtained
from source one. However, at the outset this result appears to be in disagreement
with other deductions. (Van Dorn (1964) suggested that dipolar movement occurred.)
Van Dorn resolved this by arguing that “..Because most of the uplifted region
was under water, while a large fraction of the depressed sector was on land, the
net effect of the dipolar ground motion was to add water to the ocean. Thus the
oceanic effect was essentially a modular uplift.”

Reid and Knowles (1970) determined the deepwater signature of a tsunami
based on its record near an island and some of their assumptions are: the tsunami
in deep water can be represented by a plane wave and the distance between the
epicenter and the island is much larger than the dimension of the island. Processes
such as scattering, diffraction, refraction, and resonance were ignored and the linear
long-wave theory was used. ‘

Let P be the location near an island where the tsunami is recorded. Reid
and Knowles defined a transfer function as the ratio of the Fourier Transform
of the response at P to the Fourier Transform of the input, the deepwater signature
of the tsunami. If this transfer function (generally a complex function of frequency
and direction of incoming waves) is determined, then from the mareograms the
deepwater signature of the tsunami can be determined.

This transfer function, P, can be determined from either observational studies,
laboratory experiments, or numerical models; the topography and other conditions
duplicated as closely as possible in the latter two cases. Reid and Knowles used
a simple geometry for the island so that analytical solutions of the problem could
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Fi1G. 2.15. Schematic diagram of plane-wave incident on a cylindrical island. Input is trace
X, response is trace Y. (Reid and Knowles 1970)

be obtained. Then they used a numerical model to incorporate several improvements
such as broad-band input spectrum, real topography of the island, and different
wave directions.

With reference to Fig. 2.15 let R,,, be the radius of the circle surrounding an
istand such that, for radii greater than R, the region is deepsand has uniform
depth. Let X(¢) and Y(¢) be the water-level records at some point slightly outside
R,, and at the point, P, near the island. o e,

Assume that at the source, Q, the wave input is of plane progressive form "V)
and that the response at P is linear, then X and Y can be expressed as convolutions
of each other:

Y(£) = 7 K(N) X(2-N)d\ (2.38)
and -

X(1) = 7 G(N) Y(£-X)d\ (2.39)

where A is the wavelength and K(X\) and G(\) are the kernel functions that depend
on the bathymetry of the island, the wave propagation direction, and the location
of P.

Let F (f) and F, (f), where f is the frequency, be the Fourier transforms of
X and Y(r) and let R(f) be the Fourier Transform of K(#). Then the Fourier
Transform of G(¢) is R(f)”'. By definition, then:

F.(f) = Y X(1)el?™t gy

B = [ Yoe ar (2:40)

R(f) = 7 K(0)e?™t gy
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In general these will be complex. The Fourier Transform of (2.38) gives:

E (f) = R() E() (2.41)
If X(r) and Y(¢) are known then from Equation (2.41) the transfer function R(/)
can be determined.

Reid and Knowles (1970) used only simple island geometry (a circular cylinder)
so that analytical solutions for the transfer function were known. However, they
claimed that the results were encouraging enough to warrant further work involving
real topography.

Aida (1972) used the “impulse response method” and the “method of charac-
teristics,” under the one-dimensional propagation assumption, to obtain the offshore
form of tsunami signature based on the tide-gage record at the head of a bay.
At Enoshima, he obtained satisfactory comparisons between the theoretically deter-
mined signature and observed record for the 1963 Iturup earthquake tsunami, for
the 1964 Alaskan earthquake tsunami, and the 1965 Aleutian earthquake tsunami.

The work of Ben-Menahem and Rosenman (1972) is a very significant contribu-
tion to the problem of the relation between the seismic and tsunamigenic source

F1G. 2.16. Calculated tsunami radiation patterns for 1964 Alas-
kan earthquake (Ben-Menahem and Rosenman 1972)
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parameters. The technique they developed is substantially different from the inverse
refraction technique considered so far in this section. Indeed, their technique gave -
smaller tsunamigenic areas compared to those by otheriauthors for the same earth-
quakes. These authors used the mangle Rayleigh and ‘Love waves to deduce the >
source parameters for certain Kuril Island earthquakes and the Rat Island earth-%
quake of Feb. 4, 1965. They derived an expression relating the tsunami amplitudes
in deep water to the seismic source parameters and the topography of the propaga-
tion path. They also used the Kranzer-Keller solution.

Ben-Menahem and Rosenman used their theory to predict an amplitude ratio
of 1:13 between the amphtude in the direction of the fault (i.e ¢ = 0°), and the
amplitude normal to the fault (i.e. ¢ = 90°). This deduction is confirmed by tide-gage
records, e.g. the wave amplitudes at Crescent City and Avila Beach, Calif,, and
at Arica, Valparaiso, Talcahuano, and Corral, Chile; all those corresponding to
¢ = 90° were about 15 times larger than those at Wake Island and Guam which
corresponded to ¢ = 0° (Fig. 2.16).

The same principle can be used to account for the high directivity of the Grand
Banks earthquake tsunami of 1929, toward Newfoundland (in a northerly direction)
as compared to the progression of the tsunami in a westerly direction (toward
Nova Scotia).

Some important results of the paper by Ben-Menahem and Rosenman are:
(1) the tsunamigenic area obtained was considerably smaller than those obtained
by other authors; (2) the inverse refraction technique of determining the tsunami-
genic area based on coastal run up was inaccurate; and (3) there need not be any
simple relation between the tsunamigenic area and the area of the aftershocks
as assumed by Hatori (1970), because the mechanisms were different for the main
shock and aftershocks.

2.5 Laboratory Experiments

EXPERIMENTS WITH GENERATING SOURCE AT THE BOTTOM

These experiments are relevant for tsunamis generated by earthquakes. Takahasi
(1934) appears to be one of the first to conduct laboratory experiments on tsunami
generation and he was concerned with the form of free surface and the nature
of wave motion due to the dislocation of a portion of the sea bottom. He also
used the Law of Similitude to relate his laboratory experiments to the natural
situations.

Assume that a circular area, w72, of the sea bottom is dislocated through a
vertical extent, S, in a time interval, T, in a linear fashion and let s denote the

dislocation at time, £. Then
s=SF <—Tf-> (2.42)

Let D be the ocean depth at the position of dislocation and let A, n, v be the
length, height, and velocity of the waves following the dislocation. Let u be the
dynamic viscosity of water, p its density, g its gravity, and R the distance of the
point of observation (where A, n, v are measured) from the origin. The wave motion

63



is determined by the following nondimensional parameters.
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According to the Law of Similitude, these nondimensional parameters must
have the same values in the model as well as in nature for the model to be truly
representative of nature. An examination of (2.43) reveals the difficulties in satisfying
the Law of Similitude. For example, if the space dimension is scaled down to
1/2, then the time scale in the model must be 1/2/2 of that in nature. This requires
the bottom dislocation to occur with a greater speed in the model than in nature.

In addition, if the viscous condition has to be satisfied (—D—T2 must be the same
in the model and in nature), then a fluid with a small kinematic viscosity, Klp,
must be used. Indeed, the kinematic viscosity of the fluid must be 1/ that of
sea water. Silicone oils probably will be suitable for this purpose, but when Takahasi
performed his experiments in 1933, these oils were not commercially available and
the only fluid he could use was mercury. However, use of mercury requires the
ratio of the natural scale to the model scale 2.58, thus requiring an impossibly
large model. For this reason, Takahasi abandoned the idea of satisfying the viscous
condition.

In these experiments, Takahasi (1934) used a wooden tank 200 X 150 X. 30
cm. To simulate upheaval of a portion of the sea bottom, a circular piston was
fitted to the center of the tank bottom. A fine resin powder sprinkled on the water
surface and photographed by an optical system provided a record of the wave
forms. A total of 45 experiments were performed with different combinations of
water depth, D, length, S, of the piston stroke, and velocity of the piston, with
the following results: although a series of progressive waves was formed, the first
appeared to be of maximum height. The front portion of the wave train (wave
front) had a propagation velocity much greater than that of the first wave crest.
Hence, the first wave gradually lengthened and the slope of the front part became
less. Although a qualitatively similar change of form occurred with other parts
of the wave train, dispersion was not as pronounced. The length of the wave train
as a whole increased with travel distance. The first wave crest traveled with a
velocity considerably greater than /gD in the immediate vicinity of the piston
but approached +/D asymptotically with increasing distance from the piston.
Above the piston, only stationary waves occurred and progressive waves started
to form only at a distance of twice the piston’s radius. The experiments also showed
that heights of the circular progressive waves decreased as 1/R°*®.

Measurements on the wavelength were less certain, but indications were that
the wavelength was approximately constant, except when the piston moved very
slowly. In this case, the wavelength was greater.

In 1957, Takahasi performed further experiments at the University of California,
and reported the results in his 1963 paper. He stated that these experiments were
conducted to clarify the following features of waves produced by movement of
the bottom of the sea (Takahasi 1963, p.235): (1) wave shapes and propagation
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velocity of the frontal part of the wave train in the neighborhood of the origin,
(2) attenuation law of wave heights in the neighborhood of the origin, (3) direc-
tionality in the energy radiation when the original area of dislocation is extended
in one direction; for this purpose, two or more circular origins were lined up very
close to each other, (4) phenomena observable in the neighborhood of the origin
when the origin consists of two circular areas, and (5) coupling coefficient of the
bottom movement and water movement.

These experiments were conducted in a basin 19.5 X 45.7 X 0.85 m. An iron
box 24 X 1.2 X 0.2m was used as the wave generator. It had a lid with 10
circular openings each 0.3 m in diameter, with the idea that, by a suitable combina-
tion closing and opening, various shapes of submarine dislocations could be achieved
in the experiments.

Four types of experiments were performed: in the first set a hydraulic cylinder
was used in the generating mechanism; in the second, one air operated piston
was used; in the third and fourth sets, two and six pistons were used, respectively.
While maintaining a constant stroke of 4.4 cm, 22 runs were made with one piston,
33 with two pistons, and 14 with six pistons. Each experimental run consisted of
a series of upward and downward strokes, each producing a wave train.

Based on these experiments Takahasi arrived at the following conclusions:

a) One piston
i) The front of the wave train is propagated with the velocity 2D except
within one wavelength of the origin, where the velocity is much greater.
il) A wave train produced by the upward motion of the piston (designated
upwave, hereafter) is quite different in shape from the downwave, when the
water depth is small, but, as the depth becomes greater, both waves gradually
become similar, except that the sense is reversed.
iii) The first trough or first crest has a velocity very close to v/D.
iv) The wave form seems to be composed of a dispersive wave train superposed
on a nondispersive one.
v) The amplitude of the initial crest or trough seems to decrease roughly
asr e, : :

b) Two pistons
Thirty-three runs were made with two pistons moving with the same sense
and with opposing sense. E is the direction connecting the center of the pistons,
and S the direction perpendicular to E. It seems that energy of the wave was
emitted much more (16 times in the case of upwave and 4 times in the case
of downwave) in the direction of S than in the direction of E. There seems
to be a remarkable difference also in the period of the waves emitted into
the two perpendicular directions.

¢) Six pistons
Pistons were lined up in the direction, E. In this case, a nearly plane wave
is propagated toward direction, S. The decline of the crest or trough with
the distance differed with the azimuth. It was » % ~ % toward S and r~% toward
E. Superposition of the elementary waves produced by an individual piston
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does not seem to be equal to the wave height produced by all pistons moving

simultaneously in water 10.2 cm deep.

Finally, Takahasi estimated the tsunami energy (in the model) based on the
following considerations: the energy, E, of a circular wave train at distance, r,
from the origin moving with a velocity, V, with amplitude, A, and period, T, is
(see also Section 2.1):

E=mpgr I A°TV (2.44)

where g is gravity and p is the density of sea water. Takahasi assumed that the
amplitude and periods in a wave train varied uniformily from one wave to another
and wrote:

A=Aad", T=Typ"; V=V,c" (2.45)

From these two relations and taking:

1

a= = 0.77 Vo = VgD T=08s
1

p=1—1=0.91 r=183m Vo = 70 cm
1

c= 105 = 0.95 D=51c¢m Ay = 0.27 ¢cm

he estimated E = 4.5 x 10° erg.
The work done by the piston on the water is:

W, =S, h(pgD + KCVp) (2.46)

where D is the water depth, Sp is the area of the piston, V is the velocity with
which the piston moves, 4 is the piston stroke, K is the coupling coefficient, and
C is the speed of sound in water. Part of the work done by the piston on water

increases the potential energy of water, S,hpg (D~ —Z—).The energy, W , that could
be transformed into wave energy is:

W, = Sh(3 pgh + KCVp) (2.47)

In the laboratory experiment, the coupling coefficient, K, is very small and the
second term on the right side of (2.47) can be ignored. The reason K is small
is because the piston diameter is extremely small compared to the length of the
sound wave emitted by the piston. Because of the large bottom displacements
involved in actual tsunamis, sound waves might be transmitted significantly to cause
sea shocks strong enough to rock nearby ships. However, this sound wave energy
may not be efficiently transformed into tsunami energy.

Coming back to the laboratory situation, Takahasi estimated that
W, =46x 10° ergs which agreed favorably with the wave energy estimated from
the experiments. Based on this agreement, Takahasi concluded that the potential
energy of sea water upheaved at the origin imparts energy to the tsunami waves.
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For the Sanriku earthquake tsunami of 1933, wave energy was estimated at
1.6 x 10%? ergs. The earthquake had a magnitude of 8.3 and an estimated energy
of 2.8 x 10**ergs. This means about 5 of the earthquake energy had been converted
into tsunami energy (see also Section 2.1).

Improved technology has made better and more efficient tsunami generators
for laboratory experiments possible since Takahasi’s (1934) experiments (see Iwagaki
et al. 1970). Hammack and Raichlen (1972) performed theoretical calculations as
well as laboratory experiments on tsunami generation due to bottom motion and
near field propagation. The experiments dealt with only two-dimensional situations
whereas the theory included three-dimensional cases. The authors identified a
parameter called a “time-size ratio” which is nondimensional and includes the
duration of the bottom movement, the water depth, gravity, and the extent of
the disturbance in the direction of wave propagation. Some features of the tsunami,
such as maximum amplitude and duration of the leading wave, can be expressed
as a function of this time-size ratio.

The time-size ratio has three regions: an impulsive region, where details of
the bottom movement have no significant influence on the generated forms of
the waves; a creeping region, which corresponds to very slow movement of the
bottom -when wave forms are strongly dependent on the details of the bottom
motion; and an intermediate region between the two.

Hwang and Tuck (1970b) also performed laboratory experiments where a hinged
plate capable of moving upward simulated ground motion. They recognized the
comparison was only qualitative because of limitations of their theory as well as
the experiments.

EXPERIMENTS OF GARCIA

Reference has been made to the numerical model studies of Garcia (1972)
for simulation of tsunamis caused by motion on the eastern end of the Mendocino
Escarpment near California. He also performed four series of laboratory experiments
and verified his numerical calculations.

The eastern end of the Mendocino Escarpment along the San Andreas Fault
was modeled as the source and the experiments represented either displacement
of the ocean floor or landslides. Two different sections along the eastern end of
this escarpment, at 125°30'W and 128°W, were considered in detail.

In the experiments, the wall displacements were such that the boundary Froude
Number Npavg = Vavg /Agd had a moderate range (Fig. 2.17). Here g is gravity,
d is the water depth, and V,, is the average speed with which the wall moves.
The four series of experiments consisted of studies of waves produced by a moving
vertical wall, moving slope walls with two different slopes of 1:1 and 1:2 vertical
to horizontal, and a moving underwater step.

Figure 2.17 shows experimental results for the vertical wall. Here A is the
maximum boundary displacement and 7 is the height of the crest of the first wave.
The diagram also includes results from the numerical calculations of Garcia (1972)
and experimental results of Das and Wiegel (1972).
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EXPLOSION-GENERATED WAVES

Prins (1956, 1958a, b) studied experimentally the characteristics of waves
generated by a local disturbance at or near the water surface. Usually, experiments
aimed at such problems consider simulating one or more of three initial states:
(a) initial elevation or depression of the surface with zero initial velocity field,
(b) undisturbed surface with an initial distribution of surface impulse, or (c) undis-
turbed surface with an initial distribution of a submerged impulse (underwater
explosion). In his 1958b paper, he dealt with condition (a).

His experiments were performed in a flume 183 m X 0.3 m. At one end an
elevation or depression in the water could be created without disturbing the rest
of the liquid; at the opposite end was a wave absorber. Vertical motion of the
water was monitored at five different locations along the tank length. The important
parameters in these experiments were the undisturbed water depth, D, and the
height, n, of the elevations or depression. Experiments were carried out with the
following values for these parameters: D = 6.1, 10.7, 152, and 70.1 ¢m; =
+ 30, = 6.1, and £ 9.1 cm; and L = 10, 30.5, and 61 cm.

Experimental results were compared with values calculated from the theories
of Unoki and Nakano (1953a, b) and Kranzer and Keller (1955). Although Unoki
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and Nakano’s two-dimensional theory is for an initial elevation of a finite area
in water of infinite depth, Kranzer and Keller’s three-dimensional theory is applica- -
ble for an initial elevation or depression of a finite area in water of finite depth.

Prins (1956; 1958a, b) distinguished the types of leading parts of the generated
wave train as (1) leading wave with oscillatory characteristics as part of the dispersive
wave pattern, (2) leading wave with solitary wave characteristics with respect to
its velocity of propagation, followed by a trough connecting it with the dispersive
wave pattern, (3) leading wave a single wave with solitary wave characteristics
separated from the dispersive wave pattern by a more or less flat part, and (4)
leading part a complex form, which, while traveling outward, breaks up into a
few waves with solitary wave characteristics separated from the dispersive wave
pattern.

The experiments withn/D < 0.18 and L/D < 0.9 gave the following results:
(1) generated wave pattern was of a dispersive character, (2) variation of height
and extent of the initial disturbance did not affect the phase velocities, (3) phase
periods agreed with the theory of Kranzer and Keller (1955) and for deep water
with the theory of Unoki and Nakano (1953a, b), (4) wave patterns showed an
interference phenomenon, (5) leading part of the wave pattern for an initial elevation
showed exactly the negative performance of the waves generated by an initial
depression (1 ey = - T depr)- Probably this can account for the initial withdrawal
of water that has been reported associated with several tsunamis, (6) amplitudes
of the leading waves were directly proportional to the height of the initial distur-
bance, (7) wave amplitudes did not show a satisfactory agreement with the theoretical
values of Unoki and Nakano. In general, the measured values were found to be
smaller than the theoretical values. This is not surprlsmg because the theory of
Unoki and Nakano is for deep water.

Miller (1970, 1971) performed experiments on impulsively generated waves
in a wave tank of uniform width with a water layer of uniform depth, to simulate
waves generated by a single impulse. The nondimensional variables have been
identified by Miller as the relevant parameters of the problem: (1) ratio of the
piston displacement to undisturbed water depth, ¢/D, and (2) piston Froude Number
= Fy = V/ gD where V is the piston speed. Several experiments were run
with various combinations of /D and Fy,.

Miller identified four possible wave modes in these experiments: sinusoid,
solitary, undular bore, and fully developed bore. His results showed that: (1) the
fully developed bore decays rapidly to the unbroken undular bore form, (2) the
lead wave of the undular form takes on the “solitary” mode leaving behind the
rest of the “undular” wave. In several cases, the second and even the third undula-
tions in turn take on the “solitary” mode, and (3) the “sinusoid” mode generated
at short piston displacements transforms gradually as the trailing trough rises to
the undisturbed water level, and finally enters the solitary mode.

Williams and Jordaan (1970) constructed a laboratory model to study so-called
double-humped waves, the theory developed by Butler (1967). These double-humped
waves or waves with two crests could be represented by:

n = 1024 ¢ x*(a+8x)2 e 16P* (2.48)
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where the variables x and n denote the negative distance from the beach (x =0)
and the free surface elevation, both in nondimensional form. The two parameters
a and p determine the relative height and spacing of the two crests, and e is a
vertical scale magnification parameter which could depend on wave breaking.

The parameters ¢ and p and the positions of the crests determined a charac-
teristic length, £,, used to nondimensionalize x, whereas af, (where « is the slope
of the beach) has been used to nondimensionalize n. Butler calculated the elevation
as a function of time at the beach for the double-humped waves, where their leading
edges were at the beach and had zero particle velocity initially.

Williams and Jordaan performed laboratory experiments to check Butler’s
calculations. Their wave tank, made of lucite, was 7.6 m X 0.3 m with a maximum
depth of 0.46 m and a beach slope of 1/7. A wave generator constructed from
several strips of lucite was dropped vertically into the water and the wave profiles
thus created were recorded by resistance probes. The surface tension effects near
the beach were reduced by coating the beach with a mixture of water and detergent.

The experimental results did not agree well with theoretically predicted wave
forms: probably the theory is inadequate to represent double-humped waves satis-
factorily. Further theoretical developments and experiments on double-humped
waves could be usefu] to interpret coastal tsunami records. '

LeM¢haute (1971) achieved some simplification of the solutions of Kajiura
(1963) and Kranzer and Keller (1959) by identifying two cavity parameters, no, ..
and R, which determine the wave envelope amplitude, A. Correlations between
his simplified theory and the results from field observations involving a 4363-kgm
TNT explosion, showed that, except for irregularities caused by noise (wind waves),
wave refraction, and interference patterns due to wave reflection from boundaries,
good agreement is indeed possible.

However, there are some limitations to the theoretical model. The bulk of
data on which these correlations were based is from explosions of 0.23 to a few
hundred kgm of TNT. It is not clear how reliable the extrapolation from this would
be to large yields in the nuclear range (e.g. 10'° kgm TNT). In fact, LeMéhauté
(1971, p. 18) cautioned that:

*..similarity is never achieved so that no simple scaling law can be expected to cover
the entire range of yields of interest. In particular, the transition from chemical to
nuclear sources with increasing yield may be a point of similarity violation; indeed,
it would be surprising if such were not the case. Extrapolation then, to large yield
from small chemical yield data must be accepted with a considerable measure of
caution.” .

Van Dorn (1966, 1970a) performed laboratory experiments to simulate the
tsunami generated by the Alaskan earthquake of Mar. 28, 1964.

The experiments were performed in a wave tank 27 m long. On one end of
the tank was a shallow region 5 m long and 3.3 cm deep. Over the next 3-m length
the depth increased from 3.3 cm to the full depth of 31.5 cm and in the remaining
19 m the depth was uniformly 31.5 cm. According to Van Dorn (1970a, p. 40) the
relevance of this model is:

“On a scale of 1:17,000, this model represents a section of the continental shelf normal
to the fault axis 90 km in half-breadth and 565 m deep, descending at the appropriate
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slope to the uniform depth of 5400 meters corresponding to the effective depth
computed for the travel path to Wake Island..”

The wave-generating mechanism consisted of a long plunger hinged at one
end, which, when raised to its extreme position, just cleared the surface of the
water, and when lowered dipped to a maximum depth of ! cm. The 6.4-cm width
of the plunger was relatively small compared to the 40-cm width of the tank.
According to Van Dorn, by rapidly lowering the plunger a positive half-wave of
0.25 cm maximum amplitude and 5 m length could be produced. A displacement
transducer was used to measure the motion of the plunger and pressure transducers
were employed to measure wave heights at four different positions; T; at the shallow
end of the tank, T, at 5 m where depth starts to increase, T; at 8 m where depth
increased to the full value, and T, near the deepwater end of the tank.

Many experimental runs were made under different initial conditions and
plunger speeds. Van Dorn (1970a) selected two particular runs for inclusion in
his paper on the basis of close resemblance to the Wake Island record. Figure
2.18 shows the plunger (trace Ty) started from its bottom center position and cycled
approximately sinusoidally to its initial position during a time interval of about
8 s, which simulated an initial depression of the sea floor accompanied by an uplift
of some magnitude.

Van Dorn (1970a, p. 42) interpreted Fig. 2.18 as:

“The other traces give the time-history of surface elevation at the transducer stations,
including reflections from the far end of the channel. Trace Tz shows that the tsunami
at the edge of the continental shelf consisted of a leading trough, followed by a
double pulse (A). The reflected train at the same station (B) exhibits a shallower
trough and a dispersive train rather like the Wake record.”

Experiments by Williams and Jordaan (1970) on the so-called double-humped
waves have been described. These are somewhat similar to the double-pulse waves
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F16. 2.18. Model experiment recording for plunger started from bottom-centered
position and cycled for 8s. (Van Dorn 1970a)

71



()
10 20 30 40 50 60

. L]

T3
. /—f\,\

FiG. 2.19. Model experiment recording for single rapid plunger depression
corresponding to a simulated shelf uplift. (Van Dorn 1970a)

that appeared in the experiments of Van Dorn. He also estimated the half-breadth
of the source as follows: in Fig. 2.19, let £, and ¢, be the arrival times of the first
crest at the shelf edge, (T,), and at some other station, T4 (say). The duration
of the pulse at ¢ = t, will be 27, because it consists of its direct and reflected
wave from the end of the tank at station T;. The pulse duration, Atf, at station
T4 can be represented by the following relation, using the long-wave approxi-

mation:
H\F
Ar= 21 . (2.49)
1
If a is the half-breadth of the shelf between T, and T,, then:
a
t, = (2.50)
1 VD,
From (2.49) and (2.50) then:
_ (1) /€D )
a= < > > 6 (2.51)

Van Dorn used the following representative values based on Fig. 2.18: Az = 24.5s,
ty =85s,1, = 21.5s,and D; = 3.3 cm. He used these in (2.51) to obtain: ¢ =
525 cm which agreed favorably with the value of 500 cm, the shelf width in the
model. For the Wake record itself, he took: Af = 80 min, #, = 417 min, and
D, = 100-200 m, which gave ¢ = 23km for D, = 100 m, and 33 km for D,
= 200 m. These values bracketed the width of 30 km between the 200-m contour
and the assumed axis of the maximum uplift.
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EXPERIMENTS ON UNDERWATER SLIDES, LANDSLIDES INTO WATER, AND TURBIDITY
CURRENTS

Wiegel (1955) studied through laboratory experiments the system of gravity
waves generated by the movement of a submerged body, to test whether a tsunami
could be caused by a dipolar disturbance such as an underwater landslide (which
is unlikely according to Shepard et al. (1950)). Wiegel remarked that his experiments
applied equally well to the situation when the vertical movement of a block is
compensated by equal movement in the opposite direction.

The ecarlier work of Sauer and Wiegel (unpublished data) consisted of piling
coarse gravel over a sheet metal piece at one end of a laboratory channel and
suddenly pulling the sheet. However, this did not create a slide as was planned
but a slump occurred. Hence, in the later experiments they used a box sliding
down an inclined plane to simulate an underwater slide.

Later Wiegel (1955) performed tests where a submerged body was made to
fall vertically through water of different depths from several different heights. Also,
experiments were rerun with different slopes of the inclined plane for the slide
experiments. Most experiments were done-in a wave tank 183 m X 0.3 m X 09 m,
and water depth of 0.76 m. An inclined beach was arranged at the far end of
the channel to minimize reflection but some reflection occurred, and was apparent
after the second wave crest.

Results of these experiments can be summarized as follows: In general, within
the range of experimental conditions, dispersive waves were generated by a body
either falling vertically or sliding down an incline. An exception was a flat plate
falling in quite shallow water (3.0-6.1 cm) when an Airy-type wave was generated,
with dispersive waves forming the tail. Surface-time histories of the disturbance
measured a short distance from the source showed that a crest always formed first,
followed by a trough from one to three times the amplitude of the first crest
(depending on the slope of the incline primarily), followed by a crest with about
the same amplitude as the trough. Due to the dispersive qualities of the waves,
additional crests and troughs continued to form with increasing distance from the
origin, while at the same time the amplitudes of the initial crests and trough
decreased.

Magnitudes of the amplitudes depended primarily on the submerged weight
of the body, but also on the depth of submergence, the water depth, and other
characteristics of the generation.

The “period” associated with gravity waves of the disturbance was found to
be independent of water depth, initial depth of submergence, weight of body, or
time of fall. It was, however, found to be related to length of the body, with the
period increasing with increasing length, and to slope of the incline, with the smaller
the incline, the greater the period.

Computations of the approximate energy of the wave disturbance generated
by the vertically falling body indicated that about 1% of the initial potential energy
(net, submerged) of the body was transformed into wave energy. Within the band
of results it was seen that for water of constant depth, the less the initial depth
of submergence of the body the greater the percentage of energy transformed into
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wave energy; and for constant initial depth of submergence, the smaller the water
depth the greater the percentage of energy transformed into wave energy.

A landslide in Lituya Bay, Alaska, that caused a giant wave has been discussed.
The landslide caused the water on the opposite side of the bay to surge upward
366 m above its mean level, and a wave almost solitary in form traveled from
the bay into the ocean. Wiegel (1963a) modeled this phenomenon in the laboratory
and was successful to the extent of creating a solitary wave but it was followed
by “a complex tail” One interesting result of these experiments was that the crest
moved with almost uniform speed across the bay even though it was much shallower
near its entrance than at its center.

Earlier discussions described how turbidity currents generated by the Grand
Banks earthquake of 1929 broke transatlantic cables and caused heavy damage.
The work of Benjamin (1968) on turbidity currents has been briefly discussed.
Some details of Middleton’s (1966b) experiments will be described. According to
Middleton, a turbidity current is a density current formed by sediment in suspended
form. Middleton performed these experiments for a dual purpose: first, to infer
the hydraulic behavior of turbidity currents; and second, to determine differences
in the hydraulic behavior between turbidity currents of interest to geologists (in
this case, the turbidity current carries coarse sediment in suspension) and turbidity
currents of interest to engineers. By the latter, Middleton meant clay suspension
turbidity currents and saltwater density currents. Harleman (1961) and Middleton
(1966a) reviewed these types of currents.

Middleton (1966b) used a transparent plastic flume 500 X 15.4 X 50 cm that
could be tilted when necessary. In the first set of experiments Middleton created
saline density currents by pumping salt solution into the tilted flume. In the second
set, he simulated turbidity currents by suddenly releasing plastic beads at one
end of the flume which was kept horizontal. The results of both experiments were
somewhat similar in the sense that the saline density current and the turbidity
current formed a characteristic head.

Middleton’s experiments showed that for slopes less than 4%, the velocity of
the head of the density current more or less agrees with (2.36).
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Chapter 3 Tsunami Propagation

3.1 Refraction, Diffraction, and Scattering

Some general concepts regarding refraction, diffraction, and scattering of water
waves will be considered. These phenomena are important to the tsunami propaga-
tion problem.

WAVE REFRACTION

Consider progressive waves with wavelengths much larger than the water depths
over which they propagate, called shallow-water or long waves. Because the waves
are long, different parts of the wave might be over widely varying depths (especially
in coastal areas) at a given instant. As depth determines the phase velocity of
long waves, different parts travel with different phase velocities, causing the waves
to bend, and this is called wave refraction.

From an engineering point of view, Snell’s Law from optics has been used
in the past to study refraction of water waves:

sina, _ Gy (3.1
sin a; C,

Here o, and a, are the angles between adjacent positions of the wave front and
the corresponding bottom contours. The ratio C,/C; for given water depths and
wave periods can be determined from tabulated wave functions.

Changes in wave height, period, and direction of travel are important for
tsunami prediction as well as for many other engineering applications. A refraction
diagram is a device through which wave refraction can be studied. In this diagram,
positions of wave crests can be shown at a given instant, or positions of a given
wave crest as it propagates can be shown at different times. A set of lines, known
as orthogonals, everywhere normal to the wave crests are drawn on the same map.
It is then assumed that the power transmitted between any two orthogonals is
the same. Hence, changes in wave height due to refraction can be estimated.
Sometimes the orthogonals are drawn directly, without drawing the wave-crest
positions.

Depending on the local hydrography, adjacent orthogonals could cross in two
different ways (Fig. 3.1; Wiegel 1964). In the simpler case, a given wave crest
divides in two and the severed sections cross each other. In a complicated situation,
the orthogonals form a caustic envelope (Fig. 3.2). Based on simple theory, the
meeting of adjacent orthogonals means the wave height is infinite and the simple
theory is inapplicable.
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FiG. 3.1. Wave refraction diagram for the southern coast of Vieques Island. Puerto Rico. (Griswold 1963)

REFRACTION COEFFICIENT
The refraction coefficient is defined after Wiegel (1964). The linear theory
gives the following expression for the power, P, transmitted by a train of long-crested
sinusoidal waves:
- 2 Y 32
P=Cbn’ g (3.2)

where C, is group velocity, b is length of the crest perpendicular to the local direction
of travel, n is wave height, and 7 is specific weight of water. Although this formula
strictly speaking does not apply to ocean waves that are not sinusoidal, nevertheless,
it is useful in estimating wave heights and can be corrected usually through empirical
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F16. 3.2. Caustic envelope formed by 8-s waves from east-southeast on Vieques
beach, Puerto Rico. (Griswold 1963)

results. Assuming that no energy flow occurs laterally along a wave crest between
any two orthogonals, the same power must be transmitted past all positions. Thus,

denoting the deepwater conditions through subscript 0:
P = P, 3.3)

n_Cg

0
n, G,

e

2 (4
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The quantity b,/b is termed the refraction coefficient and is denoted usually by
Kg4. The quantity C, /C is called the shoaling coefficient and represents the effect
of a change in depth dn wave height, usually denoted by D,,.

n=n, D, K, (3.5)

Wiegel presented methods to determine K, for different situations, such as a
straight shore with parallel contours, and islands and shoals with concentric circular
contours. He also tabulated D,, which depends on water depth and wavelength.
Griswold (1963) presented numerical methods to calculate the refraction coefficient
and constructing refraction diagrams.

Shoaling could cause wave refraction. There are other mechanisms that cause
refraction of water waves even in deep water and without topographical irregularities.
For example, Johnson (1947) showed that a current moving obliquely to the waves
could change their direction of propagation, wavelength, and steepness. Johnson
gave mathematical expressions for these modifications in terms of magnitude of
the current, and wavelength and direction of the waves before they encounter the
current. As this work is of interest for the tsunami problem, Johnson’s paper will
be discussed here.

Unna (1942) studied waves that advance directly in a current that moves either
with or against the waves. In Johnson’s work, the waves approach the current from
a side. However, Johnson pointed out that his case does not reduce to Unna’s
case when the angle between the wave crests and the current becomes 90°. In
this situation the condition that the waves enter the current from a side is not
satisfied. Referring to the importance of refraction of waves by currents, Johnson
(1947, p. 867) stated that there are at least two situations when the refraction of
waves by currents may be of practical importance. At tidal entrances, ebb currents
run counter to the waves and increase wave height and steepness, thus adding
to the hazards of navigation, whereas flood currents flatten the waves. Major ocean
currents, such as the Gulf Stream, may have an appreciable effect on the height,
length, and direction of waves approaching the shore and under some circumstances
may cause almost complete reflection.

Figure 3.3 shows that ABC and A'B’C’ denote the positions of the wave front
at two different times, with T the elapsed time interval. Let T also be the period
of the incident wave train measured with respect to a point fixed on the bottom.
Because the crest has to be continuous across the discontinuity, the following
relations can be written:

Co _ 4 € (3.6)
sin « sin
and
L Ly
sin 8 sin « (3.7

where C, and C are velocities of the wave at initial and final positions, L, and
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L are the wavelengths, u is speed of the current, and « and § are the angles shown
in Fig. 3.3.
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F1G. 3.3. Relative positions of wave crests before and after refraction by a current.
(Johnson 1947)

For deepwater waves, writing C = V%, using (3.6) and (3.7), and defining

m= one obtains:

x
Co .
sin «

sin f = (1-m sin a)?

(3.8)

Ranges of m and a are, respectively, —o to +°c and 0 to 90°. However, for ocean
waves, m is usually less than unity. The modified wavelength is given by:

L ___ 1

L, (1-m sin a)? : (3.9)

Johnson presented plots of § and t— as functions of m and a.

o
Let by and b be the lengths of the wave crest before and after refraction.
These are given by: ,
by = BB cosa

, (3.10)
b BB cos
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If n is wave height, then the average energy-per-unit surface area of the wave
is proportional to 7% and this total energy is equally partitioned between kinetic
and potential.

The balance of energy is represented by:

Cobo o _ Cb , 2
T Mo = 5 M +usinfbn (3.1

Wave steepness, n/L, after refraction is given by:

0\ - (mY (Lo} b Co
<L> B <L°> <L> b (CH2u sin B) (3.12)

Equations (3.8), (3.9), and (3.10) give:

2\ _ (no\ [cose\ [(1-m sin a)(’}
(L> Lo <cos B> |(1+m sin @)

From this Johnson wrote:

=M (3.13)

r",:s
[=] [

n
L

where

M = \/cos a (1-m sin a)®

cos 8 (1+m sin a)

He presented plots of M vs. « for different values of m, and gave the theoretical
value of n/L as 0.14.

Refraction changes wave steepness in two different ways; one is a change
of wavelength from L, to L, whereas the other involves elongation or compression
of the wave crest from b, to b. Depending on the direction of the current, the
two effects may support or oppose each other.

DETERMINATION OF REFRACTION COEFFICIENT OF WAVES AT A GIVEN POINT

To determine the refraction coefficient of water waves at a given point, such
as the end of a breakwater, construction of a refraction fan diagram would be
useful. Dorrestein (1960) gave a simple procedure. Here it is assumed that the
laws of geometric optics will hold and wave reflection at the coast or obstacles
is ignored. The following notation has been used: Let 8 be the azimuth of a wave
ray at point P under consideration, measured either relative to north or some other
specified direction, and let 6’ be the azimuth of the same wave ray in deep water.
Then, for waves at P and in deep water let C and C', respectively, be phase velocities,
and Cg and C), the group velocities, let 7 and n° be root mean square heights,
and let e and €' be energy flux densities. Energy flux density means the wave
energy passing through a given point-per-unit width in unit time. Then for long-
crested waves:

’ ’

2 r
e=+pgnt Cg e =+ pgn C‘g (3.14)
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The refraction coefficient K, is given by:
K;,=1v/ = (3.15)

Dorrestein (1960) derived the following expression:

80
&0°
where 80 is increment in ¢ corresponding to an increment 86 in 6. The modulus
of 86/66" is used to allow for the fact that an increase in # could be accompanied
by a decrease in §'.

Starting at point P, wave rays are drawn into the ocean with an appropriate
interval, say 10°. The values 8° of the azimuth in deep water are plotted against
6, and a smooth curve is drawn through these data points. Knowing the slope
of this curve, the refraction coefficient at P can be determined from equation (3.16).
However, in practice the procedure might not be this simple; 6" will be a
single-valued function only when the bottom topography is regular. For complex
topography, singularities could arise. Dorrestein (1960) considered in detail how
to deal with such situations.

2 e’
K2 _ €
e

(3.16)

BRIEF REVIEW OF THEORIES FOR REFRACTION STUDIES

Following Beitinjani and Brater (1965), some theories used classically in refrac-
tion studies, as well as some recent developments, will be reviewed. Although some
of these theories were considered earlier, refraction aspects will be the main concern.
In the small-wave theory of Airy the wave height was assumed to be small compared
to the wavelength, whereas Stokes studied finite-amplitude waves without assuming
that their slope or steepness was small. Both Airy’s and Stokes’ theories were derived
for water of uniform depth only, although they have been used for small slopes of
the bottom.

In Airy’s theory the wave celerity, C, for a simple harmonic progressive wave
in water of any depth is from (1.59):

C= {% tanh <%9>}— (3.17)

. D
D is depth of water; L, wavelength; and g, gravity. For D/L > 0.5, tanh (2—7;;)
is usually replaced with unity and:

glo |3
Co = {71?0} (3.18)

where the subscript 0 denotes deep water. Hence:

c _|[L 2nD\|*
e = {Lo tanh< L)} (3.19)

If it is assumed that the period, T, of the wave remains constant during its propaga-
tion, then: L L
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From (3.19) and (3.20) it follows that:

€ _L . tanh (-2@>
Co Lo L (3.21)
These relations show that %, g—o, and % are all functions of%, and for any deepwater
conditions ican be determined for afly given % ’
The wave energy averaged over one wavelength is:
E =1 pgn’ ‘ (3.22)
and the rate of transfer of energy, P, is given by:
P=EnC (3.23)

where

(47rD>
_\L/ |
. 4nD )[
sinh <_L >

Recall that orthogonals are perpendicular to the wave crests and let b and
b, be the separation between two successive orthogonals in shallow and deep water,
respectively. In the classical approach to water-wave refraction, it was always
assumed that no energy was dissipated or transmitted across the orthogonals, so
that the same power passed all positions between two orthogonals, i.e.:

n=1 {1 + (3.24)

P,b, = Pb (3.25)

P, is the average value of the power transmitted in deep water. Then from (3.22),
(3.23), and (3.25):
no_ [ L Gl bo)? (3.26)
Mo 2n C b

Equation (3.26) and a refraction diagram can be used to estimate wave height
at any given position. The above analysis does not include the effects of bottom
friction.

Stokes (1847) did not assume small steepness and, unlike Airy in his theory,
he included higher-order terms and represented the wave profile by a trigonometric
series. Stokes” wave profile has sharper crests and broader troughs than those in
Airy’s theory. In practice, only the first three terms from Stokes’ theory are used.
Skjelbria’s (1959) tables for the Stokes wave parameters were summarized by
Beitinjani and Brater (1965).

Let L be the wavelength and 5 the elevation of the surface relative to the
equilibrium position. Then:

T=A,cos0 + A, cos20 + Az cos 30 (3.27)
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where 0 is defined as:
x t
= = — = 28
6 =2n (L T) (3.28)

The wave propagates in the x-direction, ¢ is time, and T is the period of the wave.
The coefficients Ay, A,, Az are defined through the following relations:

o) 6
2 X8 <cosh £> +1
L (3.29)

n_ = L o] 2 3
pD-p | A . (27TD>
sinh N

cosh (%Q> {cosh (‘%12) + 2}
(3.30)
3
2 (sinh 21L2>

6
{8<cosh ?) + 1}
(3.31)
6

The wave celerity, C, is given by:

2 27D {cosh <§—7:9> + 8;
=~ = £ tanh(—{—) 1+ (27A,)? = (3.32)

Equations (3.18) and (3.32) give:

o D [cosh(-S{—D>+8}
b _ L tanh(L) 1+ (27A,)? (3.33)
0

- g 8 sinhz—@4
L

L, is the wavelength in deep water and can be obtained from (3.18), (3.20) to
give:
Ly= 32 T (3.34)

Equations (3.17) and (3.32) are similar except for the second term in the parenthesis
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of the latter. When the wave height is small, A; - 0 and (3.32) reduces to (3.17).
Equations (3.29), (3.30), (3.31), and (3.33) show that, although D/L is only a function
of D/Ly in the small-amplitude wave theory, in Stokes’ theory it is a function
of 7/D also. This means to calculate the wavelength, L, at a certain depth, D,
the waveheight, 7, must be known. Because this is not known, D/L and n have
to be determined from a transcendental relation by trial and error.

BEITINJANI AND BRATER METHOD FOR EXTREME REFRACTION

In the determination of wave heights from refraction diagrams, it is usually
assumed that no energy is transmitted across surfaces orthogonal to wave crests.
Of course, this assumption is invalid for cases of extreme refraction when wave
crests exhibit a significant amount of curvature and wave height varies substantially
along the wave crests. Beitinjani and Brater (1965) developed a technique that
can be used in such situations, and checked their theory against laboratory experi-
ments.

They applied Stokes’ theory for small-bottom slopes although, strictly speaking,
it is meant for uniform depth only. Let x be direction of wave propagation and
z the vertical coordinate, positive upward. Let D be water depth, H be wave height
(actually maximum range of the wave in the vertical direction), and n(x,?) deviation
of water level from its equilibrium position. Let ¢ be velocity potential, p density
of the water, and L the wavelength. Then for a progressive wave, rate of transfer
of energy, P, across a fixed strip of unit width and averaged over one wavelength,

L, is:
L D
pzﬁf *y 3 % .y (3.35)
L, , Of Ox

The velocity 8¢/dx nondimensionalized with respect to C, where C is defined
by Equation (3.32), is:

1 9¢ 2nz 47z
- == = + = 2
C 3x F, cosh< [ ) cos § + F, cosh< L )cos 20
(3.36)
+ F, cosh( %) cos 36
where ¢ is defined in (3.28) and F,, F,, and F; have the following definitions:
_ _2mA,
F, = —Sinh 2D (3.37)
L
2 (21A,)?
F2 = 4 ( 1) (338)
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and

D \
{11—2cosh <-—L—)} 3.39
= _14 (zﬂAl)a = (3:39)
sinh 2D
L
Define:
=2 =%
(= L E=T (3.40)
which are the nondimensional space variables. Noting that:
%6 _ - 9% (3.41)

Y ax

Equation (3.35) becomes:

P _ ol 1 ()
o= | O & (ax) dt - (342)

The right side of this equation is a function of the dimensionless parameters, D/L
and H/D.

Beitinjani and Brater (1965) reduced the double integral in (3.42) to a single
integral and solved it numerically. They gave plots of P/(C?pL) vs. H/D with isolines
of D/L shown on it. Also, from (3.32) plots of C*/L vs. H/D were prepared with
isolines of D/L.

WAVE REFRACTION THEORY WHEN CAUSTICS ARE PRESENT

Chao (1970) developed a theory for refraction of water waves that would hold
even in the presence of caustics. Caustic is defined as a smooth surface or curve
forming the envelope of a family of rays. If the ray-theory approach to wave
refraction is used then near a caustic infinite wave heights are obtained, which
is meaningless. Chao introduced the bottom slope into the equations and solved
these by an asymptotic solution in terms of the inverse of the bottom slope. In
his solution, the amplitude of the wave increases monotonically and attains a
maximum immediately before arriving at the caustic. On the caustic itself a phase

. m . . .
shift of l;loccurs and some fraction of the wave energy is diffracted onto the

other side of the caustic. On the far side of the caustic, wave amplitude decreases
exponentially with increasing distance from the caustic.

Chao used spherical polar coordinates so that refraction of water waves traveling
over large expanses of the globe can be computed. He stated that he used the
technique developed by Ludwig (1965, 1966, 1968) to solve the problem of refraction
at a caustic. Ludwig’s technique used a new kind of “uniform asymptotic solution”
involving the Airy function. On one side of the caustic the expansion is similar
to that of geometrical optics, and on the other side of the caustic an exponentially
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damped solution is obtained. Near the caustic there is a smooth transition from
oscillatory to exponentially damped solution and the solution is finite on the caustic
itself. Although Chao’s solution is elegant, because of space requirements, it will
not be included (see Chao 1970).

CONSTRUCTION OF REFRACTION DIAGRAMS FOR TSUNAMIS

Several authors have developed methods suitable for digital computer to con-
struct refraction diagrams for use with tsunami studies (e.g. Momoi 1964). Usually
the input to these programs consists of water depths, direction of wave, separation
angle, and ray separation between two adjacent rays. The output from the model
is the path of wave orthogonals, refraction coefficients, wave heights, and travel
times.

Keulegan and Harrison (1970) described a method for constructing tsunami
refraction diagrams with a digital computer. These authors developed a scheme
to provide input for a hydraulic model to simulate protection of Crescent City,
Calif,, from tsunamis by a breakwater. Compensation was also made for the distor-
tion of the earth’s surface that occurs on a Mercator map. Figure 3.4 shows the
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F1G. 3.4. Refraction diagram for 1964 Alaskan tsunami. (Keule-
gan and Harrison 1970)
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FiG. 3.5. Refraction diagram of wave fronts at 15-min intervals
for the October 1963 tsunami. (Hatori and Takahasi 1964)

refraction diagram for the Alaskan earthquake tsunami of March 1964. Figure
3.5 shows the refraction diagram for the tsunami of October 1963 near Japan.

For a recent article on numerical models for wave refraction see Chu (1975),
and for a good review on effects of refraction and shoaling on the propagation
of explosion-generated waves see LeM¢éhauté (1971). Without going into detail,
the approach presented by LeM¢éhaut€ (1971, p. 23) was:

“.. in addition to dispersion; reflection, refraction, shoaling, bottom friction, and
nonlinear convective effects are important. Since a generalized theory for dispersive
waves of finite amplitude over a complex bottom topography is beyond the present
state of the art, one has to rely upon simplified theories which permit one to assess
the most realistic practical approach and to determine an order of magnitude of the
corrections due to secondary effects.

“The fundamental approach consists of developing a numerical technique for
wave shoaling and wave refraction for linear dispersive waves travelling over a one-
dimensional bottom topography. The method is based on the assumption of
conservation of wave energy flux as developed by Van Dorn (1964). Other effects
will appear mostly as corrections to the fundamental results.... It was demonstrated

that these corrections are indeed negligible in most cases. The following simplifying
assumptions must be made.
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“The first assumption of importance is the neglect of the dispersive effect. In
the case of an explosion located at a far distance from a significant depth variation,
this assumption is certainly valid if the slope is short. It is also valid in shallow water
since the group velocity tends to equal the phase velocity. The wave trains can then
be considered as quasi-periodic; i.e., the wave pattern is treated as a succession of
periodic waves since the variation of wave period from wave to wave is indeed very
small at a great distance from the explosion. The reflective effect due to a depth’
variation may be calculated for plane periodic waves assumed to be of small amplitude.
This method is not suitable for explosions taking place on or very nearby a slope.
However in this latter case the reflection coefficient may often be neglected since
the waves simply tend to be shorter in length near the explosion. In shallow wate,
nonlinear effects of importance are due to convective inertia and quadratic bottom
friction. Suitable mathematical treatments are based on steady state periodic or solitary
waves.

“Free surface profile and velocity and pressure fields are then given by high-order
Stokian theories or cnoidal theories valid for steady-state periodic waves. The nonlinear
wave-shoaling correction is calculated by assuming conservation of energy flux for
nonlinear waves. The wave damping effect due to a quadratic bottom friction is
determined from a dissipation function, either for periodic long waves or solitary
waves. This effect is a nonnegligible correction in the case of long shallow bottom
topographies. There is presently no simple practical method to account for the possible
instability of these high-peaked long waves as they arrive in shallow water even though
this phenomenon should be expected.”

LeMéhauté also studied nonlinear effects caused by convective inertia and
bottom friction. He subdivided the influence of the convective inertia into three
parts: (1) a free surface profile, pressure field, and velocity field different from
those given by the linear theory; (2) a high probability of wave profile instability
causing the generation of multiple undulations from each linear wave given by
the Kranzer-Keller solution; and (3) a variation of wave height due to bottom-depth
variation different from the one which would be given by the laws obtained by
assuming conservation of energy flux for linear periodic waves. In the first and
third cases, periodic, nondispersive waves can be considered. For shallow water,
phase dispersive effect can be neglected because group velocity equals the phase
velocity.

LeM¢hauté found that the correction to the wave profile because of bottom
friction somewhat balanced the correction due to nonlinear effects, thus, neglect
of both effects might be justified in studying the propagation of explosion-generated
waves.

DIFFRACTION OF WATER WAVES

Diffraction is a well-known phenomenon, especially concerning optics and
acoustics. Although the same principles more or less carry over into hydrodynamics,
generally speaking it will be convenient to define water-wave diffraction, as is
understood in coastal engineering (Wiegel 1964, p. 180):

“Consider a wave system interrupted by an impervious structure such as a breakwater.
The portion of the waves incident to the structure will be reflected, or break, or
both, whereas the portion moving past the tip of the surface will be the source of
a flow of energy in the direction essentially along the wave crest and into the region
in the lee of the structure. The ‘end’” of the wave will act somewhat as a potential
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source and the wave in the lee of the breakwater will spread out in approximately
a circular arc with the amplitude decreasing exponentially along this arc. The same
phenomenon will also occur in the reflected portion of the wave. This complicates
the physical picture considerably, as part of the wave energy associated with the ‘radial’
wave being generated from the ‘end’ of the reflected wave, will move into the harbour
region. The two sets of waves cylindrical and radial, reinforce and cancel each other
mm such a manner as to cause an irregular wave height in this region. This physical
phenomenon is known as diffraction.”

Sommerfield (1896), in connection with optics, solved the problem of diffraction
of a plane wave by a half-plane. Penny and Price (1944) showed that Sommerfield’s
solution holds for diffraction of water waves also. Many papers in the literature
deal with diffraction of water waves around a breakwater. But most use in some
form or other Sommerfield’s solution, which involves the method of separation
of variables. However, this restricts these methods for very simple shapes of the
breakwater.

Wada (1965) used integral equations to show that the Wiener-Hopf technique
to solve more complicated diffraction problems could be successful. Momoi (1967a,
b; 1968a-c; 1969a-d) considered very extensively and intensively diffraction about
a breakwater.

Although it may be somewhat out of place in the sense that it does not concern
diffraction, there is a useful paper by Longuet-Higgins (1967) where he derived
simple formulae to deduce the wave-induced difference in mean sea level between
the two sides of a submerged breakwater. This result follows from the concept
of radiation stress which will be discussed in Chapter 4. When waves approach
a submerged breakwater or sand bar, the water level is usually higher on the far
side of the breakwater than along the wave-incident side.

Jarlan’s (1965) study of perforated vertical breakwaters for shore protection
introduced many analogies to acoustic wave concepts, and might prove to be
practicable in certain situations. Another work of practical importance is that of
Morrow (1966) where he calculated the diffraction of ocean waves about a break-
water outside a harbor (or marina) mouth.

SCATTERING OF WATER WAVES

Katz (1963b) used an analogy with geometric optics to derive a ray theory
for wave propagation in a nonuniform medium and applied it to tsunami propaga-
tion,

Although the medium is nonuniform it is assumed to be statistically homogen-
eous and the aim is to follow the trajectory of a phase point. Katz specifically
examined two effects; the retardation of the phase point by the variable local wave
speed along the trajectory, and the further retardation and dispersion caused by
meandering. He described the retardation of the wave front and the dispersion
of the phase point from the incident radiation in terms of mean and mean-squared
displacements.

Katz (1963a) took 0.3 m as a typical tsunami height, 161 km as a typical length
of the tsunami wave, 805km as a typical length of the bottom irregularities, and
24km as an average depth of the ocean. Based on his theory for these typical
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values, he deduced that for a tsunami to travel 9654 km the variable depth will
retard the tsunami by a quarter-wave period, which might amount to several minutes.

Carrier (1970) used stochastic concepts to study the scattering of tsunamis (as
they travel over the irregular topography of the ocean) and concluded that scattering
is not important during tsunami travel over the deep part of the ocean. Nevertheless,
because of the promise of stochastic concepts to tsunami problems Carrier’s paper
will be considered briefly. He cautioned that at the outset reflection and scattering
associated with depth variations could be considered significant, because if a
one-dimensional depth distribution such as:

H = Hq (1+€ cos (2kox)) (3.43)

is assumed, and € ~ 1/50 and A = 2n/k, ~ 161 km is used, most energy in
a spectral band |k — ko| <4 € k, would not be expected to arrive at the target.
Carrier felt there was no observational evidence to support this contention and
there should be a better method to estimate the strength of the reflections. He
used a one-dimensional bottom topography and justified this as follows (Carrier
1970, p. 249):

“We will treat the phenomenon as though the bottom topography were one-
dimensional and as though it were one realization of a family of bottom topographies
whose properties are known stochastically. We adopt this point of view not only
because no precise description of the topography is available, but also because the
appropriate one-dimensional ‘sections’ of that topography will vary from one tsunami
to another in accord with their different locations. Thus, in a very real sense, we
are studying an ensemble of problems characterized by an ensemble of depth distribu-
tions. The palatability of the decision to treat the problem as a stochastic one is
also enhanced by the observation that the deterministic problem with a realistic depth
distribution would be very difficult to solve.”

Over the deep ocean the amplitude of the tsunami is at the most a few meters
but its length could be several hundred kilometers. This means the surface slope
is negligible and the nonlinear effects can be ignored. In this work, Carrier ignored
dispersion as he had studied it in an earlier paper (Carrier 1966). Hence, in the
1970 work he studied the propagation of a monochromatic gravity wave over an
ocean of variable depth and, in the mathematical formulation, used the linear
shallow-water wave theory. Carrier (1970) concluded that very little tsunami energy
in any spectral region is deterred from reaching any given target by the irregularities
of deepwater bottom topography. This agrees with Katz (1963b).

Munk (1963) introduced several useful concepts for tsunami dissipation (in
analogy with acoustics). A typical e-folding time (i.e. time taken for the initial
intensity to decay to of its value) for tsunamis is$ day and a typical reverberation
time is of the order of a week. (When a pistol is fired in an empty hall the sound
echoes and reechoes from the walls, ceilings, and floors for a considerable time.
Acoustical engineers call this phenomenon “reverberation time.”) For Pacific Ocean
tsunamis, he also considered the leakage of energy into the Atlantic and Indian
oceans.

Munk estimated the circumference of the Pacific Ocean to be 45,000 km, not
including the Antarctic windows of 3500 km. To estimate the circumference, all
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irregularities of the coastline shorter than a wavelength were ignored. From this
information, Munk estimated that roughly 1.7 reflections per day could occur in
the Pacific Ocean.

Munk grouped the phenomena of geometric spreading, dispersion, reflection,
and scattering under one heading, “diffusion,” because all these processes diffuse
the energy over the ocean basin without dissipating the tsunami energy into heat.
Munk (1963, p. 55) envisaged the process as foliows:

“Initially the disturbance is confined within a circular annulus spreading from the
epicenter. Its radius increases as C ¢, or by about 750 km/hour, and the energy density
within the annulus must diminish accordingly. The initial annulus width is determined
by the dimensions of the disturbance. The width increases slowly with time because
of dispersion; energy associated with high frequencies spreads somewhat more slowly
than that associated with lower frequencies. The variable depth of the sea (variable
‘index of refraction’) leads to further modifications. Shoals and deeps whose horizontal
extent is large as compared to the tsunami wave length lead to refractive convergences
or divergences of energy; features that are comparable in wave length are effective
in scattering the energy (small features are relatively ineffective scatterers). Islands
of comparable dimensions are very effective scatterers. Large islands reflect the energy.
The coastline reflects and scatters the energy, again depending on the dimensions
of the irregularities. Another feature is the leakage of energy into the Atlantic and
Indian Oceans.”

Munk concluded that the duration of the tsunami would not be significantly
affected by dispersion from the following arguments. First, he wrote:

C=Co(l- g u?)
where ) (3.44)

u(f) = 2nf [ 2

Co = +/gh is the velocity at zero frequency and C(f) is the velocity at frequency,
J- As most tsunami energy is contained in frequencies less than 12 cycles/h, f= 1/300
cycles per.s (cps). Also, taking an average depth of 4 km for the Pacific Ocean,
=04 and C/Cy = 0.97 are obtained. Thus, the dispersive delay of high frequen-
cies is about 3% and, according to Munk, even for the most distant source the
duration of the direct wave would not increase by more than | h, and even after
5 days of multiple reflection and scattering, the dispersive lengthening is only by
as much as 4 h.

To determine the leakage of energy from the Pacific Ocean Munk assumed
a highly idealized model, where he ignored variations of intensity in a given ocean.
Let I; (/=1,2,3) be the intensities of the tsunami in the Pacific, Atlantic, and Indian
oceans and S; be the surface areas. The flux of energy from the Pacific Ocean
into the Atlantic is: (I, =1;) CR,, where Ry, is the width of the opening between
the oceans. There are three equations of the following form, one for each ocean:

1 dl
o —d—t—l =-1, =B (I; ~1) —B13 (1, —13) (3.45)
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where ¢; (f=1,2,3) are constants to be determined and ﬁi]. are defined:
C Rl.].

= — 46
%= s, (3.46)

The other two equations can be written simply by a cyclic rotation of the subscripts,
noting that 61.]. #* Bﬂ

Next Munk assumed that the energy decayed by a factor 1/e for each reflection
for the three oceans. He gave for «;

CR;
S;
where R; are the circumferences of these oceans. The leakage coefficients are then

given by: ’ '

Q. = (3.47)

!

|

_8 %y

3
which shows that these depend only on the fractional length of the openings or
windows.

The solutions for the intensities can be written as:

Fp)e®ii=1,23 (3.49)

I
> Mw

=1

knowing @, and ﬁ,-/-, the roots, p,, and the coefficients, F, (p,), can be evaluated.
Figure 3.6 shows the decay of the normalized intensities for the Pacific, Atlantic,
and Indian oceans. Munk (1963, p. 63) interpreted this diagram as follows:

“The Indian and Atlantic Oceans attain maximum intensity within roughly ¥ day;
inasmuch as this ‘leakage time’ is of the same order as the absorption time, our
assumption of diffuse wave energy is hardly justified. Still certain features are sugges-
tive: the peak intensity in the Atlantic is only 5 per cent of the intial Pacific intensity;
whereas for the Indian Ocean, this figure is twice as large. The corresponding ratios
in rms amplitudes are 22 per cent and 31 per cent. With some careful filtering it
should be possible to extract the tsunami waves from Indian and Atlantic tide gauges.
The Atlantic peak is very broad, and this implies the predominant role of a delayed
leakage via the Indian Ocean as compared to the direct leakage through the narrow
window between the Pacific and Atlantic. Finally, the dashed curve shows the Pacific
decay in the absence of a leakage, according to exp (~a,t). Leakage losses are an
important but not a predominant factor in accounting for the decay of tsunami energy
in the Pacific”

Next Munk considered the absorption problem. He referred to the work of
Miller et al. (1962) who estimated the tsunami decay time to be about 12 h. They
based this on the spectra of La Jolla, Calif., tidal record for the first, second, third,
and fourth 12-h intervals and the third, fourth, and fifth day, and they found
the decay curves were approximately exponential. Munk asked the question, “To
what extent is the recorded decay the result of diffusion of an originally concentrated
source and to what extent due to energy absorption?” He arrived at an upper
limit for the diffusive decay as follows: if E is the total tsunami energy, then the
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F1G. 3.6. Intensity in relative units (ordinate) in the Pacific. Indian, and Atlantic
oceans. Broken curve shows Pacific decay if there were no leakages into other oceans.
(Munk 1963)

intensity in the spreading annulus with width, r, is given by:
E

. 3.50
2y Ar ( )

which refers to the direct arrival. Because in time the energy is diffused over the
area, S, of the Pacific Ocean, the intensity is E/S. Thus, the intensity decreases
from the initial to the final state by the ratio S/(2nr+ A r). Taking typical values
of r = 8500 km, Ar = 1000 km, and S = 1.8 X 108 km? gives the reduction as
3.4 to 1. If the Atlantic and Indian oceans are incliuded, then the reduction is
about double this ratio. Even then this is insignificant compared to the observed
reduction of 1000 to 1 from the first to the fifth day.

The duration of the direct signal at any given point is r/C, about 13 h. In
the decay computation, the initial intensity used is an average value over the first
12 h and, subsequently, the same interval was used for averaging. The reflection
frequency is 1.7 cycles per day, and 12h is about the same order of magnitude
as the interval between boundary reflections. This means, a time average over
12h at a given point is approximately the same as the space average over the
whole ocean. Munk (1963, p. 65) further stated:

“If there were little diffusion, the record would consist of intermittent arrivals of
the direct and reflected signals. Even then, the intensity averaged over a reflection
time would be far less than that of the strong intermittent signals and not much
removed from the ‘diffuse intensity’ E/S. In fact, the records are not characterized
by the arrival of intense intermittent signals associated with well-defined reflections,

and only in rare instances have there been attempts to identify ‘second arrivals’ due
to reflections from distant coasts (Cochrane and Arthur, 1948); rather the intensity
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diminishes in a reasonably smooth fashion. This appears to be typical at all stations.
“The conclusion is then that diffusion is a minor factor in the observed decay
of intensity. If diffusion were so slow that for an appreciable time the record at any
one station would consist of intense intermittent signals, the decay in the intensities
averaged over intervals of the order of the characteristic reflection time would primarily
be an indication of absorption; and this is even more true if (as appears to be the
case) the signal itself is diffuse at any early stage and then is time-averaged over

a reflection time.”

It has been assumed that the absorption over the whole Pacific Ocean is uniform,
which, of course, is highly questionable. A more realistic situation is when a few
highly localized regions account for most of the absorbing. For details on this,
see Munk (1963).

3.2 Trapping Wave Energy

Summerfield (1969) made a comprehensive study of the problem of wave energy
trapped by bottom topography and his arguments will be followed closely. To study
trapped waves, a distinction must be made between oscillations of the first class
(OFC) and the oscillations of the second class (OSC) (see Platzman 1971b, for
a detailed discussion of these oscillations). Oscillations of the first class are gravity
waves modified by rotation, whereas OSC can exist only in the presence of rotation.

FIRsT-CLASS, TRAPPED-WAVE MOTIONS

Eckart (1950) recognized that gravity waves generated in shallow water might
get totally reflected while proceeding into deep water at the continental slope. Isacks
et al. (1951) used ray theory concepts to show that these waves could be captured
from the open sea and guided along a long coastline by successive reflections between
the shoreline and the offshore water. Snodgrass et al. (1962) showed from theory
that trapped waves could exist along California’s borderland, and from spectral
analysis of long-wave records they pointed out that the shoreline is a good reflector
for long-wave energy. Munk et al. (1964) made observations especially designed
to isolate the trapped waves from other motions and concluded that trapped waves
account for most low-frequency energy. The important fact that tsunamis approach-
ing a coast can generate trapped waves has been conclusively shown with reference
to the Japanese coast by Nakamura (1962), Hatori and Takahasi (1964), Nakamura
and Watanabe (1966), Aida (1967), and Hatori (1967).

Consider how the topography was modeled in some studies mentioned above.
Usually the continental shelf and the deep water are modeled as two different
regions, each of uniform depth, with a discontinuity of depth along the straight
continental slope. A straight, vertical, and perfect reflecting wall is assumed for
the coastline and this one-step model is known in the literature as the straight-ledge.
Munk et al. (1964) improved this model by including a steplike variation of depth
between the coast and deep sea. The main defect of these models is that the shelf
is assumed to be infinitely long and of uniform width. Aida et al. (1968) performed
a laboratory experimental study on the effect of the one-step model of a smooth
right-angled bend on the trapped waves.
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Summerfield (1969) pointed out some unclear use of the terms “trapped
waves” and “edge waves” To make this clear he quoted from Longuet-Higgins
(1967) who described edge waves as (Summerfield 1969, p. 5): *...type of motion
possible in the neighbourhood of a plane beach inclined at a constant angle «
to the horizontal. The wave progresses parallel to the shoreline, its amplitude
diminishing exponentially with distance seawards (measured along the bottom).”

Stokes (1846), the first to discover these theoretically, used the linearized forms
of the surface-wave equations. Ursell (1952) not only found higher-order edge waves
but demonstrated their existence in laboratory experiments. Munk et al. (1956),
Donn and Ewing (1956), and Donn (1959) found edge waves from water level
records taken during the passage of storms (see also Freeman and Murty 1972;
Murty and Freeman 1973). Theoretical calculations on the edge waves have been
made by Greenspan (1956), Reid (1958), Kajiura (1958), Johns (1965), Ball (1967),
and Mysak (1968a, b).

Trapping gravity wave energy (caused by guiding waves along the continental
shelf) is somewhat analogous to other wave guides in geophysical problems (e.g.
Love waves in the earth’s crust and sound waves in the Sound Fixing and Ranging
(SOFAR) channel in the oceans). The following literature on the wave guide in
the shallow-water region is important. Isacks et al. (1951) suggested that gravity
waves might be totally reflected from the deep water on either side of a shallow-water
region. Ursell (1951) showed that surface waves could be trapped along a submerged
circular cylinder. Munk and Arthur (1952) used ray theory to show that gravity
waves could be guided along underwater ridges. Further work on this problem
has been done by Sun (1959), Garipov (1965, 1967), and Buchwald (1969).

An important paper on trapped modes is Longuet-Higgins (1967) who showed
that isolated islands might trap long waves that are guided by local bathymetry.
The observation that prompted Longuet-Higgins work is the long-wave records
at Macquarie Island (54°30'S, 158°58'E) which clearly showed an oscillation period
of 6 min and a beat period of 3 h. He showed from theoretical calculations for
an idealized circular seamount or sill, that there are some oscillations or modes
trapped by the mount. He showed further that waves traveling from the open
sea and incident on the mount could impart sufficient energy to these modes to
make them detectable in shallow-water wave records. To explain the beat period
found in the Macquarie Island records, it is tempting to invoke the Coriolis force,
which causes a frequency split into identical motions propagated in opposite direc-
tions around the seamount, and would appear as a low-frequency beat in the
shallow-water wave records. However, the beat period arising in this manner is
too large to account for that of Macquarie Island. The asymmetry of the island
was pointed out by Longuet-Higgins to be the cause of this frequency split.

There are other important works on the general problem of wave motion around
seamounts or islands. Arthur (1946, 1951) showed that the effect of the local
bathymetry in refracting waves around an island is an important factor in creating
large waves on the lee shore. The severe damage caused by tsunamis motivated
several authors to calculate the response of the shallow-water region around an
island to incoming long-wave radiation from the open sea. Omer and Hall (1949),
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Homma (1950), Wong et al. (1963), and Webster and Perry (1966) used simple
models to calculate amplitude response curves. Some laboratory experiments were
done by Wong et al. (1963) and Williams and Kartha (1966). More complex and
more realistic topography was included in calculations by Momoi (1967) and Vastano
and Reid (1967).

SECOND-CLASS, TRAPPED-WAVE -MOTIONS

The so-called oscillations of the second class (OSC) owe their existence to the
earth’s rotation. These waves also could get trapped like the gravity waves discussed
earlier. Reid (1958), while studying the effect of Coriolis force on OFC, found
another type of very low-frequency motions that propagate along (in the same
direction as Kelvin waves) and are almost confined to the shoreline, which he
called quasi-geostrophic boundary waves. For these waves, the longshore component
of the fluid flow and the offshore wave slope approximately balance each other.

Two extreme cases arise: the longshore wavelength of these waves is much
less or much greater than the width of the shelf. In the former case, Mysak (1968a)
showed that the finite width of the shelf has no influence on the waves whereas
in the latter case, Robinson (1964) showed that the waves are more or less confined
to shallow water and he named these free, second-class, surface wave motions
“continental shelf waves.”

The concept of the inverse barometric effect will be briefly introduced. It has
been observed that the sea level responds to atmospheric pressure changes in an
inverse manner, about 1 cm of water level per mb of pressure change. However,
there are many instances when the inverse barometric effect does not apply.

Hamon (1962, 1963, 1966) studied the sea-level data on the Australian coast
and concluded that shallow water did not respond barometrically to low-frequency
atmospheric pressure fluctuations. Based on the data of adjacent tide gages, he
showed that a northward traveling wave existed along the east coast and a southward
traveling wave on the west coast of Australia. Mooers and Smith (1968) did spectral
analysis of the sea-level and atmospheric pressure data recorded along the Oregon
coast and deduced the existence of free, continental shelf waves propagating north-
ward. Mysak and Hamon (1968) showed that a similar wave traveling southward
could exist along the cast coast of the USA. Shoji (1955, 1961) observed similar
waves along the Japanese coast and Yoshida (1960) speculated these might be surface
manifestation of internal Kelvin waves.

The absence of the inverse barometer effect in the work described by Hamon
was attributed by Robinson (1964) to the excitation of the fundamental shelf wave.
Mysak (1966, 1967a, b) treated the continent of Australia as circular and assumed
that an atmospheric pressure system propagates across it from west to east and
showed that resonance coupling with this atmospheric pressure field could excite
shelf waves. Adams and Buchwald (1968) showed that the longshore component
of the geostrophic wind could excite horizontal, nondivergent shelf waves and these
could account for the behavior of the sea level described by Hamon. Buchwald
and Adams (1968) used theoretical dispersion relations to show that the quasi-
geostrophic waves are similar to the Rossby or planetary waves originally introduced
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in the field of meteorology. Several authors (e.g. Longuet-Higgins 1964) studied
these in the context of oceanography.

Longuet-Higgins (1968} theoretically showed that for continental shelf waves
to exist, the shallow-water region could have infinitesimal width. He showed that
under uniform rotation, long waves could be trapped along a straight-line discon-
tinuity separating two regions, each of uniform depth, and the trapped waves were
the OSC-type and propagated along the discontinuity only in the same direction
of travel as Kelvin waves in the deeper of the two regions. Buchwald and Adams
(1968) extended the Longuet-Higgins (1968) study for a straight shelf of uniform
width that slopes between the two regions and obtained guided motions of the
nondivergent type. For these OSC, the potential vorticity is conserved under the
action of conservative forces (Ball 1965).

Rhines (1969a, b) extended Buchwald and Adams (1968) study by considering
an ocean on a f— plane where § is the variation of the Coriolis parameter, f,
with latitude. Although on the globe § varies with latitude, in the 8— plane approxi-
mation it is treated as uniform. His study showed that the motions are guided
along coherent and closely spaced contours of the ratio, /7D, where D is the depth
of the ocean.

The motions considered here under OSC have periods greater than a pendulum
day, defined as the period of revolution of a Foucault’s pendulum. This is given
by:
2m

pendulum day = 2T = o0

(3.51)
where ¢ is the latitude and Q is the angular velocity of earth’s rotation. This-
expression shows that the pendulum day varies from place to place, depending
on latitude. It is 27/Q at the pole and tends to oo at the equator. When the rotation
@ > 0 the OSC become steady currents. Crease (1956) specuiated that in a uniformly
rotating ocean of uniform depth the existence of a trapped long wave along a
finite length straight-line barrier is possible. The works of Chambers (1964) and
Williams (1964) verified Crease’s suggestion. A similar phenomenon was discovered
by Sekerzh-Zen’kovich (1968) for a cylindrical island in an ocean of uniform depth.
These special types of OSC propagate along the barrier or island in the same
sense as a Kelvin wave. However, although the motions exist only in the presence
of rotation, they have periods less than a pendulum day and in that sense do
not belong strictly to OSC. After reviewing the mathematical theory and results
of the trapped motions following Summerfield (1969), the developments subsequent
to Summerfield’s work will be considered briefly.

MATHEMATICAL FORMULATION OF THE TRAPPED-WAVE PROBLEM

Following Summerfield (1969), the mathematical problem for trapped waves
will be formulated. Solutions for different geometries and under different conditions
will be considered in subsequent subsections. Consider a right-handed Cartesian
coordinate system (x,),z) with the origin at the undisturbed position of the water
surface and the vertical z-axis positive upward. Let A(x,y) be the depth of water
in the undisturbed state and let §(x,y,7) denote the deviation of the water level
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from its equilibrium position, ¢ being time. Let g be the acceleration due to gravity
and U and V the x and y components of the fluid velocity. The Coriolis parameter,
/. is defined as:

=20 sinH
= 282 cos ¢

(3.52)

where @ is the latitude (¢=90°-§ is the colatitude) of the center of the region
under consideration. The linearized shallow-water equations of motion in the x
and y directions for a uniformly rotating homogeneous fluid are:

U _ e
ar V=783
(3.53)
oV a¢
- 4+ = — =3
ot fu oy
The continuity equation is:
i, 0 9 -
5t Ay (O + g (V) =0 (3.54)
Define:
9? 0?
2 = 07 o
Ve = ax? * 9y
- o 3  Oh 3 (3.55)
R N S Ty

Then manipulation of (3.53) and (3.54) gives:

1 ( 3 1 3 ~
:\72 - = < Y +f2) + zh.y} % +%s_2 VhXVE=0 (3.56)
Assume simple harmonic motion with respect to ¢:

Hx,t) = e ¢ (xy)

where g denotes the frequency in radians /s,
Then (3.56) becomes:
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If the depth, £, is uniform, then this equation reduces to:

{vz + ————(ozg:hfz) } ¢* =0 (3.58)

If the rotation is zero, (3.58) further reduces to:

‘ 2 22_ %
<v + gh> = (3.59)

Long waves in shallow water separated from deep water by depth discontinuities
of infinitesimal width will be considered. At a depth discontinuity two conditions
must be satisfied.

The volume transport is the same on either side, i.e.:

h U. n is continuous (3.60)
and the perturbation height is the same on both sides, i.e.:
¢ is continuous (3.61)

The notation U = (U,V) is used and n denotes the unit normal at the discontinuity
in depth.

Because U and V are also simple harmonic, assume U=e ~iot g {x,y) and
V=g oty (x,y). Equations (3.53) and (3.54) give:

x _ —log 8 . f 0\,
v _(02—f2)<ax+l o Z)y)§
«_ _Zlog (3 _if B «
My ( . ax>f

If %5 f? then at the depth discontinuity, the continuity of volume transport requires
that:

(3.62)

J f 9 * .
h <an i as> ¢ be continuous (3.63)
Here s and n are the tangential and normal directions to the discontinuity. At
arigid boundary U + 7 = 0 hence, the condition on {  is:
9 , . 3\ .« :
2 AN = 64
<an+10 6s)§ 0 (3.64)

The problem then reduces to solving (3.57) under the above boundary conditons
for wave motion propagating along a coastline of prescribed geometry. As there
could be no energy source for the free modes of oscillation, { should either tend
to zero with increasing distance from the coastline or it must correspond to a wave
motion propagating away from shallow water to deep water. This is the so-called
radiation condition.
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ScAaLE CONSIDERATIONS

The OFC inertia-gravity waves have small length scales so the Coriolis para-
meter, f, can be treated as uniform and the curvature of the earth can be ignored.
However, this is not true for OSC because these could have lengths of the order
of several hundred miles. Following Longuet-Higgins (1964, 1965) Summerfield
incorporated § into (3.57) after taking the y-axis in a northern direction so that
af /8y = 8. The modified form of (3.57) is:

@, 1 g :
Vil vy g _v_hxg]g
(3.65)
0 [y 2 @) 2] e
+(02—]”2) l2f ay ! o ax]§ =0

Let a typical length scale of OSC be |/m and as for these motions ¢ =~ f,
the second term in the square brackets in (3.65) is small compared to the first
term, provided:

B8
'mfl << 1 | (3.66)

The following relation could be used away from the equator:
B _tan¢
mf  mR

where ¢ is the colatitude and R is the earth’s radius. This expression is invalid
at the equator because f = 0 there.
Because R ~ 6436 km, to satisfy (3.66):

f2
g << (3.67)

Hence, at the scales of motion when (3.57) adequately approximates (3.65), (3.57)
can be further reduced to:

1
h

Qs
o=

{v2+ Vh-V +i Q.VAXUltr=0 (3.68)

This further reduction impliés that the following simpler continuity equation
9

f?_ (AU) + 3 (hV)= 0 replaces the usual continuity relation (3.54). The motions
X
are horizontally nondivergent.

TRAPPED WAVES ON A STRAIGHT LEDGE

The nonrotating case — Summerfield (1969) used the following depth distribu-
tion (Fig. 3.7):
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hy for ~a<x <0
h(xy) = { (3.69)
h, forx>0
A rigid wall located at x = —a is taken as the coast. Summerfield referred to
the shallow-water region between x = —a and x = 0 as the ledge, the depth

discontinuity at x = 0 as the edge, and the deepwater region as the ocean. It
is this simple model that Snodgrass et al. (1962) used in their study of ocean waves
in the period range of 6 min to 5h over the continental shelf off La Jolla, Calif.
The authors were concerned with wave motion that had the form of a standing
wave on the ledge normal to the edge and propagated along the coast. They deduced
a discrete spectrum of oscillations they called “trapped modes.” For these modes,
the amplitude decreases with increasing distance from the edge toward the ocean
and the modes have a fixed number of nodal lines parallel to the coast and the
j thmode has (; = 1,2,3,...).

Longuet-Higgins (1967) assumed that the coast was a perfect reflector and
showed that trapped waves were guided along the ledge by successive reflections
from the coast and by total internal reflection from the edge. Following Summerfield,
for a fixed wave number, m, along the edge the behavior of the j th mode when
the ledge width @ — 0 will be studied, after deriving the dependence of the frequency
g; on a. One important result is a cut-off ledge width, 4;, so the following situation
exists:
ojis real
The j th mode is well trapped on the ledge

For a>¢ The dependence of o, on a can be easily derived from an eigenvalue
problem !
0;is complex
The j th mode leaks energy from the ledge to the ocean
For a <4 The dependence of 0; on @ cannot be easily deduced other than

through numerical evaluation
Vertical Wall y
7, z
é’ m:ca .
Z_ ¥ ‘

=" 7 7 7 7
I//////,,,a,,,

P,
-

hy

hy ./

NN\ N N\

\
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v __ 1/
F1G. 3.7. Cross section of a ledge of uniform width a. broken line is the extension to a rectangular
oceanic ridge. (Summerfield 1969)
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The nonrotating case will be studied and then modification of the results when
rotation is introduced will be considered. With the notation that subscript / denotes
the two regions with depths #, and A, the surface elevation §{ (x,y) must satisfy
Equation (3.59) written in compact notation as:

2, 00| % . \

The following three boundary conditions have to be satisfied:

*
%19 (3.71)
ox
At the depth discontinuity x = 0
* £
=6 (3.72)
and
* *
afl B 8§2
hy Kx— = h, 5;- (3.73)
) 2
A solution of (3.59) is: ¢ (x,y,1) = A- el ®x+tmy=at) Grere 02 4 2 = ﬁ .

The real part of this solution for { (with ¢, m, and ¢ real) defines a simple harmonic

2
wave of length A= _\/—Q_f%mz and period 7 = %T—r which propagates along a straight
line trajectory that makes an angle, ¢, with the x-axis where:

_m
Ve +m? |
This ¢ should not be confused with the colatitude. For definiteness sake, Summer-

field takes o, m, and € as positive. The wave propagates with the speed, ¢, shown
below (the same as a long wave in shallow water):

C:%=¢g

Following Longuet-Higgins (1967), Summerfield wrote the solution for the
trapped waves on the ledge as the real part of:

¢ = arc.sin

Re/@1x+7) 4 Re U+ for — g < x <0

f(xp.0) = Ao (3.74)
e 2% for x > 0
The parameters, £,and £,, are defined through:
QZ = 0_2 _ m2
! h
&0 (3.75)
2
2 =m -
gh,
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The parameters ¥ and R could be expressed in terms of the other variables shown
in (3.76) and (3.77) through invoking the boundary conditions (3.71), (3.72), and
(3.73):

- ha &
¥ = arc - tan <h1 ¢, ) ‘ (3.76)
R=t [| 4+ (heYIF (3.77)
: Rk
and
_ i
tan (a,) = 0 (3.78)
If o,m, £,, and ¢, are all real, then:
ﬁ m? ghy
< Tt < (3.79)

Without loss of generality it can now be assumed that o, m, and ¢ are positive.
This means the wave on the ledge represented by:

¢ = ARe/(Rix+y+my=or) (3.80)

which travels toward the ocean, arrives at the edge at an incident angle given
by arc sin g vVgh,. The critical angle ¢, for the depth function given by (3.69)

is arc sin v/h2 /h,. Hence, total internal reflection occurs at the edge and the reflected
wave which travels toward the coast is represented by:

¢ = ARe!Thix—ytmy=on) (3.81)

This reflected wave traveling toward the coast, gets reflected at the coast and the
resulting wave travels back toward the edge. Thus, the wave motion represented
by (3.74) is essentially contained on the ledge because of successive reflections
from the coast and the edge, and there is only an exponentially decaying motion
on the ocean side of the edge for 2, > 0.

Longuet-Higgins (1967) suggested that the same frequency Equation (3.78)
could be obtained by equating the total phase change to the wave, caused by
the crossing and recrossing of the ledge in a normal direction with y and ¢ held
unchanged, to an integral multiple of 27. For the wave motion given by Equation
(3.80) this total phase change due to the total internal reflection at the ledge is
—27. Summerfield used this method of frequency determination (described in detail
in Budden (1961)) to derive the frequency equation for trapped long waves on
a simple oceanic ridge. For details see Summerfield (1969, appendix 1).

Summerfield used (3.75) to rewrite the frequency Equation (3.78) as follows:

T®,) = E(%,)
where
T(¢;) =2, tan (ak,) (3.82)
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and
_hy [(hy _ 2 2|7
E(%;) = Iy I(hl l>m szl’

Figure 3.8 shows the plots of functions E(2,)and T(?,) vs. &;. For every’nonzero
value of # and m there is a discrete, but finite, number of trapped modes of wave
number, m, along the ledge of width, a.
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When root, £;, of (3.82) lies in the interval.:

O <o <(i+4yZij=01,2,3,. .. (3.83)

the perfectly trapped wave is referred to as the j th mode by Summerfield. The
condition for existence of the j th mode is:

a>a,
7
a.= l

a; being called the cut-off ledge width for the j th mode. Because the expression
cos (2,x+7) has 7 zeros on the ledge —a < x < 0, the j th mode has ; fixed
nodal lines parallel to the coast.

(3.84)

. The effect of the ledge width, a > 0, on the j th mode can be seen partly

from Fig. 3.8. If m, hy, and h, are held fixed, then @; remains unchanged, and

E(2,) will be a fixed curve. With decreasing a, as the asymptotes + 21‘1, t% FEE R

etc., of T(2;) move farther away from £, = 0, it can be deduced that as a decreases

. . h
from oo to aj,Q,]. increases monontonically from zero to (;13 - l) m?. However,
1

simultaneously o, increases monotonically from m «/gh, tom +/gh, (Equation

(3.75)). Summerfield (1969, table 4.1) traces the corresponding variations in the
other parameters.

When ¢ < g;, the wave given by (3.80) would be incident on the edge at
an angle less than ¢, and this would create a refracted wave that propagates into
the ocean away from the ledge. However, as there is no input energy into the
ledge oscillation, the motion decays with time and o; is complex.

Summerfield verified the above conclusions by the numerical procedure where
he used the following dimensionless variables:

- oa, . . .

v = is a dimensionless frequency
vV ghy
€=~ hy/lh, is a ratio of water depths
(3.85)
a . . . .

o = — is a dimensionless ledge width

L a,
n=ma, is a dimensionless wave number

where g4, is some positive arbitrary length. The following ranges are valid for the
nondimensional parameters: » > 0,n> 0, > 0,and 0 <e < 1.
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Use of (3.75) and (3.85) gives a, &, = Vv* —n? and a, 2, = V n*—€*v*. The non-
dimensional cut-off ledge width, oy, is given by:

m
K [<1 ) (3:86)
n i

€

The roots of the frequency thation (3.78) give the same eigenvalues as the zeros
of the function L (v; €, o , n) where:

L(V;es,ozL,n)Ee2 v? - n? tan o Vi2-n? - Vint- 2 (3.87)

where ¢, o and n are fixed and p is treated as variable. Summerfield determined
these zeros numerically (see Summerfield 1969, appendix 2.1).

Thus, summarizing the results for the nonrotating case on a straight ledge
as its width is decreased, it can be seen that:

oo <0y <03 <o, <R(o )< R0, ) <... (3.88)

k+1
The lowest order modes up to and including g, represent the trapped modes whereas
the higher modes are the leaky modes. Here k is the largest value of j for which
cut-off ledge width, aj, is less than the actual width, g, of the ledge. As a decreases
to aj the j th mode (0 <j< k) changes from a trapped mode to a leaky mode.
For a << gy, the frequency is given by: '

\gh
oj.z[<j——§~> @ — [ arc . tanh %] i ! si > (3.89)
V 5 -z

Hence, for @ < a,, only the fundamental trapped-wave mode may exist. This
acquires the finite frequency m +/gh, as @ - 0, thus this frequency depends on
the wave number, m, along the edge. However, for higher modes the limiting
frequency depends only on the order of the mode. Other conclusions are: if the
width of the ledge is held fixed, then the number of perfectly trapped waves of
prescribed wave number, m, along the edge decreases as the depth ratio, k, /h,,
increases (Fig. 3.8). On the other hand, if the width, a, of the ledge and the depths,
hy and h,, are held fixed, then the number of perfectly trapped modes increases
with the wave number, m. Perfectly trapped modes such as those described here,
have been produced in the laboratory (Aida et al. 1968). Summerfield also showed
that periodic waves impinging on the ledge traveling from the ocean could excite
the leaky modes. For details on this see Summerfield (1969, appendix 4).

The rotating case — In the nonrotating case, perfectly trapped waves could
propagate along the ledge in either direction. However, for the rotating case, the
two waves traveling along the ledge in opposite directions have slightly differing
frequencies, and another class of motions occurs that does not exist in the nonrotating
case. These are OSC and have periods greater than a pendulum day and propagate
along the ledge in one direction only. In the limiting case of the ledge width,
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a > oo, the motions reduce to the so-called double-Kelvin waves described by
Longuet-Higgins (1968).
Equation (3.58), which holds in the presence of rotation, can be rewritten as:

2 _ fr2 )
[W+%J ¢ =0i=1,2 (3.90)
i
The boundary conditions in the rotating case, corresponding to (3.71), (3.72), and
(3.73) are:
Oy Lo -
<ax+1 o ay)gl =Q0atx=—a (3.91)
& &
§'l =§ atx= 0 (3.92)
RPN A W SRR S I A W
’“(ax+’ ; 8y> §1—h2<ax+z 7 6y> £ (3.93)

The solution for the trapped waves in the rotating case can be written similar
to (3.74) as the real part of:

iRy x+vy) —iRyx+v1) -
ey = Acimy=on | R €T Rye FEETT or g S0 )
e ¥ for x >0
The following definitions hold in the rotating case:
9 EL2 ) m*
S (3.95)
2_ g2
Q = Z2 _ ( f )
n g/’lz
hoR +m£(h -hy) (3.96)
v, = arc- tan |22 g 2 71 } :
hy ¢
L =o' \*
+ = —_—
RIE—;-{I-F[hZQZ my (he ‘] ] (3.97)
h g
The frequency equation in the rotating case corresponding to (3.78) is:
hy + 2% tan (a¢y)
8 Pt
g tan (@) - 2 &L =m*% (3.98)
h, Y mf (hy—hy)
+ —
. Y tan (2%,)

The roots of this equation for which g, m, £,, and £, (taken positive) are real,
gives the frequencies of the waves represented by (3.94) corresponding to perfectly
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trapped modes. Summerfield confined the solution of Equation (3.98) only to the
case | flo]< <1, because the value of this ratio deduced from observations is
approximately 10" %, Summerfield (1969, p. 1) observed: “Long-wave records at
Macquarie Island (54°30°S, 158°58'E) display a distinctive oscillation, with a period
of 6 minutes and a beat period of 3 hours. This fact has led to the suggestion
that gravity waves can be trapped around islands by the form of the contours
of the surrounding sea bed.”

Under the approximation | flo| << 1, (3.98) is similar to (3.78) except for
a small perturbation term:

Ll

my 7 Py tan(an)}

The effect of this term on the real roots of (3.98) can be understood from the
form of the change of €, with f near f = 0. For wave motion of a fixed longshore
wave number, m:

<asz> m
of f=0 OQI{ZI~l 1 +q <1+Ql - _9_2_ )] (3.99)

h, h, m’gh,

When x is real, the function sgn (x) behaves as:

+ lforx >0
sgn (x) = Ofotx =0
- 1forx <0

When sgn (mf/o) is positive, the real root of (3.98) is slightly greater than that
of (3.78). On the other hand, if sgn (mf/o) is negative, the root in the rotating
case is slightly less than that for the nonrotating case. Positive sign for the sgn
function means that the trapped wave is traveling along the ledge in the same
direction as earth’s rotation, whereas a negative sign implies travel in a direction
opposite to earth’s rotation. Ball (1967) called the trapped waves traveling in the
same direction and opposite to earth’s rotation, positive and negative, respectively.
Thus, rotation causes a frequency split evaluated by Summerfield (1969).
Summerfield introduced the following dimensionless Coriolis parameter, w:

fa,
V ghy

Summerfield (1969, appendix 6) showed that |w| < 0.1 for typical values of f,a,,
and h,. Equations (3.85) and (3.100) give:

w (3.100)

1
a9 = (V1 -w?-n?)? =,

s
a,%, ={n2 - e (-wH)r = vy
and
f nw
ang = _V—
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Zeros of the following relation give the same eigenfrequencies as the roots of (3.98):

. — 2 _
L(v; e, o, n, w)=¢€ v, tan ap v~ vp

A
Vv, tan o, v tan o, v 3.101
_nw [ "B LY w2 L YA (3.101)
v N v N

The notation ¥,,; has been used to denote the root of this function corresponding
to the j th mode zero, Voj» of L(v; €, a, n). Also, if both n and R(”Loj) are taken
as positive then v,,; gives the eigenfrequency of a positive mode when w is positive
and vice versa. For the perfectly trapped j th mode, the change in frequency caused

by rotation is:
_ ne
Ay ]-—"<V j V0i>sgn <—V0j) (3.102)

which is usually positive when Iw/vo l << 1.Summerfield verified this by computing
Av,,; for several mode orders with n = 1(1) 8 and w = -0.3(0.05) 0.3. (The notation
1(1) 8 means from 1 to 8 in steps of 1.)

Some important deductions by Summerfield are (details are covered in various
appendices in his work):

1) With a prescribed dimensionless, long shore, wave number, n, for the j th
mode: A v ; ~Av_ . w>0fora. slightly greater than «. For a; >> a:
Av,i> Av-,; =~0.For the positive mode, the cut-off ledge width is slightly greater
than in zero rotation and for the negative mode, is slightly less. Also, for the
fundamental negative mode:

n

€ asaL—>0

wo
- o
nasaL

and the limiting values, v,

When a <<'1 there is only one trapped wave along the ledge, the negative
fundamental mode of wave number, m. When a - 0 this mode reduces to a Kelvin
wave propagating in water of depth, 4, along the wall at x = 0, and Ball (1967)
showed this is the only perfectly trapped mode in this case. On the other hand
when a — o, the limiting, negative, perfectly trapped wave is again a Kelvin wave
propagating in water of depth, 4, Thus, the limiting frequencies when @ - 0 and
a— oo are, m \/gh, and m \/gh,, respectively, and are independent of the magni-
tude of £, as long as f # 0.

it) For trapped waves with dimensionless longshore wave number, n, when
o >¢;, the following ordering holds generally: Av  >Av > ... A . but if

1
(ZL is onAl}; slightly greater than T Ay, and when o >> 0,
Voo
w]

wj_— 1°
iii) When a; is sufficiently greater than a;, the value of Aw . decreases with
increasing n( > ny) for thej th mode.

are independent of the magnitude of w.

-1
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iv) For o > s and j and w positive: A Yy wi

]>Aij>AV_ > Ay
which holds for all n.

wji 7. -2wj’

FREE WAVES AROUND A CIRCULAR ISLAND IN AN OCEAN
Zero rotation — Figure 3.9a shows the following depth distribution:

hy fora, < r<a,
h(r0) = (3.103)
h, forr > a,

where 7, 0 represent the plane polar coordinates, @, is the radius of the circular
island, and @, (greater than ¢, )and h, (greater than k, )are constants.

The following terminology is used: the vertical-walled, perfectly reflecting
coastline at r = 4, is the coast; the annular-shaped shallow region between r = a,
and a, is the shelf; the depth discontinuity at r = a, is the edge; and the deep
water with r > a, is the ocean. As pointed out by Summerfield (1969) this model
has at least two drawbacks: uniform width for the shelf and the perfect symmetry
due to the circular shape of the island. The first drawback appears also with the
straight-ledge case studied earlier. Summerfield, in an attempt to rectify the second
drawback, considered an elliptic sill and deduced the frequency splitting due to
the asymmetry. Although an elliptical island or sill is not truly representative of
any real island, nevertheless, it is one step closer than circular shape in achieving
reality.

In the limiting case when the radius, a;, of the island is equal to zero, the
geometry reduces to that of a circular sill or seamount over which lies a water
column of depth, 4;. This limiting case was studied by Longuet-Higgins (1967)
when he considered the resonant trapped waves of the first class. Here, the term
resonant is used in the context that the phase of every free mode does not change
after completing a circuit around the sill.

It has been argued (e.g. Rayleigh 1914; Longuet-Higgins 1967) that circularly
symmetric bottom contours cannot trap waves perfectly. What seems to happen
is that, corresponding to the leaky modes in the straight-ledge geometry, there
are also leaky modes in the circular seamount geometry but they leak very little
energy to the ocean. In this sense these are “almost-trapped modes” and not

“perfectly trapped modes.”” Summerfield considered the range: 0 < —aa—1~ <land
: 2

showed there is a single value of @, /a, for which the leakage of energy is a minimum.
This means the island shelf combination is a resonator for the free waves of the
sill. He also showed two different systems of motions: trapped and leaky modes
comprise the first, and the second corresponds to wave motions generated in the
ocean.

Next, turning to the mathematical formulation and solution of the nonrotating
case, the space dependent part, { (r,8), of the surface elevation, {(r,0,1), must satisfy
the following equation:
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Fi1c. 3.9. (A) Meridional section of a uniform shelf about a circular island, (B) Meridional section
of a parabolic shelf about a circular island. (Summerfield 1969)
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+ = ¢ =0;i=
[V ghl- g“l 0;i=1,2
(3.104)
M 19 1 9
withV = ay2 +r ar+r2 W
The three boundary conditions, analogous to the straight-ledge case, are:
gt
37 = 0atr=a,(a,%0) : (3.105)
* *
5‘1 = g‘z atr=a, (3.1006)
and
oy 2,
L5 =h, o atr=gq, (3.107)

In addition to these, a radiation condition has to be satisfied.

Summerfield followed a procedure involving separation of variables used by
Longuet-Higgins (1967) to write solutions for {(r,0,f) corresponding to the free mode
in the two regions 0 < ¢, < r < a; and r > a,. See Summerfield (1969, p. 47)
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for the solutions. The solutions are expressed in terms of Hankel functions, HE:)
and H®), defined as: H' =3 +iY, andH' =7 -iY,

n
This solution is single valued in 6 as long as n is an integer, thus, the phase of
the waves remains unchanged after each complete circuit around the shelf. Without
loss of generality n and r (o) can be taken as positive.

The solutions contain two systems of harmonic waves (at least for large values
of n and the real part of 6). The waves have trajectories tangential to the circle,
r = njk,, referred to as “the inner critical circle” by Longuet-Higgins (1967). Here
the following definition is used:

2 | (3.108)

k.= ;i=1,
The waves represented by:
A(0) fné-or) H’(Il)(klr) (3.109)
travel toward the edge, and those with:
B(0) ei(n@-ot) Hf,z) (ki) (3.110)

propagate toward the coast.

In the ocean itself, there is a system of waves traveling away from the island
along straight-line trajectories that are tangential to the so-called outer critical circle,
r = n/k,. Longuet-Higgins (1967) showed that, in comparison with the energy of
motion on the shelf, leakage of energy from the shelf into the ocean is small during
time intervals of the order of one wave period. There is less leakage if there is
a great separation between the edge and the outer critical circle. The components
given by Equation (3.109) of the almost-trapped wave are oscillatory in the radial
direction. Hence, the shelf virtually traps these waves provided:

k2<ﬁ -a2> >> ] (3.111)

ko

and
n )
1<, (3.112)
k,

Equation (3.111) gives:

n h .
> V~—‘ 3.
kias n, (3.113)

Also, the component waves of the almost-trapped mode given by (3.109) arrive

at the edge with an angle of incidence of g -u where:

uscos“1< L ) (3.114)

kia,
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The last two equations show that the incident angle is greater than the critical
angle, . total internal reflection takes place at the edge, and the waves are virtually
trapped on the shelf. ‘

The following frequency equation results from the solutions in Summerfield
(1969):

h ’ ’ 1
B (kaa) {H;” (kra,) H? (kyay) = H® (kya,) H (k,a,)

(3.115)
—HY (k,a,) {H‘,;) (kia;) H® (kyay) ~H®) (klal)H;“(k,az)}:o

where the prime denotes differentiation with respect to the argument. In this
equation, if the four parameters, a,, a5, h;, and h,, that specify the geometry of
the model are known, then the only variable is the frequency, o, of the free waves.
Summerfield argues from (3.115) that free waves that can propagate around the
island in either direction are identical. When the radius, a;, of the island is equal
to zero, then the case of a sill or seamount considered by Longuet-Higgins (1967)
is obtained, and the following frequency equation is relevant:

h , '
V h—: H(,,l) (kpaz) Jn (kvay) - H(;) (kpay) Jn (kyay) =0 (3.116)

When a; = a, an island with vertical walls of radius, 4,, in an ocean depth, %,
is obtained.

As with the straight-ledge case, Summerfield used nondimensional variables
in the numerical evaluation of the frequency equation. He defined the following
nondimensional parameters:

v= 2% is a nondimensional frequency 3.117)
ghy
€=\ /% is the square root of the ratio of water depths (3.118)
2
and
o = 21 s the ratio of the island to that of the shelf or underlying sill  (3.119)
as

The parameter, €, ranges from 0 to 1 and small values of € mean that differences
in water depths at the edge are large and vice versa. The range of € is the same
as the straight-edge case. The parameter ¢ has the following range:

0<q <1 (3.120)

the lower and upper ends of this range correspond to the limiting circular stiil and
isolated vertical-walled island, respectively. An important contrast between the
parameters, o; of the present case and a; of the straight-ledge case, is that with
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the increase of ¢; the width of the shelf decreases in the former case, but in the
latter case the width of the ledge decreases with the decrease of a; .

In the straight-ledge case, the longshore wave number, m, has been dimen-
sionalized by multiplication with a,, and n has been used to denote the nondimen-
sional form. In the present case, the corresponding parameter is the azimuthal
wave number, n/r. At the edge this becomes n/a, and in the frequency Equation
(3.115) the order n of the Hankel function, H, , is determined by the wave number
along the edge of the oscillations and # takes only integral values.

Equations (3.108), (3.117), (3.118), and (3.119) give: kja; = o, kya, =,
k,a, = ev. Hence, the nondimensional values of the eigenfrequencies can be obtained
as the zeros of the following expression:

I(vie, o, n) = eHD (e) HY (ov) HY () ~H® () HD ()
. : : , (3.121)
—H (e | HY (@) HD () ~HP) (ap) HY ()

Summerfield evaluated these numerically.

To estimate frequencies of the almost-trapped modes he used the so-called
method of “self-consistency,” i.e. equating the total phase-change that occurs when
the shelf is radially crossed and recrossed with 9 and ¢ nonvarying, to an integral
multiple of 2.

Based on his calculation of the zeros of I(y; ¢, o, n),with the o, curve method,
Summerfield (1969, p. 68) stated:

... the resonant ‘free’ wave-motions of the waters about a circular island are essen-
tially of two types, viz., ‘trapped-leaky’ and ‘shelf-island’ wave motions. The former
are the more important in the context of self-sustained oscillations, especially those
which are almost trapped on the shelf. To some extent, the answer to the question

whether (or not) a particular mode of along-edge wave number ;i is trapped on
2

the shelf depends on the relative magnitudes of n, € and ¢; in addition, the
corresponding oscillation of the limiting seamount model must also be virtually
trapped. Furthermore, the o curve of the appropriate eigenfrequencies shows that
the effect of the island on the mode is negligible, while the island’s radius is less
than the mode’s inner critical radius ....”

When o > n/t where £ is the real part of the complex conjugate of v, the
wave components that describe the motion on the shelf are reflected alternately
from the coast and the edge. From the edge it is a total internal reflection and
as long as E>% the wave is leaky. For large values of ¢ that correspond to narrow

shelf, for the mode to be practically trapped on the shelf, n has to be large. The
wave damping, given by the ratio n/£, is heavy when o ~ 1.

A sloping shelf — Summerfield (1969) next considered the influence of a sloping
shelf on the free waves by an island-parabolic shelf model. Figure 3.9b shows
the following depth distribution (a somewhat better representation of the nearshore
bathymetry than the island shelf model):
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2
h’(a%) fora;, <r<a,
h(rg) = (3.122)

hy, forr>a,

He defined the nondimensional parameter o,

== a_l
@, =z (3.123)
as the ratio of the radii of the island to the radii of the parabolic shelf.
He proceeded in a manner similar to the island-shelf model and showed that

the eigenfrequencies are the zeros of:

. = W —alP -p)l 2,2
p(v,e,ap,n)—eH” (ev) 11 ozpl 2 J(n v?)

\ (3.124)
—-VHS) (eu){p, a(pﬂrpz)-pzj '
where
= -1+ (-2 + )T
P (= 1) (3.125)
P2 = -2 - py

The important results of this calculation are that when o ~ 1, i.e. when the shelf
is narrow, the slope of the shelf has little effect on the motions and the zeros
of P(r;e,a. = al,n) are approximately the same as those of I(v;e,al,n). However,
for small values of a;, the trapped leaky mode of the island-parabolic shelf model
has a smaller frequency than the corresponding mode of the island-shelf model.
Also, the damping is appreciably less in the former case than the latter.

Another result is that if 2, and 4, have the same numerical values, then travel
times of the long waves across the shelves from the coast to the edge in the radial
direction are equal for the two models when the following condition 1s satisfied:

log ((—xl—>= 1 — ¢ (3.126)

[4

An additional result is that, when:
o tog =1 (3.127)
travel times of the long waves across shallow water for the island-shelf model and
straight-ledge case are the same. Finally, when %, = h,, the parabolic-shelf model

reduces to the model used by Homma (1950) in his studies of the response to
incoming tsunamis of the shallow water around islands.

The rotating case — The method of incorporating rotation into the problem
has been dealt with in the straight-ledge case. Summerfield (1969) followed essen-
tially a similar procedure for this island-shelf model but details are omitted here.
The important results from Summerfield’s study are included. The frequencies of
positive almost-trapped modes are slightly greater than those corresponding to zero
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rotation, but for negative modes, the opposite is true. Summerfield referred to
half the frequency change due to rotation as “frequency-split” and found that this
depends significantly on the relative sizes of the island and the shelf. In the para-
bolic-shelf model, another factor that can influence the frequency-split is the slope
of the shellf. )

In addition to these modes, as with the straight ledge, there exists another
class of modes belonging to the. OSC that do not exist in the nonrotating case.
These have periods in excess of one pendulum day and can be perfectly trapped
on any isolated feature such as an island, provided it has perfectly symmetric bottom
contours.

EFFECT OF ASYMMETRY ON TRAPPED MOTIONS

Longuet-Higgins (1967) showed that any departure from the circular symmetry
of the geometry could lead to a frequency split of the trapped gravity modes into
two different pairs of modes. Summerfield (1969) studied this problem taking the
geometry as an elliptical sill. He used elliptical coordinates and obtained solutions
in terms of Mathieu and modified Mathieu functions. Of the two pairs of modes,
one pair is symmetric about the major axis of the elliptic sill and the other is
antisymmetric about it and, as would be expected, the two pairs have different
eigenfrequency split as a function of the wave number along the edge, for prescribed
dimensions of the geometry. He used this calculation to interpret some long-wave
records at Macquarie Island; the same problem considered earlier by Longuet-
Higgins (1967).

The island is located at 54°30'S, 158°58'E, is approximately 37 km long,
and has an average width of 4.8 km. A narrow shelf surrounds the island and
the water is a few hundred meters deep on the shelf. During 1965, surface waves
were recorded in two bays. The records in one bay showed a regular large amplitude
oscillation with a period of 6-7 min, the amplitude fluctuating with a beat period
of about 3 h. Occasionally regular oscillations with two other periods of 3 and
12-13 min were also noticed.

Longuet-Higgins (1967) showed theoretically that the conspicuous periods in
the records should be given by:

. o 42
conspicuous period in minutes = -~ - (3.128)

where 7 is the azimuthal wave number. If n were given a value of 7, then the
conspicuous period should be 6 min, which agrees with the observations. The
calculations of Summerfield showed that, in fact, the mode » = 7 could be virtually
trapped about an ideal circular island.

Summerfield also studied the response of his island-shelf model to an incoming
pulse of energy. He showed that, because of imparting energy to the shallow water,
this pulse could excite a free mode of oscillation of the OFC type. However, the
amplitude of this motion depends strongly on the time-rate decay of the mode,
which is negligibly small for almost-trapped modes of lowest order, with a large
wave number along the edge.
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Snodgrass et al. (1962), Munk et al. (1964), and Aida (1967) considered the
practical problem of separation of trapped and leaky modes. In the first two
references, the area of interest was the continental shelf off California, and in the
third, it was the continental shelf in the vicinity of Miyagi-Enoshima.

Murty and Wigen (1976) showed that impedement to the progress of the 1929
Grand Banks earthquake tsunami was partly because of trapping by Sable Island
and the sand banks surrounding it. Brandsma et al. (1975) developed a numerical
model to calculate the water level near islands associated with propagating tsunamis.
Hwang and Divoky (1975) calculated the water level at Wake Island (caused by
the Alaskan earthquake tsunami of March 1964) as a function of time, and compared
it with the observed record (Fig. 3.10).

Lautenbacher (1970) attributed the larger wave heights observed around islands
(rather than on sloping beaches) to refractive focusing. For the boundary condition,
he used the usual radiation condition. His study differs from those of Vastano
and Reid (1966, 1967) in that the model of the latter authors is relevant for the
case of no-flow as coastal boundary condition, and the model of the former author
can take into account any condition other than no-flow.
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F1G. 3.10. Wake Island record of the 1964 Alaskan tsunami (Van Dorn 1969) and
history computed by the present numerical model (broken line). (Hwang and Divoky
1975)

3.3 Tsunami Propagation
ANALYTICAL THEORIES

Dispersion occurs during propagation of tsunami waves, refraction is important
in shallow water, and scattering by the bottom irregularities in the deep ocean
is not important.

Backus (1962) considered the effect of earth’s rotation on the propagation of
ocean waves of small amplitude over large distances and showed that the effects
are different for shallow-water and deepwater waves. In particular, he deduced
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that, for shallow water, the effects are of the order of §2 \/? and for deep water

are of the order of Q/w where Q2 is the angular velocity of earth’s rotation, « is
the frequency, D is the uniform depth of the ocean, and g is gravity. The rotation
effects are strongest at kD = 1.878973 where k is the wave number.

Backus showed that earth’s rotation has no influence on the group velocity
of deepwater waves, although their trajectories deviate from great circles by amounts
proportional to their periods. For shallow-water waves on the other hand, rotation
affects the group velocity (as well as the trajectories). However, the amount of
change is independent of the wave period. If the depth is either nonuniform or
smaller than the wavelength, then refraction must be taken into account.

McGoldrick’s (1968) theory is probably the most comprehensive work on
propagation of long waves over corrugated bottoms. When the bottom is sinusoidal
in shape let D, be the average depth of the ocean so that the phase speed of
a long gravity wave, based on average depth, is ¢, = v&D,. When the wave is
above a crest of the bottom corrugation, its speed is less than ¢, whereas when
it is over a trough, its speed is greater than co. The wave loses more time over
the crest of the bottom than it gains over the trough of the bottom and the net
result is retardation of the wave. This deduction holds only when the wavelength
of surface waves is much less than the length of bottom variations. Katz (1963b)
also showed that the phase speed of a long wave is less in irregular depth compared
to the speed based on an average depth.

It is always possible that the bottom corrugations could have length scales
comparable to the wavelengths of the surface waves. To study the general problem
of propagation of long waves over corrugated bottom of sinusoidal shape
McGoldrick (1968) used the linearized shallow-water equations, but without any
restrictions on either the wavelength of the surface waves, or on the amplitude
and wavelength of the bottom corrugations. The only restriction was that when
the crests of the bottom corrugations protruded above the surface of the water,
the concept of progressive waves with wavelengths compared to bottom shape
became rather meaningless, and the problem then became one of seiches.

The most important result of McGoldrick’s. study is the existance of a range
of wavelengths close to that of the scale of the bottom corrugations, where the
waves are not retarded but actually travel faster than the phase speed given by
the average depth, because of the subharmonic resonance between the surface waves
and the bottom. This range of wavelengths, Ly, of the surface waves for which
the phase speed'is greater than that for a flat bottom is: /3 Ly <Ly <2L4
where Ly is the wavelength of the bottom corrugation.

Stoneley (1964) considered the effects of compressibility and viscosity of the
water on tsunami propagation. He showed that inclusion of compressibility reduces
the velocity of propagation by 1% at most and the effect of viscosity on tsunami
dissipation is negligible. Cherkesov (1966b) showed that the effect of viscosity is
1.6% at most.
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Kajiura (1963) studied the problem of the partial reflection of water waves
traveling over a bottom of variable depth. His study showed that if the ratio of
the width of a transition zone to the wavelength of incident waves is less than
0.05 the reflection coefficient is the same as that for an abrupt transition. But
if this ratio is of the order of unity then the reflection coefficient is small.

Kajiura (1961) calculated the reflection coefficient of long waves at a submarine
ridge for conditions typical of the southern Sea of Japan. If 2is half the width
of the ridge and A is the wavelength of the incoming long wave, then the reflection
coefficient decreases with the increase of &/A,. Taking & ~ 250 km, the reflected
wave has less than 10% the energy of the incident wave.

Nakamura (1961) probably gave the most concise discussion of the effects
of different factors on the velocity of propagation of long gravity waves in the
ocean: compressibility of the water, elasticity of the earth below the ocean, the
earth’s rotation, the earth’s curvature, and the effect of viscosity of the water. He
showed that for waves with lengths in the range of 100-10,000 km, the effects
of the above factors are at most 1%.

NUMERICAL MODELS AND TRAVEL-TIME CURVES

Ueno (1965) simulated propagation in the Pacific Ocean of the Chilean earth-
quake tsunami of May 22, 1960 This appears to be one of the earliest numerical
models for tsunami propagation. He used a grid of 5° latitude-longitude, and
initially everywhere, except the generation area, the water level and currents were
set to zero. The initial elevation (following the earthquake) in the generating area
is determined from:

:_ 2E
S = ogs (3.129)

where ¢, is the initial elevation at the origin, E is the tsunami energy, p is the
density of water, g is gravity, and S is the total area of the origin (i.e. the area
of tsunami generation). The energy, E, for Chilean tsunami was estimated to be
1-3 X 10?3 ergs (from the tide records at Christmas and Johnston islands). For
the grid size considered here, S = 3 X 10 cm?and (3.129) gives ¢, =120 cm.

Two important results emerged from this calculation: first, the set-up caused
by the first wave decreased with increasing distance from the area of generation
but increased again close to the coasts of Japan and Alaska. Second, the set-up
caused by the second wave was large along the coasts of Japan, Alaska, and Hawaii
and somewhat smaller near Midway and Wake islands.

In Chapter 2, reference was made to the numerical models developed at the
Tetra Tech Corporation. These models considered the two different aspects of the
tsunami problem, generation and propagation. Because topographical effects near
the coasts have not been ‘taken into consideration (in the propagation models, e.g.
Hwang and Divoky (1970)), it is not legitimate to compare coastal records of the
tsunami with calculated amplitudes. These authors used only observations made
at Atolls for comparison (Table 3.1).

The observed amplitude of the tsunami was about twice the calculated amph—
tude (except for Canton and Wake islands). This discrepancy is not unreasonable
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TaBLE 3.1. Comparison of predicted amplitudes and recorded amplitudes at five
stations for the 1964 Alaskan earthquake tsunami. (Hwang and Divoky 1970)

Predicted Recorded
amplitude® amplitude
(cm) (cm)
Johnston Is.
16°45'N, 169°31'W 18.9 30.5
Midway Is.
28°13'N, 177°22'W 13.7 27.4
Wake Is.
19°17'N, 166°37'E 19.2 15.2
Canton Is.
02°49'S, 171°43'W 16.5 6.1
Kwajalein
08°44'N, 167°44'E 14.0 30.5

4Without consideration of local effects.

because effects due to shoaling, dispersion, dissipation, diffraction, scattering, and
reflection are ignored in the theoretical computation; the only correction applied
1s for refraction. The reversal at Canton Island may be because the tide gage is
on the lee side of the island.

Hatori and Koyama (1971) constructed tsunami travel-time diagrams (actually
inverse refraction diagrams) for 19 representative Japanese stations. They
considered the tsunami data for 1894-1969. Figure 3.11 shows a chart for Miyako.

The U.S. Coast and Geodetic Survey (1965) prepared a set of tsunami travel
charts for 30 locations around the rim of the Pacific Ocean and these formed
the basis for predicting tsunami travel times by the International Tsunami Warning
Service based at Honolulu (see Chapter 6). The charts are based on the long-wave
formula and are correct to = 1.5 min for every hour traveled. The U.S. National
Ocean Survey (1971) revised the earlier charts and included more stations to bring
the total to 50. An example of such a chart is Fig. 3.12.

Braddock (1970) developed a grid-refinement technique to compute propaga-
tion of tsunamis over large distances, an improvement over earlier techniques. Green
(1961) gave the following equation for the travel time, T(S), of a tsunami along

acurve, s:
T(S) = f ? (3.130)
s

where ¢ = /gD is the phase speed of a long wave traveling over water of (variable)
depth, D. Green evaluated (3.130) along the arcs of great circles but Braddock
(1970) warned that this technique could produce wrong results in anomalous cases
such as the travel time of the Apr. 1, 1946, Aleutian earthquake tsunami to Sitka.
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Fi1G. 3.11. Tsunami travel time to Miyako. Time interval is 10 min. (Hatori
and Koyama 1971)

The Huygens” method of wave fronts necessitates enormous computation for
accurate results. Gilmour (1961) modified the Huygens’ method and calculated
travel times from sets of great circle paths and joined points representing equal
travel time, to provide an approximate picture of the wave fronts. Braddock again
warned that if the arcs of great circles and the ray paths do not agree closely,
this method will yield wrong results.

Braddock (1970) applied the grid-refinement technique to calculate travel times
of the Alaskan tsunami of Mar. 28, 1964, to the west coasts of North and South
America and the southwest Pacific. The calculated values agreed more closely with
observed travel times for the American coasts than for the South Pacific because
the wave system is dispersed by the complex bathymetry northeast of Australia.
The grid-refinement technique can be explained as follows: between two points,
A and B, on the globe, Ty, and Sy, are the optimal travel time and the
corresponding travel path, and T, and S, are some first approximations to these.
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Successive approximations could be obtained as follows: the path, S;, is divided
by the points, Ej, j = 1,2 ... m, into m - | intervals of length less than, but approxi-
mately equal to, some suitable grid spacing, DS, (Fig. 3.13). A normal grid spacing,
DN,, is selected and a grid parameter, U, such that:

_ D§,
U= DN, (3.131)
Then at each point E;, j = 1, 2 ... m, a normal to S, is constructed and nodes

are marked off at intervals, DN,, along each normal. Next a control length, DL,
is selected such that DL, > max (DS,, DN,) and a second grid parameter, Q,
is defined such that:

DL

—

I

Q (3.132)
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F1G. 3.12. Tsunami travel time from Antofagasta, Chile. (U.S. National Ocean Survey)

Arcs less than DL, long are used and links are constructed between the nodes

to complete the grid. Travel time along each arc is estimated by the bathmetric
data.
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Braddock (1970) constructed his finite discrete network of paths in the field
of travel in this manner so travel times along the individual arcs would be known.
Then he used an algorithm developed by Dantzig (1960) to calculate the shortest
time path, S,, through this discrete grid along with the travel time, T,. Next, a
new tangential grid spacing, DS,, is selected so DS, < DS, and a grid-refinement
parameter, R, is defined as:

:_]_)&
~ DS,

and by interpolation, extra nodes are added to S, so that the maximum spacing
between any two adjacent nodes which form S, is less than DS,. From U and
Q, DN, and DL, are obtained and a new grid is constructed about S, and further
approximations obtained. To construct the grids, great circle arcs need not be used
between the nodes because, as the refinement progresses with successive approxi-
mations, the arcs become shorter and straight-line grids are accurate enough. Ac-
cording to Braddock, the above process of successive approximations generates a
monotically decreasing sequence of travel times, T;, and a sequence of paths, S;,
converging to a limit curve. Actually each S; is the centerline of the succeeding
construction and a possible path through the grid. Thus, T, > T, | forall 7 > 1.

(3.133)

N

12|E3 1" 10

©

€2

)

Iy 3
A=Eq

Fi1G. 3.13. Illustration of typical construction of finite discrete
- network of paths in the field of travel. (Braddock 1970)
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The parameters U, Q, and R determine the extent of the computation and
the accuracy attained at each step. From Equation (3.133), it follows that 0 <R < 1.
Braddock found that if R is small (about]-) the tangential spacing, DS;, decreases
rapidly and a large number of nodes are required to specify the approximating
paths, and this leads to storage difficulties in the computer. For large values of
R (about ) the refinement is slow and many calculations are required, taking
up computer time. In general, by controlling the value of Q, i.e. by restricting
the number of arcs in each grid, the number of calculations may be reduced. From
Equation (3.132) it is obvious that Q > 1, because Q <1 implies that DL, < DS,
which means that S; may not be included in the set of possible paths through
the succeeding grid. Then it follows that T; is not necessarily monotonically decreas-
ing and may even increase. In the third parameter, U, U = 1 means the tangential
and normal grid spacings are equal. Braddock found that greater accuracy may
be obtained by selecting U > 1.

There is one main drawback of this grid-refinement technique. For certain
bathymetric distributions, several curves yield minimum values for T(S). The optimal
path is the curve, Sy, for which T(S) attains its minimum value, T ;,, with respect
to all possible paths between the two end points. Other curves, s, for which T(S)
attains a minimum value with respect to the curves close to s, are called locally
optimal paths. In the grid-refinement technique it is possible that §; and T, may
converge to a locally optimal solution. The use of large initial grids that thoroughly
sample the complete velocity field will, in general, avoid this situation.

Braddock (1970) applied this technique to calculate propagation of the Aleutian
earthquake tsunami of Apr. 1, 1946, to Sitka, Alaska (Fig. 3.14), and propagation
of the Alaskan earthquake tsunami of Mar. 28, 1964, to the eastern and southwestern
Pacific. Previously there was considerable confusion about travel times of the 1946
tsunami to Sitka, and Braddock cleared this up. The observed travel time was
2h and 42 min whereas the computed travel time, using the great circle route
and gD for the velocity, gave 6 h approximately. Zetler (1947) explained this
discrepancy by pointing out that the great circle route passes through shallow water
on the continental shelf and this makes the computed travel time very large. If
the tsunami did not follow the great circle route but traveled to Sitka via some
route through deep water only, then the observed travel time would, of course,
be small. Zetler suggested that if the travel path from the epicentral area to Sitka
were first to southeast and then along the Aleutian Trench, the computed travel
time would be reduced from 6 to about 3 h.

Braddock used his grid-refinement (G-R) technique, to estimate the travel time
via different paths and his final convergent values were around 2 h 42 min, somewhat
less than the observed travel time of 2 h 55 min reported by Zetler. This discrepancy
is attributed by Braddock to the differences in the interpretation of the Sitka record
by himself and Zetler.

The Sitka record shows two small waves (travel time 2 h 42 min) followed
by a larger wave train (travel time 2 h 55 min). Braddock suggested that for propaga-
tion over large distances the earlier waves are relevant (Wilson 1962).
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Table 3.2 compares observed travel times with the travel times calculated by
Braddock for different stations for the 1964 Alaskan earthquake tsunami. Figure
3.15 shows the calculated ray paths of the tsunami to several stations. Braddock’s
results showed that the travel paths to Sitka and Astoria were seaward of the great
circle routes and did not pass through the shallow waters at the head of the Gulf
of Alaska.

Calculations for tsunami propagation into the southwest Pacific showed many
interesting results. The ice pack around Antarctica and the chain of islands and
Great Barrier Reef northeast of Australia prevented the tsunami from reaching
Brisbane or McMurdo Sound.

oo

Gulf of Alaska
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F16. 3.14. Bathymetry of Gulf of Alaska, illustrating
relative positions of the Aleutian Trench and epi- FIG. 3.15. Calculated ray paths for the Alaskan earth-

center of the Alaskan earthquake of April 1. 1946. quake tsunami of M?TCh 1964 to Sitka, Ensenada,
The great circle arc and the optimal path obtained Punta Arenas, and Arica. (Braddock 1970)

by the grid refinement technique are also shown.
(Braddock 1970)

Although stations Nelson and Greymouth are approximately the same distance
from Alaska as Coff’s Harbor, Sydney, and Lyttelton, the observed travel times
to Nelson and Greymouth were 4-5 h longer. Also, although Coff’s Harbor is closer
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to Alaska than Sydney the observed travel time was longer. Figure 3.16 shows
locations and reflected paths. The tide record for Macquarie Island showed recur-
rence of tsunamis during a time interval exceeding 7 h. Braddock stated that this
recurring activity, which showed travel times of 26 h 39 min and 31 h 54 min, is
incorrect in the time records.

Interpretation of the tidal record at Macquarie Island presented considerable
difficulty. Table 3.3 shows the summary of the travel times for this station. Braddock
used the concept of reflection of wave energy at the western edge of the Undulla
Deep on the east coast of Australia to account for the observations at Macquarie
Island.

DIRECTIVITY OF TSUNAMIS

The directivity of tsunamis is whether or not there are preferred directions
at the epicenter, where most tsunami energy is radiated. There is little doubt that
asymmetry is the rule rather than the exception. The tsunami caused by the Aleutian
earthquake of Apr. 1, 1946, exhibited remarkable directivity. Maximum amplitude
of the waves at Hawaii (about 3200 km south of the epicenter) was about 16.8 m.
Wake Island, approximately the same distance southwest of the epicenter, was not
affected. At Unimak Island, a short distance north of the epicenter, waves of 30.5-m

TaBLE 3.2. Comparison between computed and TabLE 3.3. Comparison of observed, calculated, and
observed travel times of the 1964 Alaskan earth-  corrected travel times for the arrival of the Alaskan
quake tsunami. (Braddock 1970) earthquake tsunami of March 1964 at Macquarie
Istand. (Braddock 1970)

Travel time
Tide Station Obs. Cale. ~ Pathto frave ome .
(h) (min) (h) (min)  Macquarie Is. Calc. Obs. Corrected
(h) (min) (h) (min) (h) (min)
Sitka 1 30 1 31
Astoria - 4 20 4 19 Via west side
Ensenada 6 6 6 11 New Zealand 20 33 26 39 20 39
Manzanillo 8 39 8 46 Via cast side
runta Arenas ” . R New Zealand 23 32 30 39 24 39
Arica 16 54 17 13 Indefinite - = 31 54 25 54
Talcahuano 18 39 18 51
Brisbane indefinite 18 51
Coff’s Hbr. 17 39 17 37
Sydney
Camp Cove 16 54 17 7
Fort Denison 17 9 not calc.
Hobart 20 19 20 30
Canton Is. 8 39 not calc.
Pago Pago 10 15 not calc.
Nelson 22 20 18 55
Greymouth 23 20 18 5
Lyttelton 18 34 17 2
McMurdo Sound indefinite not calc.
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amplitude were observed. Thus, most of the energy appears to have radiated
northward and southward..

Miyoshi (1955) gave two examples of tsunamis with remarkable directivity;
the tsunami following the Hokkaido earthquake of Mar. 4, 1952, and another on
Nov. 26, 1953. He attributed the directivity to the bottom topography at the tsunami
origin (this appears to be the general consensus).

Miyoshi selected the tsunami created by the Kamchatkan earthquake of Nov. 4,
1952, as an example of nondirectivity. Although the tsunami energy appears to
have been radiated in all directions, one of the maximum heights at distant stations
was at Talcahuano, Chile. Miyoshi explained this was due to a convex lens effect
of the Hawaiian Islands and the shallows around the islands, on the tsunami
orthogonals. The lens effect could be such that Talcahuano and the tsunami origin
area might be the conjugate foci of this lens.
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——————— Reflected Paths From Cotf's Harbour

F1G. 3.16. Reflected paths from the east coast of Australia
for the Alaskan earthquake tsunami of March 1964
(Braddock 1970)

TRANSOCEANIC REFLECTION OF TSUNAMIS

Cochrane and Arthur (1948) considered this problem systematically. Take the
origin of a Cartesian coordinate system at the undisturbed level of the water surface
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above the depth discontinuity, to the right of which is shallow water of uniform
depth, D,, and to the left deep water of uniform depth, D;. The vertical coordinate,
Z, is positive upward and the horizontal coordinates are such that x is normal
to the coast and y is parallel to the coast.

Plane and sinusoidal wave motion is assumed and shallow-water theory is
used. The amplitude, 1, of the surface perturbation is assumed to be small compared
to depths as well as to wavelength, L. The wave equation for shallower water
(i.e.x > 0)is:

¥y _ 2 (3%my . 3my (3.134)
o "\ T ay?
where
¢y = gD,

where subscript 2 is shallower water, ¢ is time, and g is gravity. For deeper water
(i.e. x < 0 and using subscript 1):

9? 2 [ 92 9?
A = (~—ax’? R ¢ = VgD, (3.135)

The discontinuity is assumed to represent the continental slope. On the shal-
lower water side there is a transmitted wave but on the deeper water side, there
is a reflected as well as an incident wave. Let 6, and 6 be the angles between
the incident wave and the negative x-axis and between the reflected wave and
the negative x-axis, and 0, be the angle between the transmitted wave and the
positive x-axis. Define:

M, = cos §,

u) = cos (m—6,) = — cos 0§,

u, = cos 6, (3.136)
v, =sin g,

» =sin (m—6,) = sin 6,
and
% = sin 0,

Let T be the period and o be the frequency.
The solutions of (3.134) and (3.135) using (3.136) are:

+ . Txty
771=A1COS[O{I+ (u—'{cy—ly)} +Alcos[a {,+£/~‘1_c_1_}’2}
! 1

(3.137)

N, = A,cos [ o {t + (X +v,y) }

Ca
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The following boundary conditions must be satisfied at depth discontinuity, x = 0:
N =M, (3.138)
Diu, = Dyu, (3.139)
Where u and u, are normal components of velocities in the two regions. Because
for sinusoidal waves u ~ gg Equation (3.139) becomes:
D, %’% = D, %x"—z (3.140)

From (3.137), (3.138), and (3.140) then:

AL+ A=A, (3.141)
and
Ay ity Ay _ hata Ay (3.142)
Cq Cq Ca

atx = y = 0. From Equations (3.141) and (3.142):

Al _ Gy ( 3.143)
Al CiMy Calp

and
Ay _ apy —am (3.144)
Ay Clll; T Coly

Let A',/A, = r = amplitude coefficient of reflection and A, /A, = s = amplitude
coefficient of transmission. According to the principle of reflection 8, = 87 or u,
= cos 6, = cos 8; = —pu,. Hence, the reflection and transmission coefficients can
be written as:

¢y c088, —cycosb,
c,cos B, +cycos0,

(3.145)
2cy cos 6,

s:
cycos 8y, +c,cos0,

Invoking Snell’s law sin 6y _ sinb, 02,
Cq Co

rcan be determined as a function of ¢, /c, for a prescribed angle of incidence, 6,. Fig-
ure 3.17 shows r as a function of ¢, /¢, for different values of 8, when c¢,/c, > 1
for 0°< 9, < 20°, r does not change significantly. On the other hand if ¢,/c, <! (i.e.
when the incident wave travels from shallow to deeper water), total reflection occurs
at some critical angle of increase (then r = 1).
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F1G. 3.17. Amplitude coefficient of reflection, r, as a function of the velocity ratio ¢,/c, for various
values of the angle of incidence. (Cochrane and Arthur 1948)

Cochrane and Arthur (1948) used an analogy from acoustics to show that,
if the depth change is not discontinuous as is assumed so far but is gradual in
a region of length, d, then the reflection coefficient depends on the ratio, d/(L/ sin ),
where L is the wavelength and 6 is the angle of incidence. If this ratio is small,
r approaches the value obtained from discontinuous depth change. On the other
hand, if this ratio is large, r ~ 0. On the continental slope near Crescent City,
Calif., the depth changes from 305 to 101 m in a distance of only 24.1 km. If the
period of the tsunami is 15 min (in deeper water) then the wavelength is 186.6 km
and for normal incidence

d 241 _
(L/sing) ~ 186.6 =0.13 (3.146)

The possible transoceanic reflection of tsunamis could be inferred when a
tide-gage record registers a significant increase in the amplitude a long time after
the arrival of the initial wave train. Figure 3.18 shows such a possible reflection
associated with the Aleutian earthquake tsunami of Apr. 1, 1946. According to
Cochrane. and Arthur, the reflection occurred near the continental slope off the
south Oregon coast and the reflected wave reached Hanasaki, Japan, some 10 h
after the reflection occurred.

The amplitudes of the direct waves at Hanasaki were insignificant and it was
the reflected waves that showed large amplitudes. As there is no tide gage at the
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Fic. 3.18. Arrival times at Hanasaki of direct and reflected waves for
tsunami April 1, 1946. Solid line indicates probable path of reflected
waves reaching Japanese coast. (Cochrane and Arthur 1948)

continental slope off south Oregon, amplitude of the wave had to be estimated
by the nearest tide gage at Crescent City, Calif. Green’s law gave:

Hy _(Dy\*
H, = (D1> (3.147)

Where H; and H, were the wave amplitudes over water depths D, and D,, the
wave height at the continental slope could be estimated. Water depth at the Crescent
City tide gage was approximately 6.1 m, water depth of the shallow side of the
continental slope was 914.4 m, so the wave height Hg,4, at the continental slope
was given by:

L
3 6.1 \
Hgiaq = He <9—14.4> (3.148)

where H, was the wave height at Crescent City.

The transmission and reflection coefficients, s and r, at the continental slope
(treated as a depth discontinuity) are obtained from the theory of Cochrane and
Arthur (1948). Taking the angle of incidence as 10° and water depths on either

side as 3017.5m and 9144 m, then r = 027, s =1 +r = 1.27 for i—‘=\/ 38112
then, the height, Hy,, of the wave reflected at 3017.5 m is: 2 :

r 0.2
=75 Hogq = 127 H

~J

H (3.149)

R 914.4
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The expression by Jeffreys and Jeffreys (1946) is used to determine the effect
of distance on wave heights. This expression is valid only for the first few waves
of a wave train generated impulsively:

1
H (R
i _<R1) (3.150)

Here R, and R, are the distances from the epicenter to the Oregon coast and
between the Oregon coast and Hanasaki. Thus, wave height at Hanasaki at a depth

of 3017.5 m is:
3057.1 ¥
B = <10J367> Hy (3.151)

where R; and R, are 3057.1 and 10,136.7 km. From Green’s law the wave height,
Hy, at the tide-gage location at Hanasaki can be obtained (assuming water depth

15 6.1 m).
30175\
= (3075¥ o 3.152
Hy ( 9m> H, (3.152)

From the observed wave height a Crescent City, H. = 85 cm:

Hyjgq =25 cm

HR =53c¢cm

(3.153)
H]. = 3.6 cm
HH =17 cm

The value of 17 cm for the wave height deduced from this approximate analysis
agreed fairly well with observed wave heights between 9 and 11 h after the initial
(but insignificant) wave train arrived at Hanasaki.

Shimozuru and Akima (1952) detected possible reflections of the tsunami from
Guam Island. The south coast of Shikoku Island was affected by the earthquake
that occurred Dec. 21, 1946, at 0419 h Japan standard time, with the epicenter
at 33.0°N,134.8°E and magnitude 8.1. Tide-gage records at four stations, Hachin-
ohe, Mera, Ito, and Uchiura, at the time of this tsunami showed both long- and
short-period waves.

Because long-period waves suffer less dissipation during travel and get reflected
more easily at abrupt depth variations, reflected waves, if they occur, could be
detected more easily in the long-period waves. To get a record of long-period waves
alone from the above records, the predicted tide was removed first, then short-period
waves were removed through a low-pass filter. The filtered records showed long-
period waves with average periods of about 80 min. The question naturally arises:
were these waves due to purely local effects such as resonances in the bay where
the tide gage was situated, or was their source far away? The answer is provided
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by comparing the records of the Tonankai earthquake tsunami of Dec. 7, 1944,
with an epicenter at 34.0°N,137.1°E and magnitude 8.3. The epicenters of the
two earthquakes are close enough that travel paths to the tide gages can be considered
almost identical. The records of the second tsunami were also subjected to low-pass
filtering and did not show any long-period waves as in the Nankai earthquake
tsunami. Hence, the authors concluded that the long-period waves accompanying
the Nankai earthquake tsunami were not due to local causes but had their source
near the tsunami origin. _

Plots of period and amplitude of these filtered records vs. time for two stations,
Hachinohe and Ito, showed that both the period and amplitude of the waves
continually decreased for several hours after the initial maximum wave then sud-
denly picked up again. For Hachinohe the time interval between the arrivals of
the direct wave and the reflected phase was 5h 36 min, for Ito it was 6 h 10
min. As there were no significant aftershocks for this earthquake, the long-period
waves could not have been caused by another tsunami generated by any of the
aftershocks but must have been due to waves reflected at some distant coast or
islands.

Cochrane and Arthur (1948) used the long-wave formula to draw wave fronts
to determine the probable boundaries of reflection as either Guam Island or the
Mariana Trench. If the reflection occurred from a trench, the phase of the reflected
wave must be reversed, but as this was not observed in the records, the authors
concluded that the Nankai tsunami was most probably reflected from Guam Island
and its surrounding reef. However, one puzzling feature is that the amplitude of
the reflected waves was greater than that of direct waves at Hachinohe and the
authors have no definite answer except to speculate that the direct waves might
have suffered dissipation while traveling through the sea ridges of Izu Islands.

Murty and Boilard (1970), while studying the spectra of tsunami records at
Tofino on the west coast of Canada (Fig. 3.19) for the 1964 Alaskan earthquake
tsunami, deduced there were some indications of transoceanic reflection of the
tsunami. In general, Fig. 3.19 shows the dissipation of the tsunami energy with
time. The peak at 87.3 min was stronger during the fourth interval than during
the third. This might have been due to either a transoceanic reflection or an
interaction between the tide and the tsunami or a combination of both.

T-PHASE AND ITS APPLICATION TO TSUNAMIS

The T-phase is a short-period (about 0.5 s) earthquake phase originally observed
by Linehan (1940) in the seismograms from earthquakes originating in the West
Indies. Ewing et al. (1950) proposed that the T-phase might be used in tsunami
warning. Leet (1951) severely criticized this proposal and Ewing et al. (1952) pre-
sented additional arguments to support the earlier proposal. Probably no other
topic concerned with tsunamis has generated such rival arguments and this topic
deserves further attention.

The T-phase is a compressional wave propagated through the ocean with the
speed of sound in seawater (Tolstoy and Ewing 1950). Ewing et al. (1950) stated
that the T-phase has periods of 0.5s or less and travels in deep water with the
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F1G. 3.19. Normalized Autospectra for Tofino (A) computed from
total data record of 40 h, and (B) computed with the record divided
into four equal parts, each of 10-h duration. Numerals are periods
in minutes.

speed of sound in water, and in shallow water and on land with speeds ranging
from 3.7 to 5.5 km s~ ', with amplitude decreasing rapidly over land.

Worzel and Ewing (1948) observed the propagation of high-frequency waves
with the speed of sound, following shallow underwater explosions. Pekeris (1948)
developed a theory for this problem that was later generalized by Press and Ewing
(1948) who considered sound propagation in a liquid layer overlying an infinite
solid layer.

Ewing et al. (1950) studied the T-phase on the east coast stations of the USA
from epicenters of Dominican Republic earthquakes. They concluded that T-phase
is produced only when the earthquake magnitude exceeds 7 and claimed a remark-
able correlation between T-phase and tsunami generation. They used the work
of Heck (1947) who listed 11 Pacific tsunamis from 1932 to 1947. Ewing et al.
omitted six from this list because they were not expected to produce T-phases
at stations in California because of intervening land barriers. Of the five tsunamis
studied, four produced T-phases at Berkeley and Pasadena. The exception was
the tsunami of Apr. 1, 1946,

Ewing et al. (1950) also discussed the T-phases recorded at Weston, Mass.;
Fordham, N.Y.; and Ottawa, Ont., caused by Dominican Republic earthquakes
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and concluded there was good correlation between T-phase generation and tsunamis.
They suggested that this might be used for tsunami warning in the Atlantic Ocean.

Leet (1951) severely criticized the work of Ewing et al. (1950) on the T-phase.
This criticism was probably correct and to give the full impact Leet (1951, p. 165)
stated:

“Ewing, Tolstoy, and Press of Columbia University reported that ‘a striking correlation
between the occurrence of a short-period earthquake phase (T-phase) travelling through
the ocean with the speed of sound in sea water and the occurrence of tsunamis has
been observed’

“Their statements about the characteristics of T are incorrect in every essential
detail. For the Pacific Ocean, they list five tsunamis between 1933 and 1946, of which
the largest, on April 1, 1946, was generated by an earthquake for which no T was
recorded. They neglect to mention the earthquake of January 23, 1938, near Hawaii,
which produced the largest T recorded on the Pacific coast to date, but no tsunami.
The importance of these outstanding exceptions; errors in reporting the data, and
uncertainty concerning the actual number of T-phases recorded on the Pacific coast
combine to make the evidence for any value of T as a tsunami warning decidedly
inconclusive.

“In the Atlantic, the proposal that T be used as a tsunami warning reduces to
an absurdity. Ewing, Tolstoy, and Press state that between 1939 and 1948, ‘20 Domini-
can Republic shocks produced T-phases’ and that one of them was followed by a
definite tsunami. Actually, more than 200 Dominican Republic shocks produced T
within that span of years, and many in other Atlantic regions. With one minor tsunami
among 200 to 250 T-phases, the correlation is not impressive.”

Leet (1951) also disagreed with Ewing et al. (1950) on the range of period
of the T-phase. He maintained that the range is 0.5-1.0 s generally, whereas the
other authors put 0.5 s as an upper limit. The distinction is very important according
to Leet (1951, p. 166) who stated:

“A study of more than 200 records of T from the Atlantic has shown that in all
cases the period ranges upward rather than downward from 0.5 sec., being for the
most part between 0.5 and 1.0. This is significant, because SOFAR propagation
(SOFAR stands for Sound Fixing and Ranging) along an axis of minimum velocity
cannot explain transmission of waves of periods longer than 0.5 sec. carrying the
greater part of the energy in T.

“T does not travel with the velocity of sound in water for the part of its path
crossing deep water. Its oceanic velocity ranges from 1.70 km/sec. to 2.65 km/sec.
in different parts of the Atlantic, in contrast to velocities of sound in water from
1.46 to 1.53 km/sec. Its speed over land paths is 2.13 km/sec”

THE WORK OF EWING, PRESS, AND WORZEL

Ewing et al. (1952) presented further evidence to support the contentions put
forth by Ewing et al. (1950). It appears that Leet (1951) was correct in his criticism
of the 1950 paper. However, the latter paper (i.e. 1952) seems sound. In the 1952
paper, Ewing et al. ascertained that T-phase had periods in the range of 0.5-1.0s.

Because their earlier work had applied some correction for the continental
path of the T-phase and, as there is no accurate basis to determine this correction,
in their 1952 paper they chose data based on locations of detectors and epicenters
so that the continental path was negligible. They used seismographs at Honolulu,
Kaneohe, and Point Sur SOFAR stations. In this case, no land travel was involved
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and the velocity could simply be determined by dividing the distance by the time
of travel. The velocities were estimated to be about 1.40 + 0.02 km s™".

One interesting observation by Ewing et al. (1952, p. 42) was:

“It is interesting to note that earthquakes southwest of Honolulu which produced
T-phases on the seismographs there did not produce signals on the SOFAR hydro-
phone, which is situated a short distance northeast of the same island. Thus the island
of Oahu casts a shadow for \he T-phase from earthquakes exactly like that cast by
Bermuda for SOFAR signals, as described by Ewing et al. (1946). This is additional
evidence in support of the view that the T-phase is propagated as a compressional
wave in the water.”

Press et al. (1950) showed that the topography of the ocean floor at the epicenter

isimportant in determining how efficiently the T-phase is generated by an earthquake.
If the ocean bottom is horizontal at the epicenter, then the efficiency decreases
with the increase of depth of focus. On the other hand an increasing ocean depth
in the direction of propagation of the T-phase would allow more efficient entry
of sound waves into the water and create suitable conditions for wave-guide propa-
gation.

The authors attributed the differences between their results and those of Leet

(1951) mainly to the effects of continental path and the corrections involved. In

fact,

Ewing et al. (1952, p. 49) emphatically stated this. (Table 3.4 summarizes the

differences in the results of the Lamont school and Leet regarding T-phase.)

“The consistency of our results ... and the excellent agreement of our results with
the speed of sound in water, leaves little room for doubt that T is propagated as
compressional waves in water; and the similarity between reception by SOFAR
hydrophones of the T-phase and of signals from bombs exploded at the sound channel
axis is additional strong evidence. Moreover, the hypothesis that T is transmitted
as SH waves in ocean-bottom sediments is immediately ruled out since such waves
could not enter the water for detection by the hydrophones.”

Ewinget al. (1952) admitted that in their studies involving T-phase no destructive

tsunamis occurred. As the whole purpose of tsunami warning service is to warn
about destructive tsunamis (i.e. tsunamis capable of doing some damage), unless
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TaBLE 3.4, Properties of T-phase according to Lamont school and Leet.

Parameter Lamont Leet
Period <0.5s 0.5-1.0s
Required magnitude

of earthquake >17.0 could be less than 7.0
Use for tsunami

prediction in Atlantic very definite absurd
Velocity in Atlantic velocity of sound

in water 1.70-2.65 km/s

Velocity on land and
in shallow water 3.75-5.5 km/s 1.46-1.53 kmy/s




T-phase studies are made involving large and destructive tsunamis, it is difficult
to say how relevant the T-phase will be to tsunami warning. However, there has
been considerable progress recently using T-phase for tsunami warning in French
Polynesia (see Chapter 6).

TsunaMl TRAVEL ON THE CONTINENTAL SHELF

In Chapter 1 the three ranges of the Ursell parameter and the relevant set
of equations in each range were discussed. For small values of the Ursell parameter,
phase dispersion is important and the linear set of equations is used. For large
values of the parameter, amplitude dispersion is important and the nonlinear,
long-wave equations are relevant. However, there is an intermediate zone (when
the tsunami travels over the continental shelf) when the Boussinesq equations are
relevant. Until recently this had not been done. Chen et al. (1975) used Boussinesq
equations to develop a numerical model. They used the work of Peregrine (1967)
who first developed the full Boussinesq approximation in two horizontal dimensions
over variable depth.

PACIFIC
Upward
OCEAN

=

o . 10 0
Scale in km

F16. 3.20. General configuration of ground displacement in arbi-
trary units. (Chen et al. 1975)
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This model has been applied to investigate tsunami behavior at the Diablo
Canyon power plant in California (Fig. 3.20), associated with a strong earthquake
at the Santa Maria Basin Fault. The assumed initial ground motion is also shown.
The results showed that the Boussinesq model predicts a slightly lower maximum
wave height of the tsunami.

Before concluding this section, one aspect of transmission of tsunami energy
first considered by Yoshida (1959) will be discussed. According to him, the tsunami
wave with the largest amplitude, hence the maximum energy, will occur earlier
in the wave train for short travel distances but for larger travel distances it will
occur later. To put this another way, the difference in the time of arrival at a
given station between the first wave and the wave with the greatest energy increases
with the travel distance.

Although Yoshida’s surmise seems to be valid for Japanese data, the fact that
it is not universally valid can be seen in Table 3.5. In this table, the period of
the tsunami has been defined as the time interval between the arrival of the first
and second crests at a given Jocation. The observed periods have been compared
with periods calculated from the following formula given by Stoneley (1963):

XY
T = 0.03058 (T) (3.154)

where x is the travel distance and ¢ is the travel time (defined as the time taken
by the first wave to arrive at the location under consideration). The proportionality
constant is valid when x and ¢ are in cgs units. Table 3.5 shows that Equation
(3.154) underestimates the period of the tsunami by at least an order of magnitude.
Of course, it is easy to understand why the calculated periods differ from the
observed periods significantly, because (3.154) was derived from analytical theory
by simple geometry.

TABLE 3.5. Observed data at stations on the west coast of Canada for the tsunami following the
Alaskan earthquake of March 1964.

Great circle Period of
distance from Obs. period of Calc. highest
Station epicenter highest wave tsunami period wave:travel time
(km) (h) (min) (min)
Victoria 2056 0 16 7.1 0.06
Fulford Hbr. 2010 5 18 6.8 1.06
Vancouver 1995 1 45 6.4 0.31
Point Atkinson 1984 3 43 6.4 0.67
Port Alberni 1922 2 00 6.8 0.45
Tofino 1880 1 50 7.3 0.54
Alert Bay 1710 0 14 6.5 0.06.
Ocean Falls 1530 0 25 5.8 0.09
Bella Bella 1523 0 31 6.4 0.16
Tasu 1304 0 19 6.9 0.16
Prince Rupert 1253 1 20 5.6 0.41
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Yoshida (1959) distinguished between two types of stations; continental and
oceanic. The first type is located along the continental edge of the ocean and the
second is island stations. Based mostly on Japanese data, he deduced that when
the period of the highest wave is plotted against the travel time, the slope
of the approximate straight line is about4- for continental stations and 7' for oceanic
stations. Probably all Canadian stations listed inTable 3.5 are in the continental stations
category. Column 5 shows there is a large scatter for this slope and it is doubtful that
Yoshida’s conjecture would hold generally.

3.4 Laboratory Experiments

INFLUENCE OF FRICTION ON LONG-WAVE PROPAGATION

Harleman and Ippen (1963) considered the propagation of long waves and
showed that inclusion of bottom friction leads to a velocity of propagation less
than gD and, unlike the long-wave theory, the velocity of propagation depends
on the wavelength, L, and a boundary resistance factor, u. They also performed
laboratory experiments to verify their theoretical prediction and their work will
be considered briefly.

According to Harleman and Ippen, the effect of friction and energy dissipation
is important for tsunami propagation, especially over continental shelves. They
estimated that in water 6096 m deep a wave with an amplitude of 0.15m and .
161 km long would possess approximately a uniform maximum horizontal particle
velocity of 0.006 m/s and a Reynolds Number of the order of 107.

Following Proudman (1953), Harleman and Ippen (1963) wrote the equation
of motion for small-amplitude water waves with linear friction:

ou on
—=-g\—+ +tM 3.155
ot & <at u> ( )
where u is the horizontal particle velocity, 7 is the wave height, and M is a linear
resistance coefficient. In one wave period, the frictional work done is not much
different either with linear or quadratic form of friction, hence, the use of the
simple form is justified. The continuity equation is:

on _ _pou
5 = I (3.156)
where D is the water depth.
Equations (3.155) and (3.156) give:
2 3 _ 'n an
C 3%z T 32 + eM 3 (3.157)

whose solution can be written as:

n = Ao e *¥ cos(ot - kx) (3.158)
where o is the wave frequency, A, is the wave amplitude at x = O; and y is a
damping coefficient.
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From equations (3.157) and (3.158) the following two relations can be written:

ch(W-k)+ o2 =0 (3.159)
and
2 ¢l uk-gMa =0 (3.160)
Using the definition:
0= ke (3.161)

in Equation (3.159):

= {1 _ (%)2} (3.162)

and Equation (3.160) becomes:

24D u

M = I .
Co /1 _<ﬁ>2 (3.163)

k

Equation (3.162) shows that inclusion of friction makes ¢ depend on L and g,
in addition to D.

Harleman and Ippen (1963) then considered a channel communicating with
a large basin. The wave in the channel is made up of two waves: an: incident
wave, n,(x,1), traveling in the positive x direction and a reflected ‘wave,n2(x,1),
traveling in the negative x direction given, respectively, by:

ny = Age ™™ cos (ot -kx) (3.164)
and
N2 = Age ™ X cos(ott+kx) (3.165)

where o is the frequency of natural oscillation of the basin, A, is the wave amplitude
at the end of the channel (x = 0), and ¢ = 0 corresponds to the time of maximum
elevation at the closed end, x = 0.

The wave height, n, in the channel is given by:

n=m tn = A { e #¥ cos(ot—kx) + eH* cos (or+kx) (3.166)

Maximum water level occurs at a given position in the channel when an/dr = 0.
The relative time, o 7y, of the maximum water elevation at any position with
reference to the time of maximum water elevation at the end of the channel is
given by:

1

oty = tan” (—tan kx - tanh ux) (3.167)
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Let nyy and n;,, respectively, be the local wave amplitude at any given position
and the wave amplitude at the end of the channel. Then from (3.156) and (3.157):

\/ (cos 2Uex+rosh 2 ux) (3.168)
noH

Let n; = a be the amplitude of the natural oscillation of the basin at the entrance,
x = -1. Then:

a
LA cos 2k +cosh 2 3.169
P A Ao \/ ( “) ( )

Harleman and Ippen assumed that & and u could be treated as constant and
wrote:

p= 217 k (3.170)

where @ is a constant of proportionality. From equations (3.167), (3.168), and (3.170):

. b kx
_ 1) .
0ty = tan { tan kx tanh( o )} (3.171)
and
R Dkx
=1/5cos (2kx) + cosh( ) (3.172)
Mo n

Harleman and Ippen (1963 p. 201) described their procedure to obtain u and
k as follows:

“A plot of the amplitude ration ny/n,, versus the time angle of high water o7y
may therefore be made with the independent variables, ® and kx, defining a family
of curves. Thus, if the wave amplitude and time of high water are known at several
points along the channel, these values when plotted in the manner suggested above,
should fall along a curve of @ = const. In principle, both y and k could be determined
by knowing the time and amplitude of the wave at the closed end of the channel
and at only one other intermediate section. In practice, the method described above
gives values of y and k which are best fit for all of the available data.”

The experiments were performed in a rectangular lucite flume 99.7 m long,
0.23 m wide, and water 0.15m deep (average). Wave heights were recorded at
nine stations along the length of the channel.

As an example of the orders of magnitude, K and u, for test I, k 1s 0.011
rad m~! and p is 0.005 rad m~'. The energy dissipation due to molecular viscosity
is several orders of magnitude lower than that by turbulent friction. Because of
molecular viscosity, u is about 107" rad m™'

Harleman and Ippen (1963, p. 204) summarized their conclusions:

“(a) Friction influences the propagation characteristics of long, shallow-water waves.
The celerity is shown to be function of water depth, wave length, and a parameter
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depending upon the boundary roughness. The effect of boundary friction is to reduce
the wave velocity below the value ¢, = /gD for the frictionless case. A finite group
of waves such as a tsunami may be expected to exhibit a dispersive character due
to frictional effects.

“(b) The frictional effects on propagation appear to be independent of the wave
period for a steady train of long oscillatory waves.

“(c) As the wave amplitude decreases, all other factors remaining constant, the wave
celerity is less affected by friction and the celerity tends to increase toward the
frictionless value +/%&D. This conclusion is probably only valid for fairly large-
amplitude shallow-water waves. For waves of initially small amplitude-to-depth,
the frictional effects should be essentially independent of wave amplitude.

“(d) A decrease in _bottom roughness results in an increase in celerity toward the
frictionless value \/gD.

“(e) The observed rates of wave energy dissipation are clearly within the turbulent
resistance regime. The damping modulus for wave amplitude is approximately 10’
times greater than that due to molecular viscosity.”

RECENT WORK

There is a great deal of literature concerning the problems of refraction. See
Beitinjani and Brater (1965) for their description of experiments on refraction in
prismatic channels.

Chao and Pierson (1972) performed laboratory experiments to study the refrac-
tion problems near a straight caustic. They also developed a linear theory. Their
theoretical results compared favorably with their experimental results.

To perform experiments on the propagation of tsunami waves. Krivoshey (1970)
used both laboratory models of real geometries and a hydraulic flume. The first
laboratory model was developed to simulate a sector of the Pacific Ocean and
investigate the influence of refraction, the location of the epicenter of the earthquake
on the angle of wave approach to the coast, and the nature of the change of the
wave form during its travel. The second was constructed to model a Pacific coastal
region of USSR and investigate tsunami wave heights and run-up in coastal areas.

The horizontal scales used in these models were 1:65,000 and 1:5,000, respec-
tively, and the vertical scales were 1:12,500 and 1:350. Modeling was based on
the laws of gravitational similarity deduced from the equality of the Froude Number
in the prototype and in the model.

Krivoshey used a hydraulic flume to study the following problems: the influ-
ence of scale distortion on the results of modeling, the laws of wave transformation
at various bottom slopes of the shallow zone, and the formation and development
of secondary waves (the so-called undulations on a long wave).

In the laboratory model used to study a sector of the Pacific Ocean, tsunami
waves were produced by a pneumatic wave generator placed at the bottom and
so arranged that the area of the generator agreed with the epicenter area, on the
scale of the model. This generator created waves with periods ranging from 1.5
to 2.0 s corresponding to 15-20 min for the prototype. Electrical resistance sensors
were used to record the vertical variations of water level at 25 positions in the
model. Based on these, Krivoshey (1970, p. 353) came to the conclusions:

“l. Due to the decisive effect of refraction, the position of tsunami epicenter has
no influence on the angle of wave approach to the coastline of the studied gulf.
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2. When moving from the epicenter of tsunami towards the shore, the wave height
at first diminishes due to energy dissipation and then increases due to the decrease
of depth.”

The second laboratory. model was intended to simulate wave motion in a coastal
area, and waves corresponding to periods of 10 min in the prototype were generated
by placing the wave generator two wavelengths away from the shore. These experi-
ments showed that the relative wave height of the crest, defined as the ratio of
the height of the wave crest at a given point to the height of the wave crest near
the generator, decreased from 1.0 to 0.6 during travel over a uniform depth of
200 m, whereas the relative wave period increased from 1.0 to 2.2 over the same
travel path accompanied by a slight decrease of period in the gulf.

Krivoshey carried out four series of experiments in the hydraulic flume. The
experiments under Series I were performed with the same horizontal and vertical
scale of 1:200 and showed that (Krivoshey 1970, p. 355): “1. Modeling on spatial
models with scale distortion has practically no effect on water level rise at the
studied points. 2. Wavelength is of considerable importance for flooding depth”’

Series II and III experiments were performed with variable bottom slope, and
showed that the height of the wave crest changes very little during the propagation
over uniform depth, but the slope of the front portion of the wave increases a
little. An important feature is the occurrence of secondary oscillations (called “un-
dulations”) on the long waves. Krivoshey remarked that the undulations superim-
posed on a long wave are the first indication of wave breaking and might influence
flooding on the shore due to tsunamis. According to him, the time, T, of the first
appearance of these undulations is given for an ideal fluid by:

+ 2 FB.\X
- _ V& 4 (3.173)

t= <]_L @)
3Bd

where F is the area of cross section of the stream; W is the velocity of propagation
over uniform depth, H; B is the width of the channel; g is gravity; and a, is the
rate of variation of discharge initially.

Krivoshey (1970, p. 359) stated that his experimental results agreed favorably
with (3.173) and gave the following conclusions:

“l. Undulations in the zone of breaking may be regarded as independent waves;
their breaking peculiarities depend on their slope in the deep zone.

2. With a decrease of the initial wave slope (in the beginning of the shallow zone)
the breaking occurs in the deeper zone. In this case, longer undulations break before
the shorter ones.

3. Earlier breaking of succeeding undulations of shorter length than the preceding
ones may be explained also by a counter current which accelerates the wave overturn.

4. In the zone of breaking, the ratio of undulation length and depth of water is
equal to 25 to 507

Thus, based on his study of changes of undulation forms in shallow regions,
Krivoshey (1970, p. 360) proposed the following tentative hypothesis:

il

@™
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“Undulations on shallow water may be regarded as independent long waves; their
propagation is described by equations derived for long waves in shallow water (before
the moment of breaking) and by equations derived for discontinuous waves (after
breaking and propagation as a bore up to water edge).”

Series 1I and III experiments also revealed that features of wave breaking
and run-up on dry coasts is different depending on whether the coast has a direct
slope or an inverse slope. The wave propagation speed, V, is related to the wave
height, n (above the dry bottom) in both cases. For a direct slope:

V= 18+en (3.174)
and for an inverse slope:
V = 2.54 vgn (3.175)

Hwang (1970) performed laboratory experiments on the wave set-up due to
nonperiodic wave trains. He considered both breaking and nonbreaking waves.
The nonperiodic wave train could set up shelf oscillations and characteristics of
the oscillations would be related to the geometry of the shelf.
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Chapter4-  Coastal Problems

4.1 Resonance

RESONANCE IN NARROW WATER BODIES

One-dimensional approach — For narrow water bodies the one-dimensional
approach has been used extensively to determine natural free oscillations. There
is a great amount of literature dealing not only with natural water bodies but
also idealized situations such as rectangular basins. A few advances (preceded by
a brief introduction) will be selected. See also the excellent books on oceanography
by Sverdrup et al. (1942), Proudman (1953), Defant (1961), and Ippen (1966).

Merian (1828) developed a theory for free longitudinal oscillations in a nonro-
tating rectangular basin and gave the following formula for the period, T,, of
the n th mode.

2L
7> (4.1)
where L is the length of the basin, D is the depth of the basin assumed to be
uniform, and g is gravity. This formula holds when the bay is closed at both ends.
On the other hand, for a rectangular bay of uniform depth, closed at one end
and open at the other, the period of the first longitudinal mode is given by:

n

S|—

oo 4L
. ' V&D

For this mode, there is a node at the mouth of the bay and an antinode at the
head. In this situation, the length of the bay is 4 the length of the standing wave
that is excited.

The Merian formula gives a quick and rough estimation of the period of a
bay. It can also be used to provide initial trial values for more accurate numerical
calculations. Thorade (1931) stated that if the width of the bay is about {; the
length, then a correction for the period could be applied by increasing the period
(given by the Merian formula) by 10%. If the width is equal to the length then
the period has to be increased by 32%. The Merian formula appears to consistently
overestimate the periods compared to those determined by the more accurate
numerical methods (Table 4.1).

An improvement over the Merian formula is the Defant method described
by Neumann and Pierson (1966) and Defant (1961). For electrical analog methods
to determine the free oscillations of one-dimensional systems see Defant (1961,
vol. 2).

4.2)
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TaBLE 4.1. Computed period, T;, by numerical integration, of the
first longitudinal mode of the five Great Lakes compared to periods,
T,,, determined from Merian formula. (Rockwell 1966)

T, T,
Lake (h) )
Superior 7.19 9.45
Michigan 8.83 10.53
Huron 6.49 9.77
Erie 14.08 16.76
Ontario 491 5.85

SYSTEMS WITH BRANCHES

Defant (1961) used the concept of electrical networks to describe procedures
dealing with a system with branches (each assumed to have uniform depth). Occa-
sionally the method of characteristics has been used to determine the characteristic
oscillations of a basin with a branch (for example, see Horikawa and Nishimura
1968). However, these authors assumed uniform depth and a water body of regular
shape. For this reason, although they give a rough estimate of the periods, these
techniques cannot be used for accurate determination of the periods. Rao (1968)
determined numerically free oscillations of the Bay of Fundy taking into account
its two branches, Chignecto Bay and Minas Basin. Henry and Murty (1972) deter-
mined the resonance modes for a system with five branches. Rao (1968) also applied
corrections for rotational and frictional effects in one-dimensional systems based
on the work by Platzman and Rao (1964). Murty and Boilard (1970) used essentially
the same technique to determine the free oscillations of an inlet on the west coast
of Canada.

RESONANCE IN MULTIBRANCHED INLETS

Henry and Murty (1972) determined the resonant periods for a multi-branched
inlet system on the west coast of Canada. Figure 4.1 shows the location of the
Rivers Inlet complex treated in this study. Figure 4.2 schematically shows the five
branches of this system with the grid scheme.

The finite-difference forms of the continuity equation and the momentum
equation are for a variable grid size:

Mipy ™ M oM+ M, ) (4.3)
Axi g(Ai+Ai+1) .
and
M., - M, (n.+n..)
i+1 1 ! 1+1
= e 44
Ax; o B 2 (44)

where M is the volume transport through a vertical cross section with area A and
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surface width B; 7 is the water-level deviation from the equilibrium position; g
is gravity; A x is the grid size at grid point, /; and o is the frequency of oscillation.
Frictional and Coriolis effects are ignored.

The conditions at confluence 1 are:

MY = m® +u® (4.5)

39
and

(1) (2) (3)
M =M =M (4.6)

where superscript denotes the branch and subscript denotes the grid point in a
given branch. At confluence 2 the following conditions have to be satisfied:

MO = MY+ MY (4.7)

and

nf) = nf4) =) (4.8)
Branch 1 is open to the sea and has 39 grid points, branch 2 has 16, branch 3
has 5, branch 4 has 12, and branch 5 has 17. The boundary conditions of the
problem are:

(1) _

1

0 (4.9)

(1)

1

M.’ is arbitrary (4.10)

and

My = M5 = MY =0 @10

A standard iteration technique described by Rao (1968) has been used to
determine the resonance periods. (A) of Table 4.2 shows the periods determined
by starting at sea and applying the final boundary condition at the head of branch
5. Although some modes are located with a few iterations, others took considerably
more iterations. Let M and M? denote the values of ME:';) at the two values of
bracketing the zero-crossing at the end of the fine search with frequency increment,
Ao.

Table 4.3 shows the zero-crossing behavior for a well-behaved and an ill-
behaved mode for two different values of Ao. This table shows that for a well-
behaved mode, M(]57) is a smooth function of ¢ near the zero-crossing and the
values remain small. For an ill-behaved mode the values of M' and M? remain
large. The authors ascribed this behavior to accumulation of numerical errors and
called the ill-behaved modes false modes (these could be normal modes for a part
of the system, however) and denoted them by F.
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TABLE 4.2. Natural periods of Rivers Inlet computed by: (A) starting at sea and monitoring at head
of branch 5, (B) starting at sea and monitoring at head of branch 2, (C) starting at head of branch
4 and monitoring at head of branch 2. Numerals denote genuine modes whereas the modes identified
by F are spurious.

*) (B) | (©)
Mode No. Period No. Period No. Period No.
(min) iterations © (min) iterations (miny iterations
! 88.99 2 88.99 2 88.99 3
Fia - - 37.17 36 — —
] 33.75 2 33.75 4 33.75 3
Fs 5 - - - - 27.50 30
3 25.08 3 25.08 2 25.08 5
Fia - - — - - 24.52 34
F2, 122.04 52 - - - -
4 21.67 5 — — 21.67 3
Fys 20.10 46 - - - -
5 15.27 3 15.27 2 15.27 2
Fy - - - - 14.33 251
6 11.36 3 11.36 2 11.36 3
Fe o — — 9.95 313 — -
7 9.86 2 9.86 7 9.86 3

TaBLE 4.3. The values M(: (denoted by M' and M?) at the two values
of o bracketing the zero-crossing in fine searches with two different
frequency increments Ao for a well-behaved mode (number 4 for case
A in Table 4.2) and for all ill-behaved mode (number Fi 4 for case
A in Table 4.2). ‘

L 45 -1
Values of MI7 (em®s )

Well-behaved Well-behaved Ill-behaved Ill-behaved

mode mode mode mode
_ 12 — —~ 12
po=10"° po = 107" Ao =10""  As=10
MY —2.138 X 100 -3.225 X 10 -~2.463 X 10" -1.135 X 0"
M2 2850 X 107% 2625 X 107° 1918 X 10° 1.318 X 10*?

Table 4.2 also shows the modes, starting at sea (branch 1) and applying the
final boundary condition at the head of branch 2 (i.e. monitoring in branch 2).
Whereas the true modes denoted by numerals stay the same (the reason for the
disappearance of genuine mode 4 will be considered below) an entirely different
set of false modes appears, shown as (B). (C) shows the results from starting at
the head of branch 4 and monitoring at the head of branch 2.

To understand this peculiar behavior of the modes, the nodal structures in
terms of M and n were examined. Figure 4.3 shows the structures of modes |
and 2 (both well behaved) and compares the well-behaved mode 3 with the false
mode F; .
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on the west coast of Canada in terms

F1G. 4.3. Structure of modes 1, 2, 3, and F;y4 in Rivers Inlet

of volume transport (broken line) and water level (solid line).

An examination of the modal structures revealed the following important points:
(1) when motion in the branch where the solution is begun is small compared
to motion in the other branches, a false mode could occur, and (2) when the motion
in both the starting and monitoring branches is small, a genuine mode could
disappear.

Standard iteration technique is not suitable to determine free oscillations of
multibranched inlets because all permutations and combinations of starting and
monitoring must be used to eliminate the false modes. For a water body with
nbranches, n? separate calculations are necessary.
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Henry and Murty (1972) used two alternate methods. In the first (the eigen-
value method), the partial differential equations were replaced by a set of differ-
ence-differential equations, i.e. discrete in space but continuous in time. The set
of equations can be arranged in a matrix form where eigenvalues give the frequencies
of natural oscillation of the system. This method causes neither spurious or false
modes, nor misses any true modes. However, it suffers from the disadvantage that
complex systems with many branch matrices of very large order have to be handled
and computer storage limitations might not permit the matrix evaluation.

The second method is the impulse response method. In this method, the Green’s
function is used. Let f,(¢) be the input at some point, x;, in the system. Then
the response, r,, at some other point, x,, in the system is given by:

r2 (x1,9) =°°f K(x, %0, -7) f1(r)dr (4.12)

where K is a Green’s function. For the tsunami problem, x, is at the mouth of
the inlet. Hence, K(x,7) expresses the response at any point, x, to a unit impulse
(a unit delta function) imposed at the mouth.

Fourier Transform of (4.12) gives:

R, (x,w) = K(x,,x,,0)F(w) (4.13)

where R(x,w) is the circular frequency. For the tsunami problem (4.13) simplifies
- to:

R(x,w) = K(x,w) F, (w) (4.14)

where R(x,w) is the transform of the response at point, x, for input, £, (), at the
mouth, and F, (w)is the transform of f, (¢).

If x does not coincide with a mode of any of the natural modes of the system,
then |K(x,w)| has vertical asymptotes at each of the resonant frequencies. Figure
4.4 shows this function for Rivers Inlet. Although the impulse response method
is probably less accurate (Table 4.4) it is more practical than the other two methods.

TaBLE 4.4. Comparison of period (min) for the first few genuine modes
of Rivers Inlet computed by iterative method, direct eigenvalue
method, and impulse response method.

Modal No. Iterative Eigenvalue Impulse response
method method method

1 88.99 88.97 87.38
2 33.75 33.79 36.69
3 25.08 25.06 24.82
4 21.67 21.68 21.35
5 15.27 15.25 15.38
6 11.36 11.36 —

7 9.86 9.86 -
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FiG. 4.4. Function | K (X, w )| at 5 stations in Rivers Inlet
on the west coast of Canada.

RESONANCE CALCULATIONS FOR IRREGULAR-SHAPED BASINS

Raichlen (1966a) calculated natural modes of basins of arbitrary shape and
depth by what he called two-dimensional models. In fact, these are the so-called
one-dimensional (only one horizontal dimension) models discussed in Section 1
of this chapter. Raichlen’s three-dimensional model corresponds to the traditional
two-dimensional model, and he simply outlines this model. ‘

Lee and Raichlen (1971) developed a theory for calculating the resonant modes
in harbors with arbitrary geometry but uniform depth. The solution of the two-
dimensional problem is obtained in terms of an integral equation, later approximated
into a matrix form. The area of study is divided into two regions, the region outside
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the harbor mouth and the region inside the harbor. Boundary conditions at the
harbor entrance are applied by matching the wave amplitude and its normal
derivative for the exterior and interior solutions.

The authors examined the response of the harbor to incoming waves through
an “amplification factor,” defined (Lee and Raichlen 1971, p. 2169) as the ratio
of the wave amplitude at any position inside the harbor to the sum of the incident
and the reflected wave amplitude at the coastline (with the harbor entrance closed).
They also performed some laboratory experiments to model Long Beach Harbor,
Calif.

Clarke and Thomas (1972) calculated the normal modes of a spindle-shaped
basin of uniform depth and applied the study to Port Kembla outer harbor on
the east coast of Australia. This harbor, about 80 km south of Sydney, is well known
for its seiche activity. Hidaka (1931) coined the name “spindle shape” to a basin
whose perimeter at the surface can be defined as the intersection of two confocal
parabolae. ’

The perimeter of a spindle-shaped basin can be defined by:

a(a—2x) forx >0
y? = - (4.15)
a(a+2x) forx <0

One interesting result from this case is that at the entrance to the harbor
instead of a node (as is usually assumed in resonance calculations) an antinode
was detected. This was a result of reflection off the harbor walls of the long waves
which, as they emerge from the harbor entrance, will form a resonant standing-wave
system outside the harbor. Only the symmetric modes will be excited when the
standing-wave system is such that there is an antinode at the harbor entrance.

Olsen and Hwang (1971) calculated the resonant modes for a basin with
arbitrary shape and variable depth. One new feature of this theory is that the
boundary condition at the entrance to the basin need not be prescribed. The authors
applied this study to Keauhou Bay, Hawaii.

Let D(x,y) be the water depth and ¢ the velocity potential. The linearized
form of the long-wave equation is:

1 9%® 3 P 9 a9
E 32 T ax (D ax) + 3y (D ay) (4.16)

Assume periodic excitation from outside that ultimately causes a steady periodic
motion inside the harbor. For this write:

d=0¢(xy)exp(-iot) (4.17)

where o is the frequency of periodic motion. Then from (4.16) and (4.17):

9 (3 B (o), o . _ .
" (D 8x> * 3 (D ay>+ - 9=0 (4.18)
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F1G. 4.5. Schematic diagram used to obtain boundary condition
between inner and outer regions. (Olson and Hwang 1971)

Figure 4.5 shows that in the outer region a uniform depth (equal to depth
at the matching boundary) will be assumed and an analytical solution will be

obtained, whereas in the inner region a numerical solution will be given.

Because depth is uniform in the outer region the Helmholtz equation is:

Vie+kio=0
where
2
2 = 07
k = %D

The following boundary conditions should be satisfied. Along the shoreline:

99 _
an_o
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and at oo

¢ = ¢o (4.22)

Olsen and Hwang (1971) made some simplifications. They assumed a straight
shoreline located at x = 0. Then, for a straight-crested standing wave with crest
at an angle § to the x-axis:

®o = cos (kx.cos By exp(-ikysinf) for 0 << (4.23)

However, if the wave front propagates parallel to the x-axis, then 8 is equal to
zero and ¢ reduces to:

¢ = cos kx (4.24)

This condition is consistent with the assumption that the wave motion is the same
on either side of the boundary.
Then:

¢ =¢o t¢ (4.25)

where ¢q s the contribution due to the incident waves and ¢’ is due to the presence
of the harbor. Individually ¢¢ and ¢’ satisfy Equation (4.19). However, the boundary
condition (4.21) becomes:

0
= (Go+9) = 0 (4.26)

and this has to be satisfied on the shoreline C; and C;.

The condition at the matching boundary is that ¢, and ¢’ on one side of
the boundary must be equal to ¢, and ¢’ on the other side. Let G be a Green’s
function and S the contour of integration. Then, to determine the perturbation
velocity potential Kernel ¢', write:

. 0G99 427
¢‘.£<¢an sz)‘“ _ (4.27)

The contour integration is made around Ca, C3, C,, Cas shown in Fig. 4.6.

The Green’s function, G, must satisfy the following conditions: (a) the Helm-
holtz Equation (4.19); (b) have a singularity at R = 0, and (c) vanish at oo.

The Hankel function of the first kind and zero th order, Hg‘) (kR), could
be chosen as the Green’s function, because:

Lon(kR)asR >0

(1) 1
H ' (kR) ~> ; 7
0 s . m (4.28)
- [_kR exp{z(kR+4)” as R —»
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F1G. 4.6. Schematic diagram of the bay and method used in analysis.
(Olson and Hwang 1971)

If the contour C, is extended to °° then R— o, and (4.27) becomes:

¢l: f(d)’g.g_c.aﬂ)ds—-)()asR—)oo (429)
C

on on
4

For numerical evaluation purposes, Olsen and Hwang made further simplifica-
tions. As shown in Fig. 4.5, the boundaries C,, C,, C; are taken to be straight
lines. Also the coordinate system is fixed as shown. This means at d 2 b and
c a ¢, a rigid wall is assumed (Fig. 4.6).

Olsen and Hwang pointed out that the simplification will have little effect
on the results for normal incident waves as long as a is large enough compared
to the width at the mouth of the bay. They cautioned, however, that edge waves
generated by obliquely incident waves will be affected.
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Under these simplifications, Equation (4.27) becomes:

o' (x.y) = OI (¢> = -G gf )dn (4.30)
Define: )
k= {(x+z)2 +(y=n) }— (4.31)
and
R= {(x E) (- }L (4.32)

where £, n are the coordinates on the matching boundary. A choice of:
G=- 4{ HY (kR) + H (AR’ )} (4.33)

satisfies not only the three conditions listed above but also the following condition:

G

5 =0 (4.34)

along the y-axis. Then Equation (4.30) becomes:
, T ¥g'0m) ) .
ooy =- 4 [ 20D YO Gy an (4.35)

As a b and a e are assumed to be rigid walls, then:

=0 (4.36)
Also, if the incident wave is parallel to the y-axis, then Equation (4.24) holds and:
a
] 39(0,1m) ;
¢ (x,y) = cos(kx) — é Ia ¢ax’n Hgl)(k|y—n|)dn 4.37)

The prime on ¢ in the integral is suppressed for convenience.
Next, Olsen and Hwang outlined a finite-difference procedure to obtain the
solution of Equation (4.18) in the inner region under the boundary condition (4.37).
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With reference to a rectangular grid system:

xl.=iAxfor0§i_<_j

y;=jbyfor0<j<k

Equation (4.18) can be written as:

Dty Pi-y.;
(Bx)? @psyj ~ %) ~ BxE @9 1)
+ Di']’*'% Di j_L
(Ay)2 (¢irj+l - ¢i:]') (A )2 (¢1] ¢”—1) = ¢
Defining the following quantities:
= Lx
pj T ThjtT Ay
= By
Dl'J' - Di 200 Ax
_ Ly Ay
Bij=Duy;ax " Di-1jax
Ax Lx o
tDet Ay tPij-4 7y T OxLy
=_ Ay
Fij =7 Div4) A%
= Ax
Hj==Dijes 3y
From equations (4.39) to (4.44) then:
B ¢1] 1 D ¢1-1 5f E ¢ + F ¢l+1] Hi.j ¢iuj+1 =0

This equation can be written in the following matrix form:

Mg =0

This square matrix, M, has a size (j + 1) (k + 1).
The boundary condition (4.21) can be written as:

3¢
dx

99

with a similar expression for@
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¢i+1'/’
2Ax

_¢t’—1.j

(4.38)

(4.39)

(4.40)

(4.41)

(4.42)

(4.43,

(4.44)

(4.45)

(4.46)

(4.47)



The boundary condition (4.37) becomes singular at y = n. This is evaluated
as follows: ‘

. -
o) =90=5 [ W Ep-nD3EOman
—a

ey LT @ 3¢
SCRE I T
(4.48)
i ¢ (1) a
_Ef H, (kly-nI)den
yte

_ LY M 41y —n |y 29
3 jy; Hy (kly—n) 5~ dn

The integral on the right side of this equation is singular, but if it is assumed
that d¢/0x is uniform in the neighborhood of ¢, then it can be evaluated analytically
to give:

— Ly p® gy 99 -p o
y-e
ck? 5, 2e ke
- L + =£ R _ (4.49)
be + 3 € - (2n 2 1)

_ 4
2
+

2ak*e? ke |\ 8¢
37 <Qn 2 3) ox 0.)

with ¢ = - 0.2500000, b = 0.36746691, ¢ = 0.06728818.

By taking € = Ay, the first two integrals on the right side of Equation (4.48) can
be evaluated by the trapezoidal quadrature technique. The numerical calculations
for Keauhau Bay showed that the wave amplification inside the harbor was greater
for shorter wave periods.

Loomis (1970) developed a technique to determine the normal modes of irregu-
lar shaped harbors with variable depth and applied this for several bays and harbors
in Hawaii. He started with the linear shallow-water Equation (4.16).

In the numerical scheme, central finite differences were used and a function,
K, was defined such that:

{0 if 1,7 is outside the region (4.50)

K. .
LI 1 if ij is inside the region or on boundary
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Then the double indices, i,j, are mapped into a single index, I, using an index
function, I(i,j). Reflecting boundaries are treated by hypothetical grid points outside
the region.

The velocity potentials ¢i,j are identified as ¢;, I = 1,... n, and define:

o
¢
bd .
6=
¢,
then
1 0 -1 0 ..... o] e
Pi?_Dg_ 1 0 1 o-1 ..... -1 s
ox ~ 2?7 Tax S :
_2 ¢n
and (4.51)
-2 1 0 1 ..... ¢,
N S U BRSO B B
ax2  Txx T T (Ax)? . e .
..... ¢n

The finite-difference form of Equation (4.18) becomes:

(D.D)*D_ +D*D.. + (D.D)*D. +D*D._ |4 =0¢ (4.52)
X x xx y y | @ = )
where the meaning of * is understood from:
- -1 r -1
a, by [_ a, by T
a3 b, az by
* =
) (4.53)
a}’l bll an bﬂ
L . L - L -

The eigenvalues were determined by the Hessenberg Method and the eigenvectors
were determined from the set of homogeneous equations. Table 4.5 lists the results
of the calculations by this method for several bays in Hawaii.
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TABLE 4.5. Summary of calculated normal modes for bays and harbors on the Island of Hawaii. (Loomis
1970)

No. Grid spacing Periods of normal modes
grid pts. (m) (min)
Hilo Harbor 63 ' 365.6 20.6 1.8 8.83 7.16
Hilo Bay 70 Ax = 507.9 26.16 14.6 12.55 11.56
Ay = 588.0
Keauhou Bay 58 39.0 4.74 2.11 1.56 1.52
Kealakekua Bay (i) 97 169.2 4.80 3.16 2.87 2.43 1.41
Kealakekua Bay (ii) 51 253.9 5.10 3.34 3.19 2.42
Honaunau Bay 39 87.4 2.73 1.54 1.39 1.29

For some recent works on resonance calculations see Su (1975) and Larsen
and Christiansen (1975). Lee and Hwang (1975) calculated the resonant oscillations
in a partially open basin due to horizontal oscillation near the mouth, that could
occur from an earthquake nearby

RESONANCE CALCULATIONS WITH TwWO-DIMENSIONAL MODELS AND ROTATION

Computation of the free modes of oscillation of rotating two-dimensional basins
with variable topography is difficult and, until recently, only an indirect method
was available. In this crude method, the principle was to force the water body
for a finite time, remove the forcing, and let the system oscillate. Then, by taking
the power spectrum of the calculated water level, some idea of the free oscillations
could be obtained. But there was no guarantee that all modes could be systematically
excited or identified in this manner. However, if there is clear separation in the
frequencies of the OFC and OSC for the water body under consideration, then
‘the OFC can be determined (Murty and Taylor 1975).

Recently, Platzman (1971b, 1972), Rao (1972), and Hamblin (1972) developed
techniques to calculate systematically the free oscillations of rotating basins with
irregular geometry and applied their techniques to the Great Lakes.

The Platzman technique involved what he termed “resonance iteration” and
can be used for fully closed as well as partially open water bodies. (In the latter
case, there is an additional mode — the Helmholtz mode, which will be discussed.)

Rao approached the problem somewhat differently from Platzman. His ap-
proach involved the determination (once and for all) of the characteristic functions
of a basin (in this study Rao assumed that the basin was completely closed) that
depend only on the basin’s topography. He did this by decomposing the vertically
integrated flow into an irrotational and a solenoidal part. Through a solution of
the relevant eigenvalue problem, the characteristic functions for the two parts could
be determined. This procedure was used earlier by Proudman (1916) and Rao
(1966).

Hamblin’s (1972) work was similar to that of Platzman (1972) but more general,
and he determined the frequencies of the modes of Lake Ontario. Hamblin com-
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mented that the “resonance iteration method” used by Platzman suffered from
computational inefficiency. Also, to achieve convergence, the matrix operator must
be strictly Hermitian. Hamblin used another method (also used by Rao) he called
“the exponential time factor method” whereby the time dependence was explicitly
removed from the governing equations by an exponential time factor. Then the
components of the horizontal transport were eliminated from the three equations
(two equations of motion and a continuity equation). The single equation thus
obtained was solved by some appropriate technique.

HELMHOLTZ MODE

In the context of hydrodynamics the Helmholtz mode is a mode excited in
a water body not completely closed. The period of this mode is greater than the
slowest seiche-type mode and nodal points exist only at the openings (or “ports,”
a term used by Platzman (1971b)). There is much literature on this mode in the
context of acoustics. Platzman (1971b) appears to be the first to systematically
examine this mode taking the following factors into consideration: irregular shape
and depth of water body, multiple openings, and effects of earth’s rotation. He
applied his study to the Gulf of Mexico which has two openings, the Yucatan
Channel and the Straits of Florida.

A brief examination will be made of the nature of the Helmholtz mode or
the cooscillating mode as referred to by Platzman (1971b). (Lee (1971) referred
to this as the pumping mode.) The mode is formed by periodic transport through
the openings and is thus analogous to the fundamental tone of an acoustic resonator
(to be considered later). For a nonrotating rectangular bay of length, L, and uniform
depth, D, the periods of free oscillation are given for two cases in units of 2L/+gD
(g is gravity).

s 5 4 e e

mouth open: 2, %,
1

= o
— \xlid

mouth closed: —, 1,5, 5, ...

With an adjustable barrier at the mouth, then from the state of completely
open to the state of completely closed, modes having periods%, , % etc., are
transformed continuously into modes with periods 1,%,%,etc, However, the mode
with period 2 degenerates into a mode of indefinitely large period.

Platzman also showed that earth’s rotation reduces the period of the Helmholtz

mode in contrast to increasing the period of the fundamental gravitational mode.

ACOUSTICAL ANOLOGY

In acoustics, a Helmholtz resonator is a rigid container with a small opening,
For this system with single-degree of freedom the frequency of oscillation is given

by (Seto 1971; Raichlen 1966b):
= 1 [ A
w=c\iy (4.54)

Where V is the volume of the cavity, L is the length of the neck, and A is the
cross-sectional area of the neck.
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Where there is no neck but only an opening, an effective length, L, could
be determined from (Seto 1971):

Le=3_7 (4.55)

where r is the radius of the opening. For multiple openings, with areas of cross
sections A,, A,, ... and length L, L,,... the frequency of the Helmholtz mode

is given by:
g(A | A,
“ \/A (Ll L, ) (456)

where A is the surface area of the basin.

HARBOR RESONANCE

This discussion is based mostly on the paper by Miles (1971) who used the
analogy with electrical circuits. Consider a narrow-mouthed harbor adjacent to a
coastline as shown in Fig. 4.7. Miles cited several advantages of the equivalent
circuit analysis over the traditional fluid mechanical approach. According to him,
the problem of external radiation, coupling of channels, and resonance inside the
harbor can be studied separately. Also the parameters for the equivalent circuit
analysis can be expressed approximately without solving the complete boundary
value problem.

N

F1G.4.7. Schematic diagram to determine resonant response of harbors.
(Miles 1971)
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In Fig. 4.7, a harbor, H, is connected to the sea through a narrow mouth,
M, in a straight coastline. Take the origin of a Cartesian coordinate system, Xx,
), at the center of the mouth. let {; and { given below represent the complex
amplitudes of the incident wave and the specularly reflected wave from x = 0.
Let ¢ be the complex coamplitude of the free-surface displacement and assume
monochromatic time dependence exp(jwt). Then:

¢(xp) =%V, exp {— JK(x cos 8, + y sin 01')} (4.57)
and

§r = g‘i(—x’y)

Here K is the wave number, and V;, a measure of the excitation of the harbor,
is given by:

V, = 2,(0,0) (4'58)

Let a be the width of the mouth and R be some representative dimension
of the harbor. Then when: '

§<landKa<l (4.59)

the harbor mouth is considered to be narrow. These conditions imply that motion
induced inside the harbor because of pressure, pg V; is small except for the natural
modes of the harbor. The flow, I, through the mouth, M, must be proportional
to V,’.

The analogous parameters to V; and I in electrical circuits are voltage and
current. The input impedance, Z;, is given by:

V.
i

Vi (4.60)
i~

1l

z

This can be regarded as a series configuration of a radiation impendance, Z,;,
given by:

Zy =Ry +iX_ - | (4.61)

and a harbor impendance Z;:

Z,=jX

H H (4.62)

The power radiated from H through M in the form of a scattered wave, ¢, is
proportional to Ry, /11> whereas the nonradiated energy stored in the exterior half-
space is proportional to X,, [[|*/w.The energy stored in the harbor is proportional
. to X I11*/w. An empirical resistive component, Ry, inZ; could be included to
account for dissipation of energy proportional to RHH!Z.
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Based on the solution of the analogous problem in acoustics (Miles 1948),
both Ry, and X, are bounded and are positive definite functions of the frequency,
w. Miles interpreted these as single resistive and inductive elements. However, Z
comprises an infinite sequence of parallel combinations of inductance, L,, and
capacitance, C,, and there is a one-to-one correspondance between these and the
modes of the harbor assumed to be closed, with frequencies given by:

w, =(L, C) (4.63)

In addition there is a single capacitor, C,, and this corresponds to the degenerate
mode of uniform displacement with frequency given by w, = 0.

The solution inside the harbor may be expanded in the normal modes, so
that the root mean square displacement and the kinetic and potential energies
in the # th mode are proportional to the voltage across Cn and the energies stored
in L, and C,,. From these arguments it could be deduced that the individual nodal
impedances are significant only near their respective resonant frequencies. This
leads to the simplification that Z;, in the neighborhood of w = w, might be approxi-
mated by a lumped inductance, L, in series with either Co or in parallel combina-
tions with L, and Cy, so that the energy in all modes except the # th is proportional
to Ly [1]?. i

The voltage amplification ratio A, is given by:

\Y

n
An ~ } v (4.64)

1

which gives an estimate of the resonant response in the vicinity of w=w,. For
the zero th mode however, the harbor behaves like a Helmholtz resonator and
the series circuit is a combination of Ry, Ly, + L,;, and Co. The resonant frequency
wo for this mode is determined through a balance between the potential energy,
3 CoVo R in the harbor and the kinetic energy, 3 (Ly, L,)ili% in the neighborhood
Of the mouth.
For a rectangular harbor, Miles and Munk (1961) showed that the sharpness,
8, of the Helmholtz resonance is given by:

@) (4.65)

Let Kn’ be the peak value of A, and let Q, represent the ratio of the resonant
frequency to the half-power bandwidth of the resonance curve for the n th mode.
Miles and Munk (1961) showed that:

6:

3o = 0(51): Ky ~ 0(51) and Qp ~ 0(—) | (4.66)
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An important result is that the resonant response in the higher modes is quite
different from that of the simple resonant circuit. For the parallel resonant frequency,
when w = w, :

L= (4.67)
And for the series resonant frequency when w = 5,1

|Zi| has a minimum
and (4.68)
A, = Xn are both > |

It can be shown that:

~ 1
A = o(g) (4.69)

1
oo

An interesting consequence of (4.66) and (4.69) is that the mean square response
to a random excitation in the vicinity of w = w, is not affected by narrowing the
mouth of the harbor; except for the Helmholtz mode. The response in the neigh-
borhood of w = w, is proportional to ?on KZ/Qn provided the band width of the
random input is large compared to8cw, . For the Helmholtz mode, the response of
the harbor increased inversely as §-.

This result contradicts the so-called “harbor paradox” postulated by Miles and
Munk (1961). Miles (1971) pointed out that Miles and Munk (1961) overlooked
the proximity of series and parallel resonance for the higher modes and arrived
at the wrong result; that narrowing the mouth of the harbor would increase the
value of Gn 'A':l /Q,, for all modes, rather than only for the Helmholtz mode.

Garrett (1970) showed that the qualitative aspects of the harbor paradox are
not consistent with the quantitative results of Miles and Munk (1961) for a narrow
rectangular harbor. He also showed that a similar result holds for a circular harbor
through an open bottom.

Thus the harbor paradox of Miles and Munk (1961) only holds for the Helm-
holtz mode. Miles (1971) suggested a somewhat weaker paradox; that the mean
square response of the higher modes in a harbor to random input is not affected
by narrowing the mouth of the harbor. This is strictly true when friction is ignored
because narrowing the mouth increases the friction leading to a decrease in the
response. LeMéhauté (1962) and Wilson (1962) showed that the harbor paradox
was due to neglect of friction and nonlinear effects.
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Miles (1971) also developed an electrical analogy for the problem considered
by Carrier et al. (1970) (see also Carrier and Shaw 1970). Carrier and Shaw included
a narrow channel between the mouth and the harbor and showed that A, and
Qo are increased considerably because of the presence of the channel. Rayleigh
(1945) had a similar result with the problem of Helmholtz resonance. Miles (1971)
showed that a narrow channel such as that assumed by Carrier et al. (1970) is
analogous to an electrical transmission line as long as it is restricted to excitation
of plane waves in the channel. Actually this plane-wave approximation is quite
satisfactory for channel widths less than half a wavelength.

The determination of Zy; and Z, involves an integral equation for the normal
velocity in the harbor mouth. When a canal is present there are two integral
equations for the normal velocities at the two ends of the canal. For details see
Miles (19464, b, 1948, 1967).

During his detailed derivations, Miles (1971) established the correspondence
between his work and those of Lee (1971), Sommerfeld (1949), Hwang and Tuck
(1970a), and Bartholomeusz (1958). Lee (1971) considered a harbor of arbitrary
shape and Hwang and Tuck (1970a) used a numerical technique to study similar
problems. Lee and Raichlen (1972) considered harbors with connected basins and
Su (1973) obtained asymptotic solutions of resonance in harbors with connected
basins. Other important papers are Wilson (1972) and Miles (1974).

Miles and Lee (1975) extended the earlier work of Miles (1971) to include
coupled basins (i.e. inner and outer harbors). Their calculation of the resonant
frequency of the dominant mode for Long Beach Harbor, Calif., agreed within

1% of the observed value. They also showed that the influence of bottom friction
is negligible.

4.2 Coastal Phenomena

Various coastal phenomena associated with tsunamis (tsunami forerunner,
initial withdrawal of water, tsunami bore, and secondary undulations) will be
considered. However, before proceeding to these topics, the concept of radiation
stress, originally given by Longuet-Higgins and Stewart (1960, 1961, 1962, 1964),
will be briefly discussed.

RADIATION STRESS

Longuet-Higgins and Stewart developed the concept of radiation stress by
analogy with radiation pressure, a force produced on a surface on which electromag-
netic radiation impinges. This force is in the direction of wave propagation and
is not necessarily isotropic. In the context of fluid mechanics, the isotropic stress
is usually referred to as pressure. Because the term pressure is associated with
isotropy, Longuet-Higgins and Stewart coined the term “radiation stress” which
does not have the connotation of isotropy.

For waves at the surface of water, for example, the momentum is directed
parallel to the propagation direction and is proportional to the square of the
amplitude. Suppose this wave train is reflected from an obstacle or a wall, then

167



the direction of momentum must reverse. Because of the requirements of
conservation of momentum, a force equal to the rate of change of wave momentum
acts on the obstacle. The excess flow of momentum from waves is referred to as
the radiation stress.

Longuet-Higgins and Stewart (1960, 1961, 1962) used rigorous mathematical
techniques to apply this concept to such physical phenomena as wave set-up due
to storms, surf-beats, interaction of waves and steady currents, and steepening of
short gravity waves on the crests of longer waves. In their 1964 paper, they gave
a more physical interpretation and included the effect of capillarity. '

When waves from deep water travel into shallow water and ultimately encounter
a sloping beach, they become steep and could break. After breaking they could
advance with reduced amplitudes. During this process, the radiation stress changes
and this could lead to changes in the level of the water surface.

Longuet-Higgins and Stewart (1964) used radiation stress to explain the interac-
tion of waves with currents. The principle is: in analogy with elasticity and rheology,
the authors expressed the power-per-unit length and rate of strain. Suppose a fluid
surface containing waves is acted on by some other flow (e.g. a current). This
current will create a rate of strain which will oppose the radiation stress.

Longuet-Higgins and Stewart (1964, p. 556) expressed the relative importance
of radiation stress and geometrical focusing effects as follows:

“It should be emphasized that the changes in wave energy which are due to the
non-linear interaction of waves with shear flow are of the same order of magnitude
as those which occur due to the geometrical focussing effects produced by the currents.
At first glance, this may seem surprising, since the radiation stresses are a second
order phenomenon, while the focussing effects appear to be first order. The fact is,
however, that the focussing effects are first order in the energy, i.e. of second order
in the amplitude and comparable with the radiation stresses”

Tait (1972) used the concept of radiation stress to determine the wave set-up
on coral reefs, such as Bikini Atoll. Munk and Sargent (1948) observed higher
water levels on the reef flat of Bikini Atoll compared to the level of surrounding
waters. Inman et al. (1963) reported a similar situation on the reef surrounding
the island of Kauai. The models of Longuet-Higgins and Stewart (1962, 1963, 1964),
Whitham (1962), and Lundgren (1963) predicted a set-down (lowering of water
level) seaward of the breakers and a set-up shoreward of the breakers.

Jonsson et al. (1971) gave mathematical expressions to determine the wave
set-up when a wave interacts with a current. This paper is important from a practical
point of view as the authors gave the expressions in a convenient form as well
as graphs and tables. They also used the concept of “mean energy level for a
periodic irrotational flow” to determine “current wave set-down.” Huang et al. (1972)
generalized the study of interactions between steady nonuniform currents and gravity
waves to include a random gravity wave field.

Loucks (1962) applied the concept of interaction of waves and currents
developed by Longuet-Higgins and Stewart to explain the propagation of tsunami
to Johnson Point through Slingsby Channel on the west coast of Canada. A very
interesting observation during the 1960 Chilean earthquake tsunami was that the
tsunami propagated through the narrows, channels, and rapids to arrive at Johnson
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Point, and still retained an appreciable amplitude. The concept Loucks invoked
to explain this was that the waves could extract energy from an opposing current
and lose energy to a following current via Reynolds stresses. In the approaches
to Johnson Point, the Reynolds stresses would be acting to increase the energy
of the wave. Loucks stated that without the Reynolds stress effect, the wave would
have arrived at Johnson Point with greater dissipation.

TSUNAMI FORERUNNERS

Nakamura and Watanabe (1961) defined the tsunami forerunner as a series
of oscillations of the water level preceding the arrival of the main tsunami waves
(Fig. B). The forerunner, when it exists, has typically smaller amplitudes and periods
than those of the main tsunami and could be easily distinguished. They stated
that there has been no clear indication of tsunami forerunners on either the North
or South American coasts.

Nakamura and Watanabe explained that absence of the forerunner on the
coasts of North and South America was because of the oblique nature of the
incidence of the initial wave on the coasts. They explained that the existence of
the forerunner at other places (Japan, for example) was due to the resonance in
bays and shelves that could occur before the arrival of the main tsunami.

If this is the correct explanation for the existence of the forerunner, then one
can ask why the forerunner does not exist on the coasts of North and South America,
as resonance indeed occurs there (see Henry and Murty 1972; Murty and Wigen
1976). This is still an unanswered question.

e |

Hanasaki
May 23-24, 1960

o |

T
0 12 16 20 24 4 8h

FiG. 4.8. Tsunami forerunner at Hanasaki for the Chilean earthquake tsunami May 1960. (Nakamura
and Watanabe 1961)
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Fi1G. 4.9. Tidal records for the 1960 Chilean earthquake tsunami and the 1964 Alaskan earthquake
tsunami showing no forerunner.

Nakamura and Watanabe (1961) studied the forerunners of the Chilean tsunami
of May 1960. They remarked that no previous tsunamis on the Japanese coast
showed forerunners and that the Chilean tsunami did not cause forerunners at
any place other than Japan. These two statements are surprising and I am somewhat
skeptical.

Figure 4.8 shows the forerunner at Hanasaki for the Chilean tsunami of May
1960. The authors attributed the forerunner to the motion of the water in the
bays and along the coast before the arrival of the larger tsunami waves. If indeed
this is the correct explanation, it is difficult to account for the following observations:
(1) the Kamchatkan tsunami of November 1952 (Fig. B) showed a forerunner at
Midway Island; (2) neither the Chilean earthquake tsunami of May 1960 nor the
Alaskan earthquake tsunami of March 1964, showed any forerunners at stations
on the west coast of Canada (Fig. 4.9).
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Nakamura and Watanabe developed a simple theory to explain the occurrence
of the forerunner and showed that, for large angles of incidence, the forerunner
cannot be well developed. Also, for a forerunner to be produced, the tsunami period
has to be considerably greater than the seiche period of the bay in which the
tide gage is located.

Nakamura and Watanabe (1961) explained that the absence of forerunner
at the Japanese coast associated with the Kamchatkan and Aleutian tsunamis was
due to oblique incidence. They gave the same reason for the absence of the fore-
runner from the 1960 Chilean tsunami at stations other than Japanese.

Munk (1947) treated the problem of increase in the period of waves traveling
over large distances and applied his general treatment to tsunamis, swell, and seismic
surface waves. Although this work may not properly belong in this section, it was
included because Munk’s theory examined, as a by-product, the period of forerunner.
The forerunners Munk dealt with were those observed at Pendeen, Eng., and
Woods Hole, Mass. Nevertheless, his theory is sufficiently general to be of relevance
to the tsunami forerunner problem. He applied his theory to three tsunamis, the
Chilean earthquake tsunami of Nov. 10, 1922, the Kamchatkan earthquake tsunami
of Apr. 13, 1923, and the Aleutian earthquake tsunami of Apr. 1, 1946. He found
good agreement between the calculated and observed increase in period of the
tsunami during propagation. The results showed that the period of the tsunami
increases with the increase of travel distance but decreases with time at a given
station.

Munk’s theory showed that the period of the forerunner is proportional to
I, where I is an integral defined below and inversely proportional to the square

root of time

272 L

1= sz dx (4.70)
g?

where g is gravity, D(x) is the depth of the ocean, and x is the direction of tsunami
travel.

INITIAL WITHDRAWAL OF WATER :

Much has been written in popular and scientific literature about the initial
withdrawal of water before the arrival of a tsunami on a coast. After careful
examination of hundreds of tsunami records, I concluded that, although many
instances of initial withdrawal can be cited (e.g. Fig. B), there are many other
instances where none occurred.

I am unable to form any particular opinion about this topic. However, a theory
by Cherkesov (1966b) will be mentioned, where he showed that viscosity in the
calculation of the form of the free surface produced a depression wave that arrived
before the leading wave of the tsunami. Although the effect of viscosity on the
main tsunami wave itself is rather small (it might reduce its amplitude by 2%),
if the viscosity is ignored then there will be no depression wave before the main
wave.

Spielvogel (1976) showed theoretically that in certain situations the run-up
on a beach was caused by a leading negative wave followed by a positive wave.
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Consider a two-dimensional flow on a sloping beach. Let V*, n* X*, and ¢* be
velocity, surface elevation, horizontal coordinate, and time (* denotes dimensional
quantity).

Introduce nondimensional quantities through:

V¥ =V,V x*=Lx
: 4.71)
n*=BLn =Tt
where L is a typical length, g is gravity, 8 is the inclination of the beach, and:
L
T=1/=
bg
(4.72)

Vo =V gL8

Spielvogel transforms the problem from the x, ¢ plane to the o, A plane defined
by:

v=1 g’—o (o) (4.73)
XZ%%qg-V;—% (4.74)
n=i—a%¢—v72 (4.75)
r = % -V (4.76)

where ¢ > 0. The significance of this transformation is that 0 = 0 gives the instan-
taneous shoreline and A = 0 gives the initial time.
The momentum equation valid for shallow water in the ¢, X plane becomes:

3?2 a? 3 0
o0 3 9y 4.77
<a>\2 do? o ao) v=>0 ( )

or alternately

1 3 ) 32
v 30 %0 ¢ 0 (479

The following Jacobian has to be nonzero in the proper domain for transformation
back to the x, ¢ plane:

8(x,)_ o2 1 v
30N 4 {Vo - (3 VA) } (4.79)
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Carrier and Greenspan (1958) gave the following solution for (4.78):

6 =- 70 L Joroysin(m) 1 () ar (4.80)
with
() = 7 403, (07)(ny), do @81)
where
(ny), = n(0,0) (4.82)

gives the initial shape. The following formulae could be derived from above:

n1(0N) =~ }{of To(70) cos(TN) I(r)dr (4.83)

and

((CRVE 7 > 1 (Go)sin ()1 () ds (4.84)
0

Spielvogel assumed run-ups of the form:
7 (x,0) = A e!6PxTA) (4.85)

where A is positive and is the amplitude of run-up and is small enough to satisfy
(4.79). Here p is also a positive quantity and is a measure of the width of the
run-up and has to satisfy (4.79). To specify the initial condition as a function of
o, invert:

0> =16 [AePE™A) _ (4.86)

for x (¢0). However, instead of this, one can start with the following initial shape:

—_ 2
Ny =n(00)=Ae P A>0 (4.87)
Thus
—po? O 1 Mo
xo = x (0,0) = Ae pa—ﬁ=no+@!2n<7{> (4.88)
which gives:
Mo = Ae'*PE ) (4.89)
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as the initial condition. The fact that pA is small implies that n, obeys (4.85) except

in a small area near 0 = 0. Then:
o 4.90
X ~ — E ( - )
16
n, ~ Ae i (4.91)
and
1

(4.92)

0<(n0)x = 1+ ep02/(16pA) <1

if 16 Ap <€ 1, then:
(no), = 16Ap = n, 0 (4.93)
o=

Under this initial condition, (4.81) could be evaluated to give:

o= (4.94)
Then the solutions are:
V=2 ey ) sin () dr (4.95)
op
n = 2;’; f re” 74P 1o (10) cos (7N) dr (4.96)
0
V2
n=m T 5 (4.97)
t= % -V (4.98)

For numerical purposes it is convenient to write the solution in the following

form:
and
ovemweed T CRNTRE e
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Both are convergent everywhere in principle. But in practice, their use is restricted
because of round-off errors to the case of small po? and pA?.
Spielvogel represented the solution in another manner after defining:

1 ) R .
g(a2)=j; em @ 70 gy = —V2;’ L erf (—ia)

(4.101)
e (4! —a? o?"
=X o anrny S8 Ziy Gmnial
and noting that:
lim 0{2 g(a2) - ;_ (4102)
a2—> oo
The solutions can be expressed in terms of g(a?) as follows:
A 7 2 2 2 2
mo= 7 | |1 (ed) gel) — (al) g (a2)| dé (4.103)
0
. 4A 71 B 2 2N 2 2 4 104
v = 2B in g le?) g () — (@) g (e2)| dg (4.104)
0
Here:
(@) = p(osin ¢ + N)? (4.105)
(a.)?* = p(osin ¢—N)? (4.106)
The behavior on the shoreline could be inferred from (4.102). Then:
m(A0) = A[ 1 — 22 pg(pr?) (4.107)
VA0) = = 4ANp [1 + (1-2Xp)g(p2*) ] (4.108)

The last two equations show that the exponential run-up at the shoreline is
caused by a leading negative wave, followed by a positive wave.

TsuNam1 BORE

The borelike behavior of tsunamis will be considered. It is increasingly realized
that the tsunami wave resembles a bore more than a breaking wave. One of the
earliest works on the bore is Nagoka (1907) who considered the bore on the shores
of Odawara and Kozu in Japan. Although this work is usually included in tsunami
literature, Nagoka mentioned meteorological disturbances as responsible for the bore.

Ishimoto and Hagiwara (1934) appear to be two of the few early authors who
applied theoretical considerations to tsunami propagation viewed as sea water
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overflowing the land. They studied the Sanriku tsunami of Mar. 3, 1933 and es-
timated the velocity with which the sea water overfiowed the land, assuming that
this overflow was simply due to the rise of water level at the shore. Let the slope
of the land near the shore be 6. Also assume that the sea always maintains a
horizontal level. Let d¢ be the time when the sea level rises through an amount,
dh, and let v be the velocity of the water at distance, x, from the farthest arrival
of the water from the shore. Then:

x dh=vdtx tan 6

Hence (4.109)

vy =cotd %

Thus, the water velocity, v, is independent of x and is inversely proportional to 8.

Ishimoto and Hagiwara estimated that the slope of the waterfront near Kamaisi
(one place affected by the Sanriku tsunami) was 1/50. Then taking appropriate
values for dh and dt, it was deduced from Equation (4.109) that v was equal to
one meter per second.

Next Ishimoto and Hagiwara removed the restriction that the water level be
horizontal at all times. Including the bottom friction, they gave the following
hydraulic formula:

_ 87+/RI .
- Y (4.110)
1+ /=
VR
where RE%.

A is the sectional area of the water channel; S, the length along the bottom in
the section normal to the flow which, of course, is the depth, H; I, the tilt of
the water surface; and 7, a bottom friction coefficient (taken to be from 0.65 to
1.65). Ignoring v/~/R

y =87+ Hl (4.111)
If one puts v = lm/s andH = 2 m, then: I~ lsfm. Thus, for small velocities
of the tsunami, the surface can be assumed as horizontal.

THE STUDIES OF NASU

Nasu (1948) gave several formulae of practical interest to compute local charac-
teristics of tsunamis. It should be cautioned that the basis for the expressions given
by Nasu is not rigorously justifiable. He assumed that the earthquake motion is
- simple harmonic and the water motion is steady. He also assumed that the force
acting on a coastal structure submerged by water varies as the square of the velocity
of the water with which it strikes the body. Hence, knowing the strength of the
structure and the damage caused, the water velocity could be estimated.

The first case considered by Nasu was a tsunami traveling through a curved
river. According to him, the water level should be higher on the outer bank because
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of centrifugal force and the differences of height between the outer and inner banks
given by:
H=" g2 4.112)
4 a ’

where v is the water velocity, g is gravity, and @ and b are the radii of curvature
of the inner and outer banks, respectively. Nasu cited a practical case — Yura
Bay in Wakayama prefecture. Here 2 = 50 m, b = 60 m, and H was 0.19 m. Then
Equation (4.112) gives v = 2.26 m/s. Another example was at Irami where a =
140m, b = 160 m, H = 021 m, and v = 3.16 m/s. In the latter case, the speed
was estimated independently from the overturning of a concrete wall at a distance
of 50 m and the value turned out to be 3.0 m/s.

So far it has been assumed that velocity is uniform throughout a cross section.
But in reality, the point of maximum velocity, somewhere in the middle of the
river, is closer to the inner bank. Define:

h

b—a
2 (4.113)

S |

«

From equations (4.112) and (4.113), the velocity at some point, with distance r
from the imaginary center of the circles where the inner and outer banks are arcs,
is given by:

1 op ﬁ{[(l+2a)252n(1+2a) ]

ay 1
l+at+t— — 5773
h (1+a+a-:)

_ @y 412
<l+a+ h)Qn<l+a+ 7 )}

yEr—-a——h (4]15)

YTT 0« 4a + 40

(4.114)

where:

Here u is the viscosity coefficient and 9p/06 is the pressure gradient along the
river assumed to be uniform. The mean value of the velocity over a cross section
is:

— 1 9p h 2 (1 +2a) 2
=- - 227 + a2 —
v w3 o {a a 4(atad) [2n (1 + 2a)] (4.116)

The maximum value of v is 1.5 times V.

Next, Nasu (1948) considered the rather fanciful case he called “a straight
water course with a corrugated bottom” He considered the situation when the
flow of water on a street is restricted by houses on either side. If the surface of
the street is corrugated, there are noticeable water level changes. He assumed an
inundated street as a straight canal with a rectangular cross section and a sinusoidal
bottom of form:

y = q sin(mx) (4.117)
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where x is along the length of the street. Let /# be the mean depth of water on
the street, a the amplitude (¢ << h), and m the wave number. The water level
has the form:

y' = b sin (mx) (4.118)
for a given x: _
yl = —b— = 1
7 cosh (mh) — # sinh (mh) (4.119)

This formula could be derived from considerations of complex potential.
At this stage, Nasu assumed that the crests and troughs of the free surface
and the bottom correspond to or oppose each other according to:

2> (4.120)

c=1/ ;g;tanh(mh) (4.121)

Here c is the propagation velocity of a wave 27/m long, in water depth, /. When

where

= ¢, £ is infinite and the calculation is meaningless because the assumption that

the free surface could be represented by a plane surface is not valid.

Nasu cited an actual case where he applied this theory. At Kainan,a = 0.35 m,
b=0.12m,andv = 2.0 m/s.

Nasu called the third case the “tsunami dissipation zone.” He meant that the
tsunami is dissipated when it enters a wider area from a narrow area. He calculated
the reduction of the water level in the dissipation zone as follows:

Let b and b,, respectively, be the widths in the narrow and wide parts of the
channel, let v, and v be the velocities of an elemental volume of water, and z
and z, be the respective water levels.

At this stage, Nasu made a rather dubious assumption — the change of pressure
could be ignored. Then:

T dm(*-v?) =gdm(z—z,) (4.122)

If p is the density of water then:

dngb dz vy alt=§b1 dz, v dt (4.123)

Hence:

byg dz = by v dz (4.124)
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Hence, Equation (4.122) becomes:

dz 2
L + 20(z— =q7 125
dz, a‘/VO g(z—20) = a (4.125)

Integration with respect to z gives:

a(agz, T vo—2) =% <a Z—l) (4.126)

avy—1

Let D and D, be depths of water in the narrow and wider portions and A
the decrease of height given by D~D, . Then:

bV() bVO

b b b
h = b_l 4+ 21 [;g (t—h)— /V2 2gh J
(4.127)

:Qn{bl M V§+2g _bVo]
vo (b1 —b)

b
For a given value of b—l, (4.127) can be solved graphically. In the extreme case

of v — oo the decrease in height is given by:

h=@blb—) D (4.128)

For a fixed bo/b the dissipation zone is more effective (in reducing the water level)
for small v,. Nasu (1948) stated he could not find a good example for this third
case. He did find a decrease in height near the village Hiro in Wakayama prefecture
during the 1946 tsunami. However, the velocity of the tsunami was too low to
cause any damage and Nasu could not really apply his theory.

The fourth and final case considered by Nasu was referred to as “inclination
of the ground and the decrease of the height of the tsunami” The pressure, P,
exerted by the water on a coastal structure inundated by the water is:

P = pkS — =Kv? (4.129)
where

K=pk — (4.130)
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Here p is the specific gravity of water, g is gravity, S is the cross-sectional area
of the structure, and k is a constant depending on the shape of the structure. If
£ was the length of the structure, then Nasu (1948, p. 33) gave the following values:

Dependence of k on the shape of the structure

S 0.03 1 2 3
k 1.86 1.47 1.35 1.33

Let W be the weight of the wall (coastal structure) measured in the water
and f a coefficient of friction between the base of the concrete wall and the rubble
over which the wall is erected (f ~ 0.6 to 0.7). Nasu stated that:

P>fwW for sliding
and (4.131)
Ph > Wb for overturning

If p’is the specific gravity of the wall measured in water, then according to Nasu:

2fp'gb

p? > for sliding
Po
and (4.132)
2p' gb?
v > P& for overturning
= pokh

He took for a concrete wall submerged in water: o, = 1.03,p’ =235 - 103 =
1.32, f = 0.65,k = L5, and obtained:

v? = 10.9 b forsliding
b2 (4.133)
v? =167 5, for overturning

and

Here v is in m/s and b and A are in meters. For a rubble mound he gave:

0.0358

Nasu applied these formulae to estimate the water velocity during the Nankaido
tsunami and found that water velocities estimated at Kainan and Yura agreed
with the values determined by other techniques.

Freeman and LeMéhauté (1964) probably gave the best treatment of the general
problem of wave breakers on a beach and surges on a dry bed. They considered
several possible forms of a bore and covered topics such as long-wave deformation,
wave breaking inception, spilling breakers, fully developed bores arriving at the
shoreline, and waves rushing over a dry bed. They used the method of characteristics
that was successfully used in many geophysical problems. For application of this
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technique see Freeman (1951), Rao (1967, 1969), and Murty (1971). Other early
works are Keller et al. (1960) and Ho and Meyer (1962) who considered the problem
of a bore moving over a sloping beach.

One important result of the work of Freeman and LeMéhauté (1964) is their
clarification of the hydrodynamic nature of the water surge on a dry bed. A tidal
bore is analogous to a shock wave; when the water depth tends to zero the shock
wave disappears. Thus, the surge that travels over a dry bed is not a bore but
a “rarefaction wave” They also suggested the following terminology: the word
“bore” might be used for the shock wave and “leading edge” is appropriate for
the waterfront of the surge (part of the rarefaction wave) over a dry bed.

Neglect of the vertical acceleration in the long-wave equation leads to the
so-called “Earnshaw paradox,” that any finite-amplitude, shallow-water wave will
either disappear or form a bore; the latter is more probable (see Rayleigh 1876).
Based on this paradox, Ursell (1953) questioned the validity of the long-wave theory.
Stoker (1957) and Laitone (1961) traced the paradox to the neglect of the vertical
acceleration. When the vertical acceleration is included, a steady-wave profile such
as a solitary wave or a cnoidal wave could result.

Water levels immediately behind and ahead of the bore determine its speed
and are referred to as “preceding” and “following” The speed of the bore increases
when the preceding height reduces. After a while, the speed of the bore exceeds
the wave speed in the following water. However, the bore can sustain only if the
speed of the following wave changes with time. This is accomplished through a
decrease of the height of the bore and the generation of a rarefaction wave which
adjusts the foilowing flow.

Iwasaki and Togashi (1968, 1970) also applied the method of characteristics
to study the tsunami bore. Two important results have emerged from this work.
One is that the tsunami climbing a beach always has the form of a bore even
if the beach slope tends to zero. Second, in the theory of Freeman and LeMéhauté
(1964) there is a parameter, “A,” that determines the length of the leading edge
of the bore. Iwasaki and Togashi gave a hydraulic meaning to “A” They also
considered the presence of a quay wall on the beach as a protective measure and
treated the effects of both a perfect and a partial clapotis. Clapotis is a term referring
to reflection of waves from a solid boundary.

A bore followed by a train of waves is called an undular bore (Johnson 1972).
This is often observed in rivers, especially during flood tides. Benjamin and Lighthill
(1954) studied the undular bore by treating it as a combination of a bore (with
its discontinuity in the water level) and a cnoidal wave {a nonlinear oscillatory
motion). They argued that if only a portion of the energy is dissipated at the bore
front, the rest of the energy could be carried away by a cnoidal wave train.

Johnson (1972) showed that a single equation called the Kortweg-
de Vries-Burgers Equation could explain the undular bore:

9 32 3% 3°
Tt 5 e gz = B o (4.135)
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where 7 is the surface perturbation, T is time, X is a horizontal coordinate, and
a and B, respectively, are dispersion and damping coefficients.

When a - 0 (4.135) reduces to the Burgers Equation (Burgers 1948) and when
9/0T - 0 the Taylor shock profile is obtained. In the limit § - 0, (4.135) reduces
to the equation of Kortweg and de Vries (1895).

Peregrine (1966) theoretically studied the development of an undular bore.
He called a bore undular if the change in surface elevation was less than 0.28
of the undisturbed water depth. The numerical value of 0.28 was obtained from
the laboratory experiments of Favre (1935). Miller (1968) studied through laboratory
experiments the run-up due to undular as well as fully developed bores. Hawaleshka
and Savage (1971) studied the development of undular bores theoretically as well
as through laboratory experiments and emphasized the role of friction.

SECONDARY UNDULATIONS

Nakano (1932a) defined secondary undulations on tide-gage records as the
peculiar zigzag parts of tidal curve. Omori (1906) investigated the secondary undula-
tions on the Pacific coast of Japan. Honda et al. (1908) made a systematic study
of the secondary undulations in 50 bays and coastal areas in Japan. These secondary
undulations are essentially normal modes of oscillation of a bay and could be
excited by several sources, such as passage of storms, squall lines, or coupling of
the bay to wave motion outside the bay. Hence, tsunamis could excite secondary
undulations.

Nakano (1932a) gave a tentative classification of the secondary undulations
into types A, B, and C. Although this type of classification is not rigorous, it is
included here because some type of classification of secondary undulations is useful.

In type A, the secondary undulations appear as coherent trains of waves with
approximately the same form. In type B, the waves are not as regular and coherent
as in type A, but are not completely irregular either. In type C, the secondary
undulations are more or less irregular. The secondary undulations occur and persist
after the passage of the main tsunami waves.

Nakano, in attempting to correlate the type of secondary undulation observed
in a bay with the form of the bay, considered 16 bays in Japan (Table 4.6). In
the final column the type indicated is based on the observed undulations in the
bay under consideration.

Nakano plotted the data of this table with the depth, D, of the bay as ordinate
and 10 S/p? as the abscissa where S is the area of the bay and b is the breadth
(Fig. 4.10). The three types of secondary undulations appear distinct. Another result
from Nakano’s study is, in a U-shaped bay, the energy of the secondary undulations
~ neither accumulates nor is dissipated as efficiently as in a V-shaped bay.

Nakano showed that the rate of accumulation of energy in a bay is proportional

S 1 . .
to: ;; Ewhere D is the (uniform) depth of the bay, S is the surface area, and

b the width at the mouth. As the rate of accumulation of energy determines the
secondary undulations, the above parameter is important in classifying bays for
their resonant characteristics. The advantage of such a classification is that detailed
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TaBLE 4.6. Classification of secondary undulations in some Japan bays. (Nakano 1932a)

Bays Mean depth Area Breadth Characteristic
(m) S(km?) b(km) S/b? (class)

Otaru 9.1 7.19 4.84 0.367 C
Hamanaka 8.5 47.00 8.35 0.674 C
Hakodate 10.7 61.90 8.32 0.894 B
Turuga 28.5 67.62 7.22 1.297 B
Tonoura 11.6 0.54 0.83 0.784 B
Rydisi 33.1 12.80 6.10 0.344 C
Ohunato 19.0 12.18 2.68 1.696 B
Ayukawa 12.7 1.42 1.98 0.362 C
Tokyd 52.7 1622.10 22.08 8.327 A
Moroiso (Misaki) 3.0 0.36 0.30 4.000 A
Simoda 15.0 3.4 2.12 0.765 C
Kusimoto 5.0 11.06 3.83 0.754 C
Hososima 1.7 2.34 1.65 0.852 A
Kagosima 103.0 1220.15 24.45 2.041 B
Nagasaki 17.0 13.36 2.50 2,138 A
Hutami (Titijima) 239 4.04 1.57 1.639 B
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F16. 4.10. Classification of secondary undulations. (Nakano 1932a)

numerical models can be constructed for only a few representative bays and the
results for other bays can be deduced.

Nakano (1932b) also considered the secondary undulations in coupled bays.
In this situation, the secondary undulations could exhibit a beat-type behavior,
when the amplitude of the water level increases and decreases periodically. Figure
4.11A, B shows a coupled bay system in Japan and the mareograms recorded.

183



Koaziro
Bay

50 !

1 t
) l ' | A
1 !
| 1 | 1 t |
0 10 am Neon 2 pm

K=Koaziro A=Aburatubo

FI1G. 4.11. (A) Two coupled days, shown in Fig. 4.12. on Japan
coast and (B} secondary undulations in the bays. (Nakano
1932b)

Nakano (1932b) developed a theory for the oscillation of the coupled system.
Consider a single rectangular bay and let the x-axis be in the direction parallel
to the bay axis and let the y-axis be vertical. Let the origin be taken at the mouth
of the bay at the bottom. Let L be the length, b the uniform breadth, and D the
uniform depth of the bay, and £, and {; be the horizontal displacement of the
water and the vertical motion of the free surface. Then:

k£, = Bcos (2x) sin (at+a)
(4.136)
¢; = BhR sin (W) sin (at+a)
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The kinetic energy, K, and the potential energy, P;, inside the bay are given
by:

pgDL 2
K; = Ez— fs’ %o

2021
p—pbgfgﬂ :p_bg_D_&__Eg

(4.137)

where £ is the value of §; at x = 0, and the dot denotes differentiation with respect
to time. The potential energy outside the bay is generally small and could be
neglected but the kinetic energy outside the bay is given by:

K = PPPLQ ¢ (4.138)

where Q is a dimensionless quantity.
The kinetic and potential energies of the system consisting of regions inside
as well as outside the bay are given by:

K=K, +K, _"—”P—L(He)s

(4.139)
pbgD?’L

P=P +P = n

£

Consider the situation where two bays exist side by side (Fig. 4.12). Let the
depth of the ocean immediately outside the bay be uniform and equal to D. Let
subscripts 1 and 2 denote the two bays and let:

Xjo = bDEyo
(4.140)
Xz0 = bD&go
Equations (4.139) and (4.140) then give:
L .
K, = 4§_D (1+Q) Xy
L o2
Ky = 25 (14Q) Xy
(4.141)
_pg 2L
Pr=% 5 X
_ gL o,
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secondary undulations in coupled bays. (Nakano tion of secondary undulations by currents.
1932b) (Nakano 1933)

E F

If there were no coupling between the two bays, they would oscillate indepen-
dently and the nodes (for vertical motion) would be at BE and FI and the antinodes
at CD and GH. (The water level will be increasing in the region EFE'F’ when
the water levels at CD and GH will be decreasing and vice versa.) However, the
water near the shore, EF, creates a coupling between the two bays. Consider an
imaginary barrier at E" F"' at a distance of f from EF. Assume that beyond this
barrier there is no coupling between the bays. Also assume there is a piston at
EE" and at FF", both of which have no inertia, and that the vertical water motion
over EFF" E" is uniform.

When a quantity of water, Xo, flows across BE or FI, some partakes in the
coupling. Let the quantity, 6X, (where 0 <o< 1), flow through the region
EFF” E"; this water moves the pistons at EE" and FF". Here o can be treated
as the coupling coefficient. Let d denote the distance between the points, E and
F, and let z be the magnitude of vertical motion in EFF" E”. Then:

bdz = — U(XIO +X20) (4142)

The potential energy associated with the vertical motion in EFF" E" is:
§ pgo’ 2
P12 = f bd pPg Z dz = ﬁ(’l_ (XIO +X20) (4143)
0

The kinetic energy of this portion of the water could be written as:

Loz
2

where u,, 45, and u are functions of ¢.If the two bays are identical, then:
My = py = 4

02 #2 02 . 0
Xlo + —= X20 +IJ XIO X20 (4.144)

K, = 3
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Hence, the kinetic, KE, and potential energies, PE, of the whole system are given by:

KE=K=K, +K, +K,,

pL

PE=P=P +P, +P,

ng pgo*
(XIO + Xgo) + 2bd

From the Lagrangean equation:

d < 3K ) 9K __ 2P
()~ =- JK=12
ar \aX, ) X, 9 X,

one obtains:

gL | pgo 0ga*
+ L=y + =
( 2b bd>x‘° b K20 =0

{2bh (1+Q+ M} X0 +l~15(.10

pg?’L pga’ pgo’
+< 5t hd )x20+ g X0 =0

.2 .2 [T .2 _—
4_b_i; (1+Q) (X + X20) + 5 (Xyo + X30) + uX10X20

g 2
(X10 * X20)

(4.145)

(4.146)

(4.147)

(4.148)

(4.149)

Nakano (1932b) solved these equations under certain assumptions. The details

will be omitted but both bays execute oscillations with period:

2T

and their amplitudes vary as 5,511

T
()

Here T, the period of each bay (assuming that the other bay does not exist), is

given by:
4L . 4
T= — (1+Q)?
v gh
and
5. =2 W+
PN M
6, = (M—H)
2 2M

(4.150)

(5.151)
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with

M= 2L (1+q) (4.152)

and

_ pg’L

T2
Because the phases of X, and X, corresponding to the period 2T/|5,-§,| are
always opposed, one bay oscillates vigorously, and the other more or less rests
and vice versa (Fig. 4.11B).

Nakano (1933) considered the possibility of excitation of secondary undulations
in bays by tidal or any other current. He stated that any current past the mouth
of a bay could be a source of excitation of secondary undulation in the bay in
analogy to a jet of air into the mouth piece of an organ pipe producing a standing
oscillation of the air column in the pipe. Nakano concluded that such a generation
of secondary undulations was observed at the Strait of Naruto in Japan.

Nakano (1933) used the concept of rows of vortices to give an explanation
for coupling of the current to the bay. When a jet of water rushes through a narrow
opening such as a strait (Fig. 4.13 shows the edges of the opening by the hatched
areas) into a wider area such as a bay, either the symmetric system of vortices
shown in (A) or the antisymmetric system of vortices shown in (B) are possible.
It can be shown that only the antisymmetric system is stable. The lower part of
Fig. 4.13 shows the streamline pattern for the stable system. The jet oscillates and
let N be this frequency. Let € be the distance between any two successive vortices
on one side and u be the velocity of the vortices. Then:

N = % (4.153)

If this frequency, N, agrees with the frequency of natural oscillation of the bay,
then secondary undulations could be excited in the bay.

Although it is well known that the west coast of Canada is tsunami prone,
it is not widely known that this is also true of the east coast. The only tsunami
that caused multiple deaths in Canada occurred south of Newfoundland on Nov. 18,
1929. Thus, the problem of secondary undulations for the east coast of Canada
is relevant. Honda and Dawson (1911) studied the secondary undulations in Sydney,
Trepassey Harbor, Port aux Basque, Halifax, Southwest Point, and Anticosti harbors
on the east coast of Canada.

Murty and Wigen (1976) applied Nakano’s classification of secondary undula-
tions to several bays on the rim of the Pacific Ocean, bays in Portugal and
Newfoundland, and found that it was a useful classification. Care should be exercised
in distinguishing between secondary undulations and secondary tsunamis. Royer
and Reid (1971) observed so-called “secondary tsunamis” in the long-wave data
record at Wake Island during the Aleutian earthquake tsunami in March 1957.
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A variable period-band pass-filter of specified width was used to analyze the data.
Waves that appeared in the record several hours after the main tsunami were
deduced to be long surface gravity waves generated by aftershocks of the earthquake.
Although the aftershocks did not produce permanent ground displacements, they
did produce transient ground displacements that caused the secondary tsunamis.

4.3 Tsunami Response and Inundation of
Specific Water Bodies

Isozaki and Unoki (1964) studied the tsunami response of Tokyo Bay by a
two-dimensional numerical model. Figure 4.14 satisfactorily compares the observed
and calculated water levels.

Street et al. (1970) described two numerical experiments to simulate tsunami
behavior in shallow water. To obtain detailed information on the wave processes
near the shore, nonlinear effects and finite-amplitude effects were included. The
program for this, code name “Summac,” is a modification of the MAC method
developed at the Los Alamos laboratory (Welch et al. 1966). Another program,
“Appsim,” was used to make an approximate simulation. Mader (1974) also used
numerical technique for simulation of tsunamis. Birchfield and Murty (1974)
developed a “stretched coordinate system” to model water bodies joined by narrow
straits where normal rectangular grids could not be used. Although this work was
done in connection with storm surge studies, it could be adapted to tsunamis also.
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FiG. 4.14. Comparison between observed (broken lines) and com-
puted elevations (solid lines) due to May 1960 Chilean earthquake.
(Isozaki and Unoki 1964)
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Nekrasov (1970) studied theoretically the transformation of a tsunami on the
continental shelf, in particular the strong reflections that occur at the continental
slope and the coastline. When a sequence of waves with successively decreasing
amplitudes approach the coast, the record of these waves may not show the first
wave as the highest. The second, or third, or even some later wave may be the
highest. Thus, the record does not resemble the initial wave train and the distortion
depends, among other things, on the nature of the continental shelf.

Murty and Henry (1972) studied the propagation of tsunami into a complex
inlet system on the west coast of Canada (Fig. 4.15A).

The so-called river flow equations (Dronkers 1964) were used.

2Q __20 20 , @ 9A _ , on_ gBO|Q|

ar A oax A ax % ax ClaA
(4.154)
on _ 1 0Q
ot B ox

where the x-axis is locally tangential to the axis of each branch of the system;
Q is the volume transport through a vertical section of area A; B, the surface
width; 7, the deviation of the water level from its equilibrium pqsition; C, Chezy
coefficient; and g, gravity. The Chezy coefficient was taken as 55 m7/s.

FISHER - FITZ HUGH COMPLEX
Possible Sites For Observations

QUEEN CHARLOTTE SOUND

F1G. 4.15. The Fisher-Fitz Hugh inlet system on the west coast of Canada. (A) grid system, (B) schematic
of Fisher-FitzHugh complex with 40 locations where output is taken from the computations. Volume
transport, Q, is made available at the locations denoted by underlined numerals, other numerals denote
locations at which the water level, , is made available.
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The above equations are integrated in time on a nonstaggered grid and the
so-called “method of segments” developed by Henry (1971) was used. The principle
of this method may be described as follows (Henry 1971):

“A method is proposed which facilitates digital and hybrid computation of tidal
motions for a coastal inlet or river system in which there are many bifurcations,
confluences, islands, etc. The inlet is divided into overlapping segments and the tidal
motion is computed for each segment separately over a time increment short enough
to ensure that errors due to neglect of neighbouring segments are confined to the
regions of overlap. The tidal motion for the whole inlet at the end of each time
increment is found by discarding erroneous portions of the solutions for the various
segments and piecing together the remaining parts.

“This approach permits hybrid simulation of large inlet systems even when the
amount of analog equipment available is limited. In purely digital computation of
tidal motions, the difficulties of programming a single large difference scheme to
cover a whole inlet system can be avoided by this proposed. process of division into
segments. The problem is reduced to linking standard subroutines representing
commonly-encountered features such as bifurcations and confluences.”

There were no observations against which this model could be tested. However,
a recommendation is made (Fig. 4.15B) for locating tide gages (7 stations) and
current meters (Q stations) in case of a future tsunami.

Heitner and Housner (1970) used finite-element techniques to develop a nu-
merical model to calculate tsunami run-up. The model uses what the authors referred
to as “constrained flow,” which means horizontal velocity is constant over the depth
while the kinetic energy of the vertical velocity component is significant and is
included. Because kinetic energy is included, solitary types of waves are permitted
and this gives a better description of the wave-breaking process than the nonlinear
long-wave theories which predict earlier breaking. Also, the introduction of an
artificial velocity permits the formation of hydraulic shocks or bores.

TsUuNAMI RESPONSE AT WAKE ISLAND

Reid and Vastano (1966) developed an “island coordinate system” and used
this system to calculate the tsunami response at Wake Island. They compared their
numerical calculations satisfactorily with the laboratory experiments of Van Dorn
(1970b).

The linearized form of the long-wave equation is:

9%t

57 =&V (DVY) (4.155)
where § is the water surface deviation from its equilibrium position, ¢ is time, g
is gravity, V is the horizontal gradient operator, and D is the variable water depth.
At the shore of the island, the following boundary condition has to be satisfied:

fH-vHD=0 (4.156)
where 7 is a unit horizontal vector perpendicular to the boundary.
Two possibilities exist for depth at the shore. If the depth D = 0 then Equation

(4.156) requires that the normal derivative of { be finite at the boundary. On
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the other hand, if D # O, then (4.156) implies that the normal derivative of Y
be zero at the boundary. In either case, this condition (4.156) means the net flux
of energy at the shoreline is zero and there is total reflection. Also solutions exist
for § with a logarithmic singularity at the shore.

In the far field, ie. for large r, it is required that the scattered part of the
wave energy propagate outward. Then T (- {,) is constant along the characteristic
path:

&~ g pe)?, Z—f =0 (4.157)
where (7,0) are the polar coordinates with reference to an origin located on the
island, g is gravity, § ; is the incident wave field, and D, is the far-field depth
assumed to be uniform.

For §;, a simple harmonic progressive wave of unit amplitude can be used.
This is a solution of equation with D = D

§; = sin @(r0)
where (4.158)

1

d=cw|t+ (F-R)(gD,) 2 cos(6—08,)

Here w is the frequency, R is a constant reference radius, and 0, is the azimuth
from which the incident waves arrive.

At this stage the so-called “island coordinate system” developed by Reid and
Vastano (1966) (an orthogonal coordinate system) was employed and the equations
were rewritten from polar coordinates into island coordinates. This system might
be considered as a perturbed polar coordinate system (p,8) where the isolines of p
are closed curves. The curve p = 1 represents the shape of the island. Further away
from the island, the isolines become more and more circular. Equation (4.155)
becomes in this coordinate system:

g;g =gs2[ 5% <pD af) 5 (D ag)] (4.159)

Here S is a scale factor defined by:

S=|venp|=|VBI] (4.160)

A variable grid spacing was used for the numerical integration. To calculate
grid spacing for p, travel time, u, was used for the propagation of long waves
over the average depth profile starting at the island. If a grid of uniform Au is
used, then the resolution increases in shallow water. The value of u (referred to
as the travel-time coordinate) could be determined from p by:

:7 ﬁp@ dp (4.161)
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where

h(p) = [ﬁ(gﬁ)%]_ (4.162)

The bar denotes an average over the full range of 8 for a given p.
In the (u,B) coordinates the wave equation becomes:

3% 2|, @ o o
— D —
37 =88 [ (hD “> 3% ( 26 (4.163)
The boundary condition at the shoreline becomes:
o _ =
o Oatu=20 (4.164)

The far-field condition becomes:
B ({—5’1.) is constant (4.165)

L2/}
Cdt
Boundary conditions (4.164) and (4.165) were used to numerically integrate
Equation (4.163). The results from the numerical model compared favorably.with
those from the laboratory experiments of Van Dorn (1970b).

L/ _
along the path d =0.

RESPONSE OF SAN PEDRO BAY TO TsUNAMIS

San Pedro Bay is located on the coast of California at approximately 33°45'N.
Wilson (1971) modeled the continental shelf off San Pedro Bay by sectors of a
cone, with uniformly sloping gradients starting at zero depth of water at the apex
of the cone and maximum depth at the shelf. Two detailed models were developed.
Model A (Fig. 4.16) treated the breakwater as a straight, rigid boundary with the
sector angle, B, as 135° with the coast. In model B (Fig. 4.16) the irregular boundary
was grossly approximated and B was taken to be 105°.

Solutions were obtained in terms of Bessel functions and the periods of free
oscillation of the shelf off San Pedro Bay were determined. Wilson verified his
calculations against the tidal records for the Chilean earthquake tsunami of Nov. 11,
1922; Aleutian earthquake tsunami of Apr. 1, 1946; Chilean earthquake tsunami
of May 23, 1960; and Alaskan earthquake tsunami of Mar. 28, 1964. Figure 4.16
shows the tide-gage record and power spectrum in Los Angeles harbor for the
Chilean earthquake tsunami of Nov. 11, 1922.

TsuNaAMI INUNDATION OF THE HAWAIIAN ISLANDS

Cox (1968) and Adams (1968) prepared potential tsunami inundation charts
for the Hawaiian Islands, and Adams (1969) described how these were prepared.
Some details of this important report are included because they deal with the tsunami
inundation problems in a pragmatic way.

The principle underlying preparation of the charts is: even if there is only
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FIG. 4.16. Tide-gage record (A) and power spectrum (B) for Chilean tsunami Nov. 11, 1972, east channel,
Los Angeles harbor. (Wilson 1971)

a slight possibility of tsunami inundation then people in the area should be eva-
cuated. This means the value zero is ascribed to the disutility of a false tsunami
warning and the value e to even saving one life. Adams (1969) stated that it would
be better to reduce the threshold above which a tsunami warning should be issued
and at the same time to reduce the sizes of the evacuation areas.

The coeflicients for a tsunami prediction algorithm were determined by Adams

(1969, p. 18):
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“

. we start with the historical observations of run-up and proceed to the source,
using theory to estimate the appropriate functional relationships. In outline, we fit
the historical observations for each tsunami to a cosine function centered on the
azimuth of the earthquake and measured counter-clockwise about a center on the
island. The ratio of the observed run-up to the ‘best-fit’ cosine function at the azimuth
is taken as a local amplification factor. The cosine function at the azimuth of the
station is called the shore amplitude. The set of observations for a given island for
a given tsunami reduce to one number — the equivalent bow value. The equivalent
bow value is then extrapolated to offshore deep water using the theoretical predictions
relating amplification to island slope and the ratio of the island sea-level radius to
the island base-radius. The offshore value of the tsunami for that island is propagated
backwards to a canonical distance, 100.6 km, using both spreading and dispersion.
The canonical values for the various islands and the same tsunami are then averaged
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FiG. 4.17. Comparison of first 2 h of Hilo tide record with numerical prediction
for Alaskan earthquake tsunami of March 1964. Calculated tsunami elevation (rop).
and observed elevation (bottom). (Hwang and Divoky 1975)

to give a mean, and if possible, a standard deviation. This mean is taken as a canonical
tsunami index. By using the term index, we are admitting that the value may not
be equal to the maximum wave amplitude, however, the value is still considered
10 be related to the tsunami run-up.”

Thus, the scheme developed by Adams can estimate the tsunami run-up at
any given location on the Hawaiian Islands coasts, provided magnitude of the
earthquake, depth of focus, location of the epicenter, and depth of water at the
epicenter are known.

Hwang and Divoky (1975) developed numerical models to compute the tsunami
response at Hilo harbor for the 1960 Chilean and the 1964 Alaskan earthquake

tsunamis. Figure 4.17 compares the numerically computed water level at Hilo with
the observed level for the Alaskan tsunami.

For some simple but elegant models to determine tsunami response around
islands, see Webster (1963), Arthur (1946), Vastano and Reid (1967), Summerfield
(1972), and Vastano and Bernard (1973).

TsuNaMi RUN-UP PREDICTION FOR SOUTHERN CALIFORNIA

Garcia and Houston (1976) developed techniques to predict maximum run-up
due to tsunamis of distant origin in southern California coastal communities, for

195



intervals of 100-500 yr, and flood hazard zones because of tsunami inundation
could be determined. They used for the analysis data from the two largest tsunamis
recorded in southern California, the 1960 Chilean and the 1964 Alaskan earthquake
tsunamis.

To simulate tsunami generation, the general features of the permanent vertical
displacement of the ocean floor were used as input into the numerical model.
The Alaskan and Chilean earthquakes caused permanent ground displacements
(parallel to the fault) in a distance of 804.5-965.4 km and about 161 km in a direction
perpendicular to the fault. Thus, the ratio of length to width of the uplift area
was about 6:1. The planform of the uplift area (with maximum displacements
up to 9.1 m) could be considered an ellipse.

For simulation purposes, Garcia and Houston chose a hypothetical uplift area
of elliptic plan view with a parabolic crest (concave downwards) parallel to the
major axis. The tsunami wave generation and propagation to the edge of the
continental shelf off southern California was done through a finite-difference model.
The finite-difference grid was too coarse for propagation over the continental shelf,
so an analytical method was used. In this method, the solution is in the form
of a standing wave, following the work of Lamb (1945) on tides in canals.

Under variable depth, the two horizontal momentum equations together give:

Bzgzt(zxz g (% {d 2%}(3‘)] (4.166)

For simple harmonic motion, such that n ~ cos (wt + €) the above equation
becomes:

+win(x)=0 (4.167)

9|, m(x)
0x [d ox

If it is assumed that the depth, d, increases linearly from the shoreline, x =0,
to the edge of the continental shelf, x = 4, then:

x
d= do E
(4.168)
wla '
k= =2
gdo
From (4.167) and (4.168):
% [x a”axx) ] +kn(x) =0 (4.169)
The solution of this is:
n(x) = AJo(2k7 x7 ) (4.170)
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This solution is finite at x = 0. The solution for the water level is:
n(x.0) = Aly(2k* x7) cos(wr+€) (4.171)

Forx > a, the oscillation is represented by:

n(x) = C cos(wr +e) (4.172)

From (4.171) and (4.172):

A= —QT’I
Jo(2kTat) (4.173)
Hence:
B
n(x) =C MLLXT) cos (wr+e) (4.174)
Jo(2k? a?)

= = o= n@
At x = a (edge of the shelf) n(a) = C cos (wr + €). Hence: C = o5 (wf T 6)

Thus:

(4.175)

This relation was used to determine the amplitude of the waves at the shoreline.
Table 4.7 compares the observed (1964 tsunami) and computed amplitudes
of waves at five locations in California.
Garcia and Houston (1976) defined run-up as equal to the wave amplitude
at the shoreline, for tsunamis with long periods. To determine the run-up in a

TABLE 4.7. Comparison of observed and computed amplitudes of
tsunamis on the California coast. (Garcia and Houston 1976)

Location Observed amplitude Computed amplitude
(m) {(m)

Alamitos Bay - 055 0.67

Santa Monica 0.79 0.70

Rincon Point 0.79 0.85

Avila Beach 1.34 1.13

Crescent City 2.44 (estimated) 2.23
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bay where resonance is significant, either the amplitude of the first wave or the
wave modified by resonance was used, depending on which was longer.

Garcia and Houston did a tsunami frequency analysis based on tsunami statis-
tics. Let n(i) be the probability of a tsunami with an intensity of i (see Chapter
2 for definition of tsunami intensity) generated during any given year. The statistics
along the trench off the Chilian coast gives from least-square analysis

n(i) = (0.080 + 0.008) ¢~ (632010} (4.176)

This equation predicts seven tsunamis with intensity greater than or equal to 3.5
during a 440-yr interval. During 1534-1973 (i.e. 440 yr), there were six tsunamis
definitely with intensities exceeding 3.5 and one with intensity probably exceeding
3.5. For the Alaska Trench area, the following relation was obtained:

n(i) = 0.078 ¢ *7'1 (4.177)

In deriving these relations, it was assumed that the probability of tsunami occurrence
was uniform along the Trench.

To relate the probability distribution of tsunami intensities to source charac-
teristics, Garcia and Houston assumed that the ratio of the source uplift heights
producing two tsunamis of different intensities was equal to the ratio of the average
run-up heights produced on the coasts nearest these tsunami sources. This ratio
is 2li2l for two tsunamis with intensities i, and i,.

Let a and b be the lengths of the major and minor axes of the tsunami source
area and let H, and Hj, be the wave heights in the directions of the major and
minor axes, respectively. Hatori (1963) showed that Hy/H, = a/b. Because a is
5 to 6 times b, H;, could be considerably larger than H,. Thus, the run-up at
a distant location due to one tsunami source cannot be taken as representative
of all possible locations of the whole region of the trench. Based on this result,
Garcia and Houston (1976) divided the Aleutian and Peru-Chile trenches into
12 segments and determined the run-up in southern California for a tsunami source
located at the center of each segment.

Tsunamis with intensities in the range of 2 to 5 in steps of - were considered.
Tsunamis with intensities less than 2 will not produce significant run-up in southern
California. The largest tsunami ever reported had intensity less than 5 so the upper
limit of 5 is justified. For each of the 12 segments of the Aleutian Trench, a wave
amplitude with an associated probability for each 4 intensity step from intensity
2 to 5 was calculated for deepwater location near southern California. A cumulative
probability distribution, P, (z), was calculated from the wave amplitudes and their
associated probabilities. P, (z) gives the probability for a wave amplitude greater
than or equal to a given value, and this includes such influences as propagation
across the ocean, intensity of the source, and its orientation.

Garcia and Houston (1976) assumed that after the wave fronts of tsunamis
generated by sources located in the 12 segments of the Trench passed over the
abrupt change of depth at the Patton Escarpment, they had the same direction
of approach relative to the continental shelf as they propagated over the continental
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borderland off southern California. Let F. be the transfer function for propagation
over the continental borderland. Then:

FrPp (2 =B (2 (4.178)

where P, (2) is the cumulative probability distribution of tsunami amplitude equal
to or greater than a given value, z, at a location on the continental shelf off southern
California. At each site,

TR () =Pg () (4.179)

where T is a transfer function for the propagation over the continental shelf and
P (2) is the cumulative probability distribution for run-up greater than or equal
to z at a site on the coast of southern California, due to tsunamis originating in
the Aleutian Trench.

Let P,(z) be the cumulative probability distribution for run-up greater than
z at a site on the coast of southern California, due to tsunamis originating in the
Peru-Chile Trench. This was calculated in a manner similar to that of P (z). Let
P(z) be the cumulative probability distribution for run-up at a site on the coast
of southern California due to tsunamis generated in the Aleutian Trench and the
Peru-Chile Trench. Then, because the tsunamis generated by earthquakes in the
Aleutian and Peru-Chile trenches are statistically independent,

P (z) = Pg; (2) + Py, (2) (4.180)

Next, Garcia and Houston used a statistical approach to incorporate the effect
of astronomical tides on tsunami run-up. They assumed that the varration of water
level caused by tides was insignificant in the interval between the arrivals of the
initial wave and the wave with maximum amplitude. Let z be the run-up at any
time with reference to the local mean sea level. Let F(z), P (z) and P(z), respec-
tively, be the cumulative probability distribution for run up at a given site equal
to or greater than z, due to the maximum wave of the tsunami, tides, and the
combined action of maximum tsunami wave and tides. Then:

P(z) =°°f £, Pg(z—2)dX (4.181)
where:
dP, (z)
fB(Z) - 52 i (4.182)

If the highly unlikely case of two or more tsunamis arriving simultaneously
at any site is excluded, the cumulative probability distribution, Ps(z), can be written
for the run-up at a given site to be equal to or greater than z due to tsunamis
for N independent source regions.

Ps(z) = g_ PSn(Z) (4.183)
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where Py, (2) is the probability distribution corresponding to source region, n. Let:

PSn(Z) = Aneﬁanz

Then:

Py(2) = 2 A, e” %% for N sites

n=1

If Pﬁ(z) follows a Gaussian distribution, then:

- -2%/(20%)
52 e

C,, being the m th tidal constituent.
From (4.185), (4.186), and (4.177):

—laz+
P(z)=2 A e L
n=1

For the Aleutian and Peru-Chile trenches (4.185) can be written as:

2 . _
P(z)=% A e % =Ae
S() n=1 M

Thus:
2
P(z) = Ae oz 5)
Define:
o=, 20
Then:
P(z) =

(4.184)

(4.185)

(4.186)

(4.187)

(4.188)

(4.189)

(4.190)

(4.191)

(4.192)

Hence, the tide produces a P(z) similar to Py(z) except for a shift of z by adg?/2.
Knowing the tidal harmonic coefficients the variance of o® can be determined.
The exponential coefficient, a, in (4.189) can be obtained by a least-square exponen-

tial fit of Fo(2).
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Before concluding this section on the California coast’s tsunami response, two
interesting deductions will be discussed. First, the Aleutian earthquake tsunamis
of Apr. 1, 1946, had a smaller amplitude on the coast of northern California than
on the coast of South America, even though northern California was much closer
to the epicenter. Sretenskiy and Stavroskiy (1961) stated that this was because of
the directivity of the tsunami discussed earlier (i.e. the tsunami height is greater
in a direction normal to the fault). Disastrous tsunamis have occurred mainly at
Crescent City (on the California coast) because of the focusing effect and resonance.

The following explanation was given by Slatkin (1971, p. 90) to account for
the large tsunami at Crescent City following the Alaskan earthquake of March
1964.

“The important result is that a leading edge wave travels with the deep water wave
speed and might not be distinguishable from the non-trapped waves by arrival time.
This is a possible explanation for the unusually large response of the harbor in Crescent
City, California, to the tsunami generated by the 1964 Alaska earthquake.

“It is found that long waves can be trapped along the coast and trayel with
the deep water wave speed, VgD. The energy in these waves decays with x™2 instead
of x' so that more energy would be observed on this coast than expected on the
basis of deep water wave amplitudes.”

TSUNAMI ZONATION FOR KAMCHATKA COAST AND KURIL ISLANDS

Soloviev et al. (1976) developed tsunami zonation for the Kamchatka coast
and Kuril Islands. Figure 4.18A shows the generalized tsunami source used in the
calculations. Figure 4.18B, C, respectively, show zonation based on tsunami ampli-
tude and tsunami period. Figure 4.18D shows amplitude zonation for the northern
part of Kamchatka Bay. Tsunami zonation is a concept useful for prediction of
the amplitudes and periods of tsunamis.

4.4 Laboratory Experiments

EXPERIMENTS ON RESONANCE AMPLIFICATION IN REGULAR GEOMETRIES

Certain laboratory experiments dealing with resonance and amplification in
regular geometries, which might be regarded as highly idealized (if not unrealistic)
versions of real water bodies, will be considered first.

Nakano and Abe (1958) proposed that a tidal or any other oceanic current
traveling past a bay laterally might create standing oscillation in the bay. In the
literature such oscillations have been referred to as secondary undulations of tides.
Nakano and Abe gave the example of a 2.5-min period oscillation in the Strait
of Naruto (in the Seto Inland Sea) with a maximum amplitude of 18 cm. The
observations showed that as the current increased, the amplitude of the oscillation
also increased. They attributed this oscillation to the fundamental mode of Shioya-
sumi Bay (a small bay).

Nakano and Abe (1958, p. 396) explained the mechanism of excitation of
a standing oscillation by a current as:

“.. when the velocity of current exceeds a certain limit, periodic and unsymmetric
Karman vortices are formed on both sides of the jet of current and hence the jet
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FIG. 4.18. (A) Generalized tsunami source (dotted area) adopted for calculations. Single-hatched area
was studied through 1-D model and double-hatched area through 2-D model, (B) tsunami amplitude
zonation of the Urup coast, (C) tsunami period zonation of the Urup coast based on tsunami period,
(D) amplitude zonation of the northern part of Kamchatka Bay. (Soloviev et al. 1976)

tends to swing horizontally, causing a standing oscillation of bay water, and that when
the period of swing of the jet coincides with the natural period of oscillation of bay
water, vigorous oscillation of water are induced in the bay as the results of resonance.”

Nakano and Abe performed experiments to verify their hypothesis. They
showed that the following relation exists:

= =T (4.193)
where ¢ is the mean distance between any two adjacent Karman vortices on one
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side of the current, u is the propagation velocity of the vortex system, and T is
the period of standing oscillation in the bay.

I feel that, although the idea of Nakano and Abe is interesting, the experiments
are inconclusive and further experiments are desirable.

Hwang and Lin (1970) investigated the influence of local geometry on wave
run-up by performing three sets of experiments. The first was to study oscillation
in a rectangular harbor under periodic wave excitation and the second under
nonperiodic wave excitation. The third pertained to a three-dimensional bay.

The first two sets of experiments were performed in a rectangular harbor model
and the third was in an idealized three-dimensional bay. The side walls of the
harbor were vertical and fixed and the back wall could be adjusted to change
the slope. At the harbor entrance, an adjustable vertical wing wall permitted the
size of the opening to be changed. The run-up on the back wall was measured
by resistance gauges. The three-dimensional bay was S-shaped with a beach slope
of 1/5 and was perpendicular everywhere to the local shoreline. According to Hwang
and Lin (1970, p. 412):

“This arrangement, with a convex shoreline at the entrance and a concave region

at the rear of the harbor, was adjacent to the tank wall and therefore, represents,

by symmetry, half of a bay with general features similar to many natural bays. With
such an arrangement, refractive effects were introduced with convergence of ortho-

gonals at the entrance and divergence at the rear; in this way, general three-dimensional
effects could be observed”

Height of the incident wave was interpreted as the average of the wave height,
Hy,ata node and the wave height, H,, at an antinode and it was arranged that
these points were located in the region of uniform depth to minimize effects caused
by shoaling.

For nonperiodic wave excitation, Hwang and Lin computed the maximum
run-up from the following formula of Keller and Keller (1964, 1965):

1
(4‘nd> 2
R m 2nd L
R4/~ M+
q o tanh (L > 1 ) (47rd (4.194)
sinh
L/ j

where R is the run-up, « is the beach angle, H is the wave height at the reference
depth, d is the reference water depth, and L is the wavelength at reference depth.

They compared their experimental values with those calculated from this
formula and found that in most cases experimental values were substantially greater
than computed values.

For the three-dimensional bay experiments, three different water depths were
used and the periods and heights of the incident waves were varied over a wide
range. These experiments showed that the run-up could vary by a factor of 20
from one location to the other. The authors attributed such large variations to
refraction and resonance in the bay. The experiments also showed that at the same
location, depending on the wave period, the run-up could vary by a factor of 7.
Other important results were (Hwang and Lin 1970, p. 424):
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“..the run-up appears to be larger inside the bay when the incident wave is long,
and the run-up is larger at the entrance when the wave is short. In general, the run-up
distribution tends to be more uniform for longer incident waves, while for short waves,
the run-up distribution tends to be very nonuniform.”

Williams and Kartha (1969) studied experimentally the amplification of long
waves by circular islands. They performed the experiments in a ripple tank 5.2 m
long, 1.4 m wide, and 0.15 m maximum depth. A hinged bulk head pivoted 0.45 m
above the tank bottom served as the wave generator. To absorb the waves a
beach with a slope of 1/6 was placed at the opposite end of the tank.

Two types of experiments were performed; (1) with straight circular cylinders
and (2) model islands with shapes agreeing with Equation (4.194) and half islands.

B = h(,(l—) b (4.195)

Ty

where 4 is the depth of water for r, <r <r, and ho is the water depth for r >
Ty Here r is the radial coordinate, r, is the radius of the cylindrical island cap,
r, is the radius of the seamount at its base, and the exponent, §, can take any
value from O to 1. This formula shows that at the island’s coast r =r, water
depth is Ao (r,/1,)?.

Although several theoretical studies were made on amplification of long waves
around circular islands (e.g. Havelock 1940; Homma 1950; Yih 1953; Wong et
al. 1963; Webster and Perry 1966) experimental studies have not kept up with
them. Weiner (1947) and Laird (1955) performed experiments with circular cylinders
and Wong et al. (1963) considered submarine topographies. Hence, the experiments
of Williams and Kartha (1969) can be considered as the first comprehensive type
of experiments on this problem.

Williams and Kartha (1969, p. 299) explained the types of island used in their
experiments.

*“ .. Five different seamount bases were used: one concave, two conical, and two convex.
Three cylindrical caps were used with the parabolic convex seamount base, and five
others were used with each of the other four seamount bases. The ‘islands’ were
positioned in the ripple tank with the water depth adjusted to equal the height of the
seamount base. The circular cylinders were tested in water depths which varied from
one to six inches. Water surface fluctuations at several azimuth angles around the

‘coastline’ of the cylindrical cap and around the circular cylinders were recorded for
a periodic wave input, and amplification factors were computed.”

Some important conclusions reached by Williams and Kartha were: for the
range of wave numbers, k, such that kr, < 3.0 as predicted by Havelock’s theory,
the amplification factors do not depend on A/h, where A is the wavelength. Based
on their group 2 experiments, Williams and Kartha arrived at the following conclu-
sions:

“(1) The seamount base of an island focuses incident wave energy onto the cylindrical
island cap, with the amount of focusing being less for a concave profile (6 < 0.5)

and greater for a convex profile (§ > 0.5). For § < 0.25 and wavelengths equal to
about three times the island-base diameters or larger, this focusing effect is negligible.
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“(2) The amplification increases as the diameter of the seamount base increases with
respect to wavelength — as relatively more of the seamount base is made available
for focusing the wave energy.

“(3) Amplification factors vary around the island’s cylindrical cap in a manner similar
1o that of a straight cylinder of the same radius. This similarity decreases as the island
base becomes more convex and as 7, approaches zero.

“(4) The Webster and Perry theory is valid for long waves of lengths equal to or
longer than the base diameter of the island, at least for the zero azimuth angle.

“(5) Homma’s theory is valid at least for long waves whose length equals about
two-thirds that of the base diameter of the island for all azimuth angles”

Iwasaki (1972) performed laboratory experiments to simulate resonance ampli-
fication of tsunami waves in harbors connected to the open sea through breakwaters
with different sizes of gap. He found that when the breakwater was at the mouth
of the bay, the peak of the first mode did not occur. When the gap ratio of the
breakwater was less than 0.2, the peak of the second mode became sharper.

RESONANCE AMPLIFICATION IN SPECIFIC WATER BODIES

Experiments for northern Honshu — Ogiwara and Okita (1951) studied tsunamis
on the Pacific coast of northern Honshu in Japan through laboratory experiments.
It is well known that this coast is very tsunami prone. The particular area modeled
in these experiments was Shizukawa Bay, located in the southern part of the Sanriku
district and connected to the Pacific Ocean through a relatively wide mouth. During
the 1896 and 1933 tsunamis, the city Shizukawa-cho, situated in the inner part
of the bay, was heavily damaged. These experiments studied the wave forms in
the harbor, especially after the construction of the breakwaters following the 1933
tsunami.

A model of Shizukawa harbor on horizontal and vertical scales of 1:1500 and
1:125 was constructed in a wooden tank 240 X 120 X 60 ¢cm deep. An iron plate
hinged to one end served as the wave generator and special wave gauges measured
the waves generated. Also, vertical water movement was recorded on paper on
a rotating drum by a lamp arrangement. By pushing the iron gate, a wave of
initial elevation was generated and by pulling it, a wave of initial depression was
created.

The waves generated with an initial elevation were called “up waves” and
those with initial depression were called “down waves” Travel time of the wave
from the mouth to the interior was 1.25 times longer for the down waves than
the up waves. If the ratios of the vertical and horizontal scales to those of nature
are D and L, respectively, and if T denotes the ratio for the time scales of experiment
to nature, then T = LA/D. AsL = 1/1500 and D = 1/125, T = 1/134 is obtained.
The process is speeded up 134 times in the experiment compared to nature.

The experiments showed that wave height increased at a faster rate in the
inner part of the bay and could become as large as four times the wave height
near the mouth. The progressive wave that invaded the bay gradually transformed
to a stationary wave. Another interesting result of these experiments was that,
because of construction of the breakwater following the 1933 tsunami, wave heights
in the harbor were lowered while heights at the mouth of the Hachiman River
were slightly raised.
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Experiments to model Hebgen Lake — Wiegel and Camotim (1962) modeled
the oscillation of Hebgen Lake, Mont., caused by the earthquake of Aug. 17, 1959.
After the earthquake, the bottom of the lake at the Hebgen dam subsided by
3.0 m, and an oscillation with a period of approximately 17 min occurred for almost
12 h before it was damped.

The horizontal and vertical scales of the model were 1:8000 and 1:3500, respec-
tively. The sudden dropping of the bottom at the dam end of the model simulated
the earthquake. The water surface was monitored in time by wave meters. The
water particle velocity wave in the experiments was approximately:

Upye = %I % ~ 0.03 m/s (4.196)
where H is the oscillation range and d is the average water depth. The relevant
Reynolds Number is:

Yag D)
> ~

R = 756 (4.197)

As the Reynolds Number is too low, the influence of viscosity is too large in the
model compared to the prototype and the authors attributed the disagreement
between the observed and model results partly to this.
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F1G. 4.19. Location plan showing Hawaiian Isiands and directions at Oahu of large historical tsunamis.
(Adams and Jordaan 1968)
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Experiments to simulate tsunami amplification around Oahu Island, Hawaii —
Adams and Jordaan (1968) studied the tsunami inundation on the coast of Oahu
through models. Tsunamis originating in the circumpacific belt can approach the
Hawaiian Islands from practically every direction (Fig. 4.19). Two different model
studies were made; the first was to study the refraction of tsunamis by the Hawaiian
Island group, which consists of eight major islands. The scale of this model was
1:247,500. L

For a detailed study of Oahu Island, another model with horizontal and vertical
scales of 1:20,000 and 1:2,000, respectively, was constructed. The models gave a

m

9] =

Kamchatka Nov. 4-5,1962

T T T T T
2 23 0 3 5

Approximate U.T. (h)

-81

Chile May 23-24,1960

9 15 2 23 0 3
Approximate U.T. (h)

Alaska Mar. 28-29, 1964

-
-

L
9 15 2 23 0 7
Approximate U.T. (h)

Fic. 4.20. Tsunami records at Johnston Island, 1126.5 km west-southwest of Hawaii. (Adams and
Jordaan 1968) '
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scale of 1:141 for time and velocity. Provision was made to simulate tsunami
approach to Oahu from any direction by allowing the model to rotate.and present
the desired angle to the wave generator. The tsunami record at Johnston Island,
about 1126.3 km west-southwest of Oahu, was used as the deepwater tsunami record
(Fig. 4.20). This assumption is probably satisfactory because Johnston Island is
an atoll with an extremely small diameter compared to a tsunami wavelength.
The authors attributed the similarity of the first crest of the three tsunamis shown
in Fig. 4.20 to local effects.

The records at Johnston Island led Adams and Jordaan to adapt a few waves
of equal period and amplitude to represent tsunamis approaching Oahu. The periods
18.8, 23.5, and 28.2 min of the modeled tsunamis in the experiments fall in the
lower part of the observed range of 20-60 min for the Hawaiian Islands. Specifically,
the Aleutian earthquake tsunami of 1946, the Kamchatkan earthquake tsunami
of 1952, and the Chilean earthquake tsunami of 1960 were modeled in these
experiments.

Figure 4.21 shows the phase lag of the waves in the model experiments com-
pared to those in nature for the 1946 and 1960 tsunamis, and Fig. 4.22 shows
the correlation of normalized heights of the first and third waves in the model
with the normalized maximum run-up in nature. In these diagrams g is the angle
between the direction of tsunami approach and the north.

The authors concluded that the experimental results did not correlate well
enough with those of nature to allow quantitative prediction of tsunami inundation
and they attributed the disagreement partly to the resonances between the model
and the basin sides in the experiments, and to the fact that such topographic features
as reefs were not included in the model.

Experiments to simulate tsunami response at Wake Island — Van Dorn (1970b)
made a model study of the tsunami response at Wake Island. As there is no
completely reliable theoretical method to predict refractive effects around islands,
and Wake Island possesses unique characteristics and is a permanent observing
station, Van Dorn felt that a suitably large laboratory model, if calibrated for the
principally known directions of tsunami approach, could be used to interpret the
tsunami records more accurately.

The experimental arrangement (Fig. 4.23A) consisted of a shallow basin 15 m
long by 12 m wide. This had a beach with slope 1:8 around the sides for quick
absorption of the waves in between runs. The basin represented a large sector
of the northern part of the Pacific Ocean and the model itself represented Wake
Island on a scale 1:57,500. The water depth of 9.4 cm in the model represented
a real depth of 52km. The wave generator was the vertical plunger type and,
by adjusting the amplitude and speed of the generator, plane waves of desired
frequency and amplitude could be generated.

The model of Wake Island consisted of a 60-km radius containing Wake Island
and two seamounts near the island. To monitor the waves three sensors were used:
two fixed at 1.5m and 2.5m from the generator on a line bisecting the island
model and the generator; and the third mounted on a post that could be moved
into any of the nine positions around the island shown in Fig. 4.23B.
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Waves were generated and the wave generator was operated until the waves
traveled to the far end of the basin .and were reflected. Then it was stopped and
adjusted for the next run. The interval of 5-10 min was sufficient to damp out
the waves before the plunger was operated for the next run.

Regarding the simulation of different approaches of tsunamis, Van Dorn stated
(1970b, p. 339):

“When all nine positions for the island sensor had been recorded, the entire island
was rotated within the basin so that the new incident wave direction was 120° true
north (simulating waves from Chile); 11 frequencies were run with the island sensor
in position 2, which is the revised location of the tsunami recorder instalied at Wake
Island in 1960. Finally, the island was again rotated for incident waves from 320°
true [north] (from Japan), and the same frequencies were rerun”

Caution was exercised in deducing the wave amplitudes from the oscillograph
records by treating the uniform amplitude portion of the record between the wave
build at the island initially and the arrival of the first reflected wave, as the
respresentative record for steady state conditions. Van Dorn pointed out that whereas
diffraction could, in principle, affect the wave record considerably, in practice this
did not present any serious problem. Correction for the boundary dissipation was
applied to wave records at the three stations. This correction was not uniform for
all experiments but varied with the frequency of the waves, the distance traveled
by them, water depth, and viscosity. For waves with the highest frequency used
in the experiments it amounted to as much as - of the wave record itself.

Let n and , be the wave amplitude at the island and the average of the
far field amplitudes, respectively, and 7’ the least time required for a long wave
to travel around an island with an 7 th contour, and depth, 4;, and circumference,

2m _ {2" Vghi }
min

C,. Van Dorn defined the least time frequency w’as: w’' == C.

1

which could be minimized with iteration techniques. If C,/2r is interpreted

. . . . w s .
as an effective radius, ¢’, of an island in nature, then: o = ka’ where k is the
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incident wave number. Van Dorn then made an analogy to scattering of sound
waves by a cylinder and pointed out that k4" is analogous to the transition index
from weak forward scattering corresponding to k¢’ < 1 and to strong back scattering
followed by shadowing on the lee side corresponding to ka > 1.

One important result is that for w/w’ < 1 there was no ambiguity in the
Wake record anywhere and hardly any amplification. On the other hand, for
w/w’ > 1 large amplifications occurred on the incident side and some shadowing
occurred on the leeward side. Figure 4.24 shows the amplitude responses deduced
from the experiments at the tsunami station at Wake Island for tsunamis approach-
ing from Chile, Japan, and the Aleutians. The largest amplifications occurred for
waves correspond to w/w’ > 0.6.

Experiments for Hilo Bay — Palmer et al. (1965) performed laboratory experi-
ments to simulate tsunami amplification in Hilo Bay. They attributed the large
tsunami amplification to a combination of three bathymetric features (Palmer et
al., p. 30):

“... First, the submarine ridge formations outside the bay mouth refracts the tsunami
wave into the bay. Second, the triangular configuration of the bay, with Hilo at the
apex, has a compressive effect on the wave. Third, the reflected wave off the cliffs
superimposes on top of the incident wave in Hilo harbor..”

An area of about 77.7 km? was modeled on a horizontal scale of 1:600 and
a vertical scale of 1:200. The tsunami bore in Hilo harbor was generated by a
pneumatic wave generator. The model was calibrated by simulating the marigrams,
inundation zones, and high-water marks observed during the 1946, 1952, 1957,
and 1960 tsunamis.

One important deduction from these experiments was that the formation of
the tsunami bore in Hilo harbor appeared to be caused by refiection of the incoming

7 tmin 2

F1G. 4.24. Amplitude responses as a function of relative fre-
quency w /wt(see top scale in abscissa) and prototype period
T (see bottom scale in abscissa) at sensor station 2, site of the
present tsunami recording station at Wake Island. for waves
approaching from known tsunami generating region; -
Aleutians, - - - - - Japan, Chile. (Van Dorn 1970b)
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waves from the almost vertical Hamakua cliffs. Munk (1957) anticipated this earlier
and stated that reflection off the Hamakua cliffs would increase tsunami wave heights.
Another important result was that an approach of a tsunami with an incident angle
of 80° might be critical by producing maximum wave heights inside the harbor.
Palmer et al. (1965) mentioned some experiments by Wiegel (1963) on a Hilo model
with a scale of 1:15,000 where the Mach stem phenomenon appeared to be impor-
tant.

Experiments for Kochi harbor — Iwagaki et al. (1970) constructed a model
of Kochi harbor on a horizontal scale of 1:250 and a vertical scale of 1:100. The
current was modeled to 1:100 and the time 1:10 and bottom roughness was also
considered. Data from the 1960 Chilean earthquake tsunami was used to calibrate
the model. The tsunami response of the harbor was studied both for the present
topography and for the topography that will exist after a proposed plan of dredging
and land reclamation. The effect of breakwaters was also studied. Two important
results of the experiments were: first, river flows into the harbor tend to decrease
the amplitude of the waves in the harbor, and second, after dredging and the
associated change of topography, a tsunami bore might be possible in Kochi harbor.

Experiments on bores — Krivoshey (1970) studied through laboratory experi-
ments, the run-up of a bore on dry shores where, according to him, it loses its
wave properties and becomes a jet of water.

Miller (1968) performed experiments in a wave tank 19.2 m high, 0.355 m
uniformly wide, and 0.91 m deep; various bottom slopes were arranged in this
tank. Waves were generated by a rigid vertical plate or a piston. The desired bottom
roughness coefficients were achieved through coating the slope with glass beads
of selected size (marine enamel coatings were used to create smooth surfaces).

The experiments showed that beach slope as well as bottom roughness in-
fluenced the run-up height and that the bore collapsed (only partially) in a limited
range of Froude numbers, at the intersection of the undisturbed water level with
the beach slope. Another interesting result was the existence of an inflection point
in the run-up curves, attributed by Miller to the transition from an undular surge
to a bore which happened as the piston velocity, u, increased.

Nakamura (1972) used a rectangular tank 30 m long, 0.5 m uniformly wide,
and 0.5 m uniformly deep, to perform experiments on the hydraulic bore problem.
The vertical movement of a steel plate through a system of pulleys and weights
served as the generating mechanism. In the initial state (just at the instant of moving
the steel plate) the bore can be visualized as consisting of a shallower region of
depth, /2, , and a deeper region of depth, 4. Nakamura’s experiments showed that
different initial ranges of #,/h resulted in different wave forms propagating in
the tank.

Based on this ratio of &, /h, Nakamura (1972, p. 4) identified essentially four
patterns: “(i) #,/ho = 0: a parabolic wave with a rounded front, (ii) 0 <#,/ho
< 0.4: a uniformly progressive wave with a breaking front (moving hydraulic jump),
(iil) 04 < h,/hy < 0.56: unstable undular bore with a front partly broken, and
(iv) 0.56 < h,/hy < 1.0: stable undular bore”
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Hawaleshka and Savage (1971) performed laboratory experiments on the influ-
ence of friction on the development of undular bores. Nakamura (1976) used the
analogy between a bore caused by a dam breaking and a surging tsunami on
a river mouth or a beach, to determine the shock pressure of tsunami surge on
a wall, by laboratory experiments.
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Chapter S Global Tsunamis

Some important tsunamis in various parts of the globe are cataloged and
important deductions from the data are emphasized. In the first section the western
part of the Pacific Ocean, specifically Japan, USSR, Australia, and New Zealand
will be considered. In Section 2 the islands in the Pacific Ocean, such as Hawaii,
Aleutians, Tahiti, and Alaska will be discussed. (Although Alaska is part of the
North American continent, it is more convenient to study tsunamis of Alaska and
the Aleutians together.) In the third section, the tsunamis on the west coasts of
the North (excluding Alaska) and South American continents will be discussed.
In Section 4, the Atlantic Ocean tsunamis and tsunamis in Europe, Middle East,
and Asia will be treated.

5.1 Tsunamis in Japan, USSR, Australia, and New Zealand

TSUNAMIS IN JAPAN

The Pacific coast of northeastern Japan has been referred to as the Sanriku
coast because it contains the three Riku provinces — Rikuzen, Rikutyu, and Rikuoku.
TaBLE 5.1 lists 15 tsunamis that occurred in Japan from 869 to 1933 (Imamura
1934). In addition, information will be provided on some of the very destructive
tsunamis, and on tsunamis subsequent to 1934.

The tsunami following the Sanriku earthquake of June 15, 1896, destroyed
about 12,000 houses and affected 322-483 km of coastline north of Sendai. There
were mainly three waves and the greatest amplitude was 15.2m (Milne 1896).
Practically every town and village between 30°15'N, 141°30'E and 40°30'N,
131°30°E was destroyed.

A major earthquake occurred in Sagami Bay on Sept. 1, 1923 (Shiratori 1925),
and only 5 min after the earthquake a tsunami invaded Sagami Bay, Tokyo Bay,
and the Pacific coast of Japan. Figure 5.1 shows the distribution of water level
at various locations (Davison 1931). The tsunami attained maximum amplitude
of 11 m, about 455 houses were destroyed, and about 160 persons killed.

The epicenter (38.2°N, 144.0°E) of the Sanriku earthquake of Mar. 3, 1933,
was not on land, hence, destruction by the earthquake itself was small. Most of
the destruction was caused by the tsunami and about 5000 houses were destroyed.
At some places (Sirahama and Ryori) amplitudes as large as 28.7 m were attained.

Tsunamis rarely occur in the Sea of Japan (Kishinouye and lida 1939). An
insignificant tsunami occurred on May 1, 1939, in the Oga Peninsula following
the Oga earthquake.
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TaBLE 5.1. List of tsunamis prior to 1934 on the Sanriku Coast. (Imamura 1934)

f

Remarks

July 13, 869

Dec. 2, 1611

Sept. 9. 1616

July 3, 1640

Apr. 13, 1677

? ? 1689

Jan. 29, 1763

Feb. 17, 1793

July 20, 1835

Apr. 25, 1843

Aug. 23. 1856

June 15, 1896

Mar. 22, 1894
Aug. 5, 1897

Mar. 3, 1933

epicenter under Pacific Ocean off Sanriku coast; about 1000 people killed

epicenter under Pacific Ocean off Sanriku coast; about 3000 people killed;
possible amplitude of 25 m

epicenter under Pacific Ocean off Sanriku coast; tsunami probably small

following an eruption of the volcano Komagatake; tsunami killed about 700
people

following an earthquake in Sanriku district; tsunami caused only property
damage; people fled and no casualties

following a Sanriku earthquake; probably small tsunami >

following an earthquake in the north Sanriku district; tsunami swept the
coast

following an earthquake near Rikutyu; tsunami killed 12 or 13 people

following an earthquake near Rikuzen; tsunami generated; casualties not
known

following an earthquake in-east Hokkaido; details of tsunami not known

following an eruption of the volcano Kamagatake; tsunami killed at least
21 people

following an earthquake in Sanriku; tsunami very destructive, killed at least
27,000 people

following an earthquake in eastern Hokkaido; tsunami caused some damage
following an earthquake in Rikuzen; tsunami was small

following the Sanriku earthquake; tsunami very destructive, killed at least
2986 people

A severe earthquake occurred in western Hokkaido on Aug. 2, 1940. About
1 h after the earthquake a tsunami invaded the Hokkaido coast. Seven people were
killed and about 1000 fishing boats were swept into the ocean (Miyabe 1940).
Figure 5.2 shows tsunami amplitudes.

A severe earthquake occurred on Dec. 7, 1944, with epicenter at 34°N, 143°E.
A tsunami of considerable amplitude was generated and effects were felt as far
east as Simoda Harbor and as far west as Siworomsaki (Omote 1946). Along the
coasts of Sima and the Kii Peninsula, heights were as large as 8 m; along the
coasts of Ise Bay and Atumi Bay, the height was 2 m. Amplitudes were small along
the Ensywnada coast but enormous heights were achieved in the bays of Owase,
Atasika, Nisiki, and Yosizu.
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F1G. 5.1. Distribution of tsunami wave heights (m) in Sagami Bay. (Davison 1931)

On Dec. 21, 1946, a severe earthquake occurred in southwestern Japan with
epicenter at 33.0°N, 135.6°E. The generated tsunami invaded the coasts of Shikoku
and the Kii Peninsula. The largest amplitude was 6 m (Nagata 1950) and on the
coast of the Kii Peninsula, initial withdrawal occurred. The most severe damage
occurred on the coast of Kochi prefecture where 1451 houses were swept away
(Nasu and Shirai 1947). The Nankai earthquake tsunami was studied in detail
by Shimozuru and Akima (1952) and Rikitake and Murauchi (1947).

On Mar. 4, 1952, a severe earthquake (referred to as the Tokachi earth-
quake) occurred, followed by a tsunami, with epicenter at 42°N, 144°E, about
60 km east of Erimo-Misaki, at the southwestern tip of Hokkaido (Suzuki and
Nakamura 1953; Suzuki et al. 1953; Yoshida et al. 1953; Kato et al. 1953; and
Watanabe 1956).
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F1G. 5.2. Distribution of tsunami height (m) for 1940 tsunami.
Tsunami sources inferred from the present (solid line) and Miyabe’s
analyses (dotted line). (Hatori 1969)

TaBLE 5.2. Tsunami of Feb. 27, 1961, as recorded on tide gages (all times Japanese Standard Time).
Wave originated at earthquake epicenter off the coast of Hiuganada (31.7°N, 131.7°E) at 03: [ 1. (Takahasi
and Hatori 1961)

Max.
Arrival amplitude Max.
time Up, time amplitude Period
Tide station (k) (min) down (h) (min) (cm) (min)
Naze 04 23 + 04 52 13 20
Nishino-omote 04 00 + 06 00 25
Makurazaki 04 27 + 05 32 13 16
Namimi 03 30 + 04 20 12
Suzureishi 03 30 + 04 18 12
Aburatsu 03 14 + 03 51 45 22
Miyazaki 03 35 + 03 42 12
Hosojima 03 22 + 05 22 78 20
Hosojima, (New Harbor) 03 25 + 05 55 124
Tokai 03 35 + 03 42 13 18
Hebizak 04 00 + 05 10 10 19
Yavatahama 04 25 + 06 30 28 22
Uwajima 04 12 + 06 53 18 22
Hosogi 03 58 + 04 55 17 20
Misho 04 08 + 07 16 70 30
Tosa-Shimizu 03 42 + 04 12 96 22
Tosa-Shimoda 03 S5 + 04 47 10 20
Urado 04 08 + 06 08 20 18
Kochi 04 - 15 + 06 05 17 20
Kushimoto 03 46 + 05 25 36 23
Aburatsubo 05 36 + 07 56 6 16
Mera 05 32 + 13 25 35 22
Hachijo Is. 05 10 ? ? 3 ?
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TaBLE 5.3. Tsunami of Mar. 28, 1964, as recorded by tide gages and tsunami recorders in Japan. (Hatori
1965¢)

Initial wave Maximum wave
Travel Travel
time Heightb Period time Heightb Period
Tide station (h) (min) ~(em) (min) (h) (min) (cm) (min)
Wakkanai 6 39 6 S0 39 09 34 35
Monbetsu 7 16 7 70 18 34 10 40
Abashiri 6 04 4 46 30 49 12 50
Hanasaki 6 34 8 60 15 04 36 10
Kushiro 6 55 20 45 45 40 40 42
Urakawa 7 12 5 40 18 14 25 28
Hakodate 7 34 11 150 22 17 33 35
Aomori 9 04 8 140 26 14 32 100
Asamushi g8 29 10 130 25 09 46 100
Hachinohe 7 24 18 50 26 44 60 30
Miyako 7 04 9 60 16 02 14 44
Kamaishi 6 44 15 30 16 34 38 22
Ofunato 7 14 18 40 12 44 75 40
Enoshima® 7 08 7 80 15 39 15 60
Onagawa 7 24 17 70 17 44 50 45
Onahama 7 29 7 50 16 34 35 23
Choshi 7 39 7 55 20 04 36 40
Mera 7 06 6 7 23 34 33 23
Kanaya? 7 30 7 70 21 14 17 35
Tokyo 9 02 4 65 22 59 10 56
Yokosuka 8 00 S 60 22 30 17 30
Aburatsubo 7 48 6 15 22 32 18 15
Hachijo Is.2 747 2 8 22 14 7 20
Uchiura 7 34 6 50 16 29 12 23
Shimizu 7 44 4 20 25 19 6 40
Omaezaki 7 04 3 18 22 12 30 22
Onizaki 9 41 6 25 19 54 10 35
Toba il 24 4 50 18 24 15 15
Uragami 9 29 8 26 18 36 25 28
Kushimoto 9 14 6 15 26 24 45 28
Kainan 10 12 S 30 20 24 15 28
Kochi 11 06 8 40 25 04 20 20
Tosa-Shimizu 11 24 4 26 22 30 24 22
Hosojima 12 44 2 20 27 07 12 20
Aoshima? 10 44 2 — 26 57 15 30
Aburatsu 10 28 8 23 25 06 39 25
Naze 10 32 8 18 22 32 20 23

3Tsunami observatory.
bCrest height above the ordinary tide level.

An earthquake on Nov. 6, 1958, near Iturup Island, generated a tsunami. During
the International Geophysical Year (IGY), special instruments were placed at
Miyagi-Enoshima tsunami observatory. The tsunami occurred during this period
(Takahasi et al. 1961).

Following a Chilean earthquake of magnitude 8.25-8.50 with epicenter at
38°S, 73.5°W, on May 22, 1960, a tsunami invaded Japan on May 24. The most
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Fic. 5.3. Generating area of the tsunami which accompanied the 1964 Niigata
earthquake. Bottom deformation (m) and inundation heights (m) are shown.
(Hatori 1965b)

severe damage occurred in the districts of Tohoku and Hokkaido (Kato et al.
1961). This tsunami achieved amplitudes to 9 m and 180 people were killed. The
Committee for Field Investigations of Chilean Tsunami (Anon. 1961) published a
detailed account of this tsunami on the Japanese coast. Other references on the
tsunami in Japan are Higuchi (1964), Nakamura and Emura (1961), and Takahasi
(1961). Momoi (1963a, b) invoked the theory of diffraction to account for the
large amplitude waves along the coast of Inubozaki in the Kanto district.

On Feb. 27, 1961, an earthquake occurred off the southeast coast of Kyushu.
The magnitude of this earthquake was 7.2 and the epicenter was at 31.7°N,
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TSUNAMI OF 1952 TSUNAMI OF 1968

F1G. 5.4 Tsunami height (m) along Sanriku coast for the 1952 and 1968 Tokachi-
Oki tsunamis. (Kajiura et al. 1968)

131.7°E. A tsunami of moderate amplitude was generated and was observed along
the coasts of Kyushu and Shikoku (Takahasi and Hatori 1961). Table 5.2 lists
pertinent information about the Hiuganada tsunami. No initial withdrawal of
water was observed and the tsunami period was in the range of 16-30 min.

An earthquake of magnitude 7.9 occurred off Iturup Island (in the Kurils)
on Oct. 13, 1963, with epicenter at 44.0°N, 150.0°E (Hatori and Takahasi 1964)
The tsunami generated was observed all along the Pacific coast of Japan.

Hatori (1964) investigated the Alaskan earthquake tsunami of Mar. 28, 1964
along the Japanese coast. Table 5.3 lists the pertinent information. On June 16,
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F1G. 5.5. August 1969 tsunami at 4 stations in Japan. (Hatori 1970a)

1964, an’ earthquake of magnitude 7.7 with epicenter at 38.4°N, 139.2°E occurred
near Awashima Island (Hatori 1965a). Figure 5.3 shows the tsunami amplitudes
along the coast. On May 16, 1968, an earthquake of magnitude 7.8 with epicenter
at 40.7°N, 143.6°E occurred off the coast of Aomori prefecture in northeastern
Japan (Suzuki 1970). Figure 5.4 compares the amplitudes of this tsunami with
those of the 1952 Tokachi-Oki tsunami on the Sanriku coast. On Aug. 11, 1969,
an earthquake of magnitude 7.8 with epicenter at 42°42'N, 147°37'E occurred
off Shikotan Island in eastern Hokkaido (Hatori 1970a). The maximum height of
this tsunami (1.5 m) was observed at Hanasaki. Figure 5.5 shows the distinctly
different tsunami records at four stations.

Hatori (1965b) studied distribution of tsunami energy and travel times of
tsunamis along the coast of Japan (that originated far from Japan). He studied
seven tsunamis that originated in Alaska, Aleutians, Chile, Iturup, and Kamchatka.
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FIG. 5.6. Power spectra of different tsunamis observed at Hachijo Island.
(Hatori 1969)

His study showed that the coasts of Sanriku and Kishu received a greater percentage
of tsunami energy than other regions.

Iida (1956) studied the earthquakes that occurred under the sea off the islands
of Japan, accompanied by tsunamis. He listed tsunamis from 684 to 1953 and
his table has 136 entries. Figure 5.6 shows power spectra of the tsunami record
at Kaminato for the Boso tsunami of November 1953, and at Yaene for three
different tsunamis. The important periods are in the 5- to 150-min range.

Table 5.4 compares certain relevant parameters on the Japanese coast for the
Alaskan earthquake tsunami of Mar. 28, 1964, and the Aleutian earthquake tsunami
of Feb. 4, 1965. Generally, the period of the maximum wave was greater than
the period of the initial wave and this was more true for the Alaskan earthquake
tsunami than for the Aleutian earthquake tsunami. The generally held notion that
the tsunami period increases with the travel distance does not seem to hold. Also,
the amplitudes at various stations do not seem to bear any relation that is consistent
for different tsunamis. In other words, amplitudes for the Alaskan earthquake
tsunami were greater at certain stations than amplitudes at the same stations for
the Aleutian earthquake tsunami, whereas the reverse situation occurred at other
stations.

The effects of a distant tsunami on the Sanriku coast will be examined in
detail. For this, an appropriate example is the Chilean earthquake tsunami of
May 22, 1960. Although the tsunami was generated on the Chilean coast on May 22,
1960, it did not arrive on the Sanriku coast till May 24 because of the large travel
distance (17,000 km). Kato et al. (1961) studied the distribution of the maximum
amplitudes on the Sanriku coast and found some distinctive features attributable
to the remote origin, as well as to the very long periods, of the Chilean tsunami.
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TaBLE 5.4. Comparison of periods and maximum amplitudes for the Alaskan earthquake tsunami of Mar. 28, 1964, and the Aleutian earthquake tsunami
of Feb. 4, 1965, at selected tide stations.

1964 Tsunami 1965 Tsunami
Travel time Period of Period of Travel time Period of Period of
Tide station initial wave Max. amp. max. wave initial wave initial wave Max. amp. max. wave initial wave
(hy (min) (cm) (min) (min) (h)y (min) (cm) (min) (min)
Aburatsu 10 28 39 25 23 5 47 32 16 28
Aburatsubo 7 48 18 15 15 4 15 28 14 14
Enoshima 7 08 15 60 80 3 49 12 32 14
Hachijo Is. 7 47 7 30 8 4 13 >23 7 7
Hachinohe 7 24 60 30 50 4 01 48 35 48
Hakodate 7 34 38 35 150 4 23 17 50 27
Hanasaki 6 34 36 10 60 3 29 21 20 40
Hosojima 12 44 12 20 20 5 54 7 18 15
Kainan 10 12 15 28 30 6 09 14 30 25
Kamaishi 6 44 38 22 30 3 43 40 25 30
Kanaya 7 30 7 35 70 4 23 13 30 13
Kochi 11 06 20 20 40 5 42 20 16 —
Kushimoto 9 14 45 23 15 5 18 55 15 18
Miyako 7 04 14 4 60 3 49 10 48 48
Monbetsu 7 16 10 40 70 3 59 9 33 20
Naze 10 32 20 23 18 6 12 40 20 22
Ofunato 7 14 75 40 40 3 59 38 24 20
Onagawa 7 24 50 45 70 4 07 28 46 35
Onahama 7 29 35 23 50 4 16 20 18 18
Onizaki 9 41 10 35 25 5 44 10 21 20
Tokyo 9 02 10 56 65 5 29 10 64 70
Tosa+Shimizu 11 24 24 22 26 5 39 36 23 30
Uragami 9 29 25 28 26 5 09 30 15 19
Urakawa 7 12 25 28 40 3 49 33 15 -
Yokosuka 8 00 17 30 60 4 43 12 25 20




Shikawame

Fig. 5.7. Water-level distribution on a portion of
the Sanriku coast associated with the May 1960
Chilean earthquake tsunami. (Kato et al. 1961)

The Chilean tsunami near the epicenter itself had periods of about 60 min
whereas the 1933 Sanriku earthquake tsunami had periods of about 16 min.

On the Sanriku coast there are numerous bays with natural periods of oscilla-
tions in the range of 5-50 min. Because amplitudes of the tsunami waves were
influenced by resonance in these bays, there was much more variation of water
level along the coasts of the bays than along the shoreline outside the bays. Figure
5.7 shows the general distribution of the water level along the coastline. The average
maximum amplitude south of Kuji was about 2.5 m whereas to the north of Kuji
it was 5.5 m. The 1933 Sanriku earthquake tsunami did not show this type of
water-level distribution.

225



Figure 5.8 shows the refraction diagrams for the Chilean earthquake tsunami
of 1960 and the Sanriku earthquake tsunami of 1933. In the former case there
is a convergence of orthogonals, whereas in the latter case there is no such conver-
gence. This difference in convergence accounts for the difference in distribution
of the water levels.

The water-level distributions also showed the effects of the tsunami diffraction
by the Ojika Peninsula (see Fig.5.9). The epicenter of the Sanriku earthquake
was only 200 km from Miyako and the sea to the west of the Ojika Peninsula
is in the shadow zone for the Sanriku tsunami but not for the Chilean tsunami.
Observations confirm this and Fig. 5.9 shows the ratios of the amplitude of the
tsunami at the east coast to that at the west coast at several locations along the
length of the peninsula for both tsunamis. The ratios for the Chilean tsunami are
about unity whereas for the Sanriku tsunami they are greater than unity, the
maximum being about two.

Another interesting difference between the two tsunamis was the manner in
which the water level varied from the mouth to the head of bays. For example,
for Ofunato and Hirota bays (and several other bays on the Sanriku coast), the
water level was amplified 2 to 3 times from the mouth to the head, whereas for
the Sanriku tsunami it was reduced about 0.6 times. It is quite probable that the
amplification in the case of the Chilean tsunami was due to resonance in the bay.
Because the Chilean tsunami had long periods and consisted of several crests and
troughs, it was favorable for resonance in the bays, whereas the short period and
short duration of the Sanriku tsunami were unfavorable. The decrease of the tsunami
amplitude from the mouth to the head in the case of the Sanriku tsunami was
attributed to the influence of bottom friction and complicated shoreline configu-
rations.

TsunaMis oF USSR

Lavrentyev and Savarensky (1963) summarized the investigations on tsunamis
in USSR until 1961. Soloviev (1970) discussed tsunamis in USSR as a part of
a more general discussion of Pacific tsunamis. He periodically prepared summaries
of the tsunami investigations in USSR and distributed them at periodic meetings of
the tsunami committee of the International Union of Geodesy and Geophysics (e.g.
Soloviev 1971). Several books on tsunamis were published in Russian (e.g. Inter-
agency Geophysical Committee of USSR 1970).

The following is only a partial list of tsunamis that have been observed in
the USSR. On Dec. 26, 1939, an earthquake occurred in Turkey at 39.5°N, 39.5°E
at 23 h 57 min GCT (Grigorash and Korneva 1970). The epicenter was between
Erzincan and Erzurum, about 160 km from the Black Sea coast. The magnitude
of the main shock was 7.9 to 8.0 and tsunami amplitudes were larger on the Turkish
coast of the Black Sea, and smaller on the USSR coast. Table 5.5 lists pertinent
information on this tsunami.

Grigorash and Korneva (1972) constructed travel-time charts (they called them
isochrone charts) and refraction diagrams for some Black Sea tsunamis, to examine
the role of refractive focusing on the distribution of tsunami energy. For the tsunami
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F1G. 5.8. Refraction diagrams for the Sanriku coast for 1960 Chilean earthquake
tsunami (left) and 1933 Sanriku earthquake tsunami (right). (Kato et al. 1961)

F1G. 5.9. Ratio of water level on the east coast to the west coast of Ojika
Peninsula of Sanriku coast for 1960 Chilean earthquake tsunami (white
column), and 1933 Sanriku earthquake tsunami (black column). (Kato
et al. 1961)
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TABLE 5.5. Tsunami of Dec. 27, 1939, as recorded by tide gages in
USSR. (Grigorash and Korneva 1970)

Travel time

Initial

rise (+) No. max. Obs. Calc.
Tide station or fall (-) ht. wave (min) (min)
Batumi — 0 0
Poti
Tuapse + 1 50 53.7
Novorossiysk + 1 73 60.0
Kerch + 2 162 166.6
Feodosiya + 3 80 84.0
Yalta + 10 53 46.0
Sevastopol + 7 135 132.0

|

Fi1G. 5.10. Distribution of tsunami energy into 4 equal parts with radial
rays for tsunamis of (a), July 12, 1966; (b), June 26, 1927; and (c),
Sept. 11-12, 1927, without refraction (left) and with refraction (right).
(Grigorash and Korneva 1972)

of June 26, 1972, the bulk of the energy traveled in three directions: (1) toward
the southern coast of the Crimea; (2) into the area between Sudak and Anapa;
(3) toward the southeast coast of the Caucasus and the northeast coast of Turkey.

Very little energy reached the northwest coast of the Black Sea and the coast of
Bulgaria.
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Refractive focusing occurred on the south coast of Crimea where an increase
in the tsunami amplitude could be expected. The pattern of the distribution of
energy for the tsunami of Sept. 11-12, 1927 was quite similar to that of June
26, 1927.

The influence of refraction on the distribution of the tsunami energy can be
seen more clearly in Fig. 5.10 where the total energy of the tsunami has been
divided equally by rays 90° apart (corresponding to the four directions E, W, N,
S). In the initial calculations it was assumed that the rays retain radial direction,
and refraction was ignored (left side of Fig. 5.10). Calculation was made for the
tsunamis of June 26, 1927; Sept. 11-12, 1927; and the Anapa earthquake tsunami
of July 12, 1966.

To construct the right side of Fig. 5.10, refraction charts were used. The areas
between the refracted rays (each contains one-fourth the tsunami energy) are shaded
in the diagram. At the focus, the boundary rays of these areas take the same
directions as those on the left side. Thus, the right side shows the deformation
and rotation of the four energy zones because of refraction. The effect of the
refraction can be best seen for the Anapa tsunami where three of the four areas
point to the shores of the Caucasus.

The total tsunami energy at the focus can be computed, first approximately
by ignoring refraction through Equation (2.14). Let this energy be denoted by E,.
Then the tsunami energy when refraction is taken into account can be expressed
as:

E, =K-E (5.1)
where

oy
1 r
X~ v, coefficient of refraction (5.2)

Thus the left side of Fig. 5.10 shows the calculation with formula (2.14). Equation
(5.1) was used along with the pattern on the right side of Fig. 5.10. However, Ay,
in (5.2) was determined from detailed large-scale charts with several refracted rays
moving from the focus to the observation point. The following table lists the energies
of the tsunamis calculated with and without refraction (Grigorash and Korneva
1972).

Earthquake
magnitude E, E,r
M) (ergs) (ergs)
June 12, 1966 5.25-5.5 6.5 X 10%° 2.0X 10'°
June 26, 1927 5.5 25X 10'* 225X 10'°
Sept. 11, 1927 6.5 5.77 X 10'° 1.9 X 10%®
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Thus, taking into account refraction of the tsunami waves, tsunami energy
was lowered in the first case and increased in the third case. Grigorash and Korneva
(1972) gave the following relation for energy of the Black Sea tsunamis.

logE, =-142+09M (5.3)
r

Soloviev (1965a) described the tsunamis of Kamchatka and Kuril Islands. A
devastating tsunami occurred on Nov. 4, 1952, following an earthquake in Kam-
chatka. The city of Severo-Kurilisk on the island of Maramushir was badly damaged.
There was an initial withdrawal of water in the sea near this city and later the
© tsunami waves attained an amplitude of 10 m and many people were killed. Soloviev
mentioned two similar tsunamis in 1737 and 1780.

Soloviev (1965b) described the tsunami following the Urup earthquake of
Oct. 13, 1963. The tsunami attained amplitudes of 4-5 m and traveled east and
south. There were several aftershocks, the strongest on Oct. 20, and a tsunami was
generated by this aftershock also.

On July 12, 1966, an earthquake with epicenter in the Black Sea occurred
near Anapa and the tsunami generated was the third known tsunami on the Black
Sea coast of the Caucasus (Grigorash and Korneva 1969). The two earliest known
cases are the Anapa earthquake tsunamis of Oct. 4, 1905, and Oct. 21, 1905, in
the eastern part of the Black Sea. The following table compares the observed travel
times of the tsunami with those calculated from the long-wave formula (Grigorash
and Korneva 1969).

Grigorash and Korneva (1969) mentioned there were at least 115 earthquakes
in the Crimea between 1292 and 1948 and, according to them, tsunamis definitely
occurred on Oct. 11, 1869; May 31, 1908; Dec. 26, 1919; June 26, 1927; and Sept. 12,
1927. Tsunamis might have occurred also on July 25, 1875, and Jan. 8, 1902.

Travel time
(min)

Tide station

Obs. Calc.
Batumi 72 72
Feodosiya 109 120
Gelendzhik 27 42
Yalta 69 72

Figure 5.11 shows the epicenters of Crimean earthquakes. They were concen-
trated in a belt on the continental slope and their focal depths ranged from 10
to 40 km. The foci of the Crimean earthquakes are usually elongated; for example,
for the earthquake of Dec. 26, 1919, the length of the focus was 40 km. Because
the foci for the Crimean earthquakes are elongated, the tsunami source areas are
also elongated.

According to Grigorash and Korneva, elongation of the focus can account
for the difference between the observed travel time of a tsunami versus the travel
time computed from the long-wave formula. If the tsunami generation area is
elongated the computed travel time will be greater than the observed travel time.
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FiG. 5.11. Earthquake epicenters in the Crimea 1927-58: (1) 7.25 > M > 6.5;
(2)6.25>M > 525, (3) 5> M > 4.25; (4) M < 4.25; (5) epicenters of June 26
and Sept. 12, 1927, earthquakes; (6) populated areas. (Grigorash and Korneva 1969)

This statement is supported by the following table, which shows the observed and
calculated travel times for the tsunamis of June 26 and Sept. 12, 1927 (Grigorash
and Korneva 1969).

Travel time
(min)
Tide station June 26 tsunami Sept. 12 tsunami
Obs.  Calec. Obs.  Calc.
Feodosiya 48 60 59 63
Yalta 76 90 35 60
Yevpatoriya 8 12 9 11

According to the authors, the distance covered by a tsunami in a time interval
equal to the difference between the computed and observed time can be taken
as an approximate measure of the linear dimension of the tsunami focus. The
Crimean tsunami data also indicated that the linear dimension of the focus increases
with the magnitude of the earthquake; the wavelength of a tsunami increases with
the linear dimension of the focus.

Grigorash and Korneva also mentioned that the source areas of tsunamis
generated in the Kamchatka region may have had linear dimensions ranging from
50 to 600 km. For example, for the tsunami of Nov. 4-5, 1952, in Kamchatka,
the length of the focus was about 200 km.

There is little information on tsumamis on the Caucasian coast. The only one
known with any certainty was on Oct. 4, 1905. Probably there was another on
Oct. 21, 1905. In the literature mention was made of a Caucasian tsunami in the
first century B.C. The most seismically active zone of the western Caucasus is
the Anapa and Sochi areas (Fig. 5.12). The focal depths are small and range from
5 to 20 km. The eastern part of the Black Sea has also strong seismicity. A recent
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F1G6. 5.12. Earthquake epicenters on Caucasian Black
Sea coast and in eastern part of Black Sea 1834-1966;
(1) 5EML625; (2)4<M<S; (3)M<4; (4) epi-
centers of earthquakes accompanied by tsunamis.
(Grigorash and Korneva 1969)

F1G. 5.13. Propagation of the July 12, 1966, tsunami in the Black Sea. (Grigorash
and Korneva 1969)



TABLE 5.6. Tsunamis on the coast of New Zealand. (Laing 1954)

Date

Origin of tsunami

Remarks

Oct. 16, 1848

Jan. 23-24, 1855

Mar. 1856

May 11, 1877

Feb. 26, 1913

Nov. 11, 1922

Dec. 25, 1922

Sept. 4, 1923

June 19, 1929

Feb. 3, 1931

Sept. 16, 1932

Mar. 26, 1947

Wellington earthquake

Wellington earthquake

probably Peru
earthquake
local earthquake

probably Chilean
carthquake

earthquake at Rangiora
Kwanto earthquake in
Japan Sept. 1 (Sept. 2
New Zealand time)
Westport earthquake
Napier earthquake

local earthquake at
Wairoa, Hawke’s Bay

epicenter in the sea about

50 miles east of Gisborne

abnormal sea level changes at
Wellington, Nelson, and Wanganui

initial fall of 1.2 m followed by rise of 3.0 m at
Wellington; similar occurrence at Nelson

large wave at Waiho River and Akaroa; tsunami
observed at Awu Mar. 2 could have been same

tsunami originated in Peru; about 3.0 m amplitude
in Waitangi River and .6 t0 .9 m at Gisborne;
smaller amplitudes at Wellington and Fiji

high water level at Westport

tsunami originated in Chile; observed at
Port Chalmers and Timaru

several large waves at Castlecliff; amplitude
of 38.1 cm at Leithfield Beach

abnormal water level at Wellington on evening of
Sept. 4 and morning of Sept. 5 (local time)

tsunami of 2.4 m amplitude at Karamla; no damage

initial withdrawal of water at inner harbor at Napier

large wave (not verified) at Wairoa

local tsunami; large waves on 12.9 km stretch

between Whangara and Tatapouri; second wave
highest with estimated amplitude of 9.1-10.7 m

tsunami was on July 12, 1966, following an earthquake at Anapa. This is the third
known tsunami on the Black Sea coast of the Caucasus. Figure 5.13 shows the
travel-time curves of this tsunami.

TSUNAMIS OF NEW ZEALAND AND AUSTRALIA
Laing (1954) described briefly the tsunamis that have been observed on the

coast of New Zealand from 1848 10 1947. Table 5.6 is based on this list. Gilmour
(1961) prepared a tsunami travel-time chart for New Zealand. Figure 5.14 shows
the travel time of the tsunami originating at locations further than 1111.7 km from
Wellington to reach a circle of 1111.7 km radius centered on Wellington. Figure
5.15 shows the travel time of a tsunami from a circle 1111.7 km radius from
Wellington to the New Zealand coast. Gilmour (1967) gave a table of the time
intervals between the time a tsunami propagating radially from a distant source
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F1G. 5.14. Travel time (h) of tsunami waves originating at points
further than 600 nautical miles from Wellington to reach a circle
of 600 nautical miles radius centered on Wellington. (Gilmour
1961)

80

FiG. 5.15. Travel time of a tsunami wave from a circle 600 nautical -
miles radius from Wellington to the New Zealand coast, with
successive positions of the wave at 10-min intervals from coin-
cidence with the circle. (Gilmour 1961)
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first reaches a position 1111.7 km from Wellington and the times when the tsunami
first reaches any of the following selected places in New Zealand: New Plymouth,
North Cape, Auckland, East Cape, Napier, Wellington, Lyttelton, Dunedin, Bluff,
Milford Sound, and Westport.

The tsunami following the earthquake of May 9, 1877, on the Pacific coast
of South America was observed in Australia at Sydney, Newcastle, Ballina, Rich-
mond River, New South Wales, and Brisbane. The maximum amplitude in Sydney
Harbor was 1.1 m, at Newcastle it was 0.8 m, and the period was 22 min. At Ballina
the amplitude was 0.5 m. In the recorded history of Australia, the most damaging
earthquake took place on Oct. 14, 1968 (Gordon 1970). The epicenter was near
Meckering in the west part of Australia and the focal depth was only 8 km. The
water-level records at Gnangara (19 km north of Perth) showed a forerunner.

5.2 Tsunamis in the Pacific Islands, Aleutians, and Alaska

TsunaMis IN Hawartr

The following is a partial list of tsunamis that have done at least some damage
in Hawaii. Following the earthquake of Nov. 7, 1837, off the Chilean coast, the
tsunami generated was observed in the Hawaiian Islands with amplitudes to 2.4 m
and periods of 15-30 min. The horizontal motion in Hilo Bay because of this tsunami
was about 14.8 km/h (Jaggar 1931; Hitchcock 1911). The next observed tsunami
was on May 17, 1841, and had a period of about 20 min. On Apr. 2, 1868, a tsunami
accompanied a local volcanic earthquake; at least 46 people died and much destruc-
tion occurred along the shore from Kahuku to Kapopo. This tsunami had amplitudes
of about 3.0 m at Hilo and 3.0-3.7 m at Kaupuna. There was a large negative
amplitude (5.5 m) and the water level oscillated at least 8 times. At Lahaina on
the island of Maui the tsunami period was 7-8 min and there were at least 13
waves. At Honolulu, the amplitude was 1.5 m.

Following an earthquake with epicenter near Arica, a tsunami was observed
in Hawaii on Aug. I3, 1868. This tsunami took about 14 h to travel to Hawaii
and although the amplitudes in Peru were 15.2-18.3 m, in Hawaii the maximum
amplitude was 4.6 m. Considerable damage occurred at Waikea and Kapubhie.

After a volcanic eruption of the summit crater of Mauna Loa, a tsunami of
about 1.2 m amplitude was observed at Hilo on Aug.27, 1872. An earthquake
occurred in Peru and Chile on May 9, 1877, and the tsunami generated arrived
at Hilo on the morning of May 10 with an amplitude of over 3.7 m. Five people
and 17 animals died.

The tsunami caused by an earthquake in the Gulf of Alaska arrived at Hilo
on Feb. 3, 1923, 7 h after the earthquake. Destruction occurred at Hilo and Kahului.
The amplitude at Hilo was greater than 6.1 m and one person died. It appears
that from 1918 to 1929, at least another eight tsunamis occurred. Those definitely
identified were: the Kamchatkan earthquake tsunami of Sept. 7, 1918, which did
some damage at Hilo; the Chilean earthquake tsunami of Nov. 11, 1922; the
Kamchatkan earthquake tsunami of Apr. 13, 1923; and the locally generated tsunami
on Jan. 24, 1926.
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FI1G. 5.16. Molokai Island, showing heights (m) above lower low water, reached during
April 1, 1946, tsunami. (Macdonald et al. 1947)

The tsunami following an earthquake with epicenter roughly 161 km south
of Amukta Island in the Aleutian Island chain attained an amplitude of about
41 cm and a period of about 15 min at Hilo (Jaggar 1929). Following an earthquake
near Rennel Island (an island in the southernmost group of British Solomon Islands,
southeast of New Guinea), a tsunami was generated, Fifty people died on the
island of San Christoval. This tsunami was observed at Hilo with an amplitude
of 0.3 m and period of 15 min.

The tsunami following the Aleutian earthquake of Apr. 1, 1946, killed 173
people and caused so much damage to property in Hawaii that the U.S. Coast
and Geodetic Survey decided to establish a tsunami warning service based at
Honolulu. Shepard et al. (1946) investigated this tsunami and found that the ampli-
tude varied from 2.1 to 16.5 m in a distance of only 8 km. Figure 5.16 shows the
tsunami amplitude distribution along the coast of Molokai.

Powers (1946) gave 10-15 min as the tsunami period at Hilo. The tsunami
traveled to Hilo from the Aleutians (3910 km) with an average speed of 763 km/h.
Green (1946) analyzed the tide-gage records of this tsunami for all tide stations
between 57°N and 33°S and concluded that the observed travel times agreed fairly
well with the travel times computed from the long-wave formula. He also stated
that the initial rise was only about a third of the subsequent fall and this might
be the reason why people usually speak of an initial withdrawal. The average tsunami
period at stations closer to the epicenter was 15.6 min, whereas for stations farther
away the period was 17.4 min.

The epicenter of the Kona earthquake was in the Island of Hawaii and most
of the destruction occurred in the Kona area, on Aug. 21, 1951 (Macdonald and
Wentworth 1951). At Napoohoo the water level fell by 1.2 m and then rose by
0.6 m. The negative and positive amplitudes at Milolui were, respectively, 0.9 and
1.1 m. The Kamchatkan earthquake tsunami arrived in Hawaii with amplitudes
to 3.5m and periods of about 17 min. Most damage occurred near Hilo. Figure
5.17 compares the tsunami amplitudes on the island of Hawaii of the 1946 Aleutian
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Fi6. 5.17. Hawaii, showing heights reached by waves of tsunamis Nov. 4, 1952, and April 1,
1946. Larger numbers are heights of 1952 tsunami, smaller numbers in parentheses are heights
of 1946 tsunami. Heights are in meters above lower low water. (Macdonald and Wentworth
1954)

earthquake tsunami and the 1952 Kamchatkan earthquake tsunami. This instance
of the 1952 earthquake tsunami presented one of the few recorded instances of
the simultaneous occurrence of a storm surge and a tsunami. This interaction
occurred at Keaukou on the island of Hawaii.

The epicenter of the Aleutian earthquake of Mar. 9, 1957, was at S1.3°N,
175.8°W and the time was 14 h 22 min 27 s, GCT. The resulting tsunami caused
great damage on the islands of Kaui and Oahu and slight damage in the other
Hawaiian Islands. The amplitudes on Hawaii were somewhat intermediate to those
of the Aleutian earthquake tsunami of Apr. 1, 1946, and the Kamchatkan earthquake
tsunami of Nov. 4, 1952.
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FiG. 5.18. Hawaii, showing run-up heights (m) above mean lower low water during 1960
tsunami. (Cox and Mink 1963)

The Chilean earthquake tsunami of May 22, 1960, arrived at the Hawaiian
Islands May 23, at 0100 (Reese and Matlock 1968). Most damage occurred at Hilo
and some at Kahului on the Island of Maui. According to Cox and Mink (1963)
61 people died and 282 were injured. This is rather strange because tsunami warning
was given to the public $ h in advance. This unfortunate instance shows the need
to educate the public about the danger of tsunamis and to issue unambiguous
warnings (see Chapter 6). Figure 5.18, 5.19, 5.20, respectively, show the tsunami
amplitudes on the islands of Hawaii, Maui, and Kauai. Figure 521 compares the
amplitudes along the island of Oahu for the 1946 Aleutian, for the 1952 Kamchatkan,
for the 1957 Aleutian, and the 1960 Chilean earthquake tsunamis.
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F1G. 5.19. Maui, showing run-up heights (m) above mean lower low water during 1960
tsunami. (Cox and Mink 1963)
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F1G. 5.20. Kauai, showing run-up heights (m) above mean lower low water during 1960
tsunami. (Cox and Mink 1963)
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FiG. 5.21. Oahu, showing run-up heights (m) and directions of approach of 1946, 1952, 1957, and
1960 tsunamis, — direction of travel. (Cox and Mink 1963)

In concluding this subsection, Hawaiian tsunamis in general will be briefly
discussed. According to Macdonald et al. (1947) the average frequency of tsunamis
in Hawaii is more than one per year. However, not all cause damage. Between
1819 and 1947, 27 significant tsunamis occurred, but only 5 caused severe damage
(Table 5.7). Hatori (1963) compared the tsunami amplitudes at several locations
on the Hawaiian Islands for different tsunamis that originated elsewhere (Table 5.8).

Some specific points of relevance to tsunamis in Hawii will be briefly discussed.
Adams (1973) developed the so-called “conditional expected tsunami inundation”
(CETI) charts for the Hawaiian Islands. These maps are an improvement over
the potential tsunami inundation charts used by the Hawaii Civil Defense to evacuate
people from coastal areas in the event of a tsunami. The potential tsunami inunda-
tion is not a precisely defined upper bound, hence, tends to be on the conservative
side. The additional information used in CETI is available during the course of
an actual tsunami warning, ie. the location of the epicenter and observations of
the tsunami waves within a few hundred kilometers off Hawaii. Adams gave tables
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TasLE 5.7. Hawaiian tsunamis during 1819-1946. (Macdonald et al.

1947)

Avg.

speed

Source Damage in of waves

Date (nearest coast) Hawaii (km/h)
Apr. 12, 1819 unknown unknown -
Nov. 7, 1837 South America severe -
May 17, 1841 Kamchatka small -
Apr. 2, 1868 Hawaii severe -
Aug. 13, 1868 South America severe -
July 25, 1869 South America (?) moderate -
Aug. 23, 1872 Hawaii small -
May 10, 1877 South America severe -
June 15, 1896 Japan none 769.2
Aug. 9, 1901 Japan (7) none -
Jan. 31, 1906 unknown none -
Aug. 16, 1906 South America small -
Sept. 7, 1918 Kamchatka small 733.8
Apr. 30, 1919 unknown (distant) none -
Nov. 11, 1922 South America none 724.2
1923 Kamchatka moderate 695.2
Apr. 13, 1923 Kamchatka none 704.9
Nov. 4, 1927 California none 743.5
Dec. 28, 1927 Kamchatka none 704.9
June 16, 1928 Mexico none 743.5
Mar. 6, 1929 Aleutian Is. none 791.8
Oct. 3, 1931 Solomon Is. none 719.4
Mar. 2, 1933 Japan small 767.6
Nov. 10, 1938 Alaska none 798.2
Dec. 7, 1944 Japan none 684.0
Apr. 1, 1946 Aleutian Is. severe 788.6

of the CETI for the islands of Hawaii, Kauai, Maui, Molokai, and Oahu. For
each island, the CETI was given for a tsunami of magnitude 4 (Imamura-lida
scale) coming from any of the three sectors of the Pacific Ocean basin: northwest,
northeast, and southeast. Adams (1967) also showed how the decision-making theory
concepts and systems analysis could be profitably used in the tsunami warning
service.

Loomis (1972) examined the water-level distribution on the coasts of the
Hawaiian Islands following the 1964 Alaskan earthquake tsunami and offered the
following comments: the tsunami caused little damage in Hilo because the successive
crests of the tsunami rapidly became out of phase with the natural oscillations
of the Hilo Bay. Low coherence of the tsunami at Midway Island, Honolulu, Kahului,
and Hilo does not support the hypothesis that a coherent source of waves was
emanating from the Gulf of Alaska. Reflections of the tsunami from North America,
Kamchatka, Mexico, and Australia can be identified in the energy decay curve.
These points need elaboration.
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TaBLE 5.8. List of the wave heights (meters) above mean low water for Hawaiian tsunamis. (Hatori
1963)

Sanriku Sanriku Aleutian Kamchatka Aleutian Chile
1896 1933 1946 1952 1957 1960

Hilo 24 6~.9 8.5~9.1 0~27 24~40 4.0~5.8
Keaau 7.3 0 24
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The tsunami record at Mokuoloe Island (on Oahu) showed five large waves
with crests separated by an average period of 100 min. This can be interpreted
as the low-pass filter effect of a large shallow bay enclosed by a reef. The tsunami
waves arrived at Hilo, Honolulu, and Kahului with a period of 23 min. This period
agreed with the period of natural oscillation at Kahului, hence, resonance amplifica-
tion of the tsunami occurred. However, the period of natural oscillation of Hilo
Bay was 30 min and as this did not agree with the incoming tsunami period,
resonance amplification did not take place at Hilo.

Loomis stated that the data in Hawaii for this 1964 tsunami does not support
the hypothesis of the “inverse tsunami problem” (Chapter 2) which assumes it
is possible to determine the deepwater signature of a tsunami based on coastal
records. Specifically, Loomis tested the hypothesis that the water in the Gulf of
Alaska was set into oscillation following the earthquake and this oscillation in the
Gulf fed energy into the Pacific Ocean at a constant frequency (or frequencies).
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To test this coherent source hypothesis, the coherence and quadrature spectra
between all pairs of the stations at Midway, Honolulu, Kahului, and Hilo were
calculated from a 24-h record beginning 6 h after the first arrival of the tsunami.
These spectra did not support the idea of a coherent source.

Figure 522 shows the energy decay curves for Hilo and Honolulu for the
1964 Alaskan earthquake tsunami. Loomis considered the tsunami energy in the
11- to 33-min band, for the following reasons. The lower limit of 11 min was
set because both Honolulu and Hilo harbors have natural periods less than 11
min and sustained harbor oscillations could mask the tsunami energy. The upper
bound of 33 min was set because this period is well removed from the tidal periods
and is about the longest period that can be contained in a window of effective
1-h width, necessary to give the detailed time dependence of energy decay desired.
For the first part of the decay curve, the decay constants for Honolulu and Hilo
were, respectively, 12.5h™ ' and 122 h™ .

Loomis attempted to identify the sources of some peaks in the energy decay
curve. If the tsunami travel time from Honolulu to Hilo were about 1 h, reflections
arriving on the Hilo-Honolulu axis would be separated by 1 h, whereas those
arriving perpendicular to the axis would arrive simultaneously. Thus, the peak at
Honolulu (0216 h) and at Hilo (0300 h) could have been reflections from the coast
of Alaska. The following table summarizes the possible reflections.

Peak at Honolulu  Peak at Hilo Coast producing reflection
() )

0216 (Mar. 28) 0300 (Mar. 28) Alaska

0530 0530 Washington-Oregon

0830 0900 Northern Japan and

Kamchatka

1000 0900 Mexico

2000 2000 Australia-New Guinea

1600 (Mar. 29) 1600 (Mar. 29) Antarctica

Loomis (1966) studied the spectra at several stations in Hawaii for the tsunamis
of Oct. 13, 1963; Oct. 20, 1963; and Mar. 28, 1964. He found that a given tsunami
produced spectra that were somewhat similar for the low frequencies (i.e. up to
1.6 C/KS) at nearby stations, but for stations as far apart as Hilo and Honolulu
(338 km), this similarity disappeared. Only qualitative similarities can be seen in
the spectra at a given station for different tsunamis. The time changes in the spectra
at a given station do not appear to support the hypothesis of a simple local response
function.

The Chilean earthquake tsunami of May 1960 produced bores on the Sanriku
coast of Japan as well as in Hilo Bay. In fact, the greatest heights observed in
Hawaii occurred at Hilo. The third wave was developed into a bore in the bay
and attained horizontal velocities of 15 m/s and vertical amplitude of 10 m (Cox
and Mink 1963). Figure 5.23, 5.24, and 5.25 show some damage done by this tsunami
at Hilo.
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Fic. 5.22. Energy decay at Hilo and Honolulu for Alaskan earthgquake tsunanu
March 28, 1964. Energy is in cm® in the frequency band of 0.03-0.09 cycle
min averaged over a cosine window of effective width 1 h. (Loomis 1972)

FiG. 5.23. Chaotic mass of debris. including automobiles, houses, and machinery, left by
May 23, 1960, Chilean earthquake tsunami at Hilo, (Cox and Mink 1963)
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F1G. 5.24. Large building carried across a street by May 23, 1960, Chilean earthquake tsunami,

in the Waiakea section of Hilo. (Cox and Mink 1963)

FiG. 5.25. Remains of a residential area in Hilo after May 23, 1960, Chilean earthquake

tsunami. {Cox and Mink 1963)
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TSUNAMIS OF THE ALEUTIAN ISLANDS AND ALASKA

Adams (1972) suggested that the Aleutian earthquake tsunami of Apr. 1, 1946,
was a rare event and considered it to be at least a 1-in-2000 years event. This
tsunami originated near the Unimak Island and traveled distances of 11,263 km
and caused great damage.

The seismicity of the region consisting of Amchitka Island received considerable
attention in the late 1960s and the early 1970s, because of the underground nuclear
explosions “Milrow” and “Cannikan” conducted there (see Chapter 2). Hwang et
al. (1970b) studied the tsunamis in the Amchitka Island region. In particular, they
considered the tsunamis generated by the Andreanof earthquake of 1957, the Chilean
earthquake of 1960, the Alaskan earthquake of 1964, and the Rat Island earthquake
of 1965.

Cox and Pararas-Carayannis (1969) prepared a catalog of tsunamis in Alaska
and Table 5.9 is based on this information (a recent revised edition prepared by
Cox et al. 1976 is also available). Following the Alaskan earthquake of July 10,
1958, (GCT) a rockslide was triggered into the deep water in Gilbert Inlet, one
of the two arms of Lituya Bay (a T-shaped tidal inlet on the northeast shore of
the Gulf of Alaska). The rockslide with a volume of 3.06 X 107 m? caused the
water to surge to an altitude of 530 m on a spur opposite the point of impact,
and generated a gravity wave that swept 11.3 km to the mouth of the bay at a
speed probably between 156 and 209 km/h. The surge and the wave destroyed
the forest on the shores over an area of 10.4 km?, sank two or three fishing boats,
and took two lives (Miller 1960).

The earthquake of Mar. 28, 1964, with epicenter in Prince William Sound,
Alaska, was one of the most damaging in the history of the North American
continent. It had a magnitude of about 8.4 and the tsunami generated caused great
damage, mostly in North America. Spaeth and Berkman (1967) described this
tsunami and reproduced some tidal records. The number of casualties in Alaksa,
Oregon, and California due to this tsunami was 122. Table 5.10 compares the
maximum water level at several stations for different tsunamis. Wilson and Térum
(1968) made a thorough evaluation of this tsunami from an engineering point of
view. The committee on Alaska earthquake of the Division of Earth Sciences,
National Research Council of the U.S. National Academy of Sciences prepared
several volumes dealing with all aspects of this earthquake and the resulting tsunami.
Figure 5.26 to 5.33 show the damage in different locations.

TsuNaMis IN OTHER PACIFIC ISLANDS

Repetti (1946) gave a list of Philippine earthquakes and tsunamis from 1589 -
to 1899. During this period there was hardly any instrumentation in use. Table
5.11 lists some tsunamis during this period and was prepared from the information
in Repetti’s paper. Maso (1918) described the destructive tsunami due to the earth-
quake of Aug. 15, 1918, in the island of Mindanao. The epicenter was in the Celebes
Sea. The generated tsunami swept the coast between Lebak and Glan. Maximum
height of the tsunami was 7.3 m at some locations; at Glan, its height was 5.5 m.
Several people were killed in the Sarangani Bay area. At Port Lebak, the tsunami
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TABLE 5.9. Some important tsunamis of Alaska.

Origin of earthquake

Remarks

July 22, 1788

?,1827

7, 1845
Aug. 29, 1878

Sept. 10, 18399
(Coffman and
Von Hake (1973)
gave date as
Sept. 3)

July 4, 1905
Feb. 23, 1925
Dec. 7, 1944

Apr. 1, 1946

Nov. 5, 1952

Mar. 9, 1957

July 9, 1958
May 22, 1960

Mar. 27, 1964

Feb. 3, 1965

Alaskan Peninsula

Eastern Aleutians
near Unimak

Yakutat Bay

Eastern Aleutians
near Unalaska

Yakutat Bay

Yakutat Bay
Port Valdez

Kii Peninsula (Japan)

Eastern Aleutians

East Kamchatka

Unimak Island

Lituya Bay
South Chile

Prince William

Sound

Rat Island
(Aleutians)

tsunami at Shumagin Island, Kodiak Island,
Three Saints Bay, Unga, Sanak, and
Alaskan Peninsula; several persons drowned

tsunamis at Chernabura Island

tsunamis at Yakutat Bay; 100 people killed -

village of Makushin destroyed by earthquake
and tsunami

tsunami in Yakutat Bay, Disenchantment Bay; maxi-
mum height 10 m; perhaps an independent slump

in Russelford wave height 4+-6 m
in Valdez, boardwalk destroyed by waves

tsunami height 0.3 m in Massacre Bay and 0.1 m in
Sweeper Cove: tsunami caused 998 deaths in Japan

tsunami amplitude in Unimak Island 30 m. 5 people
killed; at Yakutat and Sitka maximum amplitudes
0.2 and 0.4 m; attained amplitudes of 3.5 m
at Santa Cruz and Half Moon Bay, Calif..
I person killed

tsunami attained amplitudes of a fraction of a meter
in Kodiak, Women’s Bay, Seward, Yakutat, Juneau,
and Sitka; amplitude of 1.5 m observed in Aleutians

tsunami probably attained maximum amplitude of 15 m
near Scotch Cap in Unimak Island; at Sweeper Cove
maximum amplitude 4 m; at Massacre Bay and Dutch
Harbour amplitudes of 0.6 and 0.7 m

wave amplitude 525 m (a splash of water); 2 deaths

at Sitka, Yakutat, and Kodiak amplitudes were 0.6,
0.9, 0.7 m; amplitude greater than 1.8 m at Massacre
Bay; at Dutch Harbour and Sweeper Cove, 0.8 and
1.5 m, respectively

in Valdez amplitude more than 6 m, 31 deaths;
Passage Canal, at Whittier, maximum amplitude 9.2 m,
13 deaths; Chenega, Prince William Sound, amplitude
16.6 m, 23 deaths; Seward, amplitude 7.0 m, 12 deaths;
Alaska, 20 deaths, Kodiak Island, amplitude about 20 m;
about 9 m at Old Harbour and Kaguyak; about 6 m at
Kodiak and Women’s Bay; about 4 m at Cordova and
Cape Yakatag; over 2 m at Yakutat and Sitka; about
1 m at Juneau and Seldoval

tsunami of 3.2 m at Massacre Bay and 0.2 m at
Dutch Harbour
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TabLE 5.10. Comparison of maximum recorded rise or fall (meters) at selected stations
for Alaskan earthquake tsunami of Mar. 28, 1964, and earlier tsunamis, (Spaeth and
Berkman 1967)

1946 1952 1957 1960 1964
Massacre Bay, Alaska 2.4 1.2 34 8.5
Sweeper Cove, Alaska . 2.1 2.1 .58
Yakutat, Alaska .55 67 1.6 2.3
Sitka, Alaska 79 .46 79 91 4.4
Prince Rupert, B.C. 12 2.7
Tofino, B.C. .58 .61 1.4 2.5
Neah Bay, Wash. .37 .46 .30 73 1.4
Crescent City, Calif. 1.8 2.0 1.3 3.3 4.0
San Francisco, Calif. 52 1.0 .52 .88 2.3
Santa Monica, Calif. L1 91 2.8 2.0
Los Angeles, Calif. .76 .61 .64 1.5 .97
La Jolla, Calif. .43 .24 61 1.0 .67
San Diego, Calif. 37 .10 46 1.4 1.1
Ensenada, Mexico 1.0 2.5 2.4
Salina Cruz, Mexico 1.2 .36 1.6 .85
La Libertad, Ecuador 1.9 1.0 1.9 1.3
La Punta. Peru 1.9 27 2.2 1.9
Antofagasta, Chile 1.8 1.4 91 1.4 1.0
Valparaiso, Chile 1.5 1.8 2.0 1.7 1.9
Talcahuano, Chile 3.7 1.4 5.1 1.6
Hilo, Hawaii 24 2.7 3.0 38
Honolulu, Hawaii ' 1.2 1.3 97 1.7 82
Midway Island 2.0 .82 .60 27
Johnston Atoll .43 21 1.0 .30
Pago Pago Harbor, Amer. Samoa 1.8 43 1.6 .40
Wake Island 52 .73 1.0 15
Ft. Denison, Sydney Harbour, Aust. .82 .30
Coffs Harbour, N.S.W_, Aust. 1.0 06
Miyako Jima, Japan S 3 33
Aburatsu, Japan 2.0 73
Shimizu (Tosa) Japan ‘ 2.7 .55
Kushimoto, Japan 3.2 .79
Toba Ko, Japan - 1.8 .24
Mera, Japan : 2.4 58
Hanasaki, Japan 2.5 .67
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Fig. 526. View of part of Kodiak City showing destruction caused by March 1964
Alaskan earthquake tsunami. (Wilson and Térum 1968) (Photo by Alf Madsen)

FIG. 5.27. Damaged road bridge on the Deltaic area at the southwest head
of Women's Bay, following March 1964 Alaskan earthquake (sunami.
(Wilson and Térum 1968) (Photo by U.8. Navy)
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FiG. 5.28. Remains of the Alaska railroad docks at south end of Seaward
after earthquake and seismic sea waves March 1964. (Wilson and Térum
1968) (Photo by Irvin Cook, Anchorage)

Fi16. 5.29, Deck of tanker Aluska Standard with wreckage from Standard Oil Company
dock at Seaward, Alaska, following March 1964 tsunami. (Wilson and Tdrum [968)
(Photo by Standard Oil Company of California)



FIG. 5.30. Part of the Alaska railroad freight yard showing tracks stripped
of rails following 1964 Alaskan earthquake tsunami. (Wilson and Térum
1968) (Photo by Dave Thompsen, Seward)

F1G. 5.31. One hundred and fifteen ton locomotive transported and overturned
by March 1964 tsunami. (Wilson and Térum 1968) (Photo by Dave Thompson,

Seward)
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F1G. 5.32. Chaos of wreckage left by 1964 Alaskan earthquake tsunami at
the northwest end of head of Resurrection Bay (Wilson and Térum 1968)
(Photo by U.S. Army)

P SO, i gy, e - o -

FiG. 5.33. View of Alaska Ave., Valdez after March 1964 tsunami, {Wilson
and Térum 1968) (Photo by U.S. Army)



TaBLE 5.11. Philippine tsunamis during the period 1589-1899.

Remarks
Sept. 1627 earthquake in Province of Cagayan; in Camarines a tsunami caused some
destruction
Dec. 21, 1636 earthquake in western Mindanao near Punta Flecha; a mountain fell into the sea
July 1653 earthquake in island of Mindora; tsunami observed in Straits of San Bernardino
? 1744 earthquake in northern Luzon; a tsunami mentioned
Nov. 9, 1825 earthquake near Manila; water level fluctuations observed in a river
Sept. 16, 1830 earthquake at Manila; overflowing occurred in a river
Sept. 21, 1897 earthquake at Mindanao, Sulu Archipelago, and southern Visayan Islands; sea rose

and fell near Zamboanga; tsunami also observed at Jolo, Isabela, San Roman,
Recodo, Sibuguey Gulf

amplitude was 1.8-2.4 m and six people were killed. Truby (1971) described the
areas affected by the tsunami following the Krakatoa eruption of August 1883.

The Suvan earthquake of Sept. 14, 1953, had its epicenter at 18°30’S, 178°30’E.
The tsunami caused by the earthquake itself was small but the tsunami created
by the landslide following the earthquake attained amplitudes to 1.8 m (Houtz
1962). The pattern of cable breaks at the bottom of the sea gave credence to the
argument that the tsunami was caused by a landslide following the earthquake
and not directly by the earthquake itself.

Keys (1963) described the Chilean earthquake tsunami of May 22, 1960, as
observed in the Samoa and Cook islands. There are three main islands in the
Samoan Archipelago, Savaii (Western Samoa), Upolu (Western Samoa), and Tutuila
(American Samoa). Table 5.12, 5.13, and 5.14, respectively, give some information
on the tsunami as observed on the islands of Upolu, Savaii, and Tutuila. Table
5.15 lists some tsunamis in the Samoa Islands area from 1917 to 1959. This table
based on information contained in Keys (1963).

Vitousek (1963a) described the 1960 Chilean earthquake tsunami as observed
in French Polynesia. Figure 5.34 shows the tsunami height distribution along the
coast of Tahiti.

On July 14, 1971, an earthquake of magnitude 7.9 occurred at 5°30'S, 153°54'E
Many aftershocks followed this and a second major earthquake occurred on July
26, 1971, with epicenter at 4°54'S, 153° [2'E. Table 5.16 summarizes the pertinent
information on the tsunamis that followed the two earthquakes.
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TaBLE 5.12. Tsunami of May 23, 1960, at Upolu in the Samoa and Cook islands. (Although the tsunami originated in Chile May 22 it was May 23

in Samoa and Cook islands.) (Keys 1963)

Time Range Period First Remarks
(GMT) (m) (min) feature
Observatory 0750 15 30 crest first arrival
tide-gage record

Fagaloa Bay 0815+ 1.8+ 10 £ - observed by Samoans

Sataoa 0915 + 24+ 20 - 3 large waves at this time, second and third largest; max. crest
1.5 m; report reliable; reef offshore

Fagaloa Bay 1045 49+ 10 £ trough observed by Samoans; major wave in Samoa; subsequent crest
caused minor damage to buildings; 44 gal drums gasoline
carried 73.1 m inland; probably correlation between this
and similar wave in Rarotonga at approx. 0930 GMT;
no indication of series of crests

Lalomanu 1045 + 1.8+ - crest range refers to half amplitude; wave appears to be same as
crest at Fagaloa Bay, possibly preceded by trough, no
conclusive verification; 2 fishermen in canoes 1.6 km from
shore, but inside reef, swept ashore; one major wave only

Poutasi 1100 (7 1.8-2.1 5 - report sketchy; reef well offshore

Apia Harbor 1100 1.2+ g+ - prominent continuous surge but no sinusoidal wave form
observed; no damage at any stage

Upolu south coast 1430-1600 Approx. 5-6 - continuous short-period surges

beaches, e.g. Lepa 12-1.8

Malaela 1730 1.8+ 4 - successive crests advancing and retreating across lagoon for
about 1.6 km as long, straight lines

Fagaloa Bay 1930 1.2+ 3 - sinusoidal waves coming up bay seen from Fagaloa saddle

Apia Harbor 2345 5 - trough sea retreated in harbor and returned several minutes later;
eyewitness accounts not consistent; one wave only, but no
sign on tide-gage record

Observatory to May 29 - - - tsunami can be identified to this time; no indication of new

tide-gage record

onset corresponding to sea wave of May 25; no reports
of second wave in Samoa




TaBLE 5.13. Tsunami of May 23, 1960, at Savii. Although tsunami originated in Chile on May 22,
it was May 23 in Samoa and Cook islands. (Keys 1963)

Time Range Period Remarks

(GMT) (m) (min)
Falelima 0800 + 2.4-2.7 30+ 3 large waves; reef very close to shore
Neiafu - 3.0 - 1 large wave; max. crest +2.1to +2.4m
Tufutafoe 0900 = 3.0(7) 15+ reef terminates 45.7 m offshore; 2 major

crests observed, max. +1.8t0 +2.1 m

Tuasivi during 1.2-1.5 short short period surges; shallow lagoon

night screened by reef at about 457 m
Sasina 1600 1.5 30+ waves over road at head of bay;

bay enclosed by reef

TaBLE 5.14. Tsunami of May 23, 1960, at Tutuila. (Keys 1963)

Time Range Period  First
(GMT) (m) (min)  feature Remarks
Pago Pago tide gage 0735 23 15 crest  crest amplitude of first arrival
(Goat Island)
One-half mile up bay 0900 (7 3.0-3.7 - - max. crest 1.8-2.1 m, probably
from Goat Island same as on marigram at 0845
Tafuna 0840 - - - not observed, loud rumble for
about | min
One mile up bay 081s 24-30 20+ - series of 5 large waves identifiable
from Goat Island on marigram
Pago Pago village - 4.6-49 20+ - village at head of bay; estimated
$50,000 property damage
Fagaalu during night 1.2 + - - located immediately inside harbor
entrance, debris on road
Pago Pago tide gage May 29, - - - tsunami identifiable to this time
0100
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TABLE 5.15. Some previous tsunamis in Samoan Islands.

Epicenter
May 1, 1917 Kermadec Islands
June 25, 1917 Samoa Islands
Sept. 7, 1918 ~ Kuril Islands
Apr. 30, 1919 Tonga Islands
Sept. 20, 1920 New Hebrides Islands
Nov. 11, 1922 Chile
Feb. 3, 1923 Hawaii
June 17, 1928 Mexico
June 3, 1932 Mexico
Mar. 2, 1933 Japan
Dec. 7, 1944 Japan
Apr. 1, 1946 Aleutian Islands; also reflection
Nov. 4, 1952 Aleutian Islands
Mar. 9, 1957 Aleutian Islands
Nov. 6, 1958 Kuril Islands

40’1
Pacific Ocean
11
17°30'
20"
T T T
40’ 30 149°20’ o

FiG. 5.34. Tahiti, showing locations mentioned in text and run-up heights (m) during tsunami
May 22, 1960. (Vitousek 1963a)
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TaBLE 5.16. Relevant information on the Solomon Sea tsunamis of July 1971. (Braddock 1973)

Greatest Approx.
amplitude distance
Initial wave Following Max. crest Arrival from Travel Avg
Period initial rise fall elevation to trough time epicenter time speed
Tide station (min) (m) (m) (m) (m) (EST) (km) (min) (km/h)
Rabaul July 14 26 .54 .54 1.3 .79 1703 241.4 52 273.6
40°12'S, 152°12'E July26 30 49 1.1 1.4 1.3 1151 144.8 28 305.8
Aitape July 14 recorder not operational
30°07'S, 142°24'E July 26 uncertain 1520 1207.0 249 305.8
Alotau July 14 uncertain 1740 659.8 89 442.6
10°17'S, 150°25'E July26 27 .09 12 tidal effects 18 1245 708.1 82 515.0
dominate
Anewa Bay July 14 105 .20 .24 1.6 48 1646 201.1 35 346.0
6°11'S, 155°33'E July26 10 12 .06 tidal effects .43 1209 297.7 46 386.2
dominate




TABLE 5.17. Tsunamis on west coast of South America from 1562 to 1960. (Based on Beringhausen 1962)

Epicenter

Remarks

Oct. 28, 1562
Feb. 8, 1570
Dec. 16, 1575
July 9, 1586
Nov. 24, 1604
27 1615
Mar. 15, 1657
June 17, 1678
2 7 1686
Oct. 20, 1687
Nov. 26, 1705
27 1724
July 8, 1730
Oct. 28, 1746
May 25, 1751
Apr. {1, 1819
Nov. 19, 1822
Nov. 11, 1922
Nov. 21, 1927
Mar. 31, 1928
Apr. 26, 1928
Dec. 28-30, 1930
July 13, 1936
Aug. 24, 1942
Apr. 6, 1943
Apr. 1, 1946
Nov. 5, 1952
Apr. 19, 1955
Mar. 9, 1957
Jan. 19, 1958
Feb. 7, 1959
May 22, 1960

between 37° and 39°S
near Concepcion, Chile
between 39° and 41°S

near Lima, Peru
near Arequipa, Peru

in Chile

between 36° and 39°S

near Sante Fe, Peru
in Chile

in Peru

5

near Lima
near Rio Aconcaqua

in Peru

near Concepcion, Chile

near Copiapo, Chile

15 miles north of
Valparaiso, Chile

near Coquimbo

44°40'S, 73°00'W
Antofagasta, Chile
in Peru
in Chile

24°S,70°W

near Pisco, Peru
33°01'S,71°38'W
53°30'N,163°W

52°30'N,159°E

30°S,72°W
S1°18'N,175°48'W

01°30'N,70°30'W
4°S,81.5°W
41°8,73.5°W

about 1448.4 km of coastline affected

great damage

intense tsunamis at Valdivia (Bahia Corral); no tsunamis
at Bahia de Arabco or Concepcion

tsunami amplitude 25.6 m

tsunami felt along more than 1448.4 km of coastline;
Arica inundated

tsunami Arica

tsunami along considerable length of coastline;
Concepcion inundated

tsunami observed

tsumami observed

destruction at Callao

tsunami observed in Arequipa

24.4 m tsunami at Callao caused damage

tsunami affected 965.6 km of coastline; inundations at
Valparaiso and Concepcion

24.4 m tsunami at Callao; about 4800 people killed;
damage at Cavallos, Cuanape, Changay, Gaura

tsunamis inundated Concepcion; also at Islas Juan
Fernandez

tsunami destroyed Caldera

tsunami caused damage along coast from Rio Copiapo
to Valdivia

hundreds of people killed; 5.2 m waves at Coquimbo;
6.4 m waves at Caldera; at Chanaral 9.14 m tsunami

tsunami observed along 40.2 km of coastline near Rio Aisen

huge tsunami near port of Molito

tsunami observed

tsunami along 482.8 km of coast; large amplitude at
Coquimbo

small tsunami

tsunami observed at Callao and Matarani

.91 m tsunami at Valparaiso

destructive tsunami at Iquique, Isla Juan Fernandez; 1.5 m
or more at Matarani, Antofagasta, Valparaiso; .97m at
Talara

light tsunami damage at Callao; damage at Valparaiso,
Punta, Coquimba; 1.8 m tsunami at La Libertad and
Callao, Valparaiso; about 2.3 m at Arica; over
2.8 m at Caldera, and about 3.7 m at Talcahuano

.91 m tsunami at Coquimbo, Tongay, La Serena

tsunami of about .76 m at Talara, Chimbote; about .91 m
at Arica: 1.1 m at La Libertad: 1.3 m at Matarani,
Caldera: 1.4 m at Talcahuano, and 2.0 at Valparaiso

large tsunami at Las Esmeraldas and Guayaquil

small tsunami at Talara .

tsunami about 5.0-7.4 m, eastern Chiloe, record indicates
one of the large tsunamis of the past century: tide gages

ave following maximum oscillations: Matarani 1.2 m,

gan Juan 914 m, La Punta (Callao) 2.2 m, Chimbote
1.2 m, Talara 1.7 m, La Libertad 1.9 m, San Cristobal
(Galapogos Is.) 1.2 m, Tumanco smalil wave,
Buenaventura, small wave
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5.3 Tsunamis in South and North America (Excluding Alaska)

SOUTH AMERICAN TSUNAMIS

Berninghausen (1962) gave a list of 49 tsunamis on the west coast of South
America from 1562 to 1960. Table 5.17 summarizes the pertinent information
contained in this paper. Lomnitz (1971) listed and described the tsunamis on the
coast of Chile from 1535 to 1955. Neither list appears to be complete and there
are some disagreements as to dates in the two lists. Figure 5.35 compares the
amplitudes on the South American coast from the tsunamis of May 9, 1877, and
May 22, 1960.

Hatori (1968) discussed tsunamis (generated by earthquakes in South America)
that occurred along the Japanese coast. Yumura (1961) gave a list of tsunamis
in Japan due to distant earthquakes, especially from Peru and Chile. A very impor-
tant reference for tsunamis in the Pacific Ocean is the catalog prepared by lida
et. al. (1967). According to Hatori, in waters near the South American coast about
52 tsunamis were documented from 1562 to 1966. Of these, 15 tsunamis arrived
at the Japanese coast, and of the 15, only 5 had amplitudes in excess of 2 m and
caused damage on the Sanriku coast. Table 5.18 lists South American earthquakes,
classified according to magnitude, which generated tsunamis observed in Japan.

Tsunami of 1877 Tsunami of 1960
35°S
- 20°S
g §
8 8
2 o 40°
£ £
& &
- 25°
Caldera
Corrizal }: 45° 1
1.
- 30°

) L]

75° 70°W
F16. 5.35. Distribution of tsunami height (m) for tsunamis of 1877 and
1960. (Hatori 1968)
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TaBLE 5.18. (A) Number of earthquakes, (B) tsunami-
genic earthquakes near the Pacific coast of South
America, and (C) tsunamis observed in Japan from 1900
to 1966. (Hatori 1968)

Earthquake

magnitude
M) A B C
<6.9 1 1
7.0~7.2 49 3 0
7.3~175 22 3 i
7.6~17.8 9 3 0
7.9~38.1 4 2 1
8.2~84 2 2 2
8.5~ 8.6 2 2 2

Figure 5.36 shows the relation between tsunami amplitudes in Japan and Hawaii
and earthquake magnitudes in South America.

Tsunamis from South American earthquakes were observed in Australia and
New Zealand also. In Australia, at least two observations were made for the tsunami
following the May 9, 1877, earthquake with epicenter at Iquique, Peru. The tsunami
amplitude at Sydney was 0.6 m whereas at Newcastle the water level fell by 6.1 m.
In New Zealand there were several observations of this tsunami. Tsunami amplitudes
of 0.9-2.4 m with periods of 15-60 min were observed at several locations. At Samoa
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F1G. 5.36. Relation between wave heights at several places in Japan and
Hawaii and magnitude of South American earthquake, @ Japan,
B Hawaii. (Hator1 1968)
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Islands, Apia (13°49'S, 171°41'W) the maximum amplitude of the tsunami was
3.7 m with a period of 10 min (Milne 1880).

The Chilean earthquake tsunami of May 1960 observed along the coast of
Chile will be described briefly. An excellent source of reference for this is Sievers
et al. (1963). The earthquake occurred at 1510 h Chilean time (GCT + 4) and
damage from the earthquake and the tsunami was widespread in the provinces
between Concepcion and Chiloé. The cities most alfected were Puerto Montt,
Valdivia, Ancud, Castro, and Corral. In this zone, all the ports were destroyed
by the tsunami. Figure 5.37, 5.38, and 5.39 show the destruction in three locations.

Tsunami heights to 20 m were observed. One significant point is that the tsunami
entered the harbors of Ancud and Punta Corona as a bore. Another important
observation was that from Valparaiso northward the tsunami waves of greatest
amplitude occurred on May 24 and not on May 22 as would be expected. One
explanation might be the influence of new earthquakes in this region or a little
to the south. A more plausible explanation is that the greatest amplitudes occurred
because of superposition of the tsunami waves reflected from the coast of Asia.

Murty and Wigen (1975) studied the tsunami water-level spectra for several
stations on the coast of Peru (Fig. 5.40). Table 5.19 lists the significant periods
at these stations for three different tsunamis. At Matarani, the period 9.5 min
appeared in the tsunamis of 1966 and 1968 but not in 1964, An examination of
the table shows that, although some periods were repeated, there were differences
also.

kEe = i

FiG. 5.37. Main street of Corral following May 1960 Chilean earthquake tsunami.
(Sievers et al. 1963)
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FiG. 5.38. Destruction at Corral Bajo by May 1960 Chilean earthquake tsunami.
(Sievers et al. 1963)

Fic. 5.39. Acrial view of the ship Carlos Haverpeck after May 1960 Chilean earth-
quake tsunami. (Sievers et al. 1963)
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F1G. 5.40. Tide stations on the coast of Peru.

TaBLE 5.19. Significant periods in the spectra of Peru tsunamis.

Tide station

Significant periods

(min)

May 27-30, 1964
Oct. 17-19, 1966

"o

1

May 15-18, 1968

Chimbote
Callao
Matarani
Talara
San Juan
Chimbote
Callao
Matarani
Talara
San Juan
Chimbote
Callao
Matarani

33
18

22,13
50,22, 14

6, 9.5, 66
18, 10, 29
22,17

18

40

9.5
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TsuNAMIS IN NORTH AMERICA

The tsunamis of continental USA (excluding Alaska) are almost exclusively
confined to the California coast with some activity on the coasts of Oregon and
Washington. Table 5.20 lists some tsunamis in USA and is based on Coffman and
Von Hake (1970), Anon. (1940), Anon. (1946a, b), Munk (1953), Murphy and Cloud
(1954), Von Hake and Cloud (1965, 1966, 1968), Coffman and Cloud (1970), Byerly
(1930), Magoon (1965), and O’Brien and Kuchenreuther (1957).

On Aug. 17, 1959, an earthquake of magnitude 7.1 occurred in Montana.
Although no tsunami was generated, some unusual water-level activity occurred.
Following the earthquake, seiches were set up in Hebgen Lake and new lakes
formed (Steinbrugge and Cloud 1962).

Miller et al. (1962) studied the tsunami in California following the 1960 Chilean
earthquake. Their study was based on digital tsunami data recorded every 15s

TaBLE 5.20. Tsunamis of continental USA (excluding Alaska but including Puerto Rico).

Epicenter Remarks
Dec. 16, 1811 New Madrid, Mo. large waves generated on Mississippi River; several
persons drowned
Nov. 18, 1867 Virgin Islands between southeastern Puerto Rico tsunami generated with initial
St. Thomas and withdrawal of water; observed at Fajarado
St. Croix ) )
Aug. 31, 1886 15 miles NW Charleston,  vicinity Charleston, unusual water-level activity;
S.C. significant wave in the Cooper River
Nov. 4, 1927 California local tsunami
Mar. 22, 1938 Queen Charlotte Is., B.C. smail tsunami observed at Santa Monica
May 19, 1938 1°N, 119°E tsunami of 7.6 cm amplitude at Santa Monica
Nov. 10, 1938 South coast Alaska small tsunami at Santa Monica
Apr. 1, 1946 Aleutian Islands some tsunami damage on California coast at Santa Cruz,

San Pedro, San Luis, Obispo, Princeton, Port Arenas,
Santa Barbara, Coos Bay, Sinshaw, and Depoe Bay;
only moderate waves at Golden Gate, San Diego,
Sharp’s Park; little activity at San Francisco, Monterey
Bay, Eureka, Crescent City, and Newport

Mar. 4, 1952 Hokkaido, Japan tsunami of 36.6 cm at Crescent City

Nov. 4, 1952 Kamchatka waves 2.1-2.9 m on California coast

Mar. 9, 1957 " Aleutian Islands water-level disturbances on California coast; amplitude
in Port Hueneme Harbor 53.0 cm

Oct. 13, 1963 Kuril Islands .91-m tsunami at Crescent City and Avila

Mar. 27, 1964 Alaska 11 persons killed at Crescent City and 4 at Newport
(Ore.); amplitude at San Diego 1.1 m

Oct. 17, 1966 Peru amplitude at Crescent City and at Los Angeles outer
harbor 30.5 cm

May 16, 1968 Honshu, Japan tsunami amplitudes at several California stations:

Alameda 6.0 cm, Avila Beach 6.0 cm, Crescent City 1.2 m,
La Jolla 6.0 cm, Long Beach 21.3 cm, Los Angeles

15.2 cm, Newport Bay 6.0 cm, Rincon Island 6.2 cm,

San Diego 15.2 cm, Neah Bay (Wash.) 9.1 cm
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at La Jolla by a low-frequency recorder. These observations showed that the energy
of the tsunami was greater than the background for as long as a week. These
authors estimated the total energy of the tsunami to be 3 X 10?* ergs and the
e-folding time to be half-day.

Miller (1964) studied the departures in the spectra of tsunamis at a fixed station,
compared to the normal tsunami spectrum at that station. Through an examination
of the spectral ratios, he removed the influence of the local resonances, and arrived
at the so-called generating spectra. His study showed that tsunamis generated in
shallow water are relatively rich in low frequencies. This could be because a given
dimension in shallow water is associated with lower frequencies than the same
dimensions in deeper water.

Miller also examined the decay of tsunami energy as a function of time and
location. Figure 5.41 and 5.42, respectively, show the total tsunami energy recorded
at La Jolla and Santa Monica as a function of time for several tsunamis. He
compared these with the energy decay curves for Honolulu and Hilo and concluded
that, although to a first approximation the energy decays exponentially with time,
there are significant variations. The time required for the energy to drop to 1/e
is 1.3 days along the California coast, and 0.4 days in Hawaii. For the astronomical
tides the decay time is 0.22 days. Thus, along the California coast, because of
the long decay time, tsunami energy can be trapped on the continental shelf. Miller
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FIG. 5.41. Tsunami energy recorded at La Jolla, Calif,, as a
function of time. Zero time is not the arrival time of first
tsunami wave. (Due to smoothing and filtering, plots do not
start until several hours after the initial arrival.) (Miller 1964)
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FiG. 5.42. Tsunami energy recorded at Santa Monica, Calif,,
as a function of time. Zero time is not the arrival time of first
tsunami wave (see legend Fig. 5.41). (Miller 1964)
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also showed that the frictional dissipation of tsunami energy in the Pacific Ocean
is more important than the leakage out of the Pacific Basin.

Characteristics of tsunami damage on the California coast (Magoon 1965;
Wilson and Térum 1968) in the last 30 yr or so will be discussed. Magoon summar-
ized the water levels associated with tsunamis on the northern California coast. With
the exception of two locations (mouths of the Noyo and Albion rivers) the tsunami
characteristics are quite similar.” The tsunami records consisted of rapid changes
of the water level with a maximum rate of change of 0.3-0.7 m/min, for a duration
of 5-10 min. Almost always the initial waves were the major ones, especially along
the outer coast. Usually the tsunami waves became insignificant after one day but
could be detected up to a week.

With the exception of Crescent City in 1964 and possibly Half Moon Bay
in 1946 (Aleutian earthquake tsunami), all damage had been confined to commercial
fishing or pleasure boats and shore facilities, because of the unusually strong
horizontal movements associated with the tsunami (e.g. Santa Cruz Harbor). Inside
San Francisco Bay, both the Chilean earthquake tsunami of May 1960 and the
Alaskan earthquake tsunami of March 1964 were greatly attenuated after passing
through the Golden Gate.

The Noyo and Albion rivers enter the Pacific Ocean at the landward end
of relatively deep bays. The Alaskan earthquake tsunami of March 1964 entered
these rivers in the form of a bore. At Noyo, the speed of propagation of the bore
was estimated to be about 32 km/h.

At Noyo Harbor, both the harbor and its entrance are restricted and the tsunami
effects were felt over the entire reach of the harbor. The first wave of the Alaskan
earthquake tsunami of March 1964 rose relatively slowly and exhibited the charac-
teristics observed elsewhere along the coast. However, the second wave came 15
min later, formed a bore with a height of about 2.3 m, and consisted of a series
of steplike jumps.

At Crescent City in 1964, the third wave appeared to be the highest with
amplitudes to 7 m, over a length of the shoreline that included 3.2 km southwest
of Crescent City and 1.6 km northeast. However, a departure from this run-up
pattern was noticed wherever the ground elevation decreases seaward from the
coast and either decreases or remains uniform landward from the coast. The severe
structural damage in Crescent City was because the majority of buildings were
of wooden frame construction (due to local lumber industry) and very old.

In Canada, tsunamis have occurred on the west and east coasts. On June 23,
1946, at about 1015 (Pacific Standard Time) an earthquake occurred on the east
coast of Vancouver Island, B.C. This is one of the few documented cases (Hodgson
1946) where a tsunami was generated following a British Columbia earthquake.
Telegraph cables at the ocean bottom broke in several places following the earth-
quake. In the Alberni Canal near the Franklin River, the water level was 6.1-9.1 m
above average. At Sisters Rock on Texada Island, the tsunami amplitude was 2.1-
24 m. A second wave had an amplitude of 1.2-1.5 m and one person died near
Maple Guard spit.
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S. O. Wigen (unpublished data) described the tsunami on the west coast of
Canada generated by the Chilean earthquake of May 22, 1960. The tsunami arrived
on the B.C. coast at 0421 (Pacific Standard time) on May 23, thus the travel time
was over 17 h. The maximum amplitude of the tsunami at Tofino was 1.3 m, whereas
at Shields Bay it could have been 2.1 m. Loucks (1962) studied this tsunami on the
Canadian coast by spectrum analysis of observed records.

Following the Alaskan earthquake of Mar. 28, 1964, at 0336:13, GCT, the
tsunami generated attained large amplitudes on the west coast of Canada (S. O.
Wigen and W. R. H. White unpublished data). The maximum amplitude at Port
Alberni exceeded 5.2 m. Murty and Boilard (1970) studied this tsunami through
analytical and numerical models.

Contrary to popular belief, the eastern part of Canada is also seismic and has
indeed produced tsunamis. Milne (1967) stated that severe earthquakes can occur
in the St. Lawrence Valley, in the arctic, and near Newfoundland. The so-called
Grand Banks earthquake occurred on Nov. 18, 1929, in the Atlantic Ocean, southeast
of Newfoundland. The epicenter was at 44°30'N, 57°15'W and the time of occur-
rence was 0432:8 (Newfoundland Standard Time). The turbidity currents following
this earthquake caused numerous cable breaks in the Atlantic Ocean.

This earthquake generated a tsunami with amplitudes to at least 12.2 m (John-
stone 1930) in Burin Inlet on the south coast of Newfoundland and killed 26 people.
Gregory (1929) gave 30.5 m as the maximum amplitude in Burin Inlet. McIntosh
(1930) gave a value of 4.6 m for the tsunami amplitude at Lamaline. According
to Johnstone, no tsunami was observed at Sable Island, probably because the island
was well protected by sandbanks. Although the tsunami waves were considerably
amplified in a northerly direction (i.e. in the direction of Newfoundland), they
were not significantly amplified in a westerly direction as can be seen from the
water-level records on the Canadian and U.S. east coasts. At Halifax, the amplitude
was only 0.5 m and at Atlantic City the amplitude was 0.3 m. Murty (1975) explained
the nonamplification westward as due to the orientation of the fault in a east-west
direction. Murty and Wigen (1976) studied this tsunami in detail and showed that
resonance in the V-shaped Burin Inlet accounts for the great amplification of the
tsunami in that inlet. Figure 5.43 shows the travel-time curves for this tsunami
and it can be seen that the tsunami energy traveled preferentially toward the south
coast of Newfoundland.

ATLANTIC OCEAN

F1G. 5.43. Travel-time curves for the Grand Banks earthquake
tsunami of Nov. 18, 1929.
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5.4 Tsunamis in the Atlantic Ocean, Europe,
Middle East, and Asia

TSUNAMIS IN THE ATLANTIC OCEAN

It is not widely known that tsunamis do occur in the Atlantic Ocean, although
the frequency and destruction are considerably less than that caused by Pacific
tsunamis. Berninghausen (1964) briefly described tsunamis for the Eastern Atlantic
south of the Bay of Biscay from 1531 to 1960. He cautioned that this is not a
comprehensive list of tsunamis, and some cases might be storm surges and not
tsunamis. Table 5.21 is prepared from this paper.

Tsunamis in the Virgin Islands area will now be considered. A destructive
tsunami occurred on Nov. 18, 1867, in the Virgin Islands. Several shocks occurred
from this date till early 1868, and the series of shocks ended on Mar. 17, 1868
(Reid and Taber 1920). The tsunami height in the harbor of St. Thomas was between
4.6 and 6.1 m. There were at least four waves and they approached the harbor
from the southeast between the islands of St. Thomas and St. Croix. In Frederiksted
harbor on the west coast of St. Croix Island, the tsunami height was between 7.6
and 9.1 m. Tsunami waves invaded Saba Island, and high water occurred at St.
Christopher. In St. John harbor on the west coast of Antigua Island, the tsunami
height was 2.4-3.0 m.

On the island of Guadeloupe, several interesting phenomena took place. At
Basseterre, there was a withdrawal of the sea and the subsequent range (trough
to crest) was only 2 m. In the northwestern part of the island, at Deshayes and
Saint-Rose, the tsunami amplitude was said to have exceeded 18.3 m, but according
to Reid and Taber, this is an overestimation. On the south side of the island at
Point-a-Pitre, the tsunami was small because of the protection at the head of the
Petit Cul de Sac. No details were available about the tsunami at Martinique. At
St. Vincent the tsunami was small but at Becquia Island, 16.1-24.1 km to the south,
the height was 1.8 m. At St. George on Grenada Island, the water level went down
by 1.2-1.5 m and then rose to the same height above the average level. The vertical
oscillation of the water level took place 6 times. At Gouyave the range of vertical
oscillation was said to be 6.1 m (another overestimation according to Reid and
Taber). A large tsunami occurred on the south side of Viequez Island. The tsunami
was also observed on the southeast coast of Puerto Rico.

A series of earthquakes occurred in Puerto Rico during October-November
1918. Following the earthquake of Oct. 11, 1918, the generated tsunami had an
amplitude of 6.1 m. Several people died at Aquadilla and property damage occurred
at Mayaguez.

Tsunamis of the Dominican Republic are of interest also. Following the earth-
quake on Aug. 4, 1946, the generated tsunami caused destruction at several locations
in the Dominican Republic. The epicenter was to the northeast of Julia Molina
and about 64.4 km offshore (Lynch and Bodle 1948). The tsunami height at Julia
Molina was estimated to be about 4-5 m. The town of Matanzas was totally
destroyed by the tsunami and abandoned. About 100 people died. The water level
fluctuated in Samana Bay but no damage occurred.
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TasBLE 5.21. Tsunamis in the eastern Atlantic south of Bay of Biscay from 1531 to 1960.

Epicenter

Remarks

Jan. 26, 1531

July 26, 1591
Dec. 21,1641
2 1653

Nov. 23, 1668
? 1676

May 6, 1706

Dec. 26, 1746
Apr. 28,1752

Mar. 29, 1756
July 9, 1757

Mar. 31, 1761

Dec. 27, 1772
Nov. I, 1775

21787

Jan. 23, 1792
July 4, 1809
Dec. 4, 1809
Feb. 17, 1855
Jan. 6, 1856
Aug. 27-28, 1883

Feb. 3, 1899
May 11, 1911
Aug. 22,1926

Dec. 19, 1926
_Nov. 19, 1929
Aug. 31, 1931
June 22, 1939
Feb. 29, 1960

near Lisbon, Portugal

Azores
Azores
Azores
Azores
Azores
Canary Islands

Lisbon, Portugal

near Buarcos and
Auveiro, Portugal

Lisbon
Azores

off coast of Portugal

Portimao, Portugal
38°N, 10°W

Azores
Azores
no earthquake listed
Cape of Good Hope
Azores
Azores

Krakatoa (volcanic)
eruption in

Sundra Strait, Indonesia

Azores
Gold Coast
Azores

Lisbon

40°N, 56°W
Azores

Gold Coast
Agadir, Morocco

several ships destroyed by waves; flood on banks of
Tagus River

waves damaged several ships

inundation of Port Velas, Ilha de Sao Jorge
destruction on coast off Ilha Terceira
Calheta and Ilha de Sao Jorge flooded
destruction of Praia da Victoria

* -tsunami caused by volcanic eruption; destruction at

Garachico and Isla de Tenerife
tsunami observed
tsunami observed

high water in Tagus River

large waves on coasts of Ilha de Sao Jorge, Itha de Pico,
and Ilha Graciosa

tsunami at Lisbon 2.4 m; tsunami also at Cabo Finisterre
(Spain), Madeira, [lha de Fayal, Ilha Terceira,
Portorico, U.K., Barbados

tsunami observed near Cabode Sao Vicente

so-called infamous Lisbon earthquake; 3 tsunamis waves
from 4.6 to 12.2 m caused destruction at Lisbon; at
Cadiz waves were 5.5 m, at Gibraltar 2.1 m; large
waves at Tangier, Agadier, Madeira, Funchal, Azores

destructive tsunami

tsunami at Velas and Ilha de Sao Jorge

sea disturbed at Lisbon

large wave in Table Bay

tsunami of 10 m amplitude at Itha Terceira
large tsunami at Velos and Itha de Sao Jorge

about 15.2 cm amplitude waves in Table Bay,
English Channel

destruction at Velas and Ilha de Sao Jorge; one death
destruction at Lome

tsunami of 60.9 cm amplitude on Ilha de Fayal and
Itha de Pico

high water in the Tagus River

tsunami at Azores due to the Grand Banks earthquake
destruction at Horta, Feteira, Ilha de Fayal

tsunami at Labadi and Tishi

tsunami existence, not confirmed
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A strong earthquake occurred in Jamaica on June 7, 1692, and there is some
confusion in the descriptions of damage attributed to land subsidence caused by
the tsunami (Taber 1920). Initial withdrawal of water was reported at Liganee and
at Yallhouse. At Port-Royal the tsunami ampltiude was 1.8 m and 13 people were
killed. At St. Ann’s, on the north coast of the island, a tsunami arrived almost
immediately after the earthquake. There were seven waves at St. Ann’s, due to
the reflections between the coasts of Jamaica and Cuba. The tsunami amplitude
was greater on the north coast of the island (which is less densely populated) and
insignificant on the south coast.

The earthquake of Oct. 3, 1790, created a large tsunami on the west coast
of Jamaica and swept away the town of Savanna La Mar. There is a possibility
that the devastation was due to a storm surge and not a tsunami. About 300 people
died. The earthquake of Jan. 14, 1907, occurred near Kingston and a large tsunami
wave arrived at the north coast of the island. The amplitude of the tsunami on
the south coast was insignificant.

TsuNaMis OF EUROPE

Although not as frequent and devastating as Pacific tsunamis, tsunamis in
the European and Mediterranean Sea areas do exist and have killed many people.
Ambraseys (1964) listed some important tsunamis from 1900 to 1960 for Europe
and North Africa (Table 5.22). For details on the seismic seawave intensity scale,

TABLE 5.22. Tsunamis of Europe. (Ambraseys 1964)

- Epicenter Magnitude  Max. amplitude
(M) (m)
July 5, 1902 40N, 23.25E 6.6 .60
Dec. 28, 1908 38N, 15.50E 7.5 5.4
. May 11, 1911 6N, IW 6.6 3.0
. Nov. 27,1914 38.50N, 20.50E 6.2 33
Aug. 7, 1915 38.50N, 20.50E 6.2 1.5
Dec. 18, 1920 41N, 29E 6.2 3.0
Aug. 22, 1926 38.50N, 28.50W ? .60
Sept. 11, 1927 44.50N, 34.50E 6.5 1.5
Mar. 31, 1928 ? ? .60
May 3, 1928 ? ? 91
Sept. 26, 1932 40.50N, 23.75E 6.9 91
June 22, 1939 6N, 1W 6.5 1.2
Nov. 25, 1941 - - .60
. Nov. 27, 1945 24.50N, 63E 8.2 1.4
- Oct. 6, 1947 37N, 22E 7.0 1.2
Feb. 9, 1948 35.50N, 27E 7.1 24
Apr. 22, 1948 38.50N, 20.25E 6.4 91
June 29, 1953 - - 2.1
Aug. 20, 1953 - - .30
July 9, 1956 37N, 26E 7.8 30.5
Nov. 2, 1956 39.50N, 23E 5.7 1.2
Jan. 22, 1957 ~ 4.508, 28.50E 6.3 3.0
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see Ambraseys (1964, p. 86). Karnik (1971) gave a diagram of epicenters of earth-
quakes that have generated significant tsunamis in this area (Fig. 5.44). Karnik
(1971, p. 203) considered the following regions as tsunami prone: certain coastal
regions of the Mediterranean Sea and the Atlantic (only some specific regions are
subject systematically to the effects of seismic sea waves). The most prominent
regions are the Aegean and Adriatic coasts, the Ionian Sea coasts, and the eastern
Mediterranean coast of North Africa and Portugal. On the eastern Mediterranean
coast the following regions are subject to tsunamis: the Gulf of Corinth; the Euboean
Gulf; the area between Himara and Durres; the Sea of Marmara; the area between
Cyprus, Jubeli, and Acre; the area between Chios and Izmir; and south of the Greek
Archipelago.

Ambraseys (1962) gave a detailed list of tsunamis for the eastern Mediterranean.
In preparing this list, he omitted irrelevant and incorrect statements from the original
sources. Moreira (1970) stated that since the middle of the 18th century, the most
destructive tsunamis on European coasts were due to the Lisbon earthquake, Nov. 1,
1755; the Sicily and Calabria earthquake, Feb. 5, 1783; and Sicily and Calabria
earthquake, Dec. 28, 1908; and the Aegean Sea earthquake, July 9, 1956.

“European tsunamis are usually local, but some spread over great distances.
Examples of great tsunamis are the Lisbon earthquake tsunami of 1755 and probably
the one on July 21, 365, in the Mediterranean Sea. The latter tsunami occurred
following an earthquake on Crete Island, and the tsunami reached Alexandria,
Egypt; Sicily; Calabria, Italy; and probably the Mediterranean coast of Spain.

Earthslides appear to be sources of at least some tsunamis in Greece (e.g.
tsunamis of July 9, 1956, and July 6, 1965). However, the earthslide itself might
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FI1G. 5.44. Observations of tsunamis in the European area. (Karnik 1971)
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occur following an earthquake. Moreira (1970) stated that faulting accompanied
by earthslides appears to have been responsible for the following tsunamis: Apr. 27,
1894, in the Gulf of Euboea; Sept. 8, 1905, in Sicily and Calabria; and Dec. 28,
1908, in Sicily and Calabria. Cable breaks occurred with the 1905 and 1908 tsunamis
and earthslides and turbidity currents must have occurred. Cable breaks also
occurred following the earthquakes of Nov. 25, 1941, and Sept. 9, 1954.

The following tsunamis were associated with earthquakes whose epicenters
were certainly located on land: in 1638 near Pizzo, Italy; 1694 near Brindisi, Italy;
Feb. 2, 1703, in the Tiber River, following a series of earthquakes in the Aquila
region of Italy; Feb. 1783 in Calabria, Italy; Dec. 26, 1939, in the Black Sea following
an earthquake in Anatolia, Turkey.

On Feb. 28, 1969, an earthquake occurred at 36.2°N, 10.5°W, southwest of
the Cape of St. Vincent (Fig. 5.45). A small tsunami was generated and was recorded
on the coasts of Portugal, Spain, Morocco, Madeira, Azores, and Canary Islands.
On the Portugese coast the amplitude was 0.8 m and at Casablanca it was 1 m.
The tsunami also penetrated the Tagus River. Figure 5.45 also shows the travel-time
curves of this tsunami.

The tsunami of July 9, 1956, in the Greek Archipelago will be discussed in
detail (Ambraseys 1960). This tsunami was probably triggered by landslides which
followed a violent earthquake on the same date. The coasts of the Greek islands
and Asia Minor are abundant in narrow passages and V-shaped bays. The severity

40°
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F1G. 5.45. Travel-time curves of Feb. 28, 1969 tsunami near Portugal. (Moreira 1970)
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of the tsunami varied from place to place and amplitudes to 30 m were attained.
The area affected by the tsunami exceeded 100,000 km? and the disturbance lasted
one day. The epicenter of the main shock was at 36°54'N, 26°00'E and the time
was 0311:38 GCT. The magnitude was 7.5 and the focal depth was shallow. At
0324:05 GCT an aftershock with a magnitude of 7 occurred at 36°48'N, 25°12’E.
Figure 5.46 shows the travel-time curves of this tsunami.

Table 5.23 lists maximum positive and negative amplitudes, the period of the
tsunami, and the nature of initial motion at 33 locations in the Greek Archipelago.
Table 5.24 lists the tsunamis in the Greek Archipelago and adjacent seas from
1400 B.C. to 1956 A.D. Figure 5.47 shows the locations of these tsunamis.

Pararas-Carayannis (1973) described the tsunami caused by the eruption of
the volcanic island Santorin, which occurred between 1450 and 1480 B.C., the precise
time is difficult to estimate (Fig. 5.48). The eruption of Santorin (also called Thera)
created a large tsunami and statements have been made to the effect that this
tsunami destroyed, for all practical purposes, the Minoan empire. Although
Pararas-Carayannis (1973) and Bolt et al. (1975) agreed that disastrous tsunamis
might have occurred following the volcanic explosion, they doubted whether the
volcanic eruption and the tsunamis alone caused the collapse of the empire. It
is more probable that these natural disasters were a contributing cause, and possibly
made the empire weak and vulnerable to invasion by Mycenaeans or others.

3704 7

¥ I

25° 27°

F1G. 5.46. Travel-time curves of July 9, 1956 tsunami in the Greek Archipelago.
(Ambraseys 1960)
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TaBLE 5.23. Characteristics of the seismic sea wave of July 9, 1956. (A) reported initial
movement of water level. (B) max. amplitude of crest (m), (C) max. amplitude of trough
(m), (D) avg period of water (min). (Ambrasays 1960)

Station A B C D
Amorogos - 30.48

Katapola + 2.74 3.04
Astipalaia - 20.42

Porto-Scala - 4.87 5.18 10
Cos + 91 .60
Kalimnos - 3.66 5.18

Pothea - 2.44 2.44
Leros, Laki - 1.22 1.22
Patmos, Scala - 3.96 15.24
Samos

Marathokambos - 2.13 2.13 8

Tigani - 91 1.52 8

Vathi - .60 91 10
Kassos,

Ag. Marina - 1.22 1.52 5
Nisyros, Mandraki @) 2.74
Kimolos - 1.22 1.52
Folegandros - 10.05 7.92
Paros, Parikia - 1.21 1.52
fos + 1.52 3.04 15
Ermioni U 91 91 8
Kythira,

Kapsalos + 91 5
Serifos + 91 60 5
Naxos + 1.22 91
Skopelos (6] .30 .30 8
Crete, Sitia + 1.52 1.52 5

Ag. Nikolaos - 91 1.22 6

Palaiokastro + 3.66 3.96

Heraclion + 2.13

Souda - 1.22 91 6

Chania 6] 91 .60

Rethymnon M 1.22 1.82 10
Attica, Voula - .30 5
Tinos @) 3.04
Poros 6] 10

The tsunami following the Lisbon earthquake of Nov. 1, 1755, caused great
damage in Europe. There were many widely held misconceptions about this earth-
quake and tsunami and Reid (1914, p. 79) corrects some of the ridiculous claims
made earlier. He concluded that the tsunami waves approached the shores of
southwestern Europe, northwestern Africa, southern England and Ireland, and the
West Indies; and that they may have appeared in the western part of the Mediter-
ranean; but there was no evidence they entered the North or Baltic seas and only
a hint that they were observed on the coast of America. At Lisbon there appears
to have been three waves with heights between 4.6 and 12.2 m. The amplitudes
in the region south of Lisbon were greater than those in the region north of Lisbon.
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TABLE 5.24. Seismic sea waves in the Greek Archipelago and adjacent
seas. (Ambraseys 1960)

Location

1400 B.C. Santorin, Crete, Amnisos, Knossos
1300 B.C. Troad
479 B.C. Chalcidice, Potidaea
426 B.C. Maliacos, Opuntian gulfs, Atalanta, Peparathos Is.
373 B.C. Gulf of Corinth, Helice
222 B.C. (2277 Rhodes Is., Tilos Is., Carian and Lycian towns
62 A.D. (657) Crete
77 A.D. Cyprus, Episkopi
July 21, 365 Crete, Asia Minor
Sept. 6, 543 Asia Minor, Kyzicos
July 7or 9, 551 Maliacos Gulf
554 Cos Is., Dodecanese Is.
Dec. 14, 558 Marmara Sea, Constantinople
QOct. 26, 740 Marmara Sea, Constantinople
1050 Cyclades Is., Santorin
Dec. 25, 1222 Cyprus, Paphos
Oct. 14, 1344 Constantinople
Mar. 20, 1389 Chios Is., Lesvos Is., Smyrna
May 3, 1481 Rhodes Is., Dodecanese Is.
Sept. 14, 1509 Bosporus Sea, Constantinople
Nov. 8, 1612 Sea of Crete, Crete
May 5, 1622 Tonian Is., Zante
Apr. 5, 1646 Constantinople '
Sept. 29, 1650 Santorin
May 14, 1748 Gulf of Corinth, Aiyion
Jan. 8, 1805 Gulf of Patras, Patras
Aug. 23, 1817 Gulf of Corinth, Aiyion
Jan. 9, 1821 Ionian Is., Zante
Nov. 13, 1856 Aegean Is., Chios
Oct. 20, 1859 Pireaus
Dec. 26, 1861 Gulf of Corinth
Jan. 22, 1866 Chios
Jan. 28, 1866 Santorin
Oct. 1866 Mirtoon Sea, Kithera Is.
Apr. 10, 1867 Lixouri
Sept. 20, 1867 Ionian Is., Syros
Oct. 5, 1871 Gulf of Corinth
Apr. 15, 1878 Nikomedia, Prussa

Jan. 28, 1893
Apr. 16, 1894

Samothrace Is.
Skiathos Is., Atalanti Is.

Nov. 27, 1914 Ionian Is., Lefkas

Apr. 25, 1928 Piraeus

Sept. 26, 1932 Gulf of Strimon, Ierissos
Apr. 23,1933 Cos Is., Dodecanese Is.

Feb. 9, 1948 Karpathos Is., Dodecanese Is.
Apr. 22, 1948 Ionian Is., Lefkas

July 9, 1956 Acgean Is., Crete

Hamilton (1783) described the tsunami generated by the earthquake of Feb. 5
1783, at Calabria and Messina in Italy. At Scilla, 2473 people drowned and at
Faro, 24 people died. The tsunami following the earthquake at Calabria on Dec.
28, 1908, attained large amplitudes on the Italian mainland and Sicilian coasts
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FIG. 5.47. Locations of tsunamis that occurred in the Greek Archipelago and adjacent seas.
(Ambraseys 1960)

of the Straits of Messina. The tsunami was observed (Anon. 1909) all along the
north coast of Sicily as far west as Termini. It was reported that no tsunami was
noticed north of Cannitello, near the entrance to the straits.

The tsunami amplitude varied from 2.7 m at Messina to 8.4 m at Giordini
and Ali, and 8.5 m at Briga Marina. The tsunami was also noticed at Naples, Ischia,
Civitavecchia, Porto Corsini, near Ravenna, and Mazzara. Wright (1909) mentioned
that the tsunami was not particularly destructive. He gave an amplitude of 2.4 m
at Messina and 3.7-4.6 m at Reggio. Oldham (1909, p.288) stated that the sea
wave washed the shores of the Straits of Messina and the Tyrrhenian Sea, swept
over Messina and Reggio with a height of 9.1 m, caused three deaths at Catania,
and reached at least as far as Malta.
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According to Omori (1910) maximum height of the waves (6-10 m) on the
Calabria coast was reached between Pellaro and Lazzaro, but for the opposite coast,
at Platania, the height was 11.7 m. All along the east coast of Sicily the waves
were perceptible, although at the northern point (Torre di Faro) they attained
a height of only 0.8 m, and at the southern point (Capo Passero) of 1.5 m. Along
the north coast they were observed as far as Termini, and along the south coast
as far as Porto Empedocle. In the Lipari Islands they passed unnoticed, but were
conspicuous at Malta. At Catania the mareograph was inundated, but good records
were available at Malta, Palermo, Mazzara, Cagliari, Ischia, Naples, Civitaveechia,
Livorno, and Ravenna. Heezen (1957) discussed the turbidity currents in the Straits
of Messina following this earthquake.

The Assam earthquake of Aug. 15, 1950, with epicenter near 28.6°N, 96.5°E
caused seiches in many fjords and lakes in Norway and the UK. (Kvale 1955).
One important recent tsunami (after World War II) was generated by the Aegean
Sea earthquake of July 9, 1956, with epicenter at 36°24'N, 25°26'E (Anon. 1956).
The tsunami had a maximum amplitude of 4.6 m and was observed as far away as
Kalymnos, Astipalaia, Andiparus, and Iraklion. On Feb. 7, 1963, a tsunami occurred
in Europe, and was observed on the coast of the Gulf of Corinth from Patras
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to Aiyion (Ambraseys 1963). Belated submarine landslides due to a series of light
shocks on Feb. 2, 1963, caused the tsunami that attained amplitudes to 2.1-2.4 m
with periods between 1 and 2 min. Ambraseys mentioned that local tsunamis due
to submarine landslides are not infrequent here.

TSUNAMIS IN THE MIDDLE EAST AND ASIA

I found only one instance of a tsunami in the Holy Land. This occurred in
1837 (correct details on the date are not known). The earthquake was felt in Syria,

TABLE 5.25. Tsunamis in Indonesia.

Epicenter Remarks
Feb. 2, 1648 ? tsunami at Ambona, perhaps storm surge
Nov. 11, 1659 ? tsunami at Ambona
Dec. 7, 1659 ? tsunami at Buru
May 20, 1673 ? tsunami at Ternate
71690 ? tsunami at Banda Islands reported, confirmed
Mar. 6, 1710 ? tsunami at Banda Neira
Aug. 24, 1757 ? tsunami at Djakarta
71773 ? tsunami on Borneo coast
? 1814 ? tsunami at Timor
Apr. 11, 1815 ? tsunami at Madura and Sumbawa
71818 ? tsunami at Bima, Sumbawa
Sept. 9, 1823 Buitenzorg tsunami presumbly at Batava

(Bogor), Java (Djakarta)

Nov. 28, 1836 ? ] tsunami at Bima, Sumbawa
Nov. 17, 1857 ? tsunami at Kema, North Celebes
Nov. 18, 1857 ? another tsunami at Kema
July 20, 1859 tsunami at Banda
Oct. 6, 1860 tsunami at Halmahera
May 23, 1864 tsunami at Geelvink Bay, New Guinea

Aug. 26-27, 1883  Sunda Strait five tsunamis, the last one biggest
Aug. 15, 1968 tsunami in Makassar Strait

Feb. 23, 1969 tsunami in Makassar Strait
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Palestine, and the Jordan Valley (Willis 1928). According to him, the Sea of Galilee
was thrown into violent commotion following the earthquake. Again I found only
one instance of a tsunami in Iran (McEvilly and Razani 1973). This tsunami occur-
red sometime between April 1 and May 9, 1008, following an earthquake in southern
Iran.

The tsunami following the Krakatoan eruption in August 1883 was recorded
at many stations in India and Arabia. The amplitude varied from 0.6 m at Negapa-
tam to 0.2 m at Aden. The earthquake of Nov. 27, 1945, in the Arabian Sea (with
epicenter 290 km from Karachi) generated a tsunami that killed several people
and caused property damage at Bombay, coast of Mahran, Baluchistan, and Pasni.
Walker (1884) briefly described two tsunamis on the coast of India. The first occurred
following an earthquake in the western part of the Bay of Bengal. Tsunamis were
observed at Port Blair in the Andaman Islands, and at Dublet near the mouth
of Hooghly River.

Cox (1970) modified the list of tsunamis given by Beringhausen (1969) for
Southeast Asia. Table 5.25 lists some tsunamis in Indonesia, based on Cox. Table
5.26 is based on Cox (1970) and lists some tsunamis in China and Taiwan.

TABLE 5.26. Tsunamis in China and Taiwan.

Remarks

Aug. 2,173 earthquake in sea adjacent to northern China;
tsunami in Laichow Bay, Po-hai, and Shantung

Oct. 31, 1076 tsunami in Kwantung (not confirmed)
Summer, 1509 earthquake felt at Woosong (near Shanghai); commotion in sea
Sept. 2, 1640 shocks felt near Shantow (Kwantung) followed by tsunami
Aug. 19, 1670 earthquake felt in Soochow Fu area;

many people killed by tsunami
May 22, 1782 tsunami in Taiwan Strait (perhaps storm surge)
Dec. 18, 1867 earthquake near Kilong (Taiwan); tsunami caused property

damage and several hundred people drowned

7, 1882 tsunami in Kansu province in north central China
(not confirmed)
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Chapter 6  Tsunami Warning Systems
Past, Present, and Future

Tsunami warning systems of the past and present are based on seismographic
and tide-gage information. Recently it has been realized that tsunami detection
and warning might be based on the effects created in the ionosphere by a propagat-
ing long wave such as tsunami. In the first three sections the instrumentation,
warning systems, and sociological problems will be discussed and in the final three
sections the concept of a future tsunami warning service based on atmospheric
detection of tsunamis will be included.

6.1 Seismic and Tsunami Instrumentation

SEISMIC INSTRUMENTATION

The basic principle of a seismograph and then some recent developments will
be considered. In this discussion, the books by Richter (1958) and Hodgson (1964)
are followed closely. Although seismic waves lose much of their energy during
propagation, they may still be detected by a sensitive instrument called a seis-
mometer. When a recording system is added to the seismometer it becomes a
seismograph. Thus, a seismograph is an instrument that records the nature of the
earth’s movement caused by an earthquake or any other disturbance. The most
general movement consists of translation, rotation, and strain. Our interest is in
the translation movement due to an earthquake at a distance, and rotational effects
that may be important only close to the epicenter (Bullen 1963).

The earliest seismograph appears to have been invented in China in the year
132. This instrument consisted of a ring in which several dragon mouths, each
holding a ball, were arranged. When an earthquake occurred, depending on the
direction of movement, a particular ball would drop into the mouth of a dragon.
By mid-19th century, Italy had seismographs that recorded the time of the earth-
quake by making a mark on a rotating chronograph drum. Present seismographs,
based on the principle of the pendulum, were developed in Japan around 1880;
then in Italy, and later in other European countries.

The principle of a pendulum-type seismograph is: in an ideal situation a heavy
mass, because of its inertia, would not move at all, while the ground would move
following the earthquake. As this cannot be realized in practice, the mass is restrained
by a spring or some other restoring force, to return the mass to its original position
relative to the ground. The spring should not be strong enough to alter the motion
significantly.
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FiG. 6.1. Schematic diagram of a
horizontal pendulum, the simplest
form of seismometer. (Hodgson
1964)

The horizontal pendulum is shown in Fig. 6.1. A large mass, M, is held in
position by a wire, AM, and a strut, MB, pivoted at B; A and B are points near
the top and bottom, respectively, of a vertical support, AB (Hodgson 1964). By em-
bedding this vertical support in a concrete pier in the ground a seismometer may
be obtained. In the ideal case of zero friction at B, when an earthquake occurs
the pier and the upright support will move in response to the incoming seismic
waves; however, the inertia of M will tend to keep it from moving. The differential
motion between M and the pier is the earthquake signal at this seismometer.

In practice, improvements had to be made to this simple system. Once the
pendulum starts to swing because of an earthquake, it will continue to do so, and
its motion as time goes on will be unrelated to the actual ground movement. Hence,
the pendulum must be stopped after it has recorded the initial ground motion.
There are several ways of doing this; a paddle attached to the strut, BM, moves
in a pool of oil, which will quickly damp the motion, or alternately a copper vane
on the strut moves between the pole pieces of a magnet. The motion of the strut
in the vane sets up eddy currents that oppose the motion and thereby bring the
pendulum to rest.

The motion can be recorded in several different ways: a pen attached to the
strut would draw a straight line on a moving paper roll, but when an earthquake
occurs this line would zigzag. A system of levers could be used to magnify the
motion of the strut from 10? to 10° times so that distant earthquakes could be
recorded. A mirror and light arrangement for magnification with recording on
photographic paper is an alternative. At present it is common to record electromag-
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netically by attaching a coil to the strut and making this coil move in a magnetic
field, and thereby generate a current, operate a galvanometer on this current, and
record on a moving paper roll either by pen and ink or photographically. To conserve
paper, it is wound round a rotating drum and the paper moves sideways as it
rotates, so when it is removed from the drum, the record appears in the form
of a number of parallel lines.

Knowledge of arrival time of different waves at the station is necessary to
determine the time of the earthquake. This can be obtained by providing a time
scale, as marks at every minute or so, on the record. Because these times must
be accurate, crystal clocks are used at present. The site for a seismograph has
to be selected carefully because extraneous factors such as microseisms might mask
the true record. It is advisable to locate the seismograph in hardcore rock rather
than in soft ground.

To describe the translational movement of the ground due to the earthquake
three separate components have to be measured; the east-west component, the
north-south-component, and the vertical component. Thus, at a given seismographic
station a complete set of seismographs consists of two horizontal seismographs and
a vertical seismograph.

Seismic waves have periods ranging from a fraction of a second to several
minutes, and no single instrument can give a uniform response over such a range.
Thus, different instruments are needed for different ranges: short-period seismo-
graphs are used for the period range of 0.2-2s, and long-period seismographs for
the 15-100 s, intermediate seismographs cover the range of 2-15 s, and ultralong-
period instruments for periods over a minute.

Near earthquakes, with predominant periods of a fraction of a second, could
be recorded by short-period seismographs whereas distant earthquakes, usually with
surface waves with periods of more than 2 s, could be recorded through long-period
seismographs. Bullen (1963) mentioned that if the station has only one instrument,
usually a seismograph with good response over the range 6-8 s is used. The important
observatories contain three seismographs to cover three ranges. If the observatory
is located in a seismically active region, then it has, in addition to these, a low-sensi-
tive, strong-motion seismograph that cannot be knocked out by a strong earthquake
locally.

The following three parameters specify a simple seismometer (Richter 1958):
the free period, the damping constant, and the static magnification. Another para-
meter called dynamic magnification is the amount by which the magnitude of the
ground motion is magnified. A seismometer of free period much shorter than the
periods of the waves it records is called an accelerometer, whereas in the reverse
situation, it is called a displacement meter.

In the presence of damping, the free period, 7, is modified to 7/j where j
is a constant that satisfies the relation h* + j2 = 1, h being an instrumental constant.
To determine 7, the damping part of the instrument is removed and the free
oscillations are timed, or the period of a damped oscillation is timed and corrected.
Although the instrumental constant, A, could be used to specify the damping, in
practice another constant, ¢, related to 4 through e = ¢™//, is used. Thus € is the
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ratio of two successive swings (in opposite directions) of the motion given by
h*+ j% = 1. The static magnification, V, of the instrument can be understood if
T is the period and A is the amplitude of the simple harmonic motion in the
ground at the seismograph station. If the pendulum performs an oscillation with
period, T, and amplitude, B, then the seismogram gives a period, T, and amplitude,
VB.

Until the beginning of the 1920s, the important consideration in seismograph

design was to lengthen the period of the pendulum so that the dynamical magnificat-
ion was nearly uniform. According to the formula T = 27 +/L/g which gives
* the period, T, of a simple pendulum of length, L, under the action of gravity,
g, a pendulum with a period of 10 s needs a cumbersome length of 25 m.

In the Milne-Shaw seismograph, a period of 12s was achieved by designing
the instrument so that only a small part of g is used to control a horizontal bracket
pendulum. The restoring force for the inverted pendulum is a heavy mass balanced
on a knife edge coupled with springs. Recording is done photographically on smoked
paper. A seismograph weighing 22,353 kgm was built in Zurich (Richter 1958).
Actually, the tiny torsion seismometers developed by Anderson and Wood in 1922
are much more effective than these cumbersome seismographs.

Bitham and King (1970) discussed the recent advances in strainmeters and
compared their advantages and disadvantages with other geophysical instruments.
They considered the frequency response and amplitude response of strainmeters.
Laser interferometers were also included in their discussion. For recent advances
in seismic instrumentation, see Plesinger (1970), Vogel (1970), Willmore (1970),
Berckhemer (1970), Husebye (1970), Bonjer and Mueller (1970), Husebye and
Bungum (1970), Weichert (1970), and Smith (1975).

A submarine seismograph developed by Koresawa (1963) will be described
briefly. As shown in Fig. 6.2, this system consists of an electrodynamic transducer
of vertical component, a transistorized amplifier, an oscillograph, a clock, a gal-
vanometer, and a photographic recording apparatus driven by a small motor. This
whole assembly is enclosed in an iron case to which heavy ballasts (to put the
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— Amplifier | —p

Galvanometer

Timing
Y2 | cloek

Motor

Time Switch

A
Hilo |y —

Battery 6V

FI1G. 6.2. Submarine seismograph. (Koresawa 1963)
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seismograph at the ocean bottom) are attached, as well as a float and an arrangement
for refloating the seismograph after the ballasts are detached. When the observation
is made and the instrument rises to the sea surface, an alarm attached to the system
serves as a warning.

Nagumo et al. (1965) described the details of such an ocean-bottom seismo-
graph. Kishinouye (1966) described a modification to the earlier ocean-bottom
seismograph. In the latter version, not only the vertical motion at the sea bottom,
but also the other components (east-west and north-south) of the motion could
be recorded.

Ewing and Ewing (1961) described a telemetering ocean-bottom seismograph
that will rest either on the ocean bottom or planted in the sediments. Arnett and
Newhouse (1965) described an ocean-bottom seismograph developed as a part of
the project “vela uniform” at the Air Force Cambridge Research Laboratories by
Texas Instruments. This was used to study the acoustic wave energy generated
cither by earthquakes or by explosions at the interface of the solid earth with
the water. Another important paper dealing with ocean-bottom seismographs is
that of Sutton et al. (1965), who described seismic and geophysical measurements
at the ocean bottom through seismic observatories.

Bradner et al. (1965, p. 1906) discussed the reliability of seismic measurements
made at the ocean bottom and described a technique of improving the reliability.
“Motion of the seismometer cases and seismometers due to ocean currents, thermal
convection, or mechanical motions of parts in the seismometer package could be
responsible for details in the apparent seismic spectra. Thermal convection can
be caused, for example, by heat dissipation in the instrument electronics. The validity
of the spectra can be most easily checked by making detailed digital analyses of
simultaneous spectra from two proximate three-component ocean-bottom instru-
ments.”

TsuNaMI GAUGES

The Hawaiian Institute of Geophysics has developed sophisticated gauges to
record tsunamis in the deep ocean. Some important papers are Vitousek (1963b),
and Vitousek and Miller (1970). It was claimed that tsunamis in the open ocean
at depths to 6 km could be measured. Filloux (1970a, b) described Bourdon tube
deep-sea gauges. Homma et al. (1966) described the response characteristics of
underwater gauges.

Benioff and Gutenberg (1939) described a portable tsunami recorder; Snodgrass
(1958) discussed a shore-based recorder of low-frequency ocean waves; Van Dorn
(1960a) described a long-period wave recorder for the range of 10-10°s; and Larsen
(1971) discussed the electromagnetic field of long and intermediate water waves.

MICROBARAGRAPHS AND AEROLOGICAL DATA FOR TSUNAMI PREDICTION

The aerological aspects of the tsunami and related problems will be discussed
in subsequent sections. Some microbarographs that could be used to record pressure
fluctuations in the atmosphere due to any perturbation will be briefly described.

Van Dorn (1960b) described a low-frequency microbarograph that was used
by the Scripps Institution of Oceanography, La Jolla, Calif. A hydraulic
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resistance-capacitance filter network attenuates the high-frequency gusts and atmos-
pheric tide. The resolution of the instrument was * 0.05 mb and the instrument
could attain sensitivities up to 0.1 mb. Donn (1958) described a microbarovariograph
with a maximum resolution of 0.002 mb.

Hines (1972, p. 78) proposed that atmospheric internal gravity waves might
be used for tsunami prediction.

“Tsunamis have their origins in major earthquakes beneath the ocean floor or at
its verge. A tsunami rises to rampaging amplitudes only in shallow waters, typically
at the coasts themselves, where its energy must be carried by relatively small masses
of water. In the open ocean, a tsunami is very tame indeed, producing, perhaps,
a few meters’ rise or fall of water, and that spread over a horizontal peak-to-trough
distance of many km. Tsunamis are therefore virtually undetectable in the open ocean,
and the prediction of their appearance on shore is most difficult. But a tsunami must
displace the atmosphere as it propagates and the displaced atmosphere must respond
by generating a gravity wave. The parameters are such that these waves will be of
the internal type, and so will grow exponentially with height. A rise of a few meters
at the surface of the water might well amplify to a few km at ionospheric heights,
and that sort of amplitude could hardly escape detection if it were sought. We arrive
then, at this speculative question: if we wish to keep track of the progress of a tsunami,
and so predict with some assurance the onslaught of its destructive force, might we
not serve our interests best by keepingwatch on the ionosphere?”

One interesting phenomenon to briefly consider is the biological precursors
to tsunamis. Musya (1934), Terada (1934), and Adams (1974) discussed the luminous
phenomena associated with the Sanriku earthquake tsunami of 1933. Adams (1974,
p. 63) states:

“There have been numerous reports on lights accompanying earthquakes. Since
these reported lights were usually observed concomitant with the earthquakes, they
are of no predictive value.

“In the case of tsunamis, the light seems to often occur from the direction of
the sea. One possible explanation is that the light is generated by luminiscent plankton
excited by the tsunami. If this explanation is correct, then the light provides a natural
signal of the impending tsunami (Terada, 1934) ... other observers of light associated
with a tsunami attributed it to luminiscence of the animals on the sea bottom, exposed
during ebbing of the tsunami. This would be of value to a warning system only if
the tsunami began as a withdrawal.” .

Adams mentions that the 1933 tsunami-earthquake pair exhibited anomalous
behavior of fishes several hours before the event and gave two specific examples
(surface fish feeding on ocean-bottom diatoms and migration of deepwater fish).

6.2 Tsunami Protection Measures

It is obvious there is no foolproof method to protect against tsunami damage
to property; nevertheless, breakwaters might offer some protection. There is an
enormous amount of literature on breakwaters for protection against short-period
waves, but it will not be included in this Bulletin.

NUMERICAL EXPERIMENTS

Itd6 (1970, 1971) gave some interesting results on tsunami waves in Ofunato
Harbor with and without a breakwater (Fig. 6.3). The tsunamis of 1896, 1933,
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F1G. 6.3. Water-level variation inside a harbor, with and without
a breakwater. (It6 1971)

and 1960 caused heavy damage in Ofunato Bay. A breakwater was constructed
in 1967 and a year later, another tsunami occurred. Thus, this case provides an

opportunity to examine tsunami waves with and without a breakwater.
Ito used a numerical model to compute the amplitude of the tsunami inside

the harbor with and without a breakwater. Figure 6.3 shows that the breakwater
indeed damps the tsunami inside the harbor. Murty and Boilard (1970) calculated
the effect of a hypothetical breakwater on the tsunami amplitude in Alberni Inlet
on the west coast of Canada and their results are in general agreement with those

of Ito.

LABORATORY EXPERIMENTS

Kamel (1970) described hydraulic model experiments specifically to understand

design criteria for breakwaters to protect Hilo from incoming tsunamis. The experi-
ments were performed in a steel flume 148.1 m long, 1.8 m wide, and 1.2 m deep.
The ratio of the model to prototype was 1:50. Some preliminary experiments were
made in a three-dimensional model to simulate the tsunami bore, and the data
obtained on the height and shape of the bore as well as the height and duration
of the overtopping above the barrier were used in the flume experiments.

Based on these experiments, Kamel concluded that efforts to develop an
overtopping rubble-mound tsunami barrier with a steep harborside slope were not
successful. Wiegel (1960) studied theoretically and through laboratory experiments
the wave transmission past a thin rigid barrier, extended above the water surface
and to some distance below the water surface. The aim of Wiegel's study was
to determine the depth to which such a barrier (realized in practice by mounting
a siding on a pile structure) had to be immersed for effectively stopping the waves.
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Wiegel concluded that a rigid barrier extending only a short distance below the
surface is not useful as a protection measure.
FORCE OF TSUNAMI SURGE ON A STRUCTURE

Fukui et al. (1963) showed that the maximum pressure, P ooy by a tsunami
on a vertical (or nearly vertical) wall is

Kyu?

where K is a constant empirically determined to be 0.5, 7 is the specific weight
of water, g is gravity, D is the height of the bore, and u is the velocity of the
tsunami advancing as a bore over dry bed and is given by:

u=183gD (6.2)

The pressure is maximum at the bottom of the wall and decreases linearly to zero
at a height of 1.5 D.

Matlock et al. (1962) studied the structural damage at Hilo due to the 1960
Chilean earthquake tsunami. The pressure on the structures was estimated as the
sum of the hydrostatic pressure and the dynamic pressure, p;, given by:

pp = % pCp 1 (6.3)

where p is the density of water and the drag coefficient, C|,, was taken as 1.2.

Cross (1967) studied, both theoretically and through laboratory experiments,
tsunami surge force due to the propagation of tsunami as a bore over drybed.
Cross assumed that the shape of the front portion of the tsunami bore is determined
mainly by friction and hydrostatic pressure gradient induced by the surface slopes.
Another assumption is that the velocity and acceleration at the front are mainly
determined by factors external to the region of the tip of the surge and these
were assumed to be known. The present problem is in several respects very similar
to the turbidity current problem discussed in Chapter 2.

Cross used momentum considerations to arrive at the following relation for
the force, F, on the wall:

F=47D* + Cppu’D (6.4)
where C, is a force coefficient defined by:

Fp

= .S
Cp = —75 (65)

where Fpy is the dynamic force on the wall. Equations (6.4), (6.5) can be used
to calculate the force exerted by the tip of the tsunami surge on a vertical wall.
Cross’s laboratory experiments agreed fairly well with his theoretical results. The
discrepancies were attributed to the neglect of convective accelerations in the tip
region.
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6.3 Tsunami Warning Systems of the Past and Present

It is difficult to allocate a date when the idea of tsunami warning systems
was conceived. Following the Aleutian earthquake of Feb. 3, 1923, Finch (1924)
suggested the possibility of tsunami prediction for warning purposes. However, he
stated that his idea was not new and as early as 1904 speculation was made on
the possibility of warning against tsunamis. Before the development of seismic
instruments, the occurrence of a major earthquake was taken as the first indication
of a tsunami.

For a continuously evolving problem such as tsunami warning service, any
descriptions of the existing system are likely to become out-dated. Nevertheless,
in the following pages, how the tsunami warning service came into existence and
how it functions at present will be described.

THE U.S. Coast AND GEODETIC SURVEY’S TSUNAMI WARNING SYSTEM

Following the disastrous Aleutian earthquake tsunami of Apr. 1, 1946, which
killed 173 people and caused property damage of about $25 million in Hawaii,
a group of scientists in the U.S. Coast and Geodetic Survey conceived the idea
of a tsunami warning service for the Pacific Ocean by seismographs to detect
the earthquakes, and tide gages to observe the tsunami. However, in 1946, seis-
mographic recording was done photographically and photographs were not
developed until the following day. Other difficulties were: neither the tide gages
were suitable to distinguish between tsunamis and any other type of wave, nor
were there any communication circuits for rapid transmission of messages.

By 1948, a functional tsunami warning service was achieved. Seismographs
with continuous and visible records were developed and installed at Hawaii and
other stations in the Pacific. These were equipped with automatic alarm signals.
A seismic seawave detector (that could filter out tides and wind waves but leave
the tsunami) had been developed and installed at several locations.

Better tsunami travel-time charts were prepared with accuracy of + 1.5 min
for every hour of travel. Communication channels were established through the
Federal Aviation Agency (at that time it was referred to as the Civil Aeronautics
Administration) and through U.S. military services. Later National Aeronautics
and Space Administration (NASA) and the U.S. Weather Bureau joined the
communication network.

The Seismic Sea Wave Warning System (SSWWS) started operating in 1948
at the Honolulu Magnetic and Seismological Observatory, where a 24-h watch was
maintained on large earthquakes and tsunamis. Although originally it was intended
to provide tsunami warning for Hawaii, later its role was expanded to include
several other nations bordering the Pacific.

Figure 6.4 shows the seismograph stations and tide-gage stations on which
SSWWS was based. When an earthquake of magnitude large enough to generate
a tsunami occurs, the automatic seismic alarm of each seismograph station responds
at once and the seismograph stations report arrival times of P and S waves to
Honolulu. Based on this data, Honolulu determines the epicenter and if the focus
falls in or near the ocean, it issues an advisory bulletin. This bulletin is given
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FI1G. 6.4. Tsunami warning system showing seismic seawave travel times to Honolulu;
tidal (@), and seismographic (A) stations. (International Tsunami Information Center
Honolulu)

to SSWWS participants and contains information on the earthquake epicenter and
the possibility of tsunami generation. Also, estimated time of arrival (ETA) to each
participating station is given, based on the tsunami travel-time curves.

The next step in the SSWWS involves interrogation of the tide stations, espe-
cially those closer to the epicenter, to detect any unusual activity, in which case
Honolulu issues a tsunami warning. However, local warning and evacuation of
people is up to the designated agencies of the participating countries.

The chronological events associated with the SSWWS activities during the 1964
Alaskan earthquake tsunami are taken from Anon. (1965, p. 13-24).

0336:13 (Greenwich Mean Time, March 28, 1964) Earthquake strikes the
northern shore of Prince William Sound, Alaska. This disturbance at 8.5 on the
Pasadena scale (Richter scale) of earthquake magnitude is the most severe ever
reported for North America. (In Alaska, where it is Good Friday afternoon, the
earthquake is called the Good Friday Earthquake by the press). The warning alarm
sounds at Honolulu Observatory and at four other participating seismograph
stations. The SSWWS begins its race with time.

0344. Seismic seawave warning alarm sounds at Honolulu Observatory. Re-
quests issued for immediate readings from seismograph stations at College, Alaska;
Sitka, Pasadena, Berkeley, Tucson, Tokyo, and Guam.
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0452 Honolulu Observatory completes preliminary determination of location
of earthquake epicenter: 61N, 147.5W.
0502 Honolulu Observatory issues first advisory via FAA and Defense
Communications network:
THIS IS A TIDAL WAVE ADVISORY. A SEVERE EARTHQUAKE HAS OCCURRED
AT LAT. 61N, LONG. 147.5W, VICINITY OF SEWARD, ALASKA, AT 0336Z, 28 MAR.
IT IS NOT KNOWN, REPEAT NOT KNOWN, AT THIS TIME THAT A SEA WAVE
HAS BEEN GENERATED. YOU WILL BE KEPT INFORMED AS FURTHER INFOR-

MATION IS AVAILABLE. IF A WAVE HAS BEEN GENERATED, ITS ETA FOR THE
HAWAIIAN ISLANDS (HONOLULU) IS 0900Z, 28 MARCH...

0530 Communications inoperative on Alaskan mainland. Honolulu Observa-
tory issues second bulletin. This is an information bulletin, stating that it is not
yet known whether a seismic sea wave has been generated, but providing all
participants in the SSWWS with estimated times of arrival. The observatory also
requests inspection of tide records by observers at Unalaska, Kodiak, Adak, Sitka,
Alaska; and Crescent City, Calif.

0555 Kodiak replies:

EXPERIENCE SEISMIC SEA-WAVE AT 0435Z. WATER LEVEL 10-12 FT ABOVE
MEAN SEA LEVEL. WILL ADVISE.

0630 Another message from Kodiak tide observer confirms existence of seismic
sea wave. Honolulu Observatory issues third bulletin:

THIS IS A TIDAL WAVE/SEISMIC SEA-WAVE WARNING. A SEVERE EARTH-
QUAKE HAS OCCURRED AT LAT. 61N, LONG. 147.5W, VICINITY OF SEWARD,
ALASKA, AT 0336Z, 28 MAR. A SEA WAVE HAS BEEN GENERATED WHICH IS
SPREADING OVER THE PACIFIC OCEAN. THE ETA OF THE FIRST WAVE AT
OAHU IS 0900Z, 28 MARCH.

THE INTENSITY CANNOT, REPEAT, CANNOT BE PREDICTED. HOWEVER, THIS
WAVE COULD CAUSE GREAT DAMAGE IN THE HAWAIIAN ISLANDS AND
ELSEWHERE IN THE PACIFIC AREA. THE DANGER MAY LAST FOR SEVERAL
HOURS...

(estimated times of arrival are repeated).
0700 Tsunami reaches Tofino, B.C.
0708 Kodiak reports series of waves:

SEA WAVES AT 0435Z, 32 FT AT 0540Z; 35 FT AT 0630Z; 9.0 m SEAS DIMINISHING
WATER RECEDING. EXPECT 6 MORE WAVES.

0739 First wave arrives at Crescent City. The wave is 0.9 m high. Some evacuees
return to danger area.
0750+ Four persons drown at DePoe Bay, Oreg.

0900 Tsunami reaches Hawaiian Islands. Damage slight at Hilo, with three
restaurants and a house inundated; at Kahului, a shopping center is flooded.

0920 A 3.7-m wave — probably the fourth — sweeps into Crescent City. This
wave, and its successors, destroy or displace more than 300 buildings; 5 bulk gasoline
storage tanks explode; 27 blocks are substantially destroyed; there are casualties.

1020 Tsunami reaches east coast of Hokkaido, Japan.
1038 Tsunami reaches northeast coast of Honshu, Japan.
1100 Honolulu Observatory sends final bulletin. It is an all-clear for Hawaii;
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other participants in the SSWWS are advised to assume all-clear status 2 h after
their tsunami ETA unless local conditions warrant continuation of alert.

1355 Tsunami reaches Kwajalein.

1910 Tsunami reaches La Punta, Peru.
The tsunami does much damage along the coasts of Alaska, Canada, and Crescent
City, Calif. Minor damage is reported from the coasts of Washington, Oregon,
and the Hawaiian Islands. There are casualties in Alaska, Oregon, and California,
but the number is in tens, not hundreds and not thousands.

The following is a reproduction from Anon. (1965, p. 24-25) on reminders
to population living on coastal areas.

The warning and evacuation of personnel in endangered areas is the job of designated
agents participating in the SSWWS. The agent in your location will know what measures
to take — and will take them, with your cooperation. You can help him, and yourself, by
remembering these facts:

1. All earthquakes do not cause tsunamis, but many do; when you hear that an earthquake
has occurred in the Pacific Ocean area, stand by for possible ¢ ications from your local
emergency headquarters.

2. An earthquake in your immediate area should be interpreted as a natural seismic sea-wave
warning; do not stay in low-lying coastal areas after a local earthquake has occurred.

3. A tsunami is not a single wave, but a series of waves. If you have been evacuated
as a result of a SSWWS warning, stay out of the danger area until the entire wave-series
has passed.

4. Approaching tsunamis are sometimes heralded by a noticeable rising or falling of coastal
water. This is nature'’s seismic sea-wave warning; it should be heeded by those in low-lying
coastal areas.

5. There is at present no way to determine in advance the amplitude, or size, of tsunamis
in specific locations. A small tsunami at one beach can be a giant a few miles away; don’t
let the modest size of one make you lose respect for all.

6. The SSWWS does not issue false alarms. When a warning is issued, a seismic sea-wave
exists. The tsunami of May 1960 killed 61 persons in Hilo, Hawaii, who thought it was ‘just
another false alarm.”

7. All tsunamis — like hurricanes — are potentially dangerous, even though they may
not strike each Pacific coastline or do damage at each coastline they strike.

8. Never go down to the beach to watch for a tsunami; when you see the wave you are
too close to escape it.

9. Sooner or later, tsunamis visit every coastline in the Pacific. This means that SSWWS
warnings apply to you if you live in any Pacific coastal area.

10. During a tsunami emergency, your local Civil Defense, police and other disaster
organizations will try to save your life. Give them your fullest cooperation.

Member nations of SSWWS (USA, American Samoa, Canada, Chile, Fiji
Islands, French Polynesia, Hong Kong, Japan, New Zealand, Philippines, Taiwan,
and Western Samoa) prepared Anon. (1965).

ALASKA

Some details of tsunami information dissemination are provided. Tsunami
bulletins and warnings are sent to (1) FAA station at Anchorage, (2) U.S. Air
Force weather relay facility at Elmendorf Air Force Base, and (3) Alaska Civil
Defense, Anchorage. The Civil Defense Headquarters contacts district or area
directors of civil defense, mayors, municipal police departments, radio and television
stations, newspapers, and wire services. The U.S. weather bureau uses its facilities
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through Alaskan weather stations located at Barrow, Barter Island, Kotzebue, Nome,
Fairbanks, Bethel, St. Paul Island, King Salmon, Cold Bay, Shemya, Anchorage,
Cordova, Yakut, Juneau, and Annette, and California, Oregon, and Washington
states.

Bulletins and warnings are sent via FAA or defense communications system
to Hamilton Air Force Base, Calif. This center sends the messages to various places
in the three states via the National Warning System (NAWAS). For California,
the responsible agencies are the California Disaster Office (CDO) in Sacramento,
and the California Highway Patrol in Sacramento. Tsunami alerts are issued usually
in the following counties: Alameda, Contra Costa, Del Norte, Humboldt, Los
Angeles, Marin, Mendocino, Monterey, Orange, San Diego, San Luis Obispo, San
Mateo, San Francisco, Santa Barbara, Santa Clara, Santa Cruz, Solaro, and Sonoma.

In Oregon, tsunami bulletins are received by the NAWAS district warning
point in Salem or the State Police duty officer. Tsunami warnings are disseminated
to counties Clatsop, Coos, Curry, Douglas, Lane, Lincoln, and Tillamook.

In Washington, messages are received at the Washington State Patrol radio
dispatch office in Olympia.

In Hawaii, messages are received at the Honolulu police department dispatch
bureau which disseminates the information to the State Civil Defense Agency and
Civil Defense agencies in Oahu, Kauai, Maui, and Hawaii.

In American Samoa, messages are received via the Defense Communication
network by the office of the Governor of Pago Pago.

Various U.S. governmental agencies receive tsunami messages and bulletins.
In the Pacific Islands, the U.S. Naval Station at Guam, the U.S. Naval Station
at Midway Island, and the U.S. Weather Bureau stations at Johnston Island and
Marshall Island receive the bulletins.

Tsunami messages for Canada are sent to the U.S. Navy Communications
in Seattle via the Defense Communications network. From Seattle, the messages
are sent to the Canadian Armed Forces naval base in Victoria, B.C. This agency
disseminates the warnings to the RCMP and the B.C. Civil Defense.

Tsunami bulletins for Chile are sent through the Defense Communications
system to Green Belt, Md., and from there, to NASA Minitrack Station in Santiago,
Chile. The station relays the information to the Departamento de Navegacion e
Hidrografia in Valparaiso, at the same time the messages are sent to the U.S.
Navy Communications Station in Balboa (Canal Zone) and from Balboa to Val-
paraiso. Alerts are given to various stations and messages could also be sent to
Chilean light houses.

Tsunami messages for Fiji Islands are sent via FAA Communications to the
Aeronautical Communications Station in Nandi and relayed to the Royal New
Zealand Air Force Station in Lawthala Bay. From this station, the message is
telephoned to the harbor master in Suva.

Tsunami messages for French Polynesia are sent via FAA communications
to the Aeronautical Communications Station in Nandi, and from there to the
Aeronautical Communications Station in Papeete, Tahiti, via radio telegraph. This
station notifies the Chief of the Mission hydrographique in Papeete.
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Tsunami messages for Hong Kong are sent via FAA Communications to the
Philippine CAA Communications Station in Manila and then relayed to the Royal
Air Force Communications Center in Hong Kong, then the Director of the Royal
Observatory is notified.

Tsunami bulletins for Japan are sent through the Defense Communications
system to the Japan Meteorological Agency.

Tsunami messages for New Zealand are sent via FAA network to the Aeronau-
tical Communications Station in Nandi, Fiji Islands, or via the U.S. Navy Communi-
cations to Christchurch, N.Z. From Fiji or Christchurch, the messages are transmitted
to Wellington and then relayed to the Civil Defense Officer.

Tsunami bulletins for the Philippines are sent via the FAA Communications
to the Philippine CAA Communication Station in Manila and then relayed to the
weather bureau. '

Tsunami bulletins for Taiwan are sent via the Defense Communications network
to Taiwan Defense Command Communications Center in Taipei and then tele-
phoned to the weather bureau.

Tsunami messages for Western Samoa are sent via FAA Communications to
the Aeronautical Communication Station in Nandi, Fiji Islands, and then relayed
by radio telegraph to Faleolo Airport. The information is then sent to the APIA
Observatory.

FURTHER DEVELOPMENTS IN PACIFIC TSUNAMI WARNING SYSTEM

Murphy and Eppley (1970) discussed developments and plans for the Pacific
tsunami warning system since its inception in 1948. Originally it was organized
with four seismological stations at College, Sitka, Tucson, and Honolulu, and tide
stations at Attu, Adak, Dutch Harbor, Sitka, Palmyra, Midway, Johnston Island,
Hilo, and Honolulu. At present all these stations except Palmyra are still part of
the warning system.

As of October 1969, there were 21 seismic stations and 41 tidal stations partici-
pating in the tsunami warning system (TWS). Eleven nations bordering the Pacific
are members.

The following seismic stations recently joined the TWS: Wellington, Port
Moresby, Suva, Tacubaya, Antofagasta, and Easter Island. The inclusion of these
will provide quicker and more accurate epicenter determinations in certain areas.
The tide stations that plan to join the TWS are Galapagos, Marsden Point (New
Zealand), Gambier Island, Tuamotu Arch, Okinawa, Amchitka, Salina Cruz and
Manzanillo (Mexico), and Talara (Peru).

For locally generated tsunamis in Hawaii, an experimental tsunami warning
system is operational. This system consists of seismic and tide-gage stations on
the Hawaiian Islands. All data are transmitted to Honolulu Observatory (HO),
and recorded there as visual display. Within 10-15 min potential earthquakes
capable of generating tsunamis can be identified. The hydraulic gauge data can
then be used to supplement the warning.-

The Alaska Regional Warning System (ARWS) has been in existence in Alaska
since 1967. The observatory at Palmer is the center for ARWS, and Adak, one
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of the Aleutian Islands, is responsible for local warnings within 300 km of Adak.

TSUNAMI WARNING SYSTEM OF CANADA

Dohler (1970) described a tide-gage data telemetry system that has been
developed for tsunami warning in Canada. Starting in 1966, Canada installed
equipment at three selected stations, Tofino, Victoria, and Langara Island, to supply
water-level data, mainly to the Pacific Tsunami Warning System (PTWS) at Hono-
lulu, to assist in decision making. Special equipment at the three locations is
supplemented with ordinary tide-gage functions. The equipment also has a dialing
unit which automatically calls a predetermined party in the event of an unusual
water-level condition. The equipment is so instructed that any disturbances in excess
of specified conditions, and different from normal tidal oscillations, will be in-
terpreted as a tsunami. '

Some instrumentation involved in these operations will be briefly described.
For details see Dohler (1970). At the Tofino and Victoria stations, the conven-
tional-type tide gages involving a float and a counterweight are used. At the third
station on Langara Island a potentionmeter-type, absolute pressure transducer is
used. The pressure recording system consists of a pressure head, a three-conductor
connecting cable, and a recorder unit. The principle involved here is determination
of the height of a water column by measuring the hydrostatic pressure with a
resistance potentionmeter-type, absolute pressure transducer. Atmospheric pressure
changes that affect the total pressure, measured by the submerged pressure trans-
ducer, are compensated in the recorder unit.

TsUNAMI WARNING SERVICE IN JAPAN

The Japanese cabinet approved the tsunami warning system on Dec. 2, 1949,
and it came into existence on Apr. 1, 1952 (Anon. 1972). The tsunami warning
service in Japan consists of three parts: (1) tsunami forecast system — Japan Me-
teorological Agency (JMA) is responsible; (2) dissemination system for sending
messages to the coastal areas — civil and public organizations; (3) terminal systems
to evacuate the people — local authorities.

The tsunami warning system of JMA is based on seismic and tidal monitoring
stations and analysis centers. If land communication lines are broken for any reason,
wireless communication will be used. Figure 6.5 shows the 17 divisions of the
Japanese coast, each region under the jurisdiction of one of the five regional tsunami
centers.

If the epicenter is more than 600 km from the Japanese coast, then JMA
Tokyo headquarters has the responsibility of analyzing the earthquake. For nearby
earthquakes, the regional centers are responsible. At headquarters two persons are
on watch 24 h a day, and at the regional centers one person is on watch round
the clock. :

Japan Meteorological Agency had 106 seismic stations. The four seismic stations
. at Okinawa joined the JMA network on May 15, 1972, bringing the total to 110.
Of these, 69 stations are designated as seismic stations for tsunami warning. Of
the 69, 13 are selected for distant earthquakes and are called teleseismic stations
for tsunami warning,.
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When an earthquake occurs, a seismic station immediately interprets the seis-
mogram and sends the results by telegram to its tsunami center. This telegram
is referred to as “seismic-telegram.”

Japan Meteorological Agency operates 53 tide-gage stations and 11 are
equipped with telemetering devices.

When the alarm bell rings at the regional tsunami centers, the location of
the epicenter is first determined by the S-P times. The second step is determination
of the grade magnitude of the tsunami. The grade magnitude works on a 3-grade
scale; grade 1 means major tsunami, grade 2 signifies a minor tsunami, and grade
3 means no tsunami. The grade magnitude is determined by the amplitudes reported
in the seismic-telegram (Fig. 6.6).

The third step is preparation of the warning message. Five degrees are used
for this purpose. In these messages, the tsunami height refers to the amplitude
above the normal tide level. First degree means, no tsunami; second degree refers
to a tsunami of unknown amplitude; third degree refers to a minor tsunami (not
exceeding 2 m); fourth degree refers to a major tsunami (heights from 1 to 3 m);
and fifth degree means the warning is cancelled and there is no more danger.
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FIG. 6.6. Japan Meteorological Association tsunami forecasting
chart. (Japanese National Report)

For tsunamis originating at distances greater than 600 km from the Japanese
coast, the National Center in Tokyo is responsible for warning the public. This
warning is based on bulletins issued by the Honolulu Warning Center. Since October
1963, the Soviet Union has been issuing tsunami broadcasts in English from Kha-
barovsk. For tsunamis originating in the northern Pacific, Japan uses these broad-
casts.

Nakayama (1972) described the tide telemetering system employed by JMA
for warning of tsunamis and storm surges.

TsuNnaMl WARNING SERVICE IN SOUTH PACIFIC

The tsunami warning system for New Caledonia and Tahiti is somewhat dif-
ferent from the others and is based on T-phase (see Chapter 3). Actually, this system
is applied for Tahiti only because barrier reefs protect the New Caledonia shoreline
and no tsunami warning is needed there.

This warning system will be briefly described, based on a paper by Talandier
(1966). Five short-period, vertical seismographs were established in the island group
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of Tahiti and Moorea. The separation between these seismographs varies from 15
to 50 km and they are equipped with filters to eliminate background noise due
to swell. Based on the difference in arrival times of seismic waves at these stations,
a rough but instantaneous idea of the distance of the earthquake and location
is obtained.

If two of the five stations report P waves with sufficient amplitude, then an
initial alarm is given. Experience shows that any earthquake followed by a tsunami
produces large amplitude T waves which travel slower than P waves, but (as sound
waves in the water) faster than swell or tsunami. Although the warning time is
much shorter than that of Honololu, the Tahiti warning system is much more reliable
for that area. However, this statement should not be interpreted as a criticism
of the SSWWS, whose purpose is general warning over the whole Pacific area.

TsuNaM1I WARNING SERVICE FOR USSR

Abouziyarov (1970) described problems of the tsunami warning service in the
Soviet Union. The main tsunami threat is from the seismic areas over the continental
slope of the deepsea Kuril-Kamchatka trough. Sometimes the tsunamis take only
20-30 min to arrive at the nearest shore.

Based on past history, the Kuril-Kamchatka region has been divided into three
zones: (1) the most violent tsunami zone on the east coast of Kamchatka between
Cape Lopatka and Cape Kamchatka, and the Komandor Islands; (2) moderate
tsunami zone opposite the South Kuril Islands beginning at Urup; (3) no tsunamis
in the area opposite the middle Kuril Islands (i.e. between the Straits of Krwenstern
and the Strait of Boussol).’

Two types of tsunami sources exist in the far eastern region of USSR. The
sources at depths of 5-6 km near the deepsea trough at the positions of the longi-
tudinal breaks could cause large tsunamis affecting distances to 1000 km. On the
other hand, sources near the shore associated with lateral faults could cause tsunamis
affecting 300-400 km.

The tsunami warning service was established following the Kamchatkan tsun-
ami in 1952, Three tsunami warning centers were located at Petropavlovsk-on-
Kamchatka, Kurilsk, and Uthno-Sakhalinsk. Table 6.1 summarizes the activities
of the tsunami warning service between 1958 and 1965. Special seismographs called
UBOPE were developed to quickly determine the epicenters of earthquakes in the
magnitude range of 7.0-8.5 and at distances of 150-2000 km.

The Kuril-Kamchatka coast is divided into six regions, according to the pre-
dicted intensity of tsunami (using statistical relations based on past data): (I)
Kamchatka and Kronoki Bay; (2) the Cape of Shipunsky; (3) southern Kamchatka;
(4) northern Kuril; (5) Rashuwa, Ketoi, and Simushir Islands; and (6) southern
Kuril.

SOCIOLOGICAL PROBLEMS

Few scientific studies have been made on human behavior during a tsunami
warning evacuation and the study by Lachman et al. (1961) points to the necessity
of unambiguous warning procedures. The authors conducted a survey on human
behavior in Hilo, Hawaii, during the 1960 Chilean earthquake tsunami and dis-
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TABLE 6.1 Activity of the tsunami warning service in the Far East from 1958 to 1965. (Abouziyarov 1970)

Processing time

Organization reporting, of seismic data
data used (min) Tsunami characteristic
Nov. 7, 1958 Sakhalinsk Administration of - moderate tsunami south of Kuril
Hydrometeorological Service on . Islands

basis of broadcast by Japan
Meteorological Agency

May 4, 1959 seismic station Petropavlovsk 5 weak tsunami area Cape
Shipunsky and Bay of Avachinsk

Mar. 20, 1960 tsunami station Uthno-Sakhalinsk 10 no tsunami

May 24, 1960  Sakhalinsk Administration of - destructive tsunami on Pacific
Hydrometeorological Service on coast of Kamchatka and
basis of information from a man Kuril Islands

on port post duty Sevezo-Kurilsk

July 29, 1960 tsunami station Uthno-Sakhalinsk 10 no tsunami
Feb. 13, 1961 tsunami station Uthno-Sakhalinsk 7 very weak tsunami south of Kuril
Islands
Oct. 13, 1963 seismic tsunami station 10 destructive tsunami on Pacific
Uthno-Sakhalinsk coast of Urup and Iturup islands

cussed the consequences of an ambiguous tsunami warning system. Some highlights
are (Lachman et al. 1961, p. 1405):

“.. Despite at least 10 hours of warning, the wave killed 61 persons, injured several
hundred more, and completely destroyed an estimated 500 dwellings. A study group
was organized by the Hawaii Division of the Hawaiian Academy of Science to objec-
tively examine the human element in the disaster. The objectives of the research,
subsequently undertaken, were to study the subjective interpretations of the warnings
and the resulting behaviour. A questionnaire was prepared to be administered to

a cross section of the adult population of the affected area.”

Characteristics of the sample — Composition of the sample of 327 individuals
in terms of sex, age, race, and education is summarized in Table 6.2. The sample
included 28 persons who had lost one or more members of their immediate family
in the disaster. Also, 50 persons in the sample (15% of those interviewed) had
suffered injuries. Of the 50, 47 had not left their homes, the 3 injured among
the evacuees either (i) left but later returned to their homes or (ii) sought safety
in another stricken area.

Preimpact period — The Siren Signal: The tidal wave warning siren sounded
for a 20-min period, more than 4 h prior to the impact of the wave, yet only 40%
of the sample evacuated, and presumably this was the percentage of the entire
population of the devastated areas who evacuated. Therefore, the question was
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TABLE 6.2. Sample of human behavior during the tsunami of May 1960. (Lachman et al. 1961)

Total sample Nonevacuees Evacuees
No. % No. % No. %
Sex
Male 140~ 428 88 4.7 52 40.0
Female 187 57.2 109 55.3 78 60.0
Age
18-27 59 18.0 29 14.7 30 23.1
28-37 76 232 41 20.8 35 26.9
38-47 77 23.5 45 22.8 32 24.6
48-57 64 19.6 45 22.8 19 14.6
58-67 33 10.1 25 127 8 6.2
68 or older 18 5.5 12 6.1 6 4.6
Race :
Caucasian 8 24 3 1.5 5 38
Filipino : 33 10.1 23 1.7 10 17
Hawaiian 74 22,6 23 11.7 51 39.2
Japanese 178 54.4 123 62.4 55 423
Portuguese 15 4.6 14 7.1 1 0.8
Other 19 5.7 11 5.5 8 6.1
Education ‘
Grade, intermediate school 151 46.2 100 50.8 51 39.1
High school 152 46.4 81 41.1 71 54.6
College 24 7.3 16 8.1 8 6.2

TABLE 6.3. Various interpretations of the siren from individuals interviewed following the tsunami of

May 1960. (Lachman et al. 1961)

Total sample Nonevacuees Evacuees

Interpretation No. % No. % No. %
Alert 14 4.8 10 5.9 4 33
Warning 13 45 8 4.7 5 4.0
Preliminary signal preceding

evacuation signal 71 244 55 324 16 13.2
Evacuation signal 84 289 10 59 74 61.2
Signal to await further information 26 8.9 24 14.0 2 1.7
Signal to make preparations 18 6.2 12 7.1 6 5.0
Subjective meaning not ascertainable 65 223 51 30.0 14 11.6
Total 291 100.0 170 100.0 121 100.0

posed. “Did you hear the 8:30 siren on Sunday, May 227 Of those interviewed,
309 (95%) said they had heard the siren; 18 (5%) said they had not. Of those
who heard the siren, 127 (41%) evacuated and 182 (59%) did not.

The 309 individuals who had heard the siren were asked further if they knew
what it meant. Only 18 individuals (6%) said they did not. However, in the course
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of analyzing the data, it became obvious that not all the 291 persons who said
they knew what the siren meant had the same understanding of its significance.

Table 6.3 summarizes the various meanings the siren had for the 291 individuals
who heard it. As the siren meant so many different things to different people,
one wondered just what it was meant to signify officially. Consulting the telephone
directory (presumably the official medium for disseminating this information), the
siren signal was characterized as an ““alert,” with no indication as to what behavioral
response was expected of the public on hearing it. Responses to the siren are shown
in Table 6.4. The disaster victims are classified according to their immediate response
to the siren — whether they continued their normal routine, evacuated, or waited
for information and instructions. Table 6.5 lists sources of information other than
the siren.

TABLE 6.4. Relation between ultimate evaluation and immediate response to the siren. (Lachman et
al. 1961)

Total sample Nonevacuees Evacuees

Immediate response No. % No. % No. %
Did nothing (continued normal

routine) 44 15.0 40 233 4 33
Evacuated 94 320 12 7.0° 82 67.2
Waited (for advice, information, etc.) 131 44.5 100 58.1 31 25.4
Other (returned home, etc.) 25 8.5 20 11.6 5 4.1
Total 294 100.0 172 100.0 122 100.0

? Represents individuals who evacuated when they heard the siren but returned home prior to time
of impact.

TABLE 6.5. Information source concerning the May 1960 tsunami, other
than the siren. (Lachman et al. 1961)

Individuals reporting

 Information source No. %
Relatives, friends 45 17.2
Radio, TV 178 68.2
Government (police, firemen, civil defense) 8 3.1
Radio, TV, relatives, friends 22 8.4
Radio, TV, government 6 23
Relatives, friends, government 1 0.4
No answer 1 0.4
Total 261 100.0
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6.4 Acoustic and Internal Gravity Waves in the Atmosphere

STRUCTURE OF THE ATMOSPHERE ,

Dobson (1963) gave a comprehensive view of the atmosphere in his book;
the frontispiece depicts its structure (Fig. 6.7). The nomenclature of different regions
of the atmosphere is confusing at present because too many names are used to
designate the same region. _

One important characteristic of the atmosphere is the change of temperature
with height. As the temperature reverses several times with height there are three
warm and two cold regions. The warm regions are near the earth’s surface, at
a height between 40 and 60 km and above 150 km (more or less the top of the
atmosphere). The first cold region extends from about 10 to 35 km, whereas the
second is around 80-90 km. The exact distribution of temperature with height
depends on latitude and to some extent on time of year.

Figure 6.7 shows that the temperature decreases upward from the earth’s surface
as far as the level called the tropopause. The atmosphere below the tropopause
is the troposphere and the region above the tropopause is the stratosphere.

Deductions from meteor observations showed that the temperature at about
50 km is approximately equal to that at the surface of the earth. A small amount
of ozone is present in the atmosphere, and because the ozone is opaque to ultraviolet
light it absorbs solar radiation, and this creates the warm region around the 50-km
level.

The air generally conducts electricity and conductivity above the 80-km level
is much greater than at lower levels, especially during sunlight hours. This region
of the atmosphere, called the ionosphere, is basically responsible for allowing radio
waves to propagate over great distances. Electrical currents of the region are related
to variations of the earth’s magnetic field. At least four regions exist in the ionos-
phere, known as the D, E, F,, and F, layers, with heights above the earth’s surface
varying roughly from 70 km to 400 km.

Ionization (when a molecule either gains or loses an electron) in the lower
layers of the atmosphere is mainly produced by cosmic radiation. The intensity
of ionization in the ionosphere is much greater than in the troposphere or strato-
sphere, and has an entirely different origin. The higher levels of the atmosphere
contain little air and absorb only small amounts of solar short-wave radiation;
consequently the ionization is small. When solar radiation reaches lower levels,
the abundance of air absorbs the radiation strongly, producing greater ionization.
Because of absorption when passing through these layers, the intensity of solar
radiation is reduced greatly, and little ionization takes place further down. Thus,
there will be some level where the rate of ionization is a maximum.

Another important difference between ionization of air in the ionosphere and
that in the troposphere and lower stratosphere is that ions are found in abundance
in the lower regions, whereas electrons mainly give the ionosphere its characteristics.

ACOUSTIC AND INTERNAL GRAVITY WAVES IN THE ATMOSPHERE

Two major mechanisms appear to generate waves in the atmosphere (Hines
1960): one is tidal oscillations of the atmosphere, and the second is tropospheric
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wind systems. In considering any wave motion in the atmosphere, both gravitational
and compressional forces must be considered. Hines showed that even a simple
model of the atmosphere (which is stationary and of uniform temperature and
composition) can produce two distinct classes of wave motion with one feature
in common; in the absence of dissipative forces both are unattenuated in the
horizontal direction. However, in their vertical behavior they differ drastically. The
class identified as surface waves, although having an exponential variation vertically,
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cannot support any phase propagation in the vertical direction. The class identified
as internal waves can support significant phase propagation in the vertical direction.

The internal atmospheric waves are of two types (Obayashi 1963). In the
high-frequency range they are acoustic (sound waves in the atmosphere), whereas
in the low-frequency range they are internal gravity waves. Low frequency refers
to a period of several minutes when gravitational forces introduce a profound
anisotropy. :

Two characteristic frequencies separate the two limiting cases. One is the
Brunt-Vaisala frequency, wg, also called the gravitational stability frequency, and
the other is the modified acoustic stability frequency, w,. For an atmosphere in
hydrostatic equilibrium, the two frequencies are given by:

1 _, (& 1 3%\_g (y=1_ oH
“¢ g<c2+Paz> H(7 T (6.6)
and
po (L 2N_m (), MY 6.7
“2=\2p 3z )" aH 3z (6.7)

Here g is acceleration due to gravity, p(z) is the density of the atmosphere, ¢(2)
is the speed of sound, 7 is the ratio of specific heats, and H is the scale height
(scale height, H, is the equivalent height of a homogeneous, isothermal atmosphere

Ko
and is given by —2 where K is Boltzmann’s constant, 9, is the absolute temperature,
mg

g is gravity, and m is the mean molecular mass) of the atmosphere (a function
of the vertical coordinate, z). The phase-velocity, V, of the waves is given by:

2 - ta
VY _1-Ysin® 6 (6.8)
c 1-X
where
)
X=|—
w
and

y= (%g) (6.9)

and @ is the angle between the field of gravity and the wave normal. Here w
is frequency and T = 2m/w is the period. Waves with periods less than T, are
acoustic waves; those with periods greater than Ty are gravity waves. In the period
range, T, <T < T, no internal atmospheric waves exist. For acoustic waves (with
periods less than T,), the phase velocity is approximately equal to the velocity
of sound but tends to o as the periods approach T,. For gravity waves, the phase
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as well as the group velocities are zero at T = T, and the velocities increase with
increasing T and approach % sin 6 for longer periods. The acoustic waves more

or less propagate isotropically whereas the gravity waves propagate mainly in a
horizontal direction and exhibit strong anisotropy.

HINES’ THEORY FOR ACOUSTIC AND GRAVITY WAVES

Hines (1960) developed a theory in connection with his interpretation of the
irregular motions in the upper atmosphere in terms of internal atmospheric gravity
waves. He used a simple model of the atmosphere and brought forth some important
features. In the absence of waves, his model atmosphere is stationary and has
uniform temperature and composition. As all three assumptions are drastic, further
improvements of the theory are considered. Temperature varies in a complex manner
in the atmosphere, as opposed to an isothermal state. The atmosphere, of course,
is not stationary; an important force is the Coriolis force due to earth’s rotation.
The assumption of uniform composition, although far from the truth, nevertheless
is not as drastic as the others for this particular problem. '

Hines assumed that the superimposed wave motion on the atmosphere has
only perturbation magnitude (i.e. second and higher order terms for the amplitude
of oscillation in the equations of motion are ignored) and occurs adiabatically.
Forces taken into account are gravity, inertia, and pressure gradients. The gravity
field is assumed to be constant in magnitude as well as direction. Details of the
mathematics leading to the existence of acoustic and internal gravity waves is omitted
here but can be found in Hines (1960).

Next Hines examined the problem of dissipation. The two basic causes of
energy dissipation are molecular viscosity. and thermal conduction. Hines also
considered the nonlinear effects and concluded that in certain parts of the spectrum
and at certain heights, the nonlinearities could be important.

FURTHER THEORETICAL DEVELOPMENTS

Although Hines’ original work involved only an isothermal atmosphere, sub-
sequent models used many layers to model realistically the variation of temperature
with height. For example, Harkrider (1964) used 40 layers, each a thin isothermal
layer. Many numerical studies have been made for the wave-guide modes of acoustic
and internal gravity waves for different atmospheric models, all more or less derived
from the Air Research and Development Command (ARDC) standard atmosphere
(see Fig. 6.8). For periods ranging from a few seconds to a few minutes, these
studies were satisfactory in the sense that the calculated values agreed well with
observed values.

Several authors introduced wind structure and considered its effects on the
gravity wave. The work of Weston and vanHulsteyn (1962} is typical. They showed
that wind increases the phase velocity of the gravity wave mode. Some important
results of the theoretical studies are: in the long-period wave range of 10-100 min,
propagation is mainly in the form of gravity waves. There has been some confusion
in the atmospheric propagation problems because the distinction between acoustic
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modes influenced by buoyancy-effects, and internal gravity wave modes influenced
by compressibility effects, has not been clear in the commonly used term acous-
tic-gravity wave propagation. Actually, as far as the lower 100 km or so of the
atmosphere is concerned, the behavior of gravity and acoustic modes is sufficiently
different that no confusion arises. The difference in behavior could be easily visua-
lized in terms of the two limiting frequencies already introduced; the acoustic
low-frequency cutoff, w,, and the Brunt-Vaisala frequency or the internal gravity
wave, high-frequency cutoff,w,.In the literature several notations have been used
for these; Tolstoy and Pan (1970) used w, and N.

In the regions where w, > w,, there is no ambiguity in the two types of modes.
However, centered at about 120 ]?m in the atmosphere there is an anomalous zone
in which wg > w,. This anomalous zone is probably important for ground-level
detection of surface gravity waves excited by atmospheric nuclear explosions as
will be shown later.

Tolstoy and Pan (1970) showed that simple models involving two to four layers
in the atmosphere, can be used to determine the propagation and dispersion of
the lowest two to three gravity modes of the atmospheric wave guide. Two important
facts brought out by this paper are: these simple models could explain the long-
period portion of the 300 m/s group velocity plateaus in terms of coupling effects
of the internal gravity wave guide. Tolstoy and Pan cautioned that, as this result is
is obtained from an atmospheric model with two incompressible layers, the 300 m/s
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value is somewhat fortuitously related to the velocity of sound in air. Also, surface
gravity-wave modes of the atmosphere are better understood by this approach.

Another concept introduced pertains to the top boundary condition in the
atmosphere. For example, Pfeffer and Zarichny (1962), Press and Harkrider (1962),
Harkrider (1964), Daniels (1967), and Harkrider and Wells (1968) used a free-surface
condition, at several heights arbitrarily, to compute surface modes of the atmosphere,
but did not explain the logic of this.

Tolstoy (1967) showed that it is indeed impossible to justify the use of a
free-surface boundary condition, and thereby make the selection of H, the effective
atmospheric wave height, less arbitrary. For this he used the concept of vacuum,
ie., at heights where the mean free path, £, of the neutral gas molecules exceeds
the wavelength, L, of the disturbance, the medium is considered to be vacuum.
Hence, for heights where ¢ << L, the usual continuum equations apply. Then the
effective free surface of the atmosphere is at height, z = H, where 2 = L. This
means the effective height of the atmosphere depends on the wavelength of the
disturbance.

However, the region, Z = H, at which £ = L is not infinitesimal, but is a
transitional layer of thickness, d (say). In this transition layer, strictly speaking,
Boltzmann’s equations must be applied. For d << L, the layer mainly behaves
as a region with large viscosity and strongly attenuates waves with periods less
than 10 min. Another consideration is that (at the heights relevant here) because
of large ionization, hydromagnetic interactions could occur. However, Dungey
(1954), Fejer (1960), and Hines (1955) showed that these interactions are effective
only for periods greater than or equal to 3 h. Hence, it can be assumed that the
atmosphere acts as a window for surface gravity waves, with periods between 10
and 200 min.

ToLsTOY AND PAN’S MATHEMATICAL MODEL

The simple mathematical model of Tolstoy and Pan (1970) for wavelengths
L > 300 km will now be discussed, with particular attention to aspects of the propa-
gation directly relevant to recent observations with microbarographs. They showed
motions with 600 m/s and energy concentrated around the 15-min period.

The logic behind using a simple model is given by Tolstoy and Pan (1970,
p. 35):
“Since in the present study we are interested chiefly in internal and surface gravity
modes with periods > 10 min and wavelengths > 200 km, a small number of layers
provides adequate approximations for discussing the propagation properties of atmos-
pheric waves. One must remember that the frequency-wave number relationship and
the group velocity may be written as quotients of two quadratic forms in the wave
amplitudes (Boit, 1957). These are stationary with respect to variations of the ampli-
tude, so that in most calculations relatively large errors in the amplitude distribution
of the displacement field can be tolerated, without appreciably affecting the eigenvalue
and propagation velocity calculations. Thus, even though the amplitude of the vertical
displacement predicted by an oversimplified model may be in error, the characteristic
curve calculations can be quite accurate.
“We have limited ourselves to calculations on two and four-layer models, illustrat-
ing the effects of compressibility, of the upper boundary condition, of the earth’s
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rotation, and of layering upon the propagation of long periods. Within the limitations
imposed by the small number of layers, we have used models that represent fits to
the Vaisala frequency, the density, and sound velocity functions in the earth’s atmos-
phere”

Tolstoy and Pan’s model allows interpretation of recent observations by micro-
barographs. Tolstoy and Herron (1970) also gave a new interpretation of the traveling
disturbances in the ionosphere due to nuclear explosions. This is possible because
in the moderately long-period range of 10-30 min there is considerable separation
between the velocities of surface and internal gravity waves.

The main difficulty appears to be in the magnitude of the pressure signal.
Harkrider and Wells (1968) showed that the observed pressure amplitudes from
peak to trough of 10-100 ub would require unrealistically large vertical dis-
placements of the atmosphere above 100 km. Other calculations with simple
models essentially confirm their result. Tolstoy and Pan (1970) attributed this to
ignoring the anomalous zone between 110 and 200 km, and ignoring the influence
of the winds at high altitudes. When these are taken into account the difficulty
disappears. That is, the vertical displacements of the atmosphere above 100 km
need not be ridiculously large to be consistent with ground-level pressure amplitudes
in the range of 10-100 ub,

Next Tolstoy and Pan considered the question of the attenuation of the surface
gravity waves and showed that generally the attenuation is small for periods greater
than 10 min for the modes m = O and 1.

Liu and Yeh (1971) studied the excitation of acoustic—gravity waves in an
isothermal nonrotating atmosphere; because their model is highly idealized it is
not included here. Yeh and Liu (1972) gave a good review of the propagation
of waves in the ionosphere.

6.5 Atmospheric Nuclear Explosions

Before discussing the acoustic-gravity waves that could be generated by nuclear
explosions in the atmosphere, some general effects of atmospheric nuclear explosions
are described. The release of a large amount of energy in a small volume in a
short time interval is referred to as an explosion (Glasstone 1962). This quick release
of energy, whether from conventional chemical explosives or from nuclear materials,
produces a great increase in temperature and pressure, so that all materials in
the immediate vicinity are transformed into hot and compressed gaseous forms.
At high temperatures and pressures these gases expand rapidly and cause a pressure
wave, generally called a shock wave. However, this term is used only for underground
and underwater tests, whereas for explosions in the atmosphere the term used is
blast wave.

Two factors primarily determine the amount of energy (in proportion to the
total energy) that will arrive as thermal energy at a given point at some distance
from the site of the explosion; the nature of the nuclear device and the nature
of the surroundings. At higher levels in the atmosphere there is little air to interact
with the energy of the explosion and the proportion of the fission energy converted
into the blast wave is small in comparison with the portion that goes into thermal
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energy. On the other hand, at a relatively low level of 30.5 km, about 50% of
the energy goes into blast, 35% into thermal energy, 5% into the initial nuclear
radiation, and the rest (i.e. 10%) is accounted for by residual nuclear radiation.
In the extreme case of an underground explosion that is confined, little thermal
radiation escapes into the atmosphere.

Glasstone (1962) identified five types of explosions: air burst, high altitude
burst, underwater burst, underground burst, and surface burst. He used the differ-
ences in the nature of the accompanying fireball to set them apart. The fireball
is a hot and luminous mass (roughly spherical) created from the residues of the
exploded nuclear device as well as from the surroundings. An explosion at a level
in the atmosphere not greater than 30.5 km, followed by a fireball that does not
touch the ground surface at the time of its maximum brilliance, is called an air
burst. Glasstone stated that a 1.02 X 10° kgm device would cause a fireball with
a radius of 0.88 km.

If the device is exploded at an altitude greater than 30.5 km it is called a
high-altitude burst. A surface burst is when the weapon is exploded either at or
just above land or water. If the explosion occurs beneath the ground, it is called
an underground burst, and beneath water it is called an underwater burst; these
can be called subsurface bursts.

Certain terms will now be defined following Glasstone (1962). The overpressure
in the blast wave is the excess over the atmospheric pressure of 101.4 kN/m? (6.895
kN/m? =1 psi) at standard sea-level conditions. Most material damage from a
nuclear explosion is caused by the shock or blast wave. A difference of air pressure
on different surfaces of a building, for example, will produce a force on the building.
The so-called overpressure should be considered when estimating the destructive
effects of a blast wave. The overpressure is maximum at the shock front and this
value is called the peak overpressure. As the blast wave moves away from the
origin, the overpressure at the front decreases steadily and after a short time (when
the shock front has traveled some distance from the fireball) the pressure behind
the front becomes less than that of the atmosphere. This is the so-called negative
phase of the blast wave. That is, in this region the air pressure is less than the
ambient atmospheric pressure, and an underpressure exists. Another important
parameter is the dynamic pressure, proportional to the square of the wind velocity
and the density of the air behind the shock front.

EFFECTS OF NUCLEAR EXPLOSIONS ON ATMOSPHERE [ONIZATION

Ionization is the phenomenon when ion pairs of separated electrons and positive
ions are formed in the ionosphere. There are mainly three regions in the ionosphere
— D, E, and F regions. In the daytime, and especially in summer, the F layer
splits in two, F; and F,. The electron density is a maximum in each region. However,
the electron density increases generally with altitude, i.e. it is greater for the F
region than for the E region, which has greater electron density than the D region.

In the lower part of the atmosphere, i.e. below 48.3-56.3 km, the air is dense
and the probability of collisions between free electrons and atmospheric atoms
and molecules is great. Because of this, electrons are rapidly attached to the neutral
particles and ionization cannot be produced. Even if it is produced, it is destroyed
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immediately because, on the average, the life span of a free electron in this part
of the atmosphere is less than a microsecond.

In the ionosphere, electrons and ions are produced by interaction of solar
radiation with atoms and molecules of the atmospheric constituents. They are
destroyed by combining either with neutral particles or positive ions. Of the two
destructive processes, the former dominates at lower levels where air density is
greater, whereas the latter dominates at higher levels where electron density is
greater.

The effect of a nuclear explosion on atmospheric ionization is mainly because
of an increase in electron density in the surrounding region. The added electrons
can affect all electromagnetic communication, either by attenuating the signal or
by changing its direction of propagation through refraction.

AcCOoUSTIC-GRAVITY WAVES FROM ATMOSPHERIC NUCLEAR EXPLOSIONS

Donn and Shaw (1967) studied the atmospheric nuclear tests conducted by
the USA and USSR during 1952-62 and, based on data recorded by a global
network of stations maintained by the Lamont Geological Observatory of Columbia
University, they arrived at interesting conclusions about pressure waves due to
these explosions.

In fact, effects of the high-yield atmospheric nuclear explosions are comparable
to those of the enormous Krakatoa eruption of 1883 (see Chapter 2)and the impact
of the Siberian meteor in 1908, when pressure waves in the atmosphere traveled
round the globe more than once, with appreciable amplitudes.

Donn and Shaw used the data from sensitive microbarographs at 15 recording
stations, and acquired 208 records of 45 nuclear explosions. The dispersion relations
of the acoustic-gravity waves in the atmosphere were used to analyze the records
and the authors concluded that:

“The initial spherical wave at the source, which is modified into a cylindrical wave
by the layered structure of the atmosphere, is composed of a broad spectrum of pressure
waves whose frequencies, which propagate away at about the speed of sound in air,
range from audible sound to about 0.002 cps. At distances of a thousand or more
kilometers, the spectrum becomes considerably narrowed, with the highest frequency
detectable being about 0.03 cps (30 sec in period). It is more convenient to refer
to period rather than frequency for these infrasonic waves. Such waves are also referred
to as acoustic-gravity waves, since their propagation characteristics are controlled by
both gravity and the acoustic properties of the atmosphere.

“Because the atmosphere is a dispersive medium for the long waves within this
period range (30 to 500 sec), the initial impulse becomes dispersed into a train of
waves. The exact character of the period-velocity dispersion is a function of the
temperature and wind stratification of the atmosphere along the propagation path.”

Daniels et al. (1960) studied vertically traveling shock waves in the ionosphere
caused by nuclear explosions at the surface of the earth. They interpreted the
distortions in ionosphere recordings as the result of retarded sound waves.

Daniels and Harris (1961) reinterpreted the record (because the velocity of
the shock wave was 115 m/s) as an ordinary hydrodynamic shock wave. They
also mentioned that the pressure amplitude of this upward traveling shock wave
was large enough to be detected by acoustic methods at ground level.
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Webb and Daniels (1964) reported ionospheric oscillations following the Soviet
atmospheric nuclear test of Nov. 1, 1962. They measured the rotation of the polari-
zation plane of the radio waves during their travel through the ionosphere, and
this parameter was proportional to the electron density. They used a 151-MC/S
transmitter at Fort Monmouth, N.J., to reflect signals from the moon. The signals
were received at the University of Illinois at Danville, between 1100 and 1800
CST on Nov. 1, 1962. Thus, the signals traveled twice through the ionosphere.

From newspaper and other reports it was known that the Soviet Union had
conducted a nuclear test in the atmosphere a few hours earlier. The record at
Danville showed an oscillation with 30-min period, larger than the period recorded
by ground-level microbarographs. Webb and Daniels attributed the oscillation to
acoustic waves in the atmosphere caused by the explosion. These acoustic waves
are expected by theory to have a group velocity of about 730 m/s, but the authors
were unable to check this from the oscillations that may have started before the
record began. Long-period ionospheric oscillations have been known to continue
for several hours following a nuclear explosion (Daniels and Harris 1958).

Tolstoy and Herron (1970) studied the atmospheric gravity waves excited by
nuclear explosions during 1967-68. The data used were from the large aperture,
i.e. a 250 km X 200 km array of 6-12 low-frequency microbarographs with period
pass-band 1-60 min, in the New York-New Jersey area.

The spectra of these gravity waves showed peaks at 15-min periods and the
average group velocity was approximately 600 m/s. The authors deduced that
these were indeed atmospheric surface-gravity waves, based on agreement of the
dispersion and attenuation of the recorded waves with expected theoretical relations.
Tolstoy and Herron (1970, p. 59) concluded that the 600m/s, 15-min period
arrivals were probably surface gravity waves traveling along what is effectively
the top of the atmosphere. The height, H, of this “effective free surface” depends
on the wavelength, L, as it corresponds approximately to the region where the
mean free path, £, of air molecules is of the order of L (indeed, the condition
explicitly applied in making calculations is 2n¢/L = 1).

They thought that a number of published ionospheric observations of fast-
traveling disturbances generated by U.S. and USSR thermonuclear tests in the
early 1960s could probably be explained in a similar way. It appears that reported
ionospheric disturbances with horizontal group velocities > 500 m/s are surface
gravity waves, whereas lower velocities correspond to internal gravity waves (Hines
1967). Acoustic modes of propagation (Wickersham 1966) are possible for spectral
components with periods shorter than 10 min.

Earlier, the problem of the pressure amplitude of atmospheric gravity waves
was mentioned. To be consistent with the pressure amplitudes at the ground, it
appeared at the outset that unrealistically large vertical displacements of the atmos-
phere above 100 km altitude would be needed. Later the problem was explained
as neglect of an anomalous zone. Tolstoy and Herron (1970, p. 60) proposed that:

“A much oversimplified one-layer model of the atmosphere (Tolstoy, 1967) can be
used to give peak-to-trough pressure perturbations at ground level of 2 ub km™!
displacement at these heights, a result which would be quite adequate were it not
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for the fact that a more realistic two-layer model decreases this estimate to 0.2 ub
or less. Proper inclusion of the effects of a layer between altitudes of 110 and 150
km, in which the acoustic cut-off frequency of the medium is lower than the Vaisala
frequency, might eliminate the discrepancy; the problem is discussed in more detail
elsewhere (Tolstoy and Pan, 1970).”

Hines (1967) clarified some confusion that arose in connection with the ionos-
pheric disturbances caused by the Soviet upper atmospheric nuclear test over Novaya
Zemlaya on Oct. 30, 1962. Obayashi (1962, 1963) attributed these perturbations
in the F-layer critical frequency to atmospheric surface gravity waves with periods
in excess of 10 min. Wickersham (1966) differed and proposed that the ionospheric
disturbances were due to fully ducted acoustic-gravity waves in the atmosphere.
Hines showed that Wickersham’s interpretation is not well founded and Obayashi’s
original interpretation is correct.

6.6 Atmospheric Disturbances Generated by Earthquakes
and Volcanic Explosions

Benioff et al. (1951) presented data on atmospheric sound waves generated
by an earthquake. A microbarograph at Pasadena recorded a train of waves with
periods ranging from 2 to 1s, attributed by the authors to an earthquake that
occurred Jan. 24, 1951. Donn and Posmentier (1964) studied the ground-coupled
air waves from the Alaskan earthquake of March 1964, by the micropressure
fluctuations recorded on microbarovariographs at Honolulu, Berkeley, and Palisades.
The microbarovariographs have a sensitivity in the range of a few to several hundred
microbars and a flat response up to 300 s.

The authors indicated that atmospheric pressure oscillations due to earthquakes
may be produced by three mechanisms in the region directly surrounding the
recording station, the epicentral region, and a region where there is resonant
ground-air coupling. Rayleigh waves emanating from the epicentral area can gener-
ate large pressure fluctuations in the atmosphere by impulsive effect, provided
their vertical displacement is large. The following relation holds between the air-
pressure perturbation, p; density of air, p; velocity of sound in air, ¢; and velocity
of the vertical ground motion, v (Donn and Posmentier 1964):

p = pcy (6.10)

The formula assumes that the interference from sound waves in adjacent regions
is negligible. This condition is met, provided resonant coupling between ground
and air is not appreciable and wavelengths of the Rayleigh waves are much greater
than the height of the receiver (microbarograph) above the ground.

If p = 1.19 X 107> g/cm and C = 330 m/s, the above equation becomes:

p=247% (6.11)

where p is peak-to-peak pressure in microbars, a is the double amplitude of ground
motion in centimeters, and ¢ is the period of motion in seconds.
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In the second region the vertical displacement of the ground near the epicenter
will generate atmospheric acoustic waves. Donn and Posmentier (1964) visualized
this mechanism as somewhat analogous to generation of acoustic-gravity waves
from nuclear explosions.

In the third region, vertical displacement of the earth’s surface far from the
epicenter might generate acoustic waves that could be detected at distances of a
few hundred km, provided the appropriate conditions for ground-air coupling exist.
Itis this type of mechanism that accounted for the ground-coupled air waves reported
by Benioff et al. (1951) for the Imperial Valley earthquake of Jan. 24, 1951.

Donn and Posmentier estimated from the seismograms that the maximum
vertical ground motion at Palisades was 4.2 cm, attained by the initial Rayleigh
wave. The observed maximum pressure fluctuation at Palisades was 40 ub, and
from Equation (6.11) (assuming a period for local vertical ground motion as 23s,
the period of strongest pressure waves) one gets 3.72 cm for the required vertical
motion. Because this value approximates the observed value of 4.2 cm, it was
concluded that the main source for the pressure fluctuations was indeed the local
vertical ground displacement due to the earthquake.

Donn and Posmentier concluded that dispersion curves for Palisades and
Honolulu showed typical continental and oceanic Rayleigh waves, respectively, and
the record for Berkeley showed both; mechanism 2 seemed to have worked only
at Berkeley. The Berkeley record showed large-amplitude, long-period waves in
the period range of 3-5 min. The superimposed smaller waves were continuations
for earlier ground-coupled air waves. The structure of the initial long-period waves
is different from that of the background gravity waves. Donn and Posmentier
attribute the dissimilarity between these waves and those caused by nuclear explo-
sions (those due to earthquakes show clearer dispersion) to the fact that in earth-
quakes the generation area is large, whereas an explosion is a point source.

loNosPHERIC EFFECTS DUE TO EARTHQUAKES

Davies and Baker (1965) detected ionospheric disturbances associated with
the Alaskan earthquake of March 1964. They made observations at Boulder, Colo,,
on frequencies of 4 and 5 Mc/s with vertical propagation, and on 10 Mc/s at
WWVH in Hawaii, 5000 km from Boulder. During 4 years of observation, they
recorded only one other such incident; that was due to the July 9, 1962, nuclear
explosion at Johnston Island.

SOVIET WORK ON VERTICAL PROPAGATION OF ACOUSTIC WAVES DUE TO AN EARTH-
QUAKE

Important contributions were made by Romanova (1970) and Petukhov and
Romanova (1971) to understand generation and vertical propagation of acoustic
waves in the atmosphere due to an earthquake, and subsequent heating in the
atmosphere at different levels, caused by these waves. The earlier paper deals mainly
with development of the theory, the later paper with its application. Results of
the second paper are summarized here.

Petukhov and Romanova applied Romanova’s theory to calculate the dissipa-
tion of infrasonics from earthquakes in the atmosphere in the form of heat. In
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particular they estimated the rate and amount of atmospheric heating due to acoustic
waves traveling upward from two great earthquakes, the Alaskan earthquake of
1964 and the Katinoko, Japan, earthquake of 1968. This atmospheric heating had
a significant role in the observed ionospheric disturbances.

The authors essentially started with the same initial conditions as Donn and
Posmentier (1964), i.e. with Equation (6.10) or (6.11). This means the Rayleigh
waves from the epicenter propagate over the earth’s surface with a velocity of
roughly 3 km/s, which is supersonic for air. The vertical motion of the Rayleigh
waves produces a vertical impulse effect in the atmosphere, and produces pressure
perturbations. The relation between the pressure perturbation, p, and the
displacement, g, of the ground surface is given (as in Donn and Posmentier’s work)
by (6.10).

Under the linear theory for small amplitude oscillations, the Stokes—Kirchoff
equation for the attentuation coeflicient, &, of acoustic waves is given by:

4
_ 2nw? (PR [, L -1
a=260 ¢ <7n s+ T (6.12)

n

where w is the frequency expressed in Hertz, p is air density, Y is ratio of specific
heats, u, is the molecular weight of air, n is density of air molecules, and P,, is
the Prandtl Number (0.7 for air).

The equation used for atmospheric heating is:

85,, P

where 6, is the absolute temperature, E is the wave energy, ¢ is the velocity of
sound, and bar denotes averaging over a period. After some algebra (6.13) becomes:

854 _ -1 z
3 = 2cu(z) (cpp) exp [—ZIa(z)dz} (6.14)

where ¢, is the specific heat at constant pressure. This formula was used to calculate
the temperature change for the atmosphere over Berkeley, Boulder, and Palisades
for the 1964 Alaskan earthquake and for the atmosphere over Maui for the 1968
Katinoko earthquake. The calculations showed that maximum heating occurred
in altitudes of 170-190 km. At this altitude, the atmosphere over Berkeley was heated
by 900°. Although this value appears large, the peak-to-peak amplitude of the
ground motion with a period of 23 s was 12.6 cm.

Ionospheric disturbances were observed associated with this earthquake (i.e.
1964 Alaskan earthquake). An important method of identifying these disturbances
was an increase of about 20 km in the altitude of the critical reflecting layers.
The role of atmospheric heating in this could be significant, because, when the
170-190 km altitude layer (with maximum heating) expands with heat, it disturbs
the layers above it. Under the assumption of an isobaric process, the rise in the
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critical layer z = z, caused by heating and expansion of the underlying layers can
be computed from the following relation:

Zor A6, (2)
Az(zo) = J;Tf@ dz (6.15)

Here Ty(z) is temperature at height, z, in the atmosphere before heating starts,
and A6, = (30,/3z) At; 38,/3z is calculated from Equation (6.14). This calculation
gives a rise of 20 km for the layer at 240 km altitude over Boulder and the observed
rise is of the same order. Over Maui, the 200-km altitude layer theoretically should
rise 15 km, although it was observed to rise only 5~6 km.

In contrast to the linear theory, the nonlinear theory shows that lower atmos-
pheric layers are heated more and higher layers are heated less, thus the nonlinear
theory gives a smaller rise of the critical layers. Another important point Petukhov
and Romanova (1971) emphasized is that because of the decrease of atmospheric
density with altitude, temperature fluctuations will mainly travel upward, and a
new isothermal condition is rapidly established in the atmosphere above the heat
source at the ground. To obtain this isothermal condition at the 170-200-km level
would only take about 3 h.

SEISMIC WAVE COUPLING TO THE IONOSPHERE

Details on analysis of ionospheric disturbances due to seismic waves are pre-
sented. Yuen et al. (1969) studied the May 16, 1968, Hachinohe, Japan, earthquake
and analyzed and compared the seismic, atmospheric, and ionospheric data. Some
important results are: acoustic waves generated in the atmosphere by seismic waves
due to the earthquake traveled to 300 km altitude and created oscillatory distur-
bances in the ionosphere. Acoustic waves in the period range of 20-25s were
attenuated more strongly than those with longer periods of the order of 2 min.
Value of the results lies in the fact that the observed pressure changes, determined
from Doppler records, agreed well with theoretically expected values. Donn and
Posmentier (1964), for the Alaskan earthquake of March 1964, could not directly
compare the seismograms with microbarograms because the vertical component
seismograms were illegible, due to large ground displacements.

For the Hachinohe earthquake, the average double amplitude of the Rayleigh
wave was 0.28 cm, as shown by the seismograph at the Hawaiian Institute of
Geophysics (HIG). The average Rayleigh wave period was taken as 25 s, and this
gives from Equation (6.11) a value of 2.8 yb for the average peak-to-peak pressure
variation, an order of magnitude less than the pressure variations associated with
the 1964 Alaskan earthquake. The pressure fluctuations for the Hachinohe earth-
quake were too small for the microbarographs at Honolulu to record. However,
Yuen et al. (1969, p.2258) were able to deduce the pressure changes from the
ionospheric Doppler records. They described the HF Doppler technique, where
the instantaneously received frequency of a highly stable ionospherically reflected
signal is measured. The Doppler frequency shifts indicate changes in the ionosphere
caused by movements of the reflecting layer or by variations in the electron concen-
tration below the point of reflection.
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A few minutes after the Rayleigh waves reached Hawaii, short-period oscilla-
tions were produced at heights near 200 km and long-period oscillations were
produced near 300 km.

The Faraday rotation of the polarization of CW signals, transmitted from
geostationary satellites, were measured to continuously obtain total electron content
data. The period after the earthquake showed no unusual behavior. This indicated
that no significant net production or loss of electrons were associated with distur-
bances on the Doppler and ionogram records, and implied that these disturbances
were produced by electron concentration pressure waves in the ionosphere.

According to Yuen et al. (1969):

“An acoustic longitudinal pressure wave with a vertical velocity component would
be expected to move the contours of constant electron concentration up and down
with an oscillatory motion similar to the pressure wave itself. This would mean that
the height of reflection for HF radio signals such as those used in the Doppler system
would also move up and down with an oscillatory motion. The pressure wave at
ground level generated by a Rayleigh wave would be proportional to the seismic
motions at the earth’s surface. Thus similar shapes would be expected on the seismic
and Doppler records.”

To support their contention that the ionospheric disturbances shown on the
Doppler recordings were caused by acoustic waves generated by Rayleigh waves
from the earthquake, Yuen et al. used ray tracing, and calculated the attenuation
by the 1966 U.S. standard atmosphere. In this calculation, the exospheric tempera-
ture was taken to be 1200° k over Hawaii at the time of the earthquake. Assuming
adiabatic conditions, Yuen et al. (1969) calculated the pressure change from the
change in the electron concentration.

ATMOSPHERIC DISTURBANCES DUE TO VOLCANIC EXPLOSIONS

The effects of the Krakatoan eruption of August 1883, and the atmospheric
disturbances on the water-level changes that occurred globally were treated in
Chapter 2, but information on the observed atmospheric pressure disturbances is
presented here.

Scott (1883) described the atmosphere pressure fluctuations observed following
the Krakatoan eruption, and Strachey (1883) made deductions based on this work.
Scott mentioned that the volcanic explosion probably occurred between 1600 on
Aug. 26, and 0500 Aug. 27, 1883, local time (in Greenwich time, between 0900
and 2200 Aug. 27). The pressure disturbances discussed by Scott are summarized
in Table 6.6. On the average, the pressure wave took 36 h 37 min to travel around
the earth from east to west, and 35h 17 min from west to east. By working back
with this data, Strachey deduced that the Krakatoan eruption occurred at 0224
GCT (or 0924 local time) Aug. 27, 1883. The atmospheric pressure wave on the
average traveled 674 mph from east to west and 706 mph from west to east.
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TABLE 6.6. Start of barometrical oscillations Aug. 27, 28, and 29, 1883. (Scott 1883)

Stations

Aug. 27 (Ist)

Aug. 28 (2nd)

Aug. 29 (3rd)

Aug. 29 (4th)

Oscillation amplitude

PM PM PM AM AM AM AM PM PM bst 2nd 3rd 4th
(cm) (cm) (cm) (cm)
St. Petersburg 1105 1135 0000 0440 0515 0020 0100 0300 0335 0.101 0.060 0.030 .086
AM AM
Brussels 0033 0058 0130 0348 0428 0143 0208 0223 0243 0.129 0.095 099 .043
Geldeston 0042 0112 0140 0310 0407 0140 0202 0214 0244 0.152 102 .089 .025
Kew 0050 0110 0147 0310 0405 0145 0213 0200 0243 124 129 061 .028
Oxford 0053 0123 0150 Q300 0357 015S 0215 0153 0240 076 076 .038 038
Aberdeen 0100 0125 0153 0310 0352 0150 0233 0153 0230 157 132 117 .091
Stonyhurst 0100 0128 0155 0257 0345 0200 0227 0148 0233 157 162 .074 127
Glasgow 0058 0135 0205 0300 0345 0210 0237 0142 0227 116 162 127 0N
Falmouth 0107 0135 0205 0257 0345 0205 0225 0120 0228 127 203 .076 .076
Armagh 0113 0145 0212 0253 0333 0230 0245 0146 0222 .048 157 .074 .091
Valencia 0120 0148 0225 0230 0320 0228 0250 0127 0210 .060 178 102 .025
Coimbra 0150 0220 0305 0315 0210 0215 0210 0235 152 0.046 109 .045
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A.l Structure of the Earth and the new Global Tectonlcs

"The shallow and deep structures of the earth are outlined and ‘the

.new global tectonlcs, which have revolutionized thlnklng in many

branches of geology, is. dlscussed . \

The outermost shell of the earth is. called the crust and is thln cOm-
pared to earth's radius”’ (Fig. A.1, not drawn to scale) . »The crust has:
a thickness of only 4.8-8.0 km under the oceans, 19.3-90.1 km under the

'icontinents, and an average thickness of about 32.2 km (Wllson 11969).

Next is the mantle}, composed of magnesium and iron silicates. . The

‘boundary between the crust and thé mantle is called the Mohorovicic
'_dlscontlnulty (presently referred to as Moho or simply M) The outex

cdore ‘and the inner. .core, respectively, consist of molten iron and iron

"plus nickel. The’ boundary between the lower mantle and the outer core
. is called the Gutenberg—Uelchert dlscontlnulty.

.Crust 4:3 to COTkm

Upper Mantle 9656 km

.- Lower Maptlo 19312 km

Yy

Qutor Coro 2172:6 km

lnner Core
12074k /

'Fig. A.l, Structure of the .earth.
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The earth's ¢rust is divided into two layers: (1) sial consists of .
silica and aluminum, usually occurs as granite, and forms the. contin- .
ental crust; (2) sima consists of silica and’magnesium, occurs as

. basalt, and forms the oceanic crust mainly.  However, this may under-

" lie parts of the continental crust also. Recent studies indicate that
in certain, transitional regions of the earth's crust, the oceanic
crust is slowly being converted 1nto the continental crust, or v1ce
- Mohorovicic was the first‘to,infer'the'existence of the crust when ~
he prepared travel-time curves for .the Oct. 8, 1909, Kulpa Valley .
(Croatic) earthquake in the Balkans. Later, other seismologists con-
structed similar travel-time curves for other earthguakes; to account:
for all the different phases, ‘they postulated the existence of add-
itional. layers in the crust. There was considerable’ 'disagreement as

' to the exact’ number, but most seismologists felt there were at least .
“two. As the velocity of seismic waves in the upper layer is similar
to that in granite, it was called the granite layer, and the second

.was called the basaltic or intérmediate layer. -The boundary between
the two was called the Conrad dlscontlnulty After World War II eﬁ
periments with controlled energy sources greatly helped sc1entlsts§to
understand the structure of the ‘earth. The term llthosphere is dnder-
stood to comprlse the crust and top portion of the mantle.

=]

.NEW GLOBAL TECTONICS . R SR A A
Isacks et al. (1968) introduced the term "New Global Tectonics” (NGT) .

to refer in a general mannexr to current. concepts of large-scale tec- '; AN
tonic movements within the earth, based on the concepts of contlnental ' :
“drift, . seafloor spreadlng, transform faults, and underthrusting of the
lithosphere at island arcs. A brief summary of the developments that _
led to the concept of NGT is in . order here. .The idea of continental e
"drift, originally proposed by Wegener (1928), did not gain acceptance fﬂr
until récently, mainly because no satisfactory mechanism was proposed ' '
to explain the movement of theazgntlnents.through the: oceanic crust
and upper mantle w1thout a gre hange in form. :

New data from the fields of marine geology and geophy51cs made pos-

sible the proposal that the seafloor is spreading at the ocean ridges,
‘and that new crust is being created there while older crust is dis-
appearing" “into the mantlé at trenches in the oceans.. Convection in
the earth's mantle is thought to be the driving mechanism for this.
The hypothesjis of seadfloor, spreading has gained ‘great acceptance be- °
cause it satisfactorily explains observations on ‘the topoqraphy of the
ocean: floor,'dlstrlbutlon and configuration of contlnentaé]marglns and
‘other land patterns, patterns of deepsea sediments,, and ? gnetic anom-
alies-in the ocean. - e o '

Isacks et al ‘(1968) distinguished three régions: 'the strong top
layer is the lithosphere and includes the crug; and upper portion of
the mantle. and is 100 km thlck on the average. Imn the mlddle, the
‘asthenosphere extends from the bottom of the lithosphere to'a depth
.of several hundred km; on the appropriate time scale this layer ‘has no
strength. - The bottom layer, the mesosphere may have some strength&and

. - <,
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is the‘inner'portionvof the mahtle. Current thlnklng is that the meso-
scale 1is probably not involved in tectonic processes.

In the context of selsmolo ' the lfthosphere and mesosphere do not
significantly attenuate seismi¢ waves which have’relati&ely high vel- - =~
ocities through these layers, whereas the asthenoSpher£ korresponds
more or less to the low velocity layer for seismic waves end causes
strong attenuatlon. - : :

Flgure A.2 shows the world- w1de dlstrlbutlon of all earthq ake epi-
centers for 1961-67, concentrated in narrow.belts, more or les
tinuous. If global tectonics can be modeled by the 1nteractlon of a
few large plates of llthosphere, ‘this model can account for most of
‘the world's seismic act1v1ty as effects at or near the edges of the ,
plates."The distribution shows that earthquakes occur much more fre-
quently in zones of convergence (arcs and arclike features) than in
- thé zones of ‘divergence (ocean ridge§). Along the ridges, wheyj the
.less"compliCated processes of tectoniks apparently occur, the fones.
are narrow, on the continents, whe&e»t e processes are apparently more
complex, ‘the zones are broad. \L .

,r
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'Fig. A.2, Worldwide distributilon of earthquake epicenters 1961-67; by EO

U.S. Coast and Geodetic Survey. Continuous narrow, major seismic ' '
belts ‘outline aseismic blocks;‘very‘narrow, sometimes steplike pat~
tern of belts of only moderate activity’ along zones of spreadlng, _

broader very active belts along zones of . convergence, drffusewpattern

- of moderate act1v1ty in certaln contlnental zones. (Isacks-et al. ¢ . .

1968) - L S S - - - o
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It is not. intended to give the feeling that -the global tectonics
can account for all the observations. For example, the patterns of

~.minor seismicity, including an occasional large earthquake in certain

continental areas such as the St. ‘Lawrence Valley and. the Rocky Moun-

" tains, and broad regional ‘scattering of eplcenters as in East Africa
" are not explained as vyet, nor is the. almost complete.lack of earth¢"

guakes in the oceanic llthosphere, which presumably can and does-

" transmit stress over large dxstances

a A,2 /Seismic waves and concepts of'inggnsity and magnitude

As the'earth s material is elastic, the waves associated with earth-
quakes can be understood in terms of the concepts of the theory of

.elast1c1ty. The dlSCuSSlon here follows the’ arguments of Richter

(1958), Byerly (1942), Bullen (1963), Jacobs et al. (1959), and

Hodgson (1964) . ‘ : o S

'BODY WAVES: P AND S WAVES

N

The concepts of stress and strain are‘fundamental'to'tﬁe'theory of

'elast1c1ty, hence, to the theory of seismic waves. ' Stress at any

point in a- body\;s the force acting-on unit area of the body, whéreas
strain is' the re@ultlng deformation. It can be shown.that (see Rlchter
1958) 'in an 1deaL, elastic, homogeneolg isotropic medium of infinite
extent, there are Pnly two possible plane waves, referred.to as. the
\hprlmary) and S\(secondary) waves. Thevveloc1ty of propagation of

se given by: \ o ‘ ‘ - ' -
’ |

R L (a.1)

N
.

N
(2} 2)

. - R
where p is the average den51ty of the medlum and'L_ and L are the
first and second Lamé constants. The constant, L J‘expresses the re-
sistance of an elastlc solid to shearlng stress .and is called the mod-
ulus of rlgldlty. The other Lamé constant L_, is. related to the Bulk

. .- F ' . ,
modulus Bm and L through o ‘ :

s
‘ L_ = B_ -.E'Ll" ' 1 | - (a.3)
- F m 375 co .
The P wa€“71s a compressmonal rarefactlonal wave and is longltudlnal
and irrotational. It is called primary wave because it is the first

to be recorded at selsmograph statlons following anlearthquake.vlThe

i
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secondary wave/ unlike the P-wave, is a vector wave. ‘Itlis a trans- -
verse wave and the deformation is of a shear type.  Waves of the
S-type can exist only in solids. The ratio of the speed of propa-
gation of the P-wave to that of the §—wave is approximately w”i If
Youndaries and dlscontlnultles are 1ntroduced 1nto the medium, then
other types of\wave motion are p0531ble .

v

SURFACE WAVES —-RAYLEIGH AND LOVE WAVES'
.Rayleigh (1914) showed theoretlcally that a specidl type of elastic

wave that propagates along the earth's. surface or along the  surfaces
of a bounded elastic solid could exist. He started with a simple model

-where the earth's curvature effects were ignored, the wave front was
plane, an infinite train of sinusidal waves. propagated along a flat
surface, and the amplitude of the displdcement decreased exponentlally
‘with depth. He showed that the speed af propagatlon depends ‘on the )
P01sson s ratlo, Pr" given by:

bg - L PR .

L_+ ' B -
| 2(LptLy)
These waves have no transverse v1brat10n and the dlsplacements are
purely vertlcal and in- the Propagation dlrectlon.

Although waves of the type descrlbed by Rayleigh were actually re— :
corded on the selsmograms, they showed transverse motlon also. -’ Thls,
means Raylelgh waves are not the ‘only possible surface waves, but

., ' other types of surface waves that allow transverse motion must occur..

Love (1892) devel bed the theory for these and found wavesﬁ%now re-~
ferred to as Love wvaves) that have only transverse components {without
any longltudlnal or vertical components), these were the first of the,
general group of gulded waves: dlscovered :
For P01sson s ratio P —-é, the speed of the Raylelgh wave. is 0.9194-
that of the S-wave along the earth'sg surface. For the Raylelgh/wave

" (R~ wave), the planes of wave prdpagatlon and particle oscFllatlon are

i

“the same.. The motion is retrograde and decays exponentia ly with N

depth. The horizontal part of the motion becomes zero at) a depth'of

0.192 of the wavelength. The sign of the vertical motion is- the same"‘

t all depths.: Love waves have no vertlcal component, but only have’
transverse motlon - : . ,

. Ce S - J

. DISPERSION, REFLECTION AND REFRACTION OF SEISMIC WAVES

’

l ' & : . O : .
The dependence of- the velocity o'f propagation on wavelength is calfed
phase dispersion (see Chapter.]). Body waves P and.S suffer extremely
small phase dlsper51on, and for all: practlcal purposes can be treated
g as nondlsper51ve. On the other’ hand, surface waves exhlblt strong dis-
‘persive properties. This is guite- s;gnlflcant,.and one has to undexr-
stand the dispersive charactéristics of the surface waves to interpret

~

o
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_”seismOgrams properly. Although the R-wave that emerges from the 1deal,
“theory should be nondlspers1ve, in practloe it suffers dlsper51on be-

' cayse; the elastlc propertles of the earth .change with depth

When a body wave of either the. P~ or S -type strlkeS'an interface be- .

‘tween’ two elastic layers, in general, reflected or refracted P or S '
waves -could develop.- Subject to the p0551b111ty that in partlcular v
cases some resulting yaves may be excluded either by total reflection
or by the nature of the incident wave, it is possible for the incident
wave to become four different types of waves, However, if a P-wave is
.incident normal to a discontinuity, it cannot introduce any component
‘of shear normal to the boundary and cannot be transformed into an S-

© wave.’' Similarly, if .the plane of vibration of the S-waves is parallel
" to the plane of the" boundary, it cannot introduce any dilatation gom- -
'ponent at the boundary because there is no motion normal to the. bound-

| ,EART,HQU,AKE INTENSITY - - . S L _

"Inten51ty .is one way to grade the strength. of an earthquake by
observ1ng the earthquake effects. De Rossi of ¥taly and Forel of
Switzerland proposed one - of the earliest intensity scales in 1883, .
now- referred to as the Rossi-Forel scale and abbrev1ated as RF. This
concept can be used th express earthguake 1ntensity at any given polnt

fwon the globe u51ng a, lO p01nt %cale (see Richter 1958, p. 650)

- Wlth subsequent growth of science and technology; the. RF scale be-
came outdated Also, it was mote. relevant to. - European countrles, and
.1ts maximum scale, x, encompassed a large range of 1nten51ty

+ €
'

In 1902, Mercalll proposed an 1mproved scale based on lO grades and
later, on a suggestion by Cancani, he changed this to a 12- -grade scale.
Wood and Neumann modified this'scale 1n 1931 and referred to this as
the Modlfled Mercalli, (MM) scale. Two forms of the MM scale appear
in the: l;terature._ a complete vers1on and an abridged version (Rlchter N
1958). R :

e !

In splte of the elaborate descrlptlons involved in these 1ntensmty

scales,. thelr use 1s,somewhat llmLted Hodgson (1964 p. 57) stated =~

~

".;: The descrlptlon 'many frlghtened' does not mean very much;

a shock which would alarm the - résidents of Toronto or Cleveland
would pass unnoticed in- Tokyo. ‘The damage to buildings varies so
. much- with s01l condltlons, ‘and. to some extent with the’ standard

of ngood' bulldlng in the particular- country involved that the in-
tercomparlson of earthquakes in dlfferent countries obviously does
not mean very much. But, when the: scale is applled unlformly over
an area to. describe the effects 'of a' 51ngle earthquaﬁe, it has a -
'good deal ‘of’ value. Usually, in. such cases it is p0351ble to con-
tour the lnten51ty map. - The contours on such maps - .seismologists
.call them. 1sose1smals - usually enclose the epicenter and their
irregularities serve to point up areas of poor soil or of poor
‘building :.." " :

9 , . . . . 0.
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Other lntenSLty scales are the Japan Meteorologlcgl Agency (JMA)
scale and the Medvedev, Sponheuer, and Kdrnik (MSK) scale. For spe-
‘cific purposes special scales vere also de51qned For example, Blume
(1970) dev1sed an engineering e 1nten51ty scale - ‘ o :

EARTHQUAKE MAGNITUDE - , ~ S S

The concept of earthquake magnltude develoéed from the necess1ty to

measurée any earthguake in an ‘absolute ®ense, rather than describe it o

based simply.on human experience. ' This, can be done by ‘instruments

called selsmographs that measure and@ record theaground motion (see ’
Chapter 6).  Some readers might- wonder whether two -different concepts
are needed. to describe an earthquake. Richter (1958, p. 354) pointed
out that it has been said that.the double use of magnitude and, inten=

sity is confusing, and selsmploglsts should stick to'oné; this is like ot
‘saylng that a police descrlptlon of a thlef is confu51ng because it

k]

gives both hlS height. and welght o A ot

Suppose that around the epicenter of an - earthquake there lS a network
of identical selsmographs, not necessarlly dlstrlbuted unlformly
Records of ground motion’ ‘because of the earthquake need not be 1dent1-
cal at all stations, the cloSer- stations may record a larger amplitude

" than farther stations. Amplltudes of the. ground motlon can be plotted

agalnst the distance of the statlons from the eplcenter\and a cufve .
fitted to the series of ‘poinmts. A SLmllar plot could be made . for
another earthquake with its eplcenter somewhere in, the center of this *
group of statlons A difference 'in the levels of the two curves .rep-
~resents the dlfference between ‘the absolute ‘sizes. of the two earth-
quages. However, a basic curve.is needed. to Whlch other curves, due

to | ifferent‘earthquakes,.can “he referred “Po ‘obtain thls referenceé
curve ,  imagine a zexo earthquake. {(Hodgson 1:964), the’ smallest earth—_

- quake that could be recorded in the area under consideration. ".The

average- helght of the curve for a glven earthquake above this zero

curve 1is called the magnltude, M, of the e?rthquake and is represented
by c [ L o t . . ) ; L ot
log A = log Aj (8.5)

T

- where A and A are, respéctivelyy'the"amplitudes'(or average heights)

of the curves for the partlcular earthquake and the zero earthquake.

The necgss1ty for the lOgarlthm of the amplltude.came about as fol-
lows. Wadati - (quoted by“ilchter 1958) plotted the amplitude of: ground

“motion versus eplcentral distance. The curves for'different darth-

quakes were. approximately . parallel, ‘and the. bigger the earthquake~ the
higher the position of the curve in the plot’ In 1931, Richtexsimade
similar plots for southern California’ earthquakes,*but was force to‘

use . logarithms of “the amplltudesj wrather than'the’ amglltudes themselves

because of the, ‘wide range in the! recorded amplitudes. It is evident
that if the’ zero curve is once, established so it .is. truly" representa-'
tive of the decrease in energy with increasing distance, then to deter-
mine the magnlgude of an earthquake,’no further plots are necessary.

" If the, logarlthm of’ ‘the "zero 'earthquake is subtracted from the loga-[

rlthm of the amplltude record Kat a given- selsmograph statlon), then )

]

‘v
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‘between E and M:

the earthquake can be said'to have that magnitude at that &tation.

The development of this concept of magnltude and. the so- called
Rlchter scale (named after C. F. Richter) was ‘a fundamental break- -
through in selsmology, and, for the first tlme, ‘provided an accurate

‘'scale to express- the absolute size of an earthquake.. Rlchter orlgln—,

ally constructed the scale for near earthquakes, i.e. for ‘short epi-
central distances. Richter and Gutenberg extended the scale to distant

earthquakes also. .They used the same principle, namely the amplitude -

of the largest novement of - the record. For distant earthquakes, the
largest movement on the record is assoc1ated with surface waves. How-
ever, deep-~focus earthquakes do - not generate surface waves; hence,
another scale is necessary. ‘There are three scales, one for near

“gearthquakes, a second for dlstant shallow earthquakes, and‘a‘third for
a deep focus earthquakes.v : ‘

,“Rlchter‘(l958) gave the follow1ng relatlons between the magnltudes m
and M derlved from body and surface waves respectlvely.

s ) m }2;5‘+ 0.63 M S : ) S
T " Do - ‘ 7 U (a.e).
- s M=1,59m - 3.97 oo » '

1

|

»

The'two'values agree at. m = M = 6.75.. " Above this: value, magnitude

‘determined from surface waves is larger than that derived from body

waves and the opp031te result holds below thls value.
¢ R Y -

s

Hodgson (1964) gave the following relation between magnitude,'Mh,and'

energy, E, (in ergs) released by an earthquake:

L.
7

" . log E = 114+ 1.5 w( e

Although in principle, it. would be better to derlve the magnltude from

the energy'released in practlce this. is not done. Instead, the ener-
gy is calculated from relations identical or similar to (A. 7). Guten-
berqg and- Rlchter (quoted by Bullen 1963) gave'the following relatlon

&
L3

R aM=l'oglow—§‘:——' E o _ '(Afs)'e
. ; . - o . : . . L . o

7. _

L]

‘-Mlth a = 1.5 &nd E 2.5 x lOllAergs. Thls formula glves -an energy
\1ncrease of 30 tlmes,per unlt 1ncrease of M. :

‘FREQUENCIES

RN

o .Gutenberq and Richterj(quoted by Bullen 1963) gave the following ...
‘empirical relation for the frequenoles of " earthquakes of dlfferent mag-

nltudes

1
w
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lo.'ge N =_"A_~A-.‘ BM - U - AR . ’ (A'..9).

‘Here!N is the .average number 6f earthquakées per year with magnitudes
'between M and M.+ 0.l. For shallow earthquakes, the values for ‘the
coefficients A and B were"'ﬁor M > 7.3, A=28.2, B=1.1; for M be- .
tween 5.8 and 7.3; A.= 4,6, B'= 0.6. The duthors estimated that the. K
number of earthquakes per year strong enough to be felt is of the"
order of. 10°, and the total number that could be recorded b¥ instru-"
ments is-of the order of 10°® ;- and. ‘that the total energy released in
all earthguakes annuaily is qf the order of lO .ergs. About 80% of.
the energy - is due- to earthquakes w1th M 2 7.9, Richter stated (1958,
'p. 367): A C o ST

.o . .
- . - L —
‘. P

4

. Although the frequency of earthquakes ancreases rapldly with

L decrea31ng magnltude,.the energy released 1n the individual shocks, -
,'computed by any- of the . formulas in the precedlng subsectlon, de-

A creases yet more rapldly. In consequence, if the “earthquakes of.

¢* " . any:given area, or 'of the world, are examined for a limited time _

. interval, it is generally ﬁound that the release of energy takes . =7 -
place pr1n01pally in the relatlvely few shock's of largest magni-

.~ tude. This has- a practlgal bearing on the popular idea that small
. : _earthquakes may operate as a 'safety valve' to release harmlessly
‘the’ energy - whlch mlght otherwise express 1tself in a large earth-

vquake. '

vl;

R . . . ’
-

S "Strlctly on an energy ba31s, such reassurance is doubtful, and
i it does not fit very well with the history of large and small
earthquakes in areas where information is adequate., The energy
relations. suggest that major - strains are released only 1n major.
earthquakes, and that .minor earthquakes are rather 1nc1dental in-
Fa V'dications of the accumulatlontof regional strarn..‘ v -

-“Benloff p01nts out that 1f stralns are compared dlrectly, instead
of by way of '‘the energy, this no lon{er necessarily holds. , The
strains are taken as proportlonate t¢ the square roots of -the

_ ‘w’les, if these. quantities are theh combined llnearly, the total
cohE¥ibution from aller shocks is often of the same order as that
' of the comparatively few large shocks.™ ‘

aAsis FOR'CLAssiFICATIoN-OF EARTHQUAKES'

The ba51s for cla551flcatlon of earthquakes into shallow, intermed-

- iate, and deep (glven earller) was explalned by Jadcobs et al (1959,.
‘p.36) S E ‘
M When'. the total annual 1ncrement in energy of strain release
' for earthquakes occurring within certain levels is plotted, it is
 found that graphs of strain release. against time- plotted for a v
' series of dlfferent depths fall into.three groups. For each group
”‘f of shallow,’lntermedlate, .and deep earthquakes, the curves have a

L characterlstlc pattern showing that, although they may be subject
47 " to the same stresses, the three levels react independently but

& within each level earthquakes all over the world are_ closely con-’

< /»\1';».
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. accounts/fbr the deep earthquakes. L

‘relatlon- nmyi
. magnltudes between m and m + dm, and a ‘and b constants. , §

10

o

nected with one’ another This relatlonshlp conflrms the lelSlon
- of earthquakes into shallow, intermediate and deep groups, whlch ﬁx/

had already been devised on the basis of dlstrlbutlon .

Gutenberg and Richter (quoted by Bullen 1963) stated that 12v of

'earthquake energy ‘released annually comes- from intermediate earthquakes, .
3% from deep earthquakes, and the rest from shallow earthquakes. The-

frequency appears .to decrease rapidly with increasing focal depth in
the 1ntermed1ate range. In the deep-focus levels, the frequency dis-
tribution -with depth is fairly uniform until the greatest focal depths
of about,700 km are approached. The. circumpacific belt .almost entirely’ )

 EORESHOCKS | AFTERSHOCKS,XAND EARTHQUAKE SWARMS

- 4
: ' . T : - : - @
On the basis of observational data, Page (1968) concluded that well-
defined aftershocks occur only at shallow depths not. exceeding 20 km,
i.e. in the earth's crust. The" .sequence of aftershocks exhibits two

:1mportant propertles- the frequency of aftérshocks decays in time

according to an\-inverse power law,with ‘an exponent of about 1l.1l; and
distribution wi: hgrespect to magnltude is according to the following-
= aq = b °m. Here n(m) is the number—~af shocks with

Utsu. and Sekl (1955) .gave the follow1ng relatlon between the area,_

'8, of aftershocks ‘and the magnitude., M, of the pr1n01pal shock:

log. . s eM + d. These authors gave the following values for the

‘nond1mensronal constants,'c .and d: o Y.
e =0.9 ,‘ - d = 6.8 (for submarine earthquakes)
e = 0.85 2 "d =6.95 (for land earthquakes) : :
e = = 6.0 (for land and submarlne earthquakes)

1.0 \ d

)

A. 3 Eplcenter Determlnatlon and Travel-Tlme Curves.

The books of Rlchter ,(1958), Hodgson (1964), Bullen (1963), and
Jacobs et al. (1959) were followed in this section. A fundamental prob-
lem in selsmology is. the location of the eplcenter of dn earthquake. A
The P-waves’ travel faster than S—waves and as a’ consequence, becomne '
more separated w1th 1ncrea51ng distance. QSuppose the travel tlme of

‘the P and S waves is related by curves to the dlstance traveled Then,

kriowing the separation'in time between.the P and S waves at ‘a2 given

'seismographic station, the distance of the epicenter of the earthquake;

from the station can be calculated.  The next questlon is how to ob-

.. taln these s0- -called travel time curves. <

Suppose a partlcular earthquake ‘was recorded at a number of seasmo—'
graph stations around 'the eplcenter. Based on_the obserVed damage Qr
some other descriptive parameter, an eplcentral p051tlon could be tat-
sumed temporarily and the distances of each station from this assumed
epicenter could be determined, Travel-times to each statlon dould be
computed by propagatlon veloc1t1es for P and s wavesy and compared
with observed travel- -times. Then by trial, the best epicentral pos-
ition that would glve calculated travel tlmes that agree- closely w1th




the observed travel-times could be determined. By repeating this
. procedure with $everal earthquakes, an average ‘sét of- travel'time
curves can be: obtained. 'Over the last several decades &everal authors
have constructed suqh«eurves, and Fig. A.3 shows one such set.
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'Pig.’A 3> Modern travel-time curves, shbwihg how they
‘may be used to determlne the distance and origin time
of an earthquake (after Jeffrup and Bullen) (Hodgson -
1964) ’ : : f : .

In Section A.l, &he shallow structure of the earth was discussed
“.briefly and the concept -of the Moho discontinuity introduced. However,
for greater dlstances simple traver-tlme curves: based on travel through’
‘the earth's crust are not suff1c1ent, because -the waves penetrate .. PP
- deeper ang deepex into the earth Curves-*shown in Fig. A.3 should be -
used.’ Actually these curves are not completely smoith but are made ..

"_up of’ dlfferent segments because velocity, of  the waves changes w1th

depth. To account for the "inhomogeneous nature, of the earth, one
~might at the outset assume’ that the earth consists of two layers,. that'
-allow a glven seigmic wave to travel with ‘a velocity v in top layer .
;and_ V. in the bottom layer, and.let V, >V ‘Also, make “the hypo- AR
'thetlcal assumption.that there are. selsmograph stations spaced-at. i '
vequal distances. The energy released by the earthquake in the form’
of waves travels to nearby stations by the direct path, and, ‘as the
stationg are assumed to ‘be at equal 1ntervals of distance, the: waves,

.:7take equal tlme 1ntervals to travel between the statlons. For a’ dls-

. tant station from the earthquake the. direct path need not be ‘the path
- ofs fastest travel although it is the shortest route,_because the. wave -
may take less time by tg:Vellng w1th the hlgh-veloc1ty, V2, in &he, u

\ . s . . PPN
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where dlis the thickness offthe top layer.;

B R L . L e T

bottom layer after being,refracted at the‘boundary of the two layers,
than it loses by traveling down to the bottom layer .and up again, 4
.There will be a distance, A, when the time taken by the direct as well

as the refracted rays. w1ll be the same (Hodgson 1964)

’

A ’ . v - ’

In reallty there are moxre than two layers, hence, with increasing
distance of the station, the first phase to reach the station might
be one that traveled through a third layer and the ‘travel-time curve
will have a third segment As there are many layers in the earth, the

‘travel-time curves have different segments and : together they may still
.. look like a smooth curve. 1In the .above discussion it is’ assumed- that

the veloclty of seismic waves 1ncreases with 1ncrea51ng depth, Al-
though this statementJls somewhat.an over51mpllf1catlon (Hodgson l1964), :
nevertheless, it 1s true for depths as far as the rays penetrate.

The 51gn1f1cance of the. quallfled statement "as, ﬁar .as the rays pene~
trate can be understood in Flg A.3. " The travel time. curves ﬁor P
and S waves stop abruptly at distances of 11,745.7 and 11,906. 6 km,
respectlvely, and ‘a station even glightly faxther away would not re- .
ceive these initial waves. Gutenberg explalned this was -due to a cen-
tral core in the ‘earth at a depth of 2896. 2 km, which acts as'a ,spher-

' '1cal lens "and refracts the rays, and more or less blocks the passage

quf selsmlc waves, creating a shadow zone. s . ot
‘an V/< ’ : : N
However,1better selsmographs developed later showed the presence of ‘
weak and delayed P—waves, but not of S—waves in the shadow zone. T is

was explalned by postulatlng an inner core that ‘could’ reflect the

l‘waves back into .the shadow zone. Thus,’ broadly speaklng,;the earth

a

' At A& given station the initial indication of ‘an earthquake i's the

has ‘a thin crust, a thick mantle (where ‘both P and S wave velocitiies
1ncrease generally with 1ncrea81ng depth), -an outer core, and an ’innexr

,core.'

One 1mportant dlfference between solids and 11qu1ds is that sollds,'
because of their finite rigidity, can support shear stresses, but

"fluids cannot., The core of the earth must be a fluid because shear T

Waves (s waves) are not observed to travel through it.

Oldham ih 1900 was, among the flrst ‘to dlstlngulsh among P, S, and
surface waves in aetual seismogranms (quoted by Jacobs et al. 1959)

sudden arrival of P-waves. .Subsequently the S—waves arrive, with

-amplltudes usually larger than P-waves, ‘and. the surface waves (Raylelgh'
'and Love waves) arrlve feven. .later., 1In travel time' curwves it is custom-- "

ary to measure the distance along the surface of the earth in degrees.
As_wouwld be. expected graphs for surface waves will be stralght lines
whereas“those for P and S waves_are. curves with downward concav1ty.

Coa ’




The shadow zone for P and S waves starts at dlstances of lOS° and ends
" at 142°. However, P—waves are found agaln in the range of 142~ 180°
Follow1ng an earthquake, the'selsmogram at any station is. compllcated
“in appearadnce. In ‘the early. portlon of the record body waves that .
have traveled various routes .are present, whereas the latter part .
" shows surface waves. As the amplitude decdy with dlstance is smaller
for surface waves, except close to- the eplcenter, surface waves have_
‘larger amplitudes. than body waves,. generally speaking. However, -for
deep earthquakes the amplltudes of surface waves are very small

]

Many phases other than the simple P, S, Raylelgh (Lr)' and Love waves.

(L ) are. poss1ble. *In. general, the amplitude .of the " P-wave may be
Imuch smaller than.that of the S—wave at the Focus (Bullen 19639 .
Then the S-wave may travel upward from the focus,to epicenter and be
reflected there, creating both P and 'S WaVes’that'might be recorded

at a selsmograph statlon. "The P and S waves thus generated are called

. 8P and 8S., Similar arguments lead to pp and ps- phases. If both P ‘and
; Pp-aloxr 8 and 8S) - are recorded at a station then the. dlfferencé in-
arrlval times could be used to determlne the focal depth. accurately

P o ~
+ N r

. Waves emanating from the focus gnd reflected either at the earth S
surface or- at some—dlscontlnuous surface in the crust couldtcause~a\
‘dlfferent set 'of- phases.u For.: eyample, a P-wave could create PP or, PS,
and: an S—wave! create SS or SP These are: due. to single reflectlon.

“Two reflections could ‘cause phases such’ as PPP, sss, PPg, etc. VA com~-

blnatlon of these phases w1th those descrlbed above could become PP?, ~

| SPP, SPS, etc. : .

The next set.of phases is due to upward ‘reflectibn (denoted by c)nat..

. the mantle-outer core boundary, and phases such as: PcP, PcS, Sc$, and
ScP can easily be wvisualized.. Bullen (1963, p. 168) mertioned that a
phase such as S¢SP would correspond to reflectijon into the P _type, at
(or near) the.outer surface of a wave that had, before. reflectlon,
appro g&ed the outer. surface as S¢éS. Phases such as pScs are -also ,
.51gn1flcant, the symbol p- corresponds as before to an - 1n1t1a1 ascent o
“to the outer surface in the P type. : ’

i e . BTN
> ) . .

Another typeiof phase (denoted by K) is du
wave -into the: core. Thus, phases such as PKP, PKS, etc., can easrly
‘be’ v1suallzed ‘A phase such as PKKP results f om an 1nternal reflec-
"tlon at the core boundary. Some phases such. as PKP have two branches,‘
thys the travel-time. curve is'a two-valued functlon of the distance -

" (Bullen 1963). Then subscript 2 is used to denote ‘the. upper branch
'(PKP for the upper branch of- PKP) ’ : . : B

». Futrther types of phases are due’ to exzstence of the inner. core,,wrth
" symbols < and ‘I used for reflectlon at the outer core-imner boundary '
" and for penetratlon into the ‘inner core.~‘0nly the P-wave can travel

toppenetration of the P-.

inside. the core. ‘Bullen (1963, p. 170) Sthteddthat phases PKP,. PKtKP,,f

.and PKIKR need ‘to be dlscrlmlnated ‘the ‘first @orresponds to a wave
that ~has entered the outer and not reached the inner core, the second
- to one that has been reflected upward at the boundary between the two -

N ’
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,formula holds

portions,.and the thlrd to one. that has penetrated 1nto the 1nner"

" portion. By combining P:. 8., P, 8§, ¢, K, 7, I in varlous ways, ndta-
‘tion for all the main phases associated,with body’ waves can be wrltten.

5

The symbol J represents S—waves in the inner core.

Early surface waves with long periods of l—gfmin are -the Love type,

designated as L or G (named after Gutenberg) ‘Instruments that

measure, the horlzontal component will record the Raylelgh wave de-

noted by L_. Both Rayleigh and Love waves suffer dispersion. The' -
dispersion relations differ for oceanrc and continental paths - The -
fastest Love and Rayleigh -waves have' veloc1t1es of- the order of 4.5 '
and 4.2 km/s respectively. An L _ phase.is a short- -period wave, s

guided in the continental crust. This can propagate over continental

paths without much diseipation“but'cannot propagate through oceanic
paths. The" ‘T phase is a seismic wave that propagates as’'a sound wave

in the ocean paths. . . ) . . o

/

'EPICENTER'DETERMINATION

. T ' ‘ ; ‘ cL e R
In the nomenclature on eplcenter determlnatlon, the symbol A denotes
the distance of the epicenter to the 'stationa. Actually, A is the

angle at the center of the earth between radii to the eplcenter and

~the station. This parameter can be determlned from knowledge of the

geocentric'latltude and longitude. Onnordlnary maps, the geodetic’
latltude ig -used, not the geocentric latitude. The geodetlc latitude

;15 the angle between the equatorial plane and the normal to. the earth s
‘spheroidal surfdce. The geocentrlc ‘latitude, ¥, is related to the

s

geodetlc latitude, ¢, through the relation (Rlchter 1958) ST . .

tan u = (1-f)? tan’ 6= 0.993277 tan.¢_ (a.10)

o

"where f is the flattenlng of the earth whlch'is 1/279. ¥

Jeffreys (1952) ‘described the following procedure for .the determin-
ation of A. Let ¢' and A be the geocentric latitude anY longitude of
the ‘epicenter and /¢' an8 A those of the station. Then \he following

'\ " cos A = sin ¢6 sin ¢' + cos ¢6icos‘¢':cos(X-A0) ' (a.11) ?ﬁ

- \

i
i

e : . R ' . ' . . - '
'However, when many stations axe involved, this formula is rather cum-

bersome and Turner (quoted by Jeffreys 1952} gave the following pro-
cedure. -With reference to a rectangular ‘coordinate system at. the '
center of the earth, w1th T pointing towaxrd 0°N, 0°E, y toward.0°N,
90°E, and 2 toward 90°N,” the direction cosines (A B, C) of the ep;\%nter

"and the dlrectlon cosines (a,b, c) of the statlon are~»

| mie = (cos 8] com h ces 4 sin ho, sin 431
b = , /\ ) ‘. ) ‘ ' . A s - B - '. ,;" ,

(a e) (cos ¢' cos A,.cos ) 51n_.¢:f}n ¢ ) | (a.12)

Then (A.11) becomes- _ e | - : P , L8

| cos A = ah + RB + cC

Ty e et g - —— e ha T e e e e e
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Two formulas equivalent to A.l12 that could be derived from geometrical
~considerations are: : . '

° -
.- .

-

RiE

. 2(1-cos A= (A=a)2 4 (B-B)? + (C-0)” o
a o L o y - (A.13)
2(1kéos A) = (a+a)? + (B+b)? + (CHe)® o

Thevthree formulas given'by (A.12, A.13) can be used to check each

- ' other over the full range of D < A< 180°. Define, following Jeffreys:
o } D = 3 (A2 + BZ'+'C% - 1) . f ; .
. J,’ N ‘ - '. . - | | '
wﬁg d =3} (a®+ b2 + % - 1) .

Then it can be shown that:

Aa +Bb +ce=D+d+1~3 [(a-a)? + (B-D)? # (¢-e) 2]

| =p-d-1+ %[(A+a)2 + (3+0)° + (c+cy2] o
With an eplcenter, two orthogonal @;rectlons glven by (Q;i - g),
and-( 6, - 2,)\O) were assoc1ated w1th Turner's procedure, and the _
,direction cosines of these were denoted by (D,E,0) and (G H, (K)o Thus,
‘the ‘azimuths also can be found, noting that: Da + Eb = -/sin Avsin AZ-

Ga + Hb + K¢ = - sin ‘A*cos AZ. : ‘ . o J,{

. . R T Ay

GENERAL MEfHQD TOfDETERMINE EPICENTERf"

If clock tlmes are accurate at each station, .then, from arrival

" times ‘of the P—waves (as’ their propagation velocity is known), the
distance of the eplcenter from each station could be determined .and
using several statlons, the p051t1cn of the’ epicenter could be deduced.
If clock times are not accurately-known, the time; difference Between

- ‘the arn&vals of P and S waves at eaeh statlon can be used. However,
‘the difficulty with the second method is identifying the beginning of
the S- phase, espec1ally because the - S—waves have a multlpllc1ty.

,For this reason,. usually P-wave arrlvals are ueed for accurate detexr-
mination of the epicenter. To determine'the depth of focus for deep-
focus earthquakes, some phase that is_.reflected near the eplcenter

\\\must be used_ A few methods Byerly €i942) are' descrlbed- o M

Getger method - Flrst, the tlme dlfference in arrlval of S and P

phases at several different statlons and travel-time data from the

:approprlate tables arerused to determine an approx1mate eplcenterL

This approximate eplcenter is then located on a.large terrestrial

globe and its latitude and longitude are .denoted as ¢* and A®, From
+ - this approximation, the distance to eaph station 'is subtracted from
the arrival time of P.at that statlon, and .the dlfference gives the.
time of“occurrence. of the eamthquake as computed for that partlcular
statt;g.l In. -a 51mllar manner, tlmes of occurrence are computed at all
L/i

i . v ¢
' Jﬂ‘\\ -~ } :
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statlons aad their mean value t* is the assumed time of occurfence.

With reference to this approklmate eplcenter and the -assumed travel-
time computed, let t; be 'the computed arrival time at each station -and-
tn the correspondlng observed arrival time, Let. anE tn t” and if

'Fn is 'small, one can write: - ' :

= ¢*
tn vtn + ?n )
. : - \ — -
. R R L Btk R - (A.14)
=k L drt £ —L dox + i3 dt E :
| _J\O o 'A¢* , ot} e

Shlft the eplcenter sl;ghtly, compute the corresponding change
in eplcentral dlstanCe, and use the tables, theéen the change in travel-
time of P phase is, found and t¥ ig determined. Thus, at each station
Bt*/al* and - 3t*/3¢* can be dedgcea Then the set of equations (A.14)

.can be solved by least squares method .The correct 9051tlon of the .
eplcenter 1s glven by the flrst two equatlons of - ot

>
|

. * + * . . - N . ) : , .
| g Aot A S |
y . R . Rt

b T ¢gl+ aeg \\\ . B O : h (A';S)

= _ % 4 g% .
" .. - o= %% | ey

<+
{

and the‘third equation gives the correct time of occurrence.

Spherical trigonometry method - Let e be the colatitude of a station,
© 8 ‘the colatitude of the epicenter, and p the polar angle between the
meridians of the station. and epicenter. Colatitude is equal to 90° %
~latitude (~ sign is used if south). ' Then:, . )
o : . 5. :
o S . e _ -
e .cos A = cos e’cos S + sin ersin S*cos p ' (a.16)
Let ¢, be the latitude of the epicenter and E the bearing of the
station at the epicenter, taken as. a positive angle between 0° and

180°, Then the foljlowing relations are obtained:

3A _ - L AT.EZ

——~= = cos E ' ' - -

39, | | A |
“and _ S T T (ALLT)

+
)
it

Q

0
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The'sign of the term inhthe“secona equation of~(A.lT)”de§ends on the

~relative lohgitudes 0of the station and the, epicenter, -The following

three, equatlons can be derived from (A.16, A:17) and used to deter-
mine A E, and S, notlng that'geocentrlc lati}udes should be used
(Byerly 1942) . ; ( _ o

AR i

E + s L p . e -5 .+ e+ s

.l&? tan é log cot — + log cos ——— + colog cos
- ‘E-s . p e-8 . e+ts
' log tan = log cot — .+ log sin —— '+ colog sin : S
‘ 2 2 S 2 7 2 S
A .. E+ S E -8 = ° e - 8
log tan — = log sin ——— + colog sin ——— 4 log tan

i

2. 20 T2 2

Straight-line method - For A in the range of 0-18°, and possibly to
20°, the P-wave travel-time curve is almost a stralght line. _Also,
if the station is close to the epicenter, then for the phase P (P is
a p wave traveling completely through the .granite layer) the travel-
time curve is a straight line for epicentral distances larger than the

vdepth of foqus.» Then the travel-time curve. could be represented by:

. o . - I S
T St ==+ - . e (a.18)

S -f‘ L v

- where v is the apparént surface speed and I is the time intercept of
..the branch of the cdrve. The epicenter and I should be determined

under the condition that, for each station the following relation is

satisfied: A .
An ' - N
. b} ‘
e (Z ) e
v oM
' e : . . : sl
subscript n denotes the station. . ﬁaﬁ

The time differehceﬁln arrival times of the~S and P wavés (called-
the_S4P.intervals) is used to deduce approxlmate values for the epi-
center, v, and I. " Let the assumed epicenter have latitude and longi-’

. tude ¢* and A* let I* and v* be the assumed values of I and Uy and

let An* be the distance of a given: statlon to this asg umed eplcenter.

To find corrections for these in the least squares sense, if the cor--

rectlons are small, wrlte (Jeffreys 1952)

. o T O BT
: (t,-I#=dI) (v*+db) - — d¢, - — dA, = An*., o
AR ’ K a¢0 "‘. 8)\ - ) ‘

o

To fi;st order in small quantities,”this becomes:



Ce

' 18' P ) . ' B ’ g T -
e T | F
: (t —I*) dv- v* dI - — d¢ - — dAO = An* -~ (tn _ N

Q-

An adequate number of- equatlons are used to solve the four unknowns Ln

t

this equation, namely dv, dr, d¢ aad dk ' - . o

The statton patr method - This method is of an approxrmate nature,
"but 1s worthy of attention, Suppose two stations receive P- -waves at
the same time. - Then the epicenter must lie.on a great circle joining
the stations and is normal ‘to it at the intersection. Of course, it '
is assumed that P-waves travel with the same speed in all, dlrectlons,
which is not strictly true. because of inhomogeneities in the ‘earth.
If.two such pairs-of stations are found then the, epicenter must be
at an intersection of the two great circles. More Station patrsg, and
‘other data such as S- P intervals will indicate which 1ntersectlon is
correct, As it is. hlghly unllkely to find two stations at which .P-
waves arrive- exactly at the same time, in practice the stations select—
ed are those rat whlch arrival times of P- -waves are approx1mately the
same. : , e oy :

‘ o
V

Interval method ~ 8§-p 1ntervals could be used to make a° qulck deter-
mlnatlon of the eplcenter. - In a tsunaml ‘prediction problem, thlS‘ '
guick determination of the epicenter (even if it is not accurate) is
. highly desirable. The epicenter can be determined approximately by-:
~the S-P intervals from three stations. Byerly (1942) cautions that .
aftexr the P and S phases are 1dent1f1ed one should check the J.nterval‘1
between S and surface waves that arrive after the S-waves.: However,

a close check 'is not possible becaise,surface waves exhibit a con51d-

erable scat®er (a check within a few minutes ‘is probably adequate).

It is precisely because,of this scatter that surface. waves cannot be\
used 1nithls 1nterval m@thod for eplcenter determlnatlon ” '

If the check 1s not satlsfactory, then it 1s*@robable that P and- S'
‘waves are not properly identified, Byerly gave an example whén the
Berkeley seismograph records’ from earthquakes origdginating in India
showed PP and SKS which looked like P and S from a closer epicenter.
Thus, if the other phases such ‘as PP and SKS can be correctly didenti-’
fled, the intervals of these phases also could be used for guick epi-
center determination. . In practlce, most of the time the S-P ihterval
~is used. : ‘ R ‘ ‘

. )

- Method of direction . (Byerly 1942, p. \224) - P-waves are;t e first to
arrive at a station and when they reach the surface they gel reflected.
Since the surface motion is determined from both the incident and re- -
flected waves, the apparent angle of 1nc1dence at the surface (deter-
mined as the tan” 1of the ratio of the reécorded horizontal amplitude

to the vertical amplitude) does not- provide the direction of approach.
of the wave as the horlzontal amplitude lies in the great’ circle join-
ing the station ‘with the eplcenter. Its: direction can be détermlned
by compounding as vectors the first P-wave amplltudes on the E-W and
N-5 component seismograms. After determlnlng the great ¢ircle, the
‘vertical component is examlned. If the motion is upward, the first v
wave was compression and the horizontal motion was away from the epi-~ -
- center, Thus, after the dlrectlon of the epicenter is obtained, the .
‘Qistance'to the station can be computed from the S-P interval at the o
station, ‘and the epicenter can be approximately located. =

<
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.'A.4.' Earthqu-ake Mé‘dhanism

Reid's elastic rebound theory was originally developed in connection
with the San Francrsco earthquake of 1906 In Fig. A.4, let 0' O"
represent a fault and A 0 B be.a line normal to the fault (Hodgson
1964), This diagram is distorted .because the vertlcal dimension is
about 6.1 m, whereas the horizontal dimension is about 32.2 km. The .
line ' A 0 B gradually distorts itself. into A' 0 B'. At the instant’
when the strength of therfault no longer exceeds. the stresses set up,
it will break and A" O suddenly assumes the position A' 0' and 0 B!
.becomes. 0" B'. This sudden movement toward equilibrium relieves the
strain and producés the earthquake, In reality, the fault does not
break -at a single point. In the San F{anbisco‘earthquake, the move-
ment in’ the San Andreas fault occurred over 402 km (Hodgson 1964).
In this situation the focus must be deflnedwiegthe point at which the
fault broke first. . \ . : ) '

However, Hodgéon (196Z) cautioned’thatjthe initial break may be
minor, although this is 1nfrequent whereas the second break may be
major. . In such a situation, sensitive seismographs close to the earth-
gquake might 1dent1fy the first break as the focus, although dlstant
seilismographs mlght 1dent1fy the major break,as the' focus. To underf
.stand what happens in the lmmedlate vicinity of the focus, Fig. A.5
-shows F as the focus, and 0' O" as the fault. Any observers in quad- -
rants A and B would feel an initial compress1on, whereas those in quad-
rants C and D would feel an 1n1t1al dilatation’ (Hodgson 1964) . Thus,
in the vicinity of the epicenter there will be four quadrants whléh

are alternately conpre851onal and dllatatlonal : A , .
[~" -
M O‘
+
1 + A - .
L 4 -
- ! + , . _
BRI 5
| e
-
; ; - ! , . + e
B c .
,? ¢ . + +
f - ¢}
“ +
1 o
Fig. A.4, Reconstruction _ 'Fig.fA.S;_Separatioh of
. of the regional displace- compressions from dila-=
- ments preceding the San - - - tations by the nodal

Fransisco earthquake and ‘planes. (Hodgson 1964)
their release in the slip- - o -
ing of the fault. This
reconstruction provides
the basis for the elastic--
rebound theory of earth-
‘quakes. (Hodgson 1964)

“a
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The more 1nterest1ng problem is the cornverse where know1ng the FS TN
"itial motions at several points around the epicenter, one could separ-,
ate the reglons of compressions from those of dilatations by means of
a palr of”stralght lines. One line is the trace of the fault., In
. nature, the situation is often much more complicated, because the
faults aré usunally not vertical and the motlon in the .fault during the
earthquake is not purely. horlzontal 'ﬁ : : : <

' r ¢
.

_ However, if the ‘fault model of the earthquake mechanism is accepted}
then the general model described by Hodgson and Stevens (1964) (a plair”’
of orthogonal planes, i.e. fault plane and an auxiliary plane at.right.

".angles to it) can be adapted. Because the direction of motion changes 3
- as it passes through these planes, 1t3must be zero on them, Hence,
they are, called nodal planes. .j : s

The 1mportant questlon is. whether the fault model of the earthquake
mechanism is general enough to be unlversally appllcable to all earth-
quakes. Several major earthquakes have occurred that were not assoc- :

‘?'iated with any faulting. . Richter (1958) appears to subscribe to the

fault plane model of -earthguakes- and. gives a table of earghquakes wﬁth

known faulting. Adams and Furumotoi(l970 p. 58) take an opposing:

view, because of what they consider 'to be a notable  lack of direct: evi-.
" dence. Hodgson (1964) stated that stresses associated with an earth-

quake develop through.a finite volume and not just across a plane.. He
.noted that some seismologists. think reglonal forces cause earthquakes,'
“and that the fault, if Lt ex1sts, is an effect and not. a cause:;

Byerly (quoted by Hodgson ‘and Stevens 1964) first con51dered the
problems in using observed data from world- wide distribution of sta-
tions, and tried to ovércome the problem from the curvature of The
seismic ray. A station to the right of the fault: plane EF (Fig. A.6)

. receives its 1n1t1al motion from a ray originating: ‘to the left of the

- fault. To maintain proper polarlty, in Byerly s -method the tangent

.for the ray is used, which“-locates the statlon at a v1rtual pos1t10n -
.s! 1nstead of at the true pOSltlon S

The second pro lem concerned mapplng Byerly used the property that’ @,
the fault plane and the auxiliary plane which meet the ‘earth in circles
will project as circles in stereographic projection. In Fig. A.7 the
station, S, considered at the virtual position .8', is plotted at B,

0 B is called the extended distance (Hodgson and Stevens 1964). That
1s, stations are plotted-at their measured. azimuth from the epicenter
nd.at the extended distance correspondlng to their distance from the

eplcenter.‘ A diagram. prepared by. Stauder (1960) for an Alaskan earth-
quake separated compressions and dilatations by means of two circles
drawn to represent drthogonal planes (Fig. A.8). Although such a dia-
gram could be’ prepared with- sufficient reliable data, Hodgson and
Stevens (1964) estimated that because of background noise, weak first:

'.motlon,“and instrument defects, abdut 5% of. the data was inaccurate
and compllcated constructlon of the c1rcles, and the data were also

" 1nsuff1c1ent.; ,

3




Fig. A.6. True posi-
tioA~S of a station
versus its virtual
position 8. (Hodgson
and Stevens 1964)

Fig. A.7 . Ge
- Jection.
e

[

ometry of the Byerly pro-
(Hodgsonvand'Stevens 1964)

o~ .
hgt 0.0

i . ’ . a ] .
Eafthquake of July 10,1960 S
IL 58°20'N., 136°55' V. ' : ’

o J

o Compression '
a Difatation
", Unit Distanco : : -

~’"?ig. A.8 P nodal solution' for

.the earthquake July 10, 1958,
(Hodgson and Stevens 1964)
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In contrast to Byerly s method, the focus can be surrounded with a
unit sphere, called the focal sphere (Fig. A.9). As above, the tan-

gent of the ray gives the v1rtual-posmtlon S' for the statlon.~~

Top of focal "phz:;e

Focal sphere

N

“ . s

Plane of extendad
distance 5B

L L Fig. A. % Diagram showing_the var-
o 1ous progectlons used -in determint
ing P nodal’ solutions. (Hoagson,}

- and, Stevens ;9643

| _ : - - | - o _ . _
Figure A.1l0a shows the projection of the focal sphere as a Wulff pro--

jectlon, and Fig. A.10b shows it on & central projection. All projec-

“tions react 51mllarly to either incorrect data or lack of data.

Hodgson and Stevens (1964) point ‘out that these fault plane dlagrams-
do not tell which plane represents the fault, and that many selsmolo—.
'ngtS thlnk they do not represent the- fault at all. c

= ‘ : . B

) o ) N S
Fig. A;le P nodal solution for the e;rﬁh--
gquake Julw 10, 1958, as it appears - (a);
" the' Wulff projection and (b) in the qen—
tral projeeﬁgon. (Stauder 1960)

2
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In prlnciple, the S-wave pattern could be used to resolve the ques—
tion of which plane represents the fault.. Figuze A.1l1l shows the theo-
retically calculated radlatlon patterns for P and S waves resultlng
from & single couple shoyn on the left. Although the P-pattern offers
no insight as to which line represents the fault, the S-pattern cffers
a clue, because the amplitude is zero on the plane of the fault and is -
maximum on a llne at rlght angles to it. :

i . . . i

e L
TN T

Bl

T -.. PFPig., A.l1l, Theoretical radiation
' ' pattern for (b) P-waves and (c) 'S-
.~ ~ waves from a single couple oriented -
as in ‘(a). (Hodgson and Stevens
1964) ' o ’

, _ . 4 o , s ‘
Honda (l961)_was-among‘the first to study the S-wave radiation pat-
terns in detail. 1In particular, he examined 10 deep-focus earthquakes
from data. taken close to the epicenter. 1In the S~radiation pattefn,,‘
he found max1ma along each P-nodal Plane; these two maxima could be
accounted for by two. couples acting along orthogonal directions,' as
" shown in Fig. A.12. 1In selsmologlcal literature  the models  in Fig.

A.ll} A.l2 were, respectively, called models I and II.

k-4

~Hp-
R
|

. Qﬂ
&/

W - L e
' Fl%;(A 12, Theoretlcal radlatlon pattern -
‘foxr” (b) P- waves -and (c) S-waves frem
double couple or equal deviatoric stress—
es oplented as in (a). (Hodgson and
Stevens 1964) - o

W@

Model I was developed originally in connection with the San Francisco '
earthquake of 1906, and later applied to other earthquakes. Regardlng,
model IIS*Hodgson and Stevens- (1964 p,‘37) pointed out that the
stresses{wlthln the earth could be redueed to aé?prthogonal trlad of
principal. stresses.. For shallow earthquakes one' of these is likely
to be vertical and represent hydrostatic st;es%. Subtracting the ™
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hydrostatic stress from the othervtwo glves the so-called dev1atorlc

Stresses. These are closely analogous to the forces postulated in '

‘model II. Failure occurs by collapse of a volume of rock or by fault- .

ing on one or both of a pair of conjugate planes,~and the impulsive - /ﬂ

release of stress sets up the seismic wave. This model has the at— S
tractlon of being related to the reglonal stresses. o tfef

&

_ Hodgson-and Stevens summarized briefly the important features of the
theoretical modéls available until 1963 and raised some’ questions.

The first was in connectiod with model II, where the deviatoric stress-
'es are considered, instead of-the three principal stresses at a point.
‘They asked, "What was the justlflcatlon for assuming that these devi-

- atoric stresses are equal in magnitude?” /They .pointed to the work of
Ingram (1961), who examined the situation when the three principal
forces were unegual and concluded that quadrant dlstrlbutlon does not
occur, and that the surfaces separating compre551ons from dllatatlons
were not orthogonal planes but became cones. . :

They also noted that, as the energy released in an earthquake must
~have been stored in a volume, the concept of a p01nt focus is unreal-"
- istic. As a result, several authors considered an‘ellipsoidal source ‘
and produced'a'quadrant pattern in P and a distorted (relative to model .
II) s~-radiation pattern, the amount of distortion depends on the fault
length. Hodgson and Stevens (1964) cited the work of Vvedenskaya
(1958, 1959) who used the dislocation theory. and showed that when a.
fault occurs the stresses relieved are those bearing on the fault at -

the moment ‘of failure. Knopoff and Gilbert (1959, 1960) treated the LT

earthquake asrthe result of the sudden ‘disappearance of" “accumulated
strain along a fault plane and took into account the flnlte propagatlon
rate of faultlng. . : : ‘ . . - L g

Knopoff and Gllbert compared thelr calculations with observations
and showed that onily three of the p0551ble models are likely to be i N
valid phy51cally. They disregarxrded the other models cause they do
not produce the guadrant distribution of P. At th;;/Ziage, the quad-
rant distribution of P has not been defined. . Hodgsdn and Stevens
(1364, p. 38) briefly summarized the three models arrnved at. by

»Knopoff and Gilbert as follows:

S RN .
",.. the first cbrresPonds to rigid body motion, dislocation or
fault fllng, the faultlng proceedlng in two. dlrectlons from the
focus. This produces a radlatlon pattern the same as model II,
except that"one of the P nodal planes represents the fault. The
second mechanism corresponds to a.sudden discontinuity in the

. shear strain between tvwo sides of a fault. This produces a simple

‘radiation patterh; instead of ‘a quadrant distribution of P, there’ o

should be only.two zones, one compressional and‘one dilatational'"‘k

The third mechanlsm is rovrded by the sudden release of shear straln

. in .a laminar reglon. TE&% produces a radiation pattern ldentlcal to .

' that of model 'I. Of th nodal planes, the one- representlng the

orientation of the long axis. of the~laminar reglon is. ldentlfled by

the Srpattern. 4 . :
|

&
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Hodgson and Stevens stated that there have been four schools of
thought on '‘earthguake mechanism, broadly speaking - that of Japan,
Holland (Netherlands), USSR, and followers of Byerly. - In.cont ast to
the techniques of the other three groups, in Japan only the data from

.nearby stations were mostly used 50 there was no nece551ty to employ

any projection. Data on the compres51ons ‘and dllatatlons of P were

plotted simply on a map, and either arcs or straight lines were used

to separate the compressions from dilatations., Then the S-amplitudes
wére looked at for various azimuths relating to the P nodal planes.

‘Honda (1961) used this technlque for loﬁearthquakes to show that the .
S~ rad%atlon pattern corresponded to that of model II. '

o

‘The other three schools also used data from ‘distant statlons. In
the Soviet Union, data on the first motions of P, SH, and SV were
plotted on a Wulff projection.- Addltlonal data on PP, SS, PP, §
etc., have also been utlllzedn There appears to be - a controversy in
the Soviet Union on the valldlty of models I and II. The group dir-
ected by Keylis-Borok appears to favor model I,  whereak: Vvedenskaya
favors model II. To summarize, the Soviet observations are based on

 ‘the dlrectlon motlon of S rather than the amplltude. o )

17

Stauder (1962) appears to be one of the few in the USA who has used

techniques'analogous to those in USSR. He made considerable use of

the S-radiation patterns; instead of dealing with initial amplitudes
or first motion, he plotted the particle motions.  From these plots,
the angle of polarization was measured at each statlon, plotted on a- "

'map prOJectlon, and compared w1th the patterns deduced from models I .

and II. _
B ‘“.

Some of‘his results supported: model I, but others supported model II..

.Hodgson and Stevens mentioned that Ritsema and Veldkamp (1960) follow-
.ed a procedure somewhat similar to that of Stauder, except: they 51mp11—

.-

‘the reported data.' . : ‘ . AR

fied the procedure by avoiding the particle motion diagram to obtain
the polarization angles, and instead estimated them approximately from

¥
Adams (1958) derlved a. set of equatlons to calculate the dlrectlon .
of motion at the focus for model I, knowing the polarization angles of-
the S-radiation. Stevens (1964) extended Adam's method to include ”
three unequal principal forces orlglnally proposed by Ingram (1961).
Hodgson and Stevens (1964). concluded that use of the particle motion
diagrams, from ‘which S~ ~polarization angles could be determlned, was
the most satisfactory method .to select the model - In fact, in ‘a given
area both models may bé appllcable. There has been considerable woérk
on the use of surface waves’ (Raylelgh and Love waves) lnstead of body

waves P and S, for mechanlsm studles.

Hodgsonrand Stevens discussed'available'earthquake mechanism -sol-
utions and their reliability. Some theoretical ‘models call for a
quadrant distribution of qompressrons and dilatations whereas others
do not. The resultlng confusion wag summarized by Hodgson and Stevens

(1964, p. 499%™ If a gquadrant distribution is typical, interpretation

is considerably simplified. There are onlyétwo possibilities: one

v

5
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of the two. nodal planes represents the fault, or the bisector . of the
dilatational quadrant represents the dlrectlon of maximum pressure.‘
Either model}mlght apply to a partlcular region. But .at present many
vrellable P- solutlons exist without any- corresponding S=-data. To plot
the strikes and dips or the direction§ of dlsplacementkwould be to
assume that a fault exists; to plot the directions of pressure would
seem to- assume it does not ' S ' A '

¢

Hodgson and Stevens (1964) p01nted out: that probably the dlrectlon'
"of the principal pressure determlned from the fault model .and the .
/ pressure model would agree - closely. "They . used_the following formula -
after Lensen (1961) which relates the angle, 0, between the ‘fault
strike and ﬁhe pr1nc1pal horlzontal stress, to. the- components, DH and
'DV4 of the. dlsplacement in the dlrectlon of the strlke and ;n the ver—
- tlcal dlrectlon : : . :

ar b

o, . DH ' o .-‘ ) }. ) ol . v
tan 2& = — IR ST o '_(A.l9)
" DV ) C ' o ’

In a - given nodal diagram, two p0551b111t1es for the fault ex1st If
one is selected as the fault, then the other is’the auxillary- plane,
‘this enables the computation of DH and DV then o, and finally the
dlrectlon of the prlnC1pa1 horizontal stress. ' According to the fault:
1nterpretat10n, thls is the dlrectlon and as there are two posslble

" - faults, there are twoyp0551ble dlrectlons for the" pressure., Hodgson

and Stevens computed- o for the - ‘good computer solutlons available for.
.some earthquakes ‘and’ compared these dlrectlons with thoseé obtained by
bisecting the dilatational quadrant, :following Honda (1961) or Vveden-
,skaya (1958, 1959) . ° They’agreed with ‘each other closely (the differ-
ence amounted to an.rms value of less than 10 ) . »

Hodgson and’ Ste;zks then plotted a series of maps. showing‘the direc=-=
tion of. pressure ermined from the Honda- Vvedenskaya method and re=
'ferred to these directions as "pressure directions," ‘with the under- '
" standing that they represent the best determinations in an average

-sense under elther inhterpretation (fault or no fault). The differences.

. in ‘patterns .among ‘the Kamchatka, Kurils, Japanf and the islands 'south

. of Japan, can be 1nterpreted in terms of differences in faultlng as
follows: thrust- faultlng is mainly. respon51ble for Kamch&tkan earth- -
gquakes, whereas sllp faultlngmls predominant: in Kurils and Japan, and

- normal faultlng ogcurs in the ‘ibslands ‘south of Japan. Hodgson and

‘Stevens pointed out that the earthquakes of .the oceanlq systems are’
too small to yleld any solutlons..', o - S
,MATHEMATICAL MODELS AR S ) _ o : ‘_-,g( -

Sy

There is controversy as to the relatlve valldltlesedﬁ models I and ’
.. «IX and to resolve this problem, S-radiation data are being used in
‘addition to P-data. Stauder (l962) contends that the use of S-. .

',radlatlon data depends on a fuller use of the theory of point sources,

- and he found the work of Keylls—Bo%ok and Kagan (l957) partlcularly
relevant - 1n thls\dmnteut‘ R L , - ,

v




The pglnt source 1is of course not a. good representatlon of a focus.
Instead, ~for -use in fault—plane ‘golutions one needs a model for the

‘focus, so that the calculated -distribution of amplitudes - and first

. motions of P and S waves ‘from -this model agree with those caused by

‘an earthquake. ~$hls is the so called "principle of eguivalence." .
Keylis-Borok (1956) treated the movement at the source as irelastic.
He avoided ‘the issue of the- form of movement in -the immediate. v1¢1n1ty
of the focus by.assuming that the elastic waves are generated either

*by body forces acting in. a small volume Surrounding the focus, or. by

small mass movement of rock in thls volume o . : .
L . . K . L8

Con51der a plane w1th1n an elastlc body and assume that-a cut is
made . over a finite area of the plane. Let an applled force dlsplace

_the two faces of the cut relatlve to each other and later let the two

faces be broughtzback together. Volterra (see Stauder, 962) described
the resulting deformatlon as the 51mplest case of a disldcation. ThlS.
concept isaparticularly useful in deflnlng the static dlsplacement
field set up in an elastic body. Instantaneous displacement because

of a mOVLng dlslocatlon is studled by Nabarro, (1951) B _ v

‘Stauder concluded that the fault plane method ‘is qulte successful ‘in
predlctlng the first motion .of P, so the quadrant distribution must be :
correct. However, instead of a unilateral faultlng, Knopoff and’
Gilbert (1959, 1960)" assumed ‘a bllateral faulting, when the fault

B propagated ln two opp051te dlrectlons from the focus. ' _ s

The use of surface waves for focal mechanlsm studles is a 51gn1f1-- _ ' -
cant advance. Brune. (1961) 'suggested that an azimuthal variation, in o
the ratio of the amplitudes of Love and Rayleigh waves' can be used to.
determine’the orientation of a fault Sato’'s (1955) method can be '
applied for focal mechanlsm studies ‘even when con51deratlons of station- -

ary phase do not apply. 'In this method, the record is squected to

‘mines the source functlon by. cross- correlatlon w1th the selsmogram.‘

. Fourier ' analysis, .and a correctlon is applled ‘for the phase ‘factor of .

each component for the delay‘ln\olved in propagatlon.f From ‘these com-
ponent waves, the source'funCtlon is determlned _ - : : '
Aki's (1960a, b, c) method has an 1mportant difference from that of

. Sato. Whereas, Sato obtalns the .source functlon from the component

waves, Aki computes the impulse response of the medium and then deter-

. A completely dlfferent appmoach has been suggested by Ingram (1959)

“ 'As the focal mechanism studles 1nvolved graphical methods of separatlng'

‘a given dlsplacement field conslstlng 0of compressions and rare- fractlonf
this problem may be solved by statistical methods to determine orien-
tation of the stralght lines that give the best separation of com-
pressions from rare factlons., Follow1ng Ingram s suggestlon, Knopoff
-(1961) developed mathematlcal techniques reported there and in later
papers (see various issues of Bulletln of the Seasmologlcal Soc1ety

"of America subsequent to that- work) o ' F} ’ .

Randall (1964a) lntroduced new concepts and technlques in earthquake
mechanism studies by a better use of the elastic wave concepts. In a .~

sense. he deviated: from earlier studies, 1n that he viewed’ an earth—
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quake as the'result'of'a disturbance to the elastic equilibrium of the

~earth - ‘(the elastostatic problem) and the wave motion as caused by fln-
ite elastic forces resulting from this disturbance.’ ‘He considered the

dlsplacements, veloc1tles, and wave motion as effects rather than
In this paper, Randall considered only the dynamlc problem

causes.
and showed that only. certaln aspects of the change of equilibrium are

relevant. The.problem Randall posed is how to solve the. elastic wave
equation, knowing the initial dlsplacement from equilibrium. He also

allowed for displacement fields which may be discontinuous across sur-

faces within the medium. One of Randall.s important results is. that
the disturbance ‘at a-given point, does not commence until a longitudinal
wave arrives from the nearest pornt 6f discontinuity of the initial ~ ‘
dlsplacement field or its gradient. In this sense,hhe views the dls—
continuity surfaces as sources of seismic ‘waves. :

Randall (1964b) also tackled the elastostatic problem. He examined

mathematically the: concept that a sudden phase transition could pro-
By examining the simpler case of a

vide . a mechanism for earthquakes.

. sudden volume change; he showed that even small change - 1nrden51ty
can provide a much more concentrated soumncé-of energy than is provided
by sudden faulting. Evison (1963) suggested (on the basis Of Ring-

wood's (1962) theoretical work) that the cause of-earthquakes may be

that faulting may: be an. effect of earthquakes and.

- phase transition ...
not a cause (Rlngwood hypothesized that one fundamental cause for tec~

tonlc act1v1ty in the mantle is phase lnstablllty)

~ Randall (1966) extended- hlS earller work to include .change of  shape
durlng the phase transition which, in contrast to his 1964 models, _
He obtained the follow1ng expreSSLOn

created transverse waves also.
“for the seismic energy carried by the longltudlnal -and transverse.
waves respectlvely oy ,

. »

2v2
pk. Ve V-

gwhere p. is the dens1ty of the spherlcal volume, AY (1 e. volume of the
source) in the final equlllbrlum state, k is a parameter used by o
are the velocities

and V_ and V_

respectively; When the change

Randall to define the strain tensor,
of longltud;nal and transverse waves,
of shape is ignored,
‘tudinal wave, as no transverse wave exists then.

at the time of rupture:

the seismic energy -is carried only by the longi-

N1a21'(l964) studled the'energetrcs involved in fault plane models.

"He showed that only a fraction of 'the stored shear energy is released
for the three dlmen51onal model developed by !

[

f

g .
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hlm, this is-about %. About < of this fractlon is converted into,dil-
atatlonal energy to .be retainéd in the focal region. On the average, '

1
only about‘_3 the original stored strain energy .is released 1n the form'

of seiSmic ‘waves. = | - R T ' . e

+. For mathematlcal studles on radlatlon patterns from strike= Sllp and
. dip~slip’ faults,‘see Knopoff and Gllbert (1959), Kno off (1956 1958),
‘de #oop (1958), and Mansinha and Smylie {1971).

"A.5 Regional Seismicity -

‘Gutenberg and Richter (1954) is an excellent work on this topic am

should be consulted for the concepts of regional seismicity as ex-

1sted in the ‘early 1950s. For more recent developments, .see Hart
(1969) ' ' ' ' :

.fSEISMICITY IN AND AROUND JAPAN =~ - B

-~

- [l

Ichlkawa (1969) discussed the selsm101ty in ‘and around Japan by co;—
SLderlngvmore than 150 nodal plane solutions for large ‘earthquakes.

He found that although the distrih, on of the pressure directions of.
stresses producing the earthquakes regular, the tension directipns
in’ the upper mantle are distributed frregularly. Aki'(l966)¢a§riv&ﬁ
at the same conqlus1on from his stat stlcal study of small earthquakes.

Ichikawa's study also showed that most e thquakes in central and '
southwestern Japan are ‘shallow (foci are in the crust) but the foci
for the northern Japanese earthquakes are in the upper part of the
‘mantle. Other regions of«shallow earthquakes are' the -areas between‘
Shikoku.and Kyushu in western Japan, the Ku Peninsula, and the area-
southeast of Kwanto in central Japan, Y S o o

SEISMICITY OF SOUTHEAST AUSTRALIAZ o I

Jaegar and Read (1969) descrlbed the selsm1c1ty of southeast Austral-

.ia’ ‘(which has the greatest density of seismic stations in that’ country)
_+ through a:study mostly of micro- earthquakes (1 e. earthquakes wlth
-Rlchter magnitudes between 1 and 3). o
- One seismic area is the reglon of Dalton Gunnlng to the north of
Canberra; another region is east of Melbourne. The seismic activity
near, Snowy Mountains appears to be assotiated with the Crackenback,-
Fault,\a high-angle reverse fault reaching the surface at Crackenback
- Valley in the. Snowy Mountains. Part. of the .seismic activity might be
due to the Murrumbidgee Fault. The edge 0of the Sydney Basin also
appears to be selsmlcally active. )

™

SINDIAN OCEAN » “ - . T w

Sykes (1970) studled about 900 earthquakes in the Indian Ocean and
determlned thelr epicenters more accurately than earlier determlnatlons.

He reported a possible nasoent island arc between Ceylon and Australia.’

o RN : - \
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.According to Sykes, this reglon is the most selsmlcally actlve area
in the world oceans,‘excludlng those clearly 1dent1f1ed as rldges or:
transform faults.

.

SEISMICITY OF NORTH AMERICA , - - (

- Wollard (1969) descrlbed the seismicity of contlnentgl North' Amerlca.
The west coast of North America .is considered part of the Pacific -
Selsmlc}Belt however, ‘it is not a continuous belt and the following
~branches exist: .(a) a belt that includes the Aleutian Island Arc¢ and -
Trench and termlnates in central Alaska' (b) a bélt that extends from
about 140°W on the southern coast of Alaska to the boundary between
the states of Washington and Oregon; (c) a belt that 'starts approxi-
mately at the boundary between Oregon and California.. This belt has
“two branches; one branch is associated with-the San Andreas- Fault and
follows the coast of california, the second b%anch extends inland and
‘follows the eastern-flank of the/ Sierra Nevada Mountains. and then

i

joins the flrst branch in northern Baja California (both branches ter- -

minate here); and (d) the seismicity around the Gulf of California is
“minor.  The Middle America Treénch starts at about 20°N and termlnates
near the boundary between CostaeRlca and Panama.

K - . v

There is a seismic belt that follows more ox less the Appalachlan
Mountalns from Alabama to New Brunsw1ck Canada, through Malne., This
belt is not continuous .but has the following segments: (a) in the
4 southern part, the seismicity is associated with faultlng in the

,reglon of Piedmont, Ga.; (b) 1n_the northern part, the belt splits

into two branches; ong branch is associated with the Thconic Fault in
the western part of Vermont, and the other branch follows the boundary
between Vermont and New Hampshire; and (c) a _third segment extends '
from the central part of Maine to“the tip of Long Island 1n New York;‘

There is a selsmlc belt extendlng from the "South Carollna coast to
the Appalachlans. . A seismic belt which caused some majorsearthquakes
in the past- extends from northe&n Arkansas to eastern Quebec. This
belt includes the fault system of the st LaMrence River Valley. Two
. examples of major earthquakes in this belt are the 1663 Trois Riviéres,
- Que.," earthquake, and the 1811 New Madrld Mo.,-earthquake.

There are scattered areas\of selsmlclty,ln the\midwestern states of
‘South- Dakota,. Nebraska, and Kansas. - Parts of the Texas-Oklahoma bound-
_ary region are ‘also seismic. An important. paper was wrltten by EEEEE
' Anderson (1971) on the San Andreas Fault '

SEISMICITY OF CONTINENTAL ASIA AND THE . SEA OF" OKHOTSK REGIONA

Savarensky and Golubeva (1969) used instrumental data to study the
seismicity of this area from 1953 to 1965. The seismicity as inferred
from the dlstrlbutlon of epicenters generally agreed with that deduced
earlier by Gutenberg and Richter (1954) ‘
The followzng seismic regions could be recanized from their work: .
. (a) the Asian Mediterranean seismic belt begins in the eastern part of
Asia and,ls quite wide there; epicenters are mainly along mountain
ridges; width‘decreases’in,the_region of the Pamir and Hindu-Kush

]
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@ SEISMICITY OF MIDOCEAN RIDGES

‘midocean ridge systems. Acc
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mountains, (b) the Burma Arc is a curved chain of mountain ridges,

(c) seismic belt widens Jvest of Hlndu -Kush, and (d) he belt rs nar-

row 'in the reglon of Caucasus, Asia Mlnor, and-in<Europe;
‘Deep focus earthquakes occur in the central parts of the Sea of
Okhotsk, with focal depths of 300-650 km. Focal depths west of the
Kuril Ridge are in the range of 100- 160 km, and east of Xuril Islands

" and' Kamchatka are in the range of 30~ 60 km. The selsm1c1ty of sak-
halin is less, comparatlvely. '

b

Solovlev (l965a) dlscussed the selsm1c1ty of sakhalin. from 1909 tov

1963. Kanamori (1970) dlscussed the technique of synthesizing long-.

preriod surface waves to determine earthquake source parameters, and
applied his. technique to the Kuril Islands earthguake of* Oct. 13;.
1963 - Fedotov (1968) _described the technlques for long -term as well
as- short term seismic predlctlons., ‘-

SEISMICITY OF E_UROPE L. S

The formation of the European Selsmologlcal Comm1551on in 1951 en-
abled a systematic lnvestlgatlon of the seismicity of Europe (Kdrnik
1969). From 1901 to 1955, data on about 5500 earthquakes were gather—1

~
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" The study showed that although most séismic activity can be related

_ to ‘faulting, all the epicenters could not be identified w1th faulting,

The Anatolian fault system, the largest strike-slip fault in.the re-
. gion under.. cons1deratlon, affords a good example for close relatlon
between selsmlc1ty and faultlng

Some important seismlc;reglons are: (1) a seismic belt which starts

‘at the western edge of the Carpathian Mountains and follows the Vah,

Leitha, and Mur River- valleys, crosses the Carnic Alps in northeastern
‘Italy, and has highest selsmlclty at its southwest tipj. (2) a belt
which starts at the eastern.end of the Adriatic Sea and extends toward
Rhodes through Greece and' Crete; (3) probably a narrow seismic belt

_ joining Lisbon. Bay with the mid- Atlantlc Ridge} and (4) seismic belts.

of llmlted extent in Crimea, in the reglon southest of: Shabla in Bul-
garla, in leya, Iceland, and Jan Mayen.

FOQ details on the selsmlclty of Iceland, see T;gggvason (1970) and
‘Ward and Bjornsson (1971)

'In the last.2 decades, mué%}aork has been done on the seismicity of
A% to Sykes (1969) midocean ridges and.

their continental gxtensions account for only about 5% of the shallow

earthquakes on thé globe. ' : ' E

1]
" \

Well-~ developed oceanlc rldge systems exmst in the Atlantlc, PalelC,'

' "Indian, and Arctlc oceans. In the pceanic parts «of the ridge systems, -

the selsm101ty is confined to narrow belts of the- order of 10 km and

PN R - A . . ‘
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in the ‘continental extensions of the ridge systems,-the_séismic belt
has widths of 100 km or. more. ‘However, in both situations, intermed-
iate and deep focus earthquakes are absent ' - '

SEISMICITY OF SOUTH AMERICA

- Santo (1969) studled the selsm101ty of South America from August 1960

to ‘September 1968.. On Sept 26, 1970, ‘three main earthquakes and over

%300 aftershocks occurred in Columbla, and Ramirez (1971) . stated that an
/old fault ‘in Columbia was rejuvenated. Figure A.13 shows the location -
Y of the Bahia Solano- -Ibague Fault. . S o .

Paéijic Ocean

el & /
" ,I’."s
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740 .
'fig: A.13. Location of the Bahla Solano-f
lbaque Fault.. (Ramlrez 1971)
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Rodriguez ef,al}.(l962)'discusi§g?LQ§ San Augustin Fault system\of
arth

Fig

14)

southezxrn Peru and the associated . akes (epicenters are shown.in '
ig. A.l14), Figure A.l5 shows the diseﬁihggéon of epicenters of normal,

intermediate, and deep earthquakes (W. Staudgr unpublished datal.
. ] : 0 . ) o . \ )
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Flg. A'l4‘:Index map and locatlons of epl-\
centers (solid dots) determined from four
stations: San Gregorio, Ongoro,; Characaté,.
and Ayanquera, Crosses shOW‘epicehters of.

- recent destructlve earthquakes in the area.

(Rodrlguez et al 1962)
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SEISMICITY'OF.ASIA ANDiMIDDDE EAST
: The zone of seismicity in Burma is’ cons+dered to be the- northern ex- -
tension of the trench-islands arc system which runs along Java, Sum-
_atra, ‘Nicobar. Islands, and Andaman -Islands reglon (Santo 1969) How-~
ever, char cterlstlcs of the. Burmese seismic zone are quite dlfferent

-
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from those of the oceanic seismic zone. For .a discussion of the earth-
"quake mechanisms in- the Himalayan, Burmese, and -Andaman reglons, see
FltCh (1970) ‘ o . ) .

Kalla et al: (1972) prepared quantltatlve selsm1c1ty maps of Indla,
and stated (p. 1119) v
-"...,Indla can be divided into ‘two broad seismic zones, the north-.

ern selsmlcally highly active zone and the southern moderately

active zone. In the northern active zone, a number of seismic '
highs have been del;neated_such as the Pamir high, the northwest-.
southeast trending Srinagar-Almoxra high, the’ Shlllong massif high,’

" the Arakan Yoma high and the West Pakigdtan hlghs. These seismic
~highs are consistent with the Hlmalayanﬁtectonlc trends. . Contrary
to thls, two seismic highs fall in the Tibet plateau region whlch
align.transversely to the main Himalayan trend. In the southern
‘moderately active zone, two seismic highs are clearly discernible,

_ the east and. the west toast high, the latter being seismically..more
~active . than the former. The least. active zone encompasses the

Vindhyan syncllne and the areas of Delhi and Aravalli folding. . Be-

tween this zone and the east coasti high lies another moderately

active zone which encloses the Godgvari graben,‘western part of the
- Mahanadi graben, and: the Chattlsga h depression.”

;Santo'(l969) discussed the Seismicity of the Hindu Kush region,
Stevens (1967) discussed the s-wave focal mechanlsms of the Hindu Kush.
earthquakes.» ‘ :

Nowroozi (1972) described. the seismicity of western india, Pakistan,
Afganistan, and Middle East., Figure A.l6}shows the epicenter distrib-
ution in this. area. For seismicity m%ps of egstern Turkey, Caucasus,
and Persian Plateau, see Kalla et a{//(l 74) . '

Bolt (1974) described the selsm1c1ty of China‘ Figure A.17 shows
the distribution of eplcenters from data s1nce 780 B.C.

A.6 Earthquake Predlctlon and Control

L]
2

'EARTHQUAKE PREDICTION ) _ )

The flrst systematlc attempt at earthquake predlctlon appears to be
an outline . prepared by a research groudp in Japan in 1962. After the
great  destruction in Japan by .the Nllgata earthquake of 1964, the
Japanese government supported. a 5-year study on earthquake prediction.
After the 1964 Alaskan earthquake, an ad, hoc commlttee was organlzed '
by. the U.S. government. This committee recommerded a lO -year study
that anolves new instrumentation for monitoring ‘faults in Alaska and,
California, and extensive geologlcal and geophysical surveys. At the
same time, laboratory and theoretlcal studies were proposed on rock.
failure and earthquake engineering. The U.S. National Science Foun-

» dation and. the Japanese Soc1ety for the Promotion of Science jolntly
"sponsored several sympos1a on earthquake predrctlon.
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Klsslrnger (1974) summarized techniques for predlctlng earthquakes,-

- and this paper is a main source for the follow1ng discussion, based -
on the distribution of eprcenters for. about 42,000 guakes between 1961
and 1969. The earthquake belts are not continuous but have several
gaps. Before the postulatron of the “New Global Tectonrcs,' these
;selsmlc gaps were regarded as earthquake-free. ‘Zones. However, at -
'present some gaps are viewed as potentlal future earthguake zones. The
seismicity gaps were used as predlctlve tools by the Lamont- Doherty
Geological Laboratory, by Japan and USSR. Fedotov (quoted by Klsslin-'
ger) developed a basis for predlctlng the locatlon of some major earth-
quakes 1n Kamchatka. , o , '

The maln crlterla of the Lamont- Doherty group (e g Kelleher 1970
Sykes 1971; Kelleher et al. 1973) for delineating Zones of “spec1al
seismic potential" are that the zone must be part of a major shallow

vselsmlc ‘belt with predominant strike- Sllp or thrust. faultlng, and that
it has not ruptured in the last 30 years. Many regions satlsfy‘these

wprimary criteria, hence they used secondary crlterla based ‘on reglonal
seismic history to identify the lmportant zones. :

,
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" The seismic gap approach does not give any 1ndlcatlon of the’ expected
time of future earthquakes unless other criteria are. used. Mogi (1968)
and Kelleher et al, (1973) suggested that major earthquakes may migrate
along the major seismic belts.. A more objectlve approach is to esti-
mate earthquake recurrenge rates from strain rates or from analysis of
past data. A linear relation appears to hold between log N and M, .

" where N is the number of: earthquakes that have magnitudes greater than
M, and. this relation applies on all space scales from. local quakes to-
‘global. The slope of this relation, referred to as b, varies from -0.5
‘to -1.5 and is about -1. The value of b in a given region varies with
time and' this could be.indicative of a future earthquake. Rikitake
.(quoted by Klssllnger) estimated, on the basis of rate of strain accumu-

" lation, that the probablllty of an 8-maghitude earthquake in Sagami Bay
. (where a great earthquake occurred in 1923) is only 0.2 for- 1980 and'

= w1ll be 0. 8 around 2080

Considerable .effort is directed to discovering premonitory phenomena -
for earth&uakes to provide a basis for earthquake prediction. Some
precursors .are: unusual increase in mlcroearthquake activity, "anoma-

.lous  patterns in the geomagnetic field, and changes in the chemical
compos1tlon ‘of ground water T’jpeclally, 1ncrease in radon content)
The search for precursors has Zeen generally in the context of the
Elastic Rebound theory. Two clagsses of observations (Kisslinger 1974)
“provide evidence that a ‘volume of rock is in a strained state. The
‘first class is direct’ observatlon,rwhen variations in- the relatlvempos-~
itions of points on the earth's: surface is measured, by either geodetic

' measurements or point measurements of strain. and tilt. fhe-indirect

. approach is observation of stra;n dependent physical properties,of the
local rocks, either by direct measurement oxr.by.observing the local
values of force fields that depend on these properties. Some proper-
ties that have been examined so far are velocrtles of elastic waves,
electrical conductlvity, and magnetlc propertles.,'”

'
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Japan has used observatron of changes 1n the bench marks as a major
earthquake precursor (e.g. great changes were observed before the
" Niigata earthquake of June 16, 1964) About 2Q, 000 km of first- order
"levelling routes are established in Japan, and are surveyed at least
~once every 5 years. Equatlon (a.21) expresses the. relatlon between
‘magnitude, M, of an expected earthquake and radius, P, of the region ;
of. anomalous elevatlon change. . '
‘M= 1.96 log r +_4 45 - (A 21)

)
[

Several authors reported measurements of accumulated strain at sel—
ected points through use of tilt meters and strain meters. Ssome suc-
cess was reported when such measurements- were used to predict earth-
quakes. However, the relations between these near-surface measurements
and the tectonlc processes at the depths where earthquakes originate
are not adequately establlshed ¥

) Probably the most s1gn1f1cant discovery in earthquake predlctlon re-
"search is the work of Semenov and Nersesov (quoted by Hammond 1973},

' "Their studies in the Garm region of Tadzhik, USSR,'showed that ano-

. malies in observed velocrtles of elastic waves occur prior to an earth-
guake. Spe01f1cally, the ratlo of the velocity V of P- waves to the -
velocity V_  of S-waves decreased from its normal Lvalue several weeks

- or months 5 -before a guake, and then increased™gradually to its normal

value just prlor to the- occurrence of the‘quake." Although .the extent
of the decrease. of this ‘ratio appéars to be independent of the magni~
tude of the quake that followed later, the longer the ratio continues .’
to decrease, the larger the guake. = = . - " ' S
; B
The relatlon between duratlon of ‘the anomaly and the size of the
‘quake is linear with a slope of about 0.7 (Klssllnger 1974). The fol-
lowing table shows the expected earthquake magnitude versus the dur-

”atlon of the V /V anomaly (Klssllnger 1974)

. : s : S

Duration - Magnitude (M) '
30 ‘days 4 '
90 days . , 5.5 .
3.5 years o 6.5, :
3 .10.0 years T 7.5
' no data ‘available 8.0 or greater
The orlglnal dlscovery onles anomaly in V_/V _in ‘the Soviet Union
was confirmed in- other regions also-““norther% ﬁew Yqrk State, Cali-
fornia, "and central islands of" the Aleutian Chain. W&ltcomb et al.
(1973) -found that this anomaly is due to a decrease in V_ rather than
f‘an increase ‘in V " Nur (1972) proposed a model based on '"dllatancy"'
to account for thls anomalous behavior (dilatancy means an inelastic

' volumetrlc lncrease ln the rock prior to fallure)
In the rocks durrng dllatancy, new.’ cracks devel and porosity ;h-
.creases; this makes rocks that are. initially satu ted with water less
Saturate, and as V is more sensitive to the degree of Saturation than
Vs' the ratio Vp/vs decreases. To account for the return o’f,‘Vp/V.S to

3 . : . . . - o 1
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normal  value just prior to' the octurrence of an earthquake, Nur pro-
posed that ground water from surroundings enters thHe ney cracks and VvV
increases again. " The resaturation of .the medium weakens its re-

sistance to_slrppage, thus, when the rock becomes fully saturated, an

earthquake occurs.

Brady. (mentloned by Klssllnger 1974, p. 42) proposed an alternate

- view for the return of - Vp/VS to its normal value-

u

... the interval of wide- spread dllatancy throughout the. volume
of rock 1s followed by a period of very strong dllatancy in the

- immediate neighborhood of the incipient fracture. -The nascent
source zone acts as an inhomogeneity in the medlum, with corres-

ponding strong stress concentratlons around it and a re rientation ..

~.0f the principal stress -axes . in the- 1mmed1ate neighborhdod. The
substantial volume increase in the neighborhood of the fault sur-

face. is accommadated by a closing of the cracks in the wégion into -

which the fracture will extenj .next, causing the velocrtles in this
zone to return to their predrlatanéy Vaﬁues. R

¥

Scholtz et al. (1973) showed that the dllatancy model can account for

other premonitory phenomena as well. As the dilatancy model 1s based
on limited data to date,’ dllatancy has not yet been accepted@by all
selsmologlsts (Hammond 1973) as the chief cause of earthquakeaprecur-

. sors. At least three objections have been raised about this model.v

(1) the v_/V_ anomaly has .only been observed on thrust faults where one
crystal P block pushes under another and not along strike-slip
faults such as the Sad Andreas fault; (2) the dete ination of V_ is-

" not precise enough t¢ rule out the possibility that v_/v anomaly is

due to this lack of ision; (3) dllatancy model reaulres phy51cal
changes over huge regions (order of 100 km or more) and so far there
are no data to- support thls. o e L

]

NUCLEAR.EXPLOSIONS VS EARTHQUAKES S F

Underground duclear exp1051ons and how they could be dlstlngulshed _
from earthquakes is considered here,*whereas, atmospheric and under-"
'‘water explosions were considered in chapters 2 and 6. The U.S. Atomic
Energy Commission (AEC) has conducted many underground nuclear ex~
plosions in. Nevada, the two blggest were "BoX Car" (1. 22 x 10% kgm) in’
April 1968, and "Benhan" (1.12 x 10 kgm) in December 1968: . These

I3

" tests caused linear fracturing approxxmately 8 km Lpng (Carter 1969)
and the displacement appears to have occurred within a few seconds //

after the explosion.: However, the seismic activity continued for many,
weeks and thousands of aftershocks were recorded

The AEC shlfted the tests to Amchltka Island in the Aleutlans and
conducted two blgger tests: . "Milrow" (about 2 x 10° kgm) in 1969 and
"Cannlkan“f(about 5.08° kgm) in 1971.  On Detc. 22, 1971, the Soviet.
Union conducted a large underground test (about 10.16 to 12 19 x 109
kgm) supposedly for dlvertrng a rrver in Srberla.’ :

AY
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"The systematic startlng pOLntvfor the Selsmqlcgmcaf\reSearch‘on'under—
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'ground nuclear explosions was the llth’generalcassemhly of the Inter-
~natlona1 Union of Geodesy and Geophysics held at Toronto, Canada, in
September 1957 (Hodgson 1964), where suggestions were made to set up’
special seismi¢ networks. It was also proposed that methods be devel-
_oped to detect -underground nuclear tests. Inltlally it was felt that
“the distinction between earthquakes and - underground nuclear exp1051ons«
was clear, because the former cause quadrant distributions of compres-
-siofis and rarefactions, whereas, the latter 'show only compressions due -
to radiation of ‘energy outwards. But closer examlnatlon revealed that
the dlstlnctlon is not that simple., ’

»

. g |
. Some avallableﬂtechniques to distinguish earthgquakes and underground’
‘nuclear explosions are: (1) fault—plane studies, (2) the Raylelgh e

. wave spectral ratio, and.(3) the ratio of the. body-wave magnltude to
surface-wave magnltude. o
Fault- plane studies showed that, although'there may not be any dis-
tinct pattern to the orlentatlon of the fault planes, the pattern of
the orientation of the null axis is quite regular.. Based on this regu-
larlty, the type of first motions from. earthquakes and underground ex-
plos1ons could be established (Scheldegger l964a, b)

_Derr (1970) suggested that the spectral ratio of short- to long perlod
Raylelgh ‘waves is systematlcally ‘larger for underground explosions than
for shallow earthquakes. His technique was successful in western USA,
but failed in the Aleutians for the. "Mllrow" test. Thirlaway (1968)
showed that -the ratio of the body- wave magnitude m; to the. surface~' R
~ wave magnltude mS dlstlngulshes earthquakes from ‘explos1ons, prov1d-"
© ed mb > .4.75, ‘“_, . ' : p - - ;

' LARGE RESERVOIRS AND RESULTING EARTHQUAKES

In the decade féllowxng the constructlon of the Hoover Dam in l935
-and the subsequent formation of Lake Mead in Arizona' and Nevada, sever~
al hundred - minor earthquakes occurred whose magnltudes did not exceed
5.0 (Carder 1945). He said these gquakes were due to the. reactivation
of local faults by the weight of the water.. 1In early 1962, a strong
correlation was” ‘noticed between the rate of 1njectlon Qf waste liquids-
of an arsenal 1nto the’ ground ‘and earthquake frequency near Denver,
Colo. (Evans 1966).  The sump was 3.8 km deep,.and foci of the guakes ..
.were in the range of 4~6° km. deep,‘the seismic act1v1ty was. llmlted ‘to .
~ . a 11near zone about 8 km long (Paklser eti al. 1969). '

The fluid injection éasvstopped in’ February 1966, and the- earthquake
frequency decreased. The increase of earthquake frequency if«late 1966
through 1967 was never ‘properly accounted for. From the first motions
on’ the selsmograms, it was inferred that the fractures parallel to the y
selsmlc zone. yere characterized by right- -lateral strike-slip motion;:
the ‘increasing pore pressure-reduced the frictional resistance to
faulting, thus.initiated the earthquakes. Another instance of similar
seismic actlv1ty in -the USA was near the Rangeley oil field in Color-
“‘ado, the site of .a secondary recovery operation involving the lnjectlon

. of water under pressure (Paklser et al. l969) '

.-
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Similar lnstances vere' reported in Zambla following the construct&on .

"of dams for hydroelectric. povwer. The most devastating man-made earth-

quake occurred on"Dec. 10, 1967, near Koyna (Indla)/xith a magnltude

. of 6.5. It caused great destructlon and kllled 200 ople.
b N ‘. . . 4
E"ARTH.QUAKE ‘CONTROL . . \%;, B S o

From the above . discussions, the possrblllty emerges of controlllng
earthquakes through liquid injection into deep wells or. through under-

.ground explgﬁAons, .thereby releasing .the strain ‘gradwally, and through

small nondestructive earthquakes (Emlllanl et al. 1969) ThlS sugges—
tion was criticized by Allen and Bailey (1970): :

~tmr.. the man -induced earthquakes ‘might be only due to the super-
ficial adjuséﬁents of near- surface. stress, whereas large earth-
- quakes’ might. resulg from those depths that are not influenced by
these artificial inducements and thus nothing would really be  °
ifchleved Some -seismologists take the view that large underground,

explosions mlght lead to major earthquakes and thus one might gen-
erate destructlve earthquakes in trylng to control them, "

Cannon (1971) presented the view. that earthquakes and underground
nuclear’ explosions are not similar as is believed but are thermodynaml—‘

rcally inverse processes. - Accordlng to hlm, earthquakes are a relaxatlon/

process whereas underground explosions are a stimulation process.

~Earthquakes do not impose any strain on the crust because they are ag 5

adjustment of the crust to a new set 'of relaxed constraints and the
total strain energy of the crust decreases after an earthquake. On the
other hand, an underground exp1051on imposes new stralns on the c¢rust’
and is 51m11ar to the tectonlc processes that cause earthquakes. ‘
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